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ABSTRACT 

Carbonatites are igneous rocks comprising more than 50 modal percent of 

carbonate minerals and characterized by highly variable modal compositions. The 

majority of carbonatites are confined to intra-continental rifts, whereas occurrences 

associated with plate margins and orogenic settings are less common. Petrogenesis of 

carbonatites has been a matter of intense debate for several decades. The possible genetic 

models include crystallisation from a primary carbonatite magma, liquid immiscibility 

and crystal fractionation from carbonate-rich silicate magma. In contrast to the 

voluminous bulk-rock trace-element data and major-element analyses of minerals from 

carbonatites available in the literature, there has been no systematic study concerned with 

the trace-element signatures of the most common constituents of these rocks.   

This work is the first comprehensive study of the interrelations between the trace-

element chemistry of the most common constituents of carbonatites, the geochemistry of 

these rocks, and their tectonic setting. The rock samples examined represent 21 different 

localities worldwide. The extent of major- and trace-element substitutions in amphibole, 

clinopyroxene, trioctahedral micas, dolomite, magnetite and perovskite is investigated in 

detail. The silicate minerals from carbonatites exhibit much larger compositional 

diversity than previously recognized. They can incorporate significant amounts of such 

petrogenetically important elements as Sr, REE, Zr, Nb and Ta. The majority of studied 

clino-amphibole- and clinopyroxene-group minerals exhibit previously unrecognized a 

bimodal distribution patterns of REE, which can be explained in terms of crystal 

chemistry of these phases. The trace-element signature of phlogopite from carbonatites, 

particularly Nb, Mn, Ni and Cr, is distinctly different from that of phlogopite from 
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kimberlites, and can be used as a reliable petrogenetic indicator. Compositional variations 

in dolomite reflect magmatic and subsolidus processes in carbonatites. Magnetite from 

carbonatites follows a well-defined magmatic and previously unrecognized reaction 

trend. Contrary to prior studies, this mineral is only a minor host of HFSE in carbonatitic 

rocks. The U-Pb age data, trace-element and Sr-isotopic composition of perovskite from 

the Afrikanda carbonatite and clinopyroxenite suggest that the two rocks are not related 

by crystal fractionation. This study underlines the importance of a systematic approach in 

petrogenetic studies based on trace-element distribution. 
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CHAPTER 1.  

INTRODUCTION  

1.1. DEFINITION, SPATIAL AND TEMPORAL DISTRIBUTION OF CARBONATITES. 

Carbonatites are igneous rocks containing more than 50 modal percent of 

carbonate minerals with subordinate amounts of mafic silicate minerals, potassium 

feldspar, apatite and other minerals (Streckeisen, 1980). The term “carbonatite” was first 

introduced by Brögger (1921) in reference to magmatic carbonate rocks from the Fen 

Alkaline complex (Norway). Depending on the dominant carbonate phase, carbonatites 

can be classified as calcite carbonatites (or calciocarbonatites), dolomite carbonatites (or 

magnesiocarbonatites), ferrocarbonatites (with ankerite as the principal carbonate phase) 

and natrocarbonatites (predominantly composed of alkali-calcium carbonates; Woolley 

and Kempe, 1989). To date, there are more than 500 known carbonatite localities 

worldwide, with approximately 35 % occurring in the eastern and southern parts of 

Africa (Woolley and Kjarsgaard, 2008). The majority of African carbonatites are younger 

than 200 Ma and associated with the East African Rift (EAR) system (Woolley, 1989). In 

addition to the EAR, there are about 20 other known large alkaline-carbonatite provinces 

associated with intracontinental rift systems, including the Kola Alkaline Province, Rhine 

graben, Paraná River Basin valley and North-American Midcontinent Rift. Isotopic age 

determinations have shown that some of these areas experienced repeated carbonatitic 

activity over hundreds of millions of years (e.g., Woolley, 1989). Only a few carbonatites 

of Archean age are known, with the oldest (U-Pb age of 3.0 Ga) reported from Tupertalik 

in Greenland (Bizzarro et al., 2002). The majority of known carbonatites are younger 
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than 750 Ma (Woolley, 1989). The youngest and the only presently active carbonatite 

volcano is Oldoinyo Lengai in Tanzania.  

 

1.2.  GEOLOGICAL AND TECTONIC SETTINGS OF CARBONATITES. 

About two-thirds of carbonatite localities are confined to intra-continental rifts. 

Among these are rifts which are related to plume activity (e.g., Kola Peninsula, Russia; 

Bell and Rukhlov, 2004), and those not connected to plumes (e.g., the Paraná Basin, 

southern Brazil; Comin-Chiramonti et al., 2003).  Although relatively few carbonatites 

are found within active continental margins, it is becoming increasingly obvious that 

some carbonatites have temporal and/or spatial association with arc magmatism (e.g., Mt. 

Vulture in southern Italy; D’Orazio et al., 2007) and orogenesis (e.g., Maoniuping REE 

deposit in China; Wang et al., 2001; Eden Lake complex in Manitoba; Chakhmouradian 

et al., 2008). There are a small number of carbonatites associated with ophiolitic belts 

(e.g., Semail, Oman; Nasir and Klemd, 1998) and carbonatites found in orogenic settings, 

but the latter pre-date orogenesis and therefore represent an unknown tectonic regime 

(e.g., Blue River, British Columbia, Canada; Simandle et al., 2001). Two localities have 

been reported from oceanic-island environments: Canary Islands and the Cape Verde 

Archipelago (Barrera et al., 1981; Celestino Silva et al., 1981). However, the Canary 

Islands are considered to be a detached segment of the Atlas Mountains (Anguita and 

Hernan, 1975). Hence, the Cape Archipelago Islands are believed to represent the only 

true example of carbonatites situated above the oceanic lithosphere (Hoernle et al., 2002).   

Carbonatites can be intrusive and extrusive and both are commonly (but not 

always) associated with a wide variety of alkaline silicate rocks. Intrusive carbonatites 
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commonly occur in composite plutons emplaced in Precambrian basement rocks (e.g., 

Barker, 1989). These complexes are small (typically <50 km2) concentrically zoned 

bodies in which carbonatites occur in association with silica-undersaturated mafic to 

ultramafic and feldspathoidal rocks including dunites, clinopyroxenites, nepehelinites, 

melilitolites, nepheline syenites and ijolites (Fig. 1.1). These plutons are composed 

mainly of plugs, dykes, breccia “pipes” and cone sheets that do not necessarily share a 

common centre. Carbonatites are typically volumetrically subordinate, emplaced late in 

the sequence and may occur as plugs in the central parts of a pluton, stocks showing no 

clear structural relation with respect to other intrusive units (e.g., Kovdor in Kola 

Peninsula; Krasnova et al., 2004; Lee et al., 2004), an envelope surrounding the older 

alkaline silicate rocks (e.g., Lueshe in the Democratic Republic of Congo; Maravic and 

Morteani, 1980), or dykes crosscutting both the associated alkaline lithologies and the 

surrounding country rock (e.g., Prairie Lake in Ontario; Sage, 1987). A single intrusion 

may contain as many as 6 discrete intrusive phases of carbonatite (Krasnova et al., 2004). 

The proportion of carbonatites among the rocks making up a composite pluton and the 

diversity of carbonatite types varies greatly depending on the level of erosion. Plutons 

showing relatively little erosion tend to exhibit a larger proportion, as well as a greater 

modal and textural diversity, among the rocks exposed, in comparison with deeply eroded 

plutons comprising mostly ultramafic cumulate rocks (Arzamastsev et al., 2001). 

The alkaline-carbonatite complexes are commonly bordered by aureoles of fenite 

(K- or Na-rich metasomatically altered country rocks; Le Bas, 2008). The nature of 

fenitization varies among different carbonatite intrusions. Potassic fenites are typically 
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observed surrounding the younger carbonatite complexes, whereas sodic fenites are most 

commonly confined to older intrusions (e.g., Heinrich, 1985; McKie, 1966).  

   

Figure 1.1. Schematic diagram showing the location of the Kovdor carbonatite complex 

(red star) on Kola Peninsula, Russia and block-diagram of the Kovdor complex showing 

the typical structural relations between carbonatites and associated silicate rocks 

(Kukharenko et al., 1965).  
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This can be attributed to the earlier loss of Na relative to K during magmatic evolution of 

carbonatitic magma, resulting in formation of Na-rich fenites at deeper levels, which only 

become exposed in older complexes due to prolonged erosion (e.g., Woolley, 1982; 

Rubie and Gunter, 1983; Le Bas, 2008). In addition to composite plutons, carbonatites 

can also form small hypabyssal bodies such as dykes and diatremes occurring in apparent 

isolation from and not accompanied by coeval silicate rocks (e.g., Southern Yemen and 

Central Italy; Le Bas et al., 2004; Stoppa and Woolley, 1997). Some intrusive 

carbonatites are associated with large deposits of Fe-, Nb-, Ta-, REE-, Zr-, and P-rich 

minerals such as apatite, pyrochlore, perovskite, magnetite and baddeleyite (Mariano, 

1989; Petrov, 2004; Biondi, 2005), as well as platinum-group minerals (e.g., 

Rudashevsky et al., 2004) and, potentially, diamonds (Djuraev and Divaev, 1999; 

Shumilova, 2008).  

Only about 10% of known carbonatite occurrences are extrusive (Woolley and 

Church, 2005). These carbonatites are found in association with both large 

stratovolcanoes and small volcanic structures, such as tephra cones, tuff rings and maars 

(Woolley and Church, 2005). A typical carbonatite volcano is composed of intercalated 

layers of consolidated pyroclastic material and lava flows of alkaline-silicate (mostly 

nephelinitic, phonolitic and melilititic) and carbonatitic compositions (Barker, 1989). In 

both stratovolcanoes and the smaller structures, the carbonatite facies is predominantly 

represented by tuffs, lapilli-tuffs and base-surge deposits containing a large proportion of 

mantle-derived xenocrysts and xenoliths (Stoppa et al., 2000). This field evidence 

suggests that in some cases carbonatitic magmas may be emplaced explosively in a 

manner similar to kimberlites. Carbonatitic lavas, first recognized by von Knorring and 
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Du Bois (1961) at Fort Portal in Uganda, are less common than pyroclastic formations, 

but can also constitute a significant portion of volcanic products, e.g., Oldoinyo Lengai, 

the only active carbonatite volcano (Kraft and Keller, 1989). At Oldoinyo Lengai, 

natrocarbonatites commonly enclose ejected blocks of ijolite, plutonic calciocarbonatite 

and metasomatised basement rocks (Dawson et al., 1995). The lithological diversity 

diversity of Oldoinyo Lengai has been interpreted to arise from distinct batches of 

magma characterized by similar, but not identical evolutionary histories (Donaldson et 

al., 1987). Natrocarbonatites, the signature rock of this volcano, have been interpreted as 

both igneous rocks (e.g., Keller and Zaitsev, 2006) and cognate fluid condensates 

(Nielsen and Veksler, 2001).   

Carbonatites are readily susceptible to metamorphism, alteration by hydrothermal 

solutions and weathering. Carbonatites subjected to metamorphism commonly form 

banded structures with preserved magmatic mineral assemblages and fenite aureoles 

(Barker, 1989). Deformed carbonatites often contain boudinaged dykes of associated 

igneous rocks that undergo coeval deformation and metamorphism (Gold and Vallee, 

1969) or show grain comminution and foliation indicative of tectonically induced flow 

(Chakhmouradian et al., 2008). Hydrothermally modified carbonatites are commonly 

characterized by rare-earth-element (REE) mineralization confined to veinlets and 

interstices, whereas weathering of carbonatites produces REE- and Nb-mineralized 

apatite-bearing laterites overlying carbonatite bodies (Mariano, 1989). Both supergene 

and hydrothermal mineralization may be of industrial interest as a source of fertilizer-

grade phosphate and metals for advanced technological applications (Tolstov and Tyan, 

1999; Biondi, 2005). 
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1.3. GEOCHEMICAL CHARACTERISTICS OF CARBONATITES 

The compositional variation of carbonatites in terms of the three major 

components (Ca, Mg and Fe) is shown in Figure 1.2. The average alkali (K2O + Na2O) 

content of carbonatites is typically below 0.7 wt.% (Woolley and Kempe, 1989).  

 

Figure 1.2. Composition of carbonatites worldwide (dots) in terms of CaO-MgO-

(Fe2O3+FeO+MnO), wt%. Crosses represent the hypothetical carbonatite compositions 

of Gittins et al. (2005). Reproduced with the permission of Elsevier Limited (figure 

originally published in Lithos, p. 132). 
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The SiO2 level usually does not exceed 10-15 wt.%; however, it varies 

significantly depending on the type of carbonatite, and the nature and proportion of 

accessory phases, exceeding 30 wt.% in silicate-rich varieties  (Woolley and Kempe, 

1989; Gittins et al., 2005; Wolley and Church, 2005).  

The Al2O3 levels are relatively uniform in the series calciocarbonatite – 

magnesiocarbonatite – ferrocarbonatite, but fluctuate significantly in the silica-rich 

varieties due to the presence of variable amounts of amphibole-group minerals and mica 

(Woolley and Kempe, 1989).  

In terms of a trace-element geochemistry, carbonatites are strongly enriched in P, 

Ba, Th, U, Nb, Ta, REE, Y and Sr, and depleted in Cs, Rb, K, Zr, Hf and Ti relative to 

primitive mantle (Woolley and Kempe, 1989; Mariano, 1989). In fact, carbonatites have 

the highest REE content among all igneous rocks, with the average ∑REE concentrations 

of 3600 ppm, reaching up to 42000 ppm in some carbonatites (Mariano, 1989; 

Chakhmouradian, 2009). On spider diagrams, carbonatites typically show a negative 

slope reflecting their enrichment in LREE relative to HREE. Although the distribution of 

high-field-strength-elements (HFSE) in carbonatites is extremely variable even within the 

same unit, an “average” carbonatite is characteristically enriched in HFSE5+ relative to 

HFSE4+, which was interpreted by Chakhmouradian (2006) as a reflection of the HFSE5+-

enriched character of the mantle sources where carbonatitic (or carbonate-rich silicate)  

magmas are generated.  

The carbonatite provinces worldwide are characterized by large variations in 

isotopic compositions, particularly in terms of Nd, Sr and Pb (Simonetti et al., 1998). Due 

to the high abundance of Sr (7000 ppm) and Nd (600 ppm) in the average carbonatite 
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(Chakhmouradian, 2009), their isotopic ratios are not significantly affected by crustal 

contamination, and as a result, most carbonatites preserve their mantle Nd and Sr isotopic 

signatures (Veena et al., 1998). The high-μ (HIMU, μ=238U/204Pb) signature of young (< 

200 Ma) carbonatites is similar to that of the ocean-island basalts and has been 

interpreted as a clear indicator of their mantle origin (e.g., Bell and Blenkinsop, 1987; 

Nelson et al., 1988). In general, the isotopic evidence suggests that melts parental to 

carbonatites, especially those of young carbonatites in East Africa, were derived from at 

least two mantle components, HIMU and EMI (Enriched Mantle 1). The nature of these 

components is interpreted to represent an isotopically heterogeneous mantle plume (Bell, 

1998; Bell and Tilton, 2001) or an old heterogeneous lithospheric mantle source (Kalt et 

al., 1997). The Nd, Sr and Pb isotopic compositions of carbonatites associated with 

Deccan continental flood basalts are attributed to the mixing of at least three distinct 

mantle components, including the lithosphere, mid-oceanic-ridge-basalts (MORB), and 

the Reunion plume (Simonetti et al., 1998). Lee et al. (2006) showed that isotopic 

signatures of carbonatites from Kovdor (Kola Peninsula, Russia) are indicative of mixing 

of at least three mantle reservoirs, EM-1, DMM (depleted mantle material) and FOZO 

(focal zone of the DMM-HIMU-EM1-EM2 trapezoid, corresponding to primitive mantle; 

as defined by Stracke et al., 2005).   

The stable-isotope geochemistry of carbonatites is also consistent with a mantle 

origin (Deines, 1989; Taylor et al., 1967; Keller and Hoefs, 1995). The compositional 

field defined by Taylor et al. (1967) shows that the δ18O and δ13C values of primary 

igneous carbonatites range from 6 to 10 ‰ (SMOW) and from -8 to -4 ‰ (PDB), 

respectively (Fig. 1.3). However, there are many examples of carbonatites showing 



  10

significant departures from these unmodified mantle values (Deines, 1989; Comin-

Chiaramonti et al., 2003; Chakhmouradian et al., 2008). These departures have been 

attributed to mantle heterogeneity (e.g., related to CO2 metasomatism), and isotopic re-

equilibration accompanying magmatic, hydrothermal and surfacial processes  (e.g., 

fractional crystallization, metasomatic overprint or interaction with groundwater). 

Detailed discussions of these mechanisms and their effect on the C-O isotope 

geochemistry of carbonatites have been provided by Comin-Chiaramonti et al. (2003), 

Demény et al. (2004), and Horstmann and Verwoerd (1997). On the basis of their study 

of the Oldoinyo Lengai carbonatites, Keller and Hoefs (1995) defined a much narrower 

field for primary mantle carbonate (Fig. 1.3). The isotopic composition of other 

carbonatites unaffected by crustal contamination or isotope re-equilibration normally plot 

within or close to the field defined by Keller and Hoefs’s (e.g., Demény et al., 1998). In 

multi-phase carbonatite complexes, there is a correlation between early carbonatites 

plotting within the primary carbonatite field on δ18O vs. δ13C plots, and late-stage 

carbonatites consistently enriched in 18O and sometimes also showing a positive δ13C 

shift (Le Bas, 1977; Kapustin, 1980). Different paths of oxygen and carbon isotopic 

fractionation of carbonates in carbonatites are shown on Figure 1.3.   
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Figure 1.3. Stable carbon and oxygen isotope compositions (in ‰ relative to V-PDB and 

V-SMOW, respectively) of primary, unaltered carbonatites proposed by Taylor et al. 

(1967) and Keller and Hoefs (1965) and schematic presentation of the main processes 

responsible for changes in the isotopic compositions (Demény et al., 1998). Reproduced 

with the permission of Elsevier Limited (figure originally published in Lithos, p. 108). 
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1.4.  PETROLOGICAL AND MINERALOGICAL CHARACTERISTICS OF CARBONATITES 

Both intrusive and extrusive carbonatites exhibit a wide variety of textures and 

large variations in mineralogy, sometimes within a single body (e.g., Gittins et al., 2005). 

Texturally, intrusive carbonatites vary from essentially monomineralic varieties 

(composed of coarse-grained and tabular carbonate minerals arranged in a mosaic 

pattern), to rhythmically-layered, in which the proportions of non-carbonate minerals 

vary between the layers, to those where carbonates are developed interstitially with 

respect to grains of non-carbonate minerals (Barker, 1989). In some cases, intrusive 

carbonatites are characterized by a flow structure formed by a subparallel orientation of 

xenoliths and elongated crystals of apatite, oxides and mafic silicates (Garson, 1955), or 

by a comb-like texture comprising skeletal branching calcite crystals (Katz and Keller, 

1981). 

Extrusive carbonatites are also texturally diverse. Carbonatitic lava flows occur as 

pahoehoe- and aa-type flows, are typically highly vesicular and are sometimes pillow-

like (Keller, 1989; Stewart, 1970). Pyroclastic-fall deposits (ashes, tuffs and spatter 

veneers) are characterized by the presence of country-rock fragments, shards, drop-

shaped lapilli and agglomerates. These textural features reflect the violent, gas-rich 

character of carbonatitic eruptions (Keller, 1989). Abundant accretionary lapilli are 

characteristic of carbonatitic tuffs that exhibit pinch-and-swell structures and cross-

bedding typical of phreatomagmatic eruptions (Keller, 1989; Hay, 1983). The deeper 

levels of carbonatite volcanoes typically contain diatreme breccias and vent agglomerates 

comprising lithic fragments (including carbonatites) and carbonatite lapilli (Southerland, 

1980; Bailey, 1966). Extrusive carbonatites contain variable proportions of primary 
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carbonates which commonly occur as tabular phenocrysts (usually calcite), crystal 

fragments and lapilli. Nyerereite [Na2Ca(CO3)2] and gregoryite [Na2(CO3)] are the 

principal primary phases in natrocarbonatites from Oldoinyo Lengai, but these are readily 

altered to a mixture of  low-temperature subsolidus minerals, such as pirssonite 

[Na2Ca(CO3)2•2(H2O)], calcite [Ca(CO3)] and shortite [Na2Ca2(CO3)3] (Keller, 1989;  

Zaitsev et al., 2008). 

There are more than 300 minerals known to occur in carbonatites to date, with 

over 120 containing essential HFSE, REE, Sr and/or Ba (Hogarth, 1989; 

Chakhmouradian and Williams, 2004; Wall and Zaitsev, 2004). In addition to carbonates 

(including such REE-rich species as ancylite [Sr(La,Ce)(CO3)2(OH) · H2O], bastnäsite 

[REE(CO3)] and burbankite-group minerals [(Na,Ca)3(Sr,Ba,Ce)3(CO3)5]), carbonatites 

commonly contain apatite-group phosphates and silicates [ideally, Ca5(PO4)3(OH,F,Cl)], 

ferromagnesian silicates (especially clinopyroxene- [Ca(Mg,Fe)(Si2O6)] and amphibole- 

group minerals ( ,K,Na)(Na,Ca)2(Mg,Fe,Al)5(Si,Al)8O22(OH,F)2], phlogopite 

(KMg3(AlSi3O10)(OH)2, olivine [(Mg,Fe)(SiO4)], monticellite [CaMgSiO4], melilite 

(Ca,Na)(Al,Mg,Fe)(Si,Al)2O7]), magnetite [Fe 2+Fe 3+O4], complex Ti-Nb-Zr oxides, Ca-

Ti-Zr garnets representing multi-component solid solutions between andradite 

[Ca3Fe2Si3O12], schorlomite [Ca3Ti2SiFe2O12], kimzeyite [Ca3Zr2SiAl2O12], morimotoite 

[Ca3TiFe3+SiFe2O12] and several hypothetical end-members) and titanite [CaTiSiO5].  
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1.5.   PETROGENESIS OF CARBONATITES 

1.5.1.  Overview. 

The petrogenesis of carbonatites has been a matter of intense debate for several 

decades. Prior to the 1980’s, the two principal models for the origin of carbonatite were 

limestone assimilation (Shand, 1945) and metasomatic reworking of clinopyroxenites and 

other silicate rocks found in the same milieu (Kukharenko et al., 1965). The discovery of 

carbonate lavas (von Knorring and du Bois, 1961; Dawson, 1962) and experimental work 

of Wyllie and Tuttle (1960, 1962) demonstrated that carbonatites could precipitate from 

relatively low-temperature magmas. By the late 1980’s the magmatic origin of 

carbonatites and their derivation from the Earth’s upper mantle were convincingly 

established from experimental and isotopic studies (Wyllie, 1989; Bailey, 1989). 

However, the mechanism by which carbonatitic magmas are generated remains 

controversial to this date. The widespread association of carbonatites with alkaline 

silicate rocks has been interpreted to indicate a genetic linkage between them, where 

carbonatites and a specific type of silicate rock (e.g., ijolite or melilitolite) are derived 

from the same parental magma by either crystal fractionation (Verhulst et al., 2000) or 

liquid immiscibility (Ivanikov et al., 1998; Chalot-Prat and Arnold, 1999). The latter 

mechanism has been criticized in the last decade as not being supported by petrological, 

isotopic and field evidence (Harmer and Gittins, 1998). The discovery of carbonate 

minerals in mantle xenoliths, initially considered to be the result of silicate-carbonate 

liquid immiscibility (Amundsen, 1987; Pyle and Haggerty, 1994; Seifert and Thomas, 

1995; Ionov, 1998), led to the hypothesis advocating the existence of primary carbonatitic 

magmas of mantle provenance (Gittins, 1989; Bailey, 1993; Harmer and Gittins, 1997, 
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1998). The composition of these magmas is a matter of debate, and has been inferred 

from the field evidence and experimental studies as being magnesiocarbonatitic (Wyllie 

and Huang, 1976; Wallace and Green, 1988; Dalton and Presnall, 1997), 

calciocarbonatitic (Gittins, 1989; Bailey, 1993), or natrocarbonatitic (Koster van Groos, 

1975). The latter were proposed to be derived from sodic dolomitic magmas by liquid 

immiscibility or crystal fractionation (Wallace and Green, 1988; Sweeney et al., 1995) or 

be parental to calcio- and magnesiocarbonatitic magmas (Le Bas, 1989).  

The significance of subduction processes in the generation of carbonatitic 

magmas in continental-margin settings has been extensively debated and investigated in a 

large number of experimental studies (e.g., Yaxley and Brey, 2004; Dasgupta et al., 

2004). D’Orazio et al. (2007) proposed that extrusive carbonatite from Mt. Vulture 

(southern Italy) to be the first carbonatite found in a subduction environment. However, 

Stoppa et al. (2008) argued that there is not enough geodynamic evidence supporting the 

subduction origin of this carbonatite. Geochemical characteristics (i.e., depletion in 

HFSE, particularly in Ti and HFSE5+, enrichment in LILEs, and low δ13C values) of some 

carbonatites found in collisional post-orogenic settings (e.g., Murun, Siberia, Russia; 

Dalucao and Maoniuping, China; Eden Lake, Manitoba, Canada) have been attributed to 

their derivation from a rutile-bearing eclogitic source (Wang et al., 2001; 

Chakhmouradian et al., 2008; Chakhmouradian, 2009). Woolley (2003), Bell and 

Rukhlov (2004) and Mitchell (2005) have emphasized that the geological, geochemical 

and mineralogical diversity of carbonatites, and the diversity of their geological settings 

imply that these rocks have a multiplicity of origins.  
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1.5.2. Origin and occurrence of carbon in the mantle 

The transport of carbon from and into the mantle is an integral part of the global 

carbon cycle (Luth, 2004 and references therein). It has been suggested that the deep-

seated (primordial) carbon accounts for a significant portion of the Earth’s carbon budget, 

and can play an important role in generation of carbonate melts (Viladkar and 

Schidlowski, 2000; Dasgupta and Hirshmann, 2006). In addition, it has been shown that 

the most likely source of carbonate-rich melts in the mantle is subducted calcium 

carbonate formed by hydrothermal alteration in the oceanic crust, as well as subducted 

terrigenous carbonate (Barker, 1996; Hoernle et al., 2002; Fig. 1.4). Ito et al. (1983) and 

Bebout (1996) argued that only 5-15 % of the H2O and 10-40 % of the CO2 acquired by 

the mantle via subduction is returned to the crust through arc magmatism, and suggested 

that the possible mechanisms controlling the release of carbon include sequestration  by 

the mantle wedge, fluid flow up along the subducting slab – mantle-wedge boundary and 

transport of carbon into the deep mantle. 

There is a multiplicity of forms in which carbon can be present in the mantle, 

including elemental carbon (such as diamond and graphite), oxidized forms (magnesite, 

dolomite, CO2-rich fluids and carbonatite melts), and reduced forms (hydrocarbons). The 

main evidence supporting the stability of elemental and oxidized carbon at mantle 

conditions is the presence of graphite, diamond and carbonate minerals in mantle-derived 

xenoliths brought to the surface by kimberlites, carbonatites and similar rocks. The 

existence of hydrocarbon reservoirs in the mantle is inferred from the study of fluid 

inclusions in mantle-derived rocks (e.g., Tolstikhin et al., 2002).  
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Figure 1.4. Schematic illustration of carbon exchange between the oceanic crust and 

mantle (Hoernle et al., 2002). Reproduced with the permission of Springer (figure 

originally published in Contributions to Mineralogy and Petrology, p. 532). 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

It has been suggested that carbon can also be hosted by mantle minerals as 

interstitial atoms or substitute for silicon in olivine [Mg2SiO4] or its high-pressure 

polymorphs (e.g., Green, 1985; Freund, 1980; Fyfe, 1970). In contrast to these studies, 

Mathez et al. (1984), Tsong and Knipping (1986), Tingle et al. (1988) and Keppler et al. 

(2003) suggested that carbon has a low solubility in olivine and other silicates such as 

garnet, pyroxene and spinel at mantle conditions, and is present in the mantle as a 



  18

separate phase. The CO2-rich fluid inclusions are commonly found in shallow-mantle 

xenoliths hosted by alkali basalts (Luth, 2004 and references therein), but these inclusions 

are believed to be the product of late-stage metasomatic processes in the magma. 

Carbonate has been found in mantle-derived xenoliths (commonly as ocelli or globules of 

calcite) and as inclusions in diamonds (e.g., Meyer and McCallum, 1986; Brenker, 2002; 

Wang et al., 1996; Stachel et al., 1998; Ionov et al., 1993, 1996). The general scarcity of 

carbonate in mantle-derived samples has been explained either by its rarity in the mantle 

sampled by xenoliths, or by its inability to reach the surface due to decarbonation (Wyllie 

et al., 1983; Canil 1990).  

The stability of oxidized carbon at mantle conditions has been the subject of 

numerous experimental studies by Wyllie and coworkers (e.g., Wyllie, 1995; Wyllie and 

Lee, 1998; Lee and Wyllie, 2000), and, more recently, by other research groups focusing 

on carbonate-bearing eclogites. Dasgupta and Hirschmann (2007) have shown that at 

pressures from 3 to 6.6 GPa, the solidus of carbonated peridotite is ~450-600° C lower 

than the solidus of volatile-free peridotite. Dasgupta et al. (2004) and Hammouda (2003) 

have demonstrated that the Na2O/CO2 ratio affects the availability of alkalis as fluxing 

agents in the near-solidus carbonate liquids. According to these authors, a low Na2O/CO2 

ratio and/or large proportion of calcite relative to dolomite (i.e. high Ca/Mg ratio) will 

increase the solidus temperature of the source rock. Experimental work and phase-

equilibria calculations have demonstrated that oceanic crust is almost completely 

dehydrated in the first 200 km of subduction, so the stability of carbonate in the 

subducted eclogite will be controlled by nearly anhydrous solidus (e.g., Kerrick and 

Connolly, 2001; Forneris and Holloway, 2003). Experimental results on melting of 
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carbonated eclogite have shown that carbonates are stable in the subducting slab at 

temperatures ca. 100° C hotter than any modeled subduction geotherm, at least until the 

transition zone (> 410 km), ensuring the delivery of at least some portion of carbonate 

into the deep mantle (Fig. 1.5; Dasgupta et al., 2004).  

 

Figure 1.5. Location of carbonated eclogite solidus (eclogite +CO2) in relation to the 

oceanic ridge geotherm, calculated P-T conditions for subducting crust and continental 

shield geotherm. Also shown are solidus of dry peridotite and dry MORB (from Dasgupta 

et al., 2004). Reproduced with the permission of Elsevier Limited (figure originally 

published in Earth and Planetary Science Letters, p. 82). 
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1.5.3. Origin and metasomatizing effects of carbonate-rich melts 

The metasomatizing effects of CO2 released during decarbonation reactions of 

carbonate-rich melts produced by small-degree melting of carbonated peridotite or 

eclogite, have been investigated extensively, including a large number of experimental 

studies (Moore and Wood, 1998; Dalton and Presnal, 1998; Lee et al., 2000; Lee and 

Wyllie, 2000; Yaxley and Brey, 2004).  

According to McKenzie (1989), the convecting mantle is capable of producing a 

small volume (~0.1 %) of CO2- and H2O-rich melts during adiabatic upwelling. 

Carbonate-rich liquids can thus migrate upward either as percolating liquids or within a 

plume (Lee and Wyllie, 2000). Dasgupta et al. (2004) have shown that when subducted 

eclogite enters the convecting upper mantle, it can produce carbonatitic melts at pressures 

of 12-16 GPa (Fig. 1.5). Dasgupta et al. (2004) further suggest that upon release, these 

small volume low viscosity carbonatitic melts are capable of metasomatising the deep 

mantle. According to Moore and Wood (1998), primary carbonatitic melts can be in 

equilibrium with the upper-mantle peridotites at 3GPa (depths of about 100 km). It has 

been suggested that at least some of the carbonatitic magmas are generated in the 

diamond-stability field, i.e. at pressures in excess of 4 GPa (Chakhmouradian et al., 2009; 

Tappe et al., 2006). Experimental work of Dalton and Presnall (1998) has shown that 

carbonated garnet lherzolite can produce dolomitic magmas at pressures as high as 6 

GPa.  

Menzies and Chazot (1995) have indicated that there are three main agents 

capable of metasomatizing the mantle, including carbonate-rich melts, silicate melts and 

aqueous fluids. The metasomatizing effects of carbonate-rich melts were first studied by 
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Wallace and Green (1988) and Hunter and McKenzie (1989). The experimental studies of 

Dasgupta et al. (2004) have demonstrated that the solidus of carbonated eclogite 

corresponds to a depth of 100-200 km greater than that of carbonated peridotite (Fig. 1.5). 

According to these authors, carbonatitic melts derived from an eclogite at a depth of 300-

400 km are capable of metasomatizing surrounding peridotite, which may account for the 

recycled crust signatures of some OIBs (ocean island basalts) and carbonatites. Dasgupta 

et al. (2004) further suggest that due to the shallower solidus temperatures of carbonated 

eclogite relative to the carbonated peridotite under the continental lithospheric conditions 

(Fig. 1.5), the latter can be a source of carbonatitic melts that may metasomatise eclogite 

in portions of the continental lithosphere consisting of former subducted slabs.  

The low viscosity of carbonatitic melts, which contain substantial amounts of 

alkalis and water, allows them to move upward even at small melt-to-rock ratios and to 

easily interact with mantle lithologies (Minarik and Watson, 1995). The evidence for 

carbonatite-induced mantle metasomatism includes the presence of ocelli or globules of 

carbonates in harzburgite, lherzolite and eclogite xenoliths. Wehrlite nodules have been 

interpreted to result from metasomatic reactions of carbonate-rich melts and 

orthopyroxene in the mantle lherzolite (Lee and Wyllie, 2000, and references therein). 

This metasomatism is accompanied by the crystallization of phlogopite and/or pargasitic 

amphibole. At the trace-element level, the metasomatizing effects of carbonate-rich melts 

are manifested by the enrichment of mantle lithologies in large-ion lithophile elements 

(Rb, Sr, Ba), Th, U, rare-earth elements, and depletion in high-field-strength elements 

(Nb, Ta, Hf, Zr and Ti) (e.g., Green et al., 1992; Yaxley and Green, 1996; Walter et al., 

2008). However, Bedini et al. (1997) argued that an ascending OIB-type melt can 
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produce a similar trace-element signature. Carbonatitic magmas generated in the 

metasomatised, pargasite- and phlogopite-bearing regions of the mantle move upward 

until about 2.2 GPa (ca. 70 km depth), where they encounter the well-defined near-

isobaric ledge on the carbonated lherzolite solidus (White and Wyllie, 1992). This solidus 

ledge indicates an abrupt change in the composition of near-solidus liquids from silicate 

(at lower pressures) to carbonatitic (at higher pressures) (White and Wyllie, 1992; Fig. 

1.6). This ledge also defines the pressure of crystallization of volatile-rich magmas rising 

through the lithosphere, and release of their volatile components, which can then act as 

metasomatising agents (White and Wyllie, 1992). The metasomatizing effect of 

carbonatitic melts above the solidus ledge can be described by the following 

decarbonation reaction (Moore and Wood, 1998; Luth, 2004): 

(1) 4MgSiO3 + CaMg(CO3)2 = 2Mg2SiO4 + CaMgSi2O6 + 2CO2.  

      enstatite        dolomite          forsterite      diopside         fluid 

This reaction defines the stability fields of carbonate in lherzolitic mantle and separates 

those regions of the mantle where CO2 is bound in the crystal structure of carbonates 

(dolomite or magnesite) from those where CO2 resides in liquids/fluids (Wyllie and 

Huang, 1975, 1976; Eggler, 1978; Fig. 1.6). As a result of this continuous metasomatism, 

lherzolite is transformed into alkaline wehrlite. 

Moore and Wood (1998) and Lee and Wyllie (2000) noted that the composition of 

carbonate-rich melt depends on the depth where it was generated and its temperature. 

This temperature will define how and if the rising melt will interact with the solidus ledge 

(Fig. 1.6). Several possible ascent paths of carbonate-rich melts relative to the solidus 

ledge are shown in Figure 1.6. Magmas originating at depths greater than 200 km have 

temperatures sufficiently high to bypass the solidus ledge while remaining in equilibrium 
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with lherzolite (path 1). Certain high-temperature magmas (e.g., kimberlitic) escape re-

equilibration with peridotite at the solidus ledge and will rise fast enough to also preserve 

their “pristine” character (path 2). Carbonatitic magmas remaining in equilibrium with 

lherzolite will follow path 3, initiating metasomatism in the mantle and producing CO2 

fluid once the solidus ledge is reached.  

 

Figure 1.6. Schematic illustration of various carbonate-bearing liquid paths (see text) in 

terms of depth and temperature, constrained by key reaction boundaries for carbonate-

peridotite (F-F’, B-B’, D as on Fig. 1.6). (Lee and Wyllie, 2000). Reproduced with the 

permission of Springer (figure originally published in Contributions to Mineralogy and 

Petrology, p. 222). 
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The fact that carbonatites commonly occur late in the sequence relative to the 

accompanied silicate rocks has also been explained by the “thermal death” of carbonatites 

at the ledge (Bailey, 1987). According to this concept, the near-solidus carbonatitic 

liquids formed at pressures in excess of 2 GPa, maintain equilibrium with surrounding 

lherzolite via reaction (1) and become arrested at the ledge (e.g., Wyllie, 1980; Wallace 

and Green, 1988; Dalton and Wood, 1993). A continuous supply of carbonatitic melts 

and their interaction with the mantle at the ledge eventually creates a wehrlite-lined 

conduit, which buffers further reaction between the melt and peridotite wallrock, 

enabling the passage of subsequent melt through the upper 70 km of the lithosphere (Lee 

and Wyllie, 2000). The delay reflects the time lapsed between the first carbonatitic melt 

arrived at the solidus ledge and the first melt extruded to the surface (Bailey, 1985). 

Wyllie (1980) and Lee and Wyllie (2000) noted that this delay will incorporate 

the time taken for vapour pressure to increase to the point where it can initiate the crack 

propagation through the overlying mantle (provided the tectonic conditions are suitable) 

creating the initial conduit. Moore and Wood (1998) proposed that the solidus ledge 

controls the binary nature of many carbonatitic complexes associated with alkaline rocks. 

According to these authors, whereas high-pressure CO2-rich melts can rich the surface 

only after the wehrlitic pathway has been formed, silicate melts will ascend without 

reacting with the host lherzolite. This can explain their greater abundance with respect to 

carbonatites, i.e., that kimberlites are about 10 times more common than carbonatites.  
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1.5.4. Different views on the composition of primary carbonatitic melts 

A large number of experimental studies of the model system CaO-MgO-SiO2-CO2 

and more complex systems have been done to constrain the composition of mantle-

derived carbonatitic melts.  Bailey (1989) has shown that primary melts derived from 

carbonated lherzolite at high pressures are dolomitic in composition. This conclusion has 

been supported by numerous experimental studies on the melting behaviour of 

carbonated peridotites and eclogites (see section 1.5.2). By contrast, the vast majority of 

naturally occurring carbonatites are calcitic (Gittins, 1989). This discrepancy has 

generated a passionate debate among petrologists regarding the nature of primary 

carbonatitic magmas. One hypothesis, supported by the experimental studies of Lee and 

Wyllie (1998), Wyllie and Lee (1998) and Lee et al. (2000), suggests that calcio 

carbonatites are cumulates precipitated from primary dolomitic magmas. The evidence 

supporting this hypothesis includes the early liquidus precipitation of calcite from 

dolomitic melts over a wide range of temperatures (Fig. 1.7), as well as the extremely low 

viscosity of carbonatitic magmas, thus allowing for gravity-driven or kinetic separation of 

cumulates (Minarik and Watson, 1995). Petrological and geochemical evidence for the 

existence of primary dolomitic magmas was reported by Harmer and Gittins (1997), who 

emphasized that carbonatites occurring in Precambrian cratons of Canada and southern 

Africa are dominantly dolomitic. These authors suggested that after the primary dolomitic 

magma reaches crustal levels (either by rapid ascent while maintaining equilibrium, or by 

escaping equilibrium via a wehrlite-lined conduit), it will precipitate calcite or dolomite 

as a function of on the temperature. However, opponents to this model argue that the 

occurrence of extrusive calcio carbonatites and the fact that the majority of carbonates 
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from mantle-derived xenoliths are Ca-rich supports the existence of primary calcio 

carbonatitic melts (e.g., Gittins, 1989; Kogarko et al., 2007). 

 

Figure 1.7. Liquidus fields intersected by the join Na2CO3–CaMg(CO3)2, at 0.1 GPa. 

Do=dolomite, Cc=calcite, Ny=nyerereite, L=liquid (Gittins et al., 2005). Reproduced 

with the permission of Elsevier Limited (figure originally published in Lithos, p. 134). 

 

  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



  27

The experimental results of Moore and Wood (1998) have shown that the variety 

of compositions from carbonate-rich to CO2-free silicate liquids can be produced 

isobarically by partial melting of carbonated lherzolite at different temperatures. These 

authors have also demonstrated that at 3 GPa, there is a range of carbonatitic melts that 

can be in equilibrium with lherzolite, from those with [Ca/(Ca+Mg)]=0.64 to those with 

[Ca/(Ca+Mg)]=0.27. Woolley and Kempe (1989) suggested that naturally occurring 

calciocarbonatites have a Ca/(Ca+Mg) ratio of 0.86, whereas for dolomitic carbonatites, 

this ratio is about 0.5. Moore and Wood (1998) have indicated that their experimental 

data do not support the existence of primary calcio carbonatitic melts, and that these 

melts must have formed via fractional crystallization or low-pressure wallrock reaction 

(i.e. above the solidus ledge) such as: 

5MgSiO3 + 2CaMg(CO3)2 = 3Mg2SiO4 + CaMgSi2O6 + CaCO3 + 3CO2 (2). 
 enstatite dolomitic forsterite diopside Ca-rich  fluid 
 melt melt 

Dalton and Wood (1993) demonstrated experimentally that a dolomitic liquid 

reacting with lherzolite to produce wehrlite becomes increasingly Ca-rich with pressure 

decreasing from 2.5 to 1.5 GPa. According to these authors, this process can potentially 

lead to the formation of carbonatitic melts with a Ca/(Ca+Mg) ratio similar to that of 

naturally occurring calcio-carbonatites (i.e. 0.86). However, the highest Ca/(Ca+Mg) 

value obtained in Dalton and Wood’s experiment’s is 0.74. To date, calcio carbonatitic 

melts with Ca/(Ca+Mg) values close to 0.86 have not been produced experimentally. The 

supporters of primary calcio carbonatitic magmas (e.g., Gittins, 1989; Bailey, 1993) use 

as evidence the occurrence in mantle xenoliths Ca carbonates characterized by magmatic 

trace-element signatures (high Sr and REE contents). For example, harzburgite and 

amphibole-bearing dunite xenoliths from Kerguelen (Moine et al., 2004) contain Mg-
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bearing calcite (< 1.4 wt % MgO) in small interstitial pockets, which is characterized by 

high REE and Sr contents (on average 900 and 3400 ppm, respectively) and strong LREE 

enrichment (La/Lu ~ 400). Hammouda (2003) has shown that melting of carbonated 

eclogite can produce carbonatitic magmas with a higher Ca/(Ca+Mg+Fe) ratio relative to 

those originating by melting of carbonated peridotite (0.8 and 0.5, respectively), however 

this ratio is still too low to classify these melts as calcio carbonatitic.  

Alternatively, some authors have invoked carbonate-silicate liquid immiscibility to 

advocate the formation of natrocarbonatitic magmas within the mantle (e.g., Wallace and 

Green, 1988; Sweeney et al., 1995). The occurrence of Ca-rich carbonate ocelli or 

globules in mantle xenoliths has been taken as an evidence of derivation of calcio 

carbonatitic magmas by carbonate-silicate liquid immiscibility (e.g., Pyle and Haggerty, 

1994). However, the experimental studies of Wyllie and Lee (1998) and Lee et al. (2000) 

demonstrate that under the mantle conditions (pressure of 2.5 GPa), there is a gap 

between the carbonate and silicate liquidi, which precludes carbonate-rich magmas from 

crossing the silicate-carbonate liquidus field boundary (Fig. 1.8). This would limit the 

CaCO3 content of carbonatitic magmas derived from a carbonated silicate parent to less 

than 85 wt. %, suggesting that primary mantle-derived calcio carbonatitic magmas can 

not be formed by liquid immiscibility. Note that selected rock compositions for 

kimberlites and melilitites shown on Figure 1.8 are situated within the silicate volume 

and are well removed from both the silicate-carbonate liquidus boundary and the 

immiscibility volume, indicating that liquid immiscibility was not involved in their 

generation (Wyllie and Lee, 1998). 
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Figure 1.8. Generalized pseudoquaternary phase diagram at 2.5 GPa (projected from 

CO2), showing dark- and light-shaded liquidus surfaces for a silicate-carbonate field 

boundary and liquid miscibility gap, respectively. The silicate-carbonate field boundary 

separates liquidus volumes for silicates (to the left) from those from carbonates (to the 

right). Stippled volumes 1-4 define the experimentally measured liquid compositions 

from carbonated peridotite. NEPH: magnesian nephelinite field (Wyllie and Lee, 1998, 

and references therein). Reproduced with the permission of Oxford University Press 

(figure originally published in Journal of Petrology, p. 1890). 
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1.6. TRACE ELEMENTS: GEOCHEMICAL CHARACTERISTICS, COMPATIBLE AND 

INCOMPATIBLE BEHAVIOR 

Trace elements are defined as elements present in a rock at concentrations less 

than 0.1 wt. % (1000 ppm). On the basis of their geochemical characteristics, trace 

elements can be classified into the following groups: rare-earth elements (REE: La-Lu 

and Y); high-field-strength elements (HFSE), comprising small, highly charged cations 

(Nb, Ta, Zr, Hf, Ti, Sn4+, P); large-ion-lithophile elements (LILE) comprising large 

cations with small charge (K , Rb, Cs, Sr, Ba, Pb), actinides (Th and U); siderophile 

elements (Fe, Co, Ni, platinum-group metals and Sn2+) and chalcophile elements (Cu, Zn, 

Ag Cd, In, Hg, As, S, Sb, Se, Pb, Bi and Te) (Goldschmidt, 1937, 1954; Shaw, 2006).  

The behaviour of some trace-elements changes depending on the composition and 

redox state of the system. For example, Th behaves as a HFSE in silica-rich systems, 

where it typically replaces Zr in zircon. However, in the absence of zircono-silicates in 

Ca-rich, Si-deficient magma and fluids (carbonatitic, kimberlitic, etc.), it is more akin to 

large-ion-lithophile elements and Ca (Belousova et al., 2002). Likewise, Sn can behave as 

a HFSE in silicate systems and as a siderophile element in hydrothermal aqueous fluids 

(Zhengen et al., 1987). The distinction between major and trace elements is based on 

their essentially different geochemical characteristics. Major elements (including Si, Al, 

Mg, Fe, Ca, Na, and O) are primary constituents of rock-forming minerals. Variations in 

their concentrations can dramatically change the modal or normative composition of a 

rock. In contrast, trace elements rarely form distinct mineral phases (a few exceptions 

include monazite [(La,Ce,Nd)PO4], xenotime [(Y,Yb)PO4] and zircon [ZrSiO4]) and 

typically substitute, to varying degrees, for major elements in the crystal structures of 
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rock-forming minerals. Because mineral phases selectively incorporate or exclude trace 

elements from their structures, the abundances and behaviour of these elements can be 

used to gain insights into the composition of magma sources and the physical processes 

involved in magma generation and evolution (Shaw, 2006).  

During melting, trace elements partition between mineral phases and coexisting 

liquid depending on their compatibility. Incompatible elements are expected to partition 

into the liquid, whereas compatible elements favour the solid phase. The degree of 

compatibility of an element is quantitatively characterized by its partition coefficient (D i) 

(McIntire, 1963), which represents the ratio of concentrations of this element in solid (C 

i
s) and liquid (C il) phases at equilibrium: D i =   C is / C il. For a polymineralic 

assemblage, the bulk distribution coefficient D i is defined as: D i =  Σ WA D Ai, where  

WA is the weight fraction of mineral A in the rock, and D Ai is the distribution coefficient 

for element i in mineral A.  

The degree of compatibility of a trace element is largely dependent on its ionic 

radius and charge, crystal-field effect, as well as on the composition, temperature, 

pressure, and, for transition elements, redox state of the melt (Henderson, 1982; 

Rollinson, 1993; Wood and Bloondy, 2004). The idea that the affinity of a trace element 

for a specific crystallographic site and its geochemical behaviour depend on the radius 

and charge of that element was initially developed by Goldschmidt (1937, 1954). It has 

since been established that the elastic strain caused by element entry in a specific site can 

be used as a quantitative measure of its partition coefficient (Onuma et al., 1968; Wood 

and Blundy, 2004). When the strain is high due to a large misfit, the partition coefficient 

is small. The charge/radius ratio (“field strength”) can be used to subdivide the 
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incompatible elements into high-field-strength elements (HFSE) and large-ion-lithophile 

elements (LILE). This division, however, is somewhat arbitrary when it comes to 

elements whose ionic radius is intermediate between the typical HFSE and LILE (see 

above). Divalent and trivalent transition cations of a relatively small radii are typically 

compatible; this group includes Ni, Cr, Cu, V3+, Co and Mn. In addition to element-

specific characteristics, the bulk composition of the system and its intensive parameters 

play significant roles in determining the partition behaviour of an element. For example, 

LREE are generally incompatible in tholeitic basaltic magmas, whereas Eu2+ is 

compatible and becomes sequestered in An-rich plagioclase (Farmer, 2003). On the 

contrary, in carbonatitic systems, all light- to middle-REE, including Eu, are compatible 

and may be sequestered in a variety of minerals, including calcite-, apatite- and 

perovskite-group minerals (Mariano, 1989; Chakhmouradian, 2009). Thus, the terms 

“compatible” and “incompatible” should always be considered in petrological context.  

Trace elements with high-distribution coefficients are commonly used to 

determine the degree to which partial melting or crystal fractionation may have operated, 

because variations in their concentrations may indicate crystallization or melting of a 

specific mineral phase (Shaw, 2006). The ratios of two trace elements, one having 

significantly higher partition coefficient than the other, are also commonly used in 

identifying the role that a particular mineral phase played during magmatic evolution. 

Whereas concentrations of major elements in mantle-derived melts are buffered by the 

residual refractory minerals, concentrations of trace elements in these melts are strongly 

dependant on the degree of melting. This can be demonstrated by the mass-balance-

derived equation for the concentration of an element (C1 i) with distribution coefficient 
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D i and initial concentration C0
 i in melt fraction F (Shaw, 1970): C1 i = C0

 i ⁄ (F + D i (1 – 

F)). In the case of highly incompatible elements (D « 1), this equation can be reduced to: 

C1 i = C0
 i ⁄ F, which implies that the concentration of a highly incompatible element in a 

melt is directly proportional to the melt fraction. Consequently, the ratio of 

concentrations of two highly incompatible elements in a melt is independent of the melt 

fraction and is nearly equal to the ratio of their concentrations in the source:  

C1 1⁄ C1 2 ≈ C0 1⁄ C0
2. 

The trace-element signature of a rock, in combination with petrological, isotopic 

and mineral-chemistry data, can provide a useful insight into the composition and 

evolution of its source (Shaw, 2006). Trace-element ratios, particularly those of elements 

with contrasting compatibility, play important roles in discriminating among different 

rock types or in identifying compositional varieties of the same rock type 

(Chakhmouradian, 2006). One of the advantages of these ratios is that, unlike the isotopic 

ratios, they do not change with time. It has been demonstrated that the trace-element 

abundances of mantle-derived melts are controlled not only by the mineral/melt 

distribution coefficients and degree of melting, but also by their initial concentration in 

the source rock and the type of melting (Shaw, 1970; McKenzie and O’Nions, 1991; Zou 

and Reid, 2001). Deviations from the predicted behaviour of some trace elements or their 

ratios can indicate involvement of a particular mineral phase in crystallization history of 

this rock, which, in turn can provide information regarding the composition and depth of 

the source. 
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1.7. THESIS OBJECTIVES  

1.7.1.  Justification 

There are a number of outstanding problems regarding the petrogenesis of 

carbonatites, but one of the most intriguing is the interrelationship between the trace-

element geochemistry of carbonatites with different modal proportions of minerals and 

their tectonic and geological setting. Previous studies have focused on the bulk-rock 

distribution of trace-elements in carbonatites (see Section 1.3). In particular, the unique 

trace-element signature of carbonatites, including their general enrichment in HFSE5+ and 

LREE relative to HFSE4+ and HREE, respectively, have been attributed to the generation 

of carbonatitic magmas from metasomatised amphibole- and phlogopite-bearing 

peridotite and subsequent differentiation of these magmas at crustal levels (Green et al., 

1992; Chakhmouradian, 2006). The absence of a correlation between Zr concentration 

and Zr/Hf ratio in carbonatites, as well as super chondritic Zr/Hf values (ca. 60) of most 

carbonatites and the lack of complementary behaviour of Zr/Hf ratio between 

carbonatites and associated silicate rocks, have been attributed to heterogeneity of their 

mantle sources as opposed to fractional crystallization of a particular mineral phase 

(Nelson et al., 1988; Andrade et al., 2002; Chakhmouradian, 2006).  

 In contrast to the voluminous literature on the bulk-rock geochemistry of 

carbonatites (e.g., Bell, 1989), there is a paucity of published data on the trace-element 

composition of individual minerals from these rocks (e.g., Sokolov, 1985; Hornig-

Kjarsgaard, 1998; Wall and Zaitsev, 2004). This is largely due to the limitations of the 

instrumental techniques used for this type of analysis in the past. The majority of 

published data on the trace-element composition of individual minerals from carbonatites 
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(Bagdasarov, 1989; Kukharenko et al., 1965) were obtained using conventional analytical 

chemistry, flame photometry or quantometry, all of which are essentially bulk techniques 

requiring a large amount of material. As a result, the data obtained by these techniques 

are prone to significant errors due to the sample inhomogeneity (intergrowths, mineral, 

melt and fluid inclusions). Another drawback is that these techniques do not allow for the 

quantification of compositional variations on a microscale (growth zonation, chemical 

zonation, reaction rims, etc.), which would be essential for any study concerned with the 

evolution of magmas and their derivative fluids. In addition, each of the aforementioned 

techniques has a limited range of detectable elements. Elements outside that range either 

cannot be analyzed or require tedious adjustments of the methodology. With the 

exception of a few recent studies based on high-precision microbeam analytical 

techniques (Ionov and Harmer 2002), the element analyses of carbonatitic minerals 

available in the literature lack consistency and commonly contain unrealistically high 

abundances of certain incompatible elements (Dawson et al., 1996; Bailey and Kearns, 

2002).  

The main objective of this project was to determine how the distribution of 

incompatible trace elements in individual rock-forming minerals are linked to the sources 

of carbonatitic magmas and processes involved in their evolution. This research is the 

first detailed study of the trace-element signatures of the most important rock-forming 

minerals from carbonatites, including clinopyroxene- and clinoamphibole-group 

minerals, phlogopite, dolomite, magnetite and perovskite. The carbonatite samples 

studied in this work represent intracratonic, orogenic and off-craton non-orogenic 

settings.  Altogether, carbonatite samples from 21 different localities worldwide were 
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analysed. These include: Kerimasi (Tanzania), Kovdor, Turiy Mys, Afrikanda and 

Ozernaya Varaka (Kola Alkaline Province, Russia), Sokli (Finland), Alnö (Sweden), 

Ozerny and Murun (eastern Siberia, Russia), Vishnevye Gory (Urals, Russia), Pinghe 

(Sichuan, China), Huayangchuan (Shaanxi, China), Eden Lake, Wekusko Lake and Paint 

Lake (Manitoba, Canada), Oka (Monteregian Alkaline Province, Canada), Prairie Lake 

(Ontario, Canada), Aley and Upper Fir (British Columbia, Canadian Cordillera), Iron Hill 

(Colorado, USA), Fuerteventura (Canary Islands). In addition, kimberlite samples from 7 

different localities and one sample of clinopyroxenite were studied. 

In Chapter 2, the extent of trace-element substitutions, zoning patterns and 

partitioning behaviour of selected trace elements in clinopyroxene- and clinoamphibole-

group minerals from carbonatites were examined and interpreted in terms of patrogenesis 

and evolution of these rocks. The results of this work have been submitted for publication 

to Lithos (Reguir et al., 2011). In Chapter 3, the application of trace-element variations in 

individual minerals to the petrogenetic analyses of texturally similar rocks was explored. 

The large analytical datasets acquired for trioctahedral micas from fourteen carbonatites 

and kimberlites were used to establish new criteria for discrimination between these rock 

types. These were tested in Chapter 4 on phlogopite megacrysts from the carbonate rocks 

at Wekusko Lake, Manitoba. My contribution to this Chapter included major and trace-

element analyses of two of the main constituents of these rocks, phlogopite and dolomite, 

as well as petrogenetic interpretation of these data. The trace-element signatures of 

phlogopite and dolomite combined with the whole-rock and isotopic analysis were used 

to redefine these rocks as primary carbonatites. Data obtained in Chapters 3 and 4 were 

published as two separate papers in Lithos (Reguir et al., 2009; Chakhmouradian et al., 
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2009). The extent of trace-element substitutions in magnetite from carbonatites was 

examined in Chapter 5 using samples from the Kerimasi volcano, Tanzania. The 

behaviour of trace-elements during crystallization of magnetite is described in detail and 

interpreted in terms of a magmatic and previously unrecognized reaction trend (Reguir et 

al., 2008). In Chapter 6, trace-element and isotopic signatures of perovskite from 

carbonatite and associated clinopyroxenite from the Afrikanda complex, Russia were 

compared. These data were interpreted in terms of petrogenesis of these rocks and 

published in Mineralogy and Petrology (Reguir et al., 2010).      

 

1.7.2.  Methodology 

(i) Field work included gathering of field data and rock samples at several 

carbonatite occurrences, including Oka (Canada), Iron Hill (USA), Murun (Russia), 

Pinghe and Huayangchuan (China). This material was used to augment the available 

collection of carbonatite samples.  

(ii) Acquisition of analytical data for magnetite, phlogopite, perovskite, 

clinopyroxene- and clinoamphibole-group minerals. Optical microscopy and energy-

dispersive spectrometry (EDS) in combination with back-scattered electron (BSE) 

imaging were used for petrographic characterization of the samples (in polished thin 

sections), mineral identification, and selection of areas for elemental analysis. The 

compositions of mineral phases (major and some minor elements) were determined by 

wavelength-dispersive spectrometry (WDS) using a Cameca SX-100 automated electron 

microprobe. The trace-element composition of the minerals was obtained by laser-

ablation inductively-coupled-plasma mass-spectrometry (LA-ICP-MS) using a 213-nm 
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Nd-YAG Merchantek laser connected to a Thermo Finnigan Element 2 sector-field mass-

spectrometer. Matching BSE and reflected-light images of the areas analyzed by WDS 

were used to accurately position the laser beam on the samples during the trace-element 

analysis. In total, 1200 of major-element analyses and 1000 of trace-element analyses 

were performed during this study. For most of the analyzed minerals, the range of 

variation in the content of certain trace-elements spans from nil (i.e., undetectable by the 

chosen analytical techniques) to well above the lower limit of detection. Because element 

concentrations close to the limit of detection are simply uncertain in value and not 

equivalent to zeros, they are reported in this thesis along with measurable concentrations. 

The lower limits of detection for such elements are reported in Table footnotes. 

(iii) Processing of the analytical data included calculation of mineral formulae 

from the major-element compositions obtained by WDS, reduction of raw trace-element 

data acquired by LA-ICP-MS using the GLITTER software (van Achterbergh et al., 

1999) and an in-house Excel-based program, construction of variation and trace-element 

distribution diagrams, and element-partitioning modelling.  

(iv) Petrogenetic modelling, including compilation of the relevant published data, 

recognition of petrologically significant trace-element characteristics, and interpretation 

of these data in the context of carbonatite petrogenesis. 
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CHAPTER 2. 

TRACE-ELEMENT COMPOSITION AND ZONING IN CLINOPYROXENE- AND 

CLINOAMPHIBOLE-GROUP MINERALS: IMPLICATIONS FOR ELEMENT 

PARTITIONING AND EVOLUTION OF CARBONATITES 

 

2.1.  ABSTRACT 

The present work is a first comprehensive study of the trace-element composition 

and zoning in clinopyroxene- and clinoamphibole-group minerals from carbonatites, 

incorporating samples from 14 localities worldwide. The new electron-microprobe data 

presented here significantly extend the known compositional range of clinopyroxene- and 

clinoamphibole-group minerals from carbonatites. These data confirm that calcic and 

sodic clinopyroxenes from carbonatites are not separated by a compositional gap, instead 

forming an arcuate trend from nearly pure diopside through intermediate aegirine-augite 

compositions confined to a limited range of CaFeSi2O6 contents (15-45 mol.%) to 

aegirine with < 25 mol.% of CaMgSi2O6 and a negligible proportion of CaFeSi2O6. A 

large set of LA-ICP-MS data shows that the clinopyroxene-group minerals of different 

composition are characterized by relatively low levels of Cr, Co and Ni (all ≤ 40 ppm) 

and manifold variations in the concentration of trivalent lithophile and some incompatible 

elements (e.g., 1-150 ppm Sc, 26-6870 ppm V, 5-550 ppm Sr, 90-2360 ppm Zr, and from 

below detection to 150 ppm REE), in some cases recorded within a single crystal. The 

relative contribution of clinopyroxene-group minerals to the whole-rock Rb, Nb, Ta, Th 

and U budget is negligible. The major-element compositional range of clinoamphibole-

group minerals spans from alkali- and Al-poor members (tremolite) to Na-Al-rich Mg- 



 52

or, less commonly, Fe-dominant members (magnesiohastingsite, hastingsite and 

pargasite), to calcic-sodic, sodic and potassic-sodic compositions intermediate between 

magnesio-ferrikatophorite, richterite, magnesioriebeckite, ferri-nyböite and potassic-

magnesio-arfvedsonite. In comparison with the clinopyroxene-group minerals, the 

clinoamphibole-group minerals contain similar levels of tetravalent high-field-strength 

elements (Ti, Zr and Hf) and compatible transition elements (Cr, Co and Ni), but are 

capable of incorporating much higher concentrations of Sc and incompatible elements 

(up to 500 ppm Sc, 43 ppm Rb, 1470 ppm Sr, 1230 ppm Ba, 80 ppm Pb, 1070 ppm REE, 

140 ppm Y, and 180 ppm Nb). In some carbonatites, amphiboles contribute as much as 

25% of the Zr+Hf, 15% of the Sr and 35% of the Rb+Ba whole-rock budget. Both 

clinopyroxene- and clinoamphibole-group minerals may also host a significant share 

(~10%) of the bulk heavy-REE content. Our trace-element data show that the partitioning 

of REE between clinopyroxene (and, in some samples, clinoamphibole) and the melt is 

clearly bimodal and requires further studies and a revision of the existing model 

assuming single-site REE partitioning. Clinopyroxene- and clinoamphibole-group 

minerals from carbonatites exhibit a diversity of zonation patterns that cannot be 

explained exclusively on the basis of crystal chemistry and relative compatibility of 

different trace-element in these minerals. Paragenetic analyses indicate that in most cases, 

the observed zoning patterns develop in response to removal of selected trace elements 

from the melt by phases co-precipitating with clinopyroxene and amphibole (especially 

magnetite, fluorapatite, phlogopite and pyrochlore). With the exception of a 

magnesiohastingsite-richterite sample from Afrikanda, the invariability of trace-element 

ratios in the majority of zoned clinopyroxene and amphibole crystals implies that fluids 
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are not involved in the development of zoning in these minerals. The implications of the 

new trace-element data for mineral exploration targeting REE, Nb and other types of 

carbonatite-hosted rare-metal mineralization are discussed. 

 

2.2.  INTRODUCTION 

Silicate minerals (in particular, ferromagnesian silicates) are a volumetrically 

significant constituent of many carbonatites, making up well over 50 vol.% of the rock in 

cumulate and endocontact facies of some carbonatite intrusions. Clearly, detailed 

knowledge of the compositional variation of these minerals is essential to tracking the 

evolution of a carbonatitic magma, understanding the effects of crystal fractionation and 

wall-rock assimilation on magma composition, and constraining the distribution of Nb, 

Ta and REE in carbonatites. Variations in major-element chemistry of ferromagnesian 

silicates from different carbonatite localities and facies have been addressed in a number 

of studies (e.g., Samoylov and Gormasheva, 1975; Kapustin, 1987; Andersen, 1988; 

Hogarth, 1989; Chakrabarty et al., 2009; Reguir et al., 2009), whereas systematic trace-

element data are available only for trioctahedral micas (Reguir et al., 2009). 

Pozharitskaya (1962), Kukharenko et al. (1965), Khodyreva (1972) and Kapustin (1987) 

measured the abundances of selected trace elements in clinoamphibole- and 

clinopyroxene-group minerals from several carbonatite localities, but their data were 

obtained by non-in-situ techniques requiring significant amounts of material (“wet” 

chemical analysis, flame spectrophotometry, etc.) and hence, do not account for either 

zoning or the presence of inclusions in these minerals. These analytical limitations 
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explain the unrealistically high abundances of certain trace elements reported in the 

previous literature (e.g., > 1100 ppm Sr and Ba in clinopyroxene: Kapustin, 1987). 

The advent of microbeam techniques capable of precise quantification of trace 

elements with a spatial resolution of ≤ 30 μm gave an impetus to numerous studies of 

mantle xenoliths, focused on trace-element distribution among their constituent minerals 

(e.g., Moine et al., 2001; Viljoen et al., 2005, Coltorti and Grégoire, 2008). This wealth 

of information on mantle assemblages is in striking contrast with the paucity of data on 

rock-forming minerals from carbonatites and other mantle-derived igneous rocks. 

Paradoxically, we seem to know more about the mineralogy and geochemistry of 

potential mantle sources of carbonatitic magmas (Yaxley et al., 1991; Coltorti et al., 

1999; Turon et al., 2008, among many others) than about early crystallization products of 

the magmas themselves (including and especially, ferromagnesian silicates). 

The primary objectives of this contribution are: (1) to further the current 

understanding of the compositional variation of clinopyroxene- and clinoamphibole-

group minerals in carbonatites using precise high-resolution analytical techniques; (2) to 

determine the extent of trace-element substitutions in these minerals and their correlation 

with major elements (Na, Ca, Fe, Mg, Al); and (3) to constrain the chemical evolution of 

clinopyroxene- and clinoamphibole-group minerals in an evolving carbonatitic magma. 

 

2.3.  MATERIAL AND METHODS 

A collection of modally and texturally diverse carbonatites from 43 localities 

worldwide (over 100 samples in total) has been examined to choose a limited number of 

representative samples of pyroxene- and amphibole-group minerals for further study. 
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Phlogopite is the predominant ferromagnesian silicate in the overwhelming majority of 

the carbonatites studied (ca. 80%) and also occurs as a subordinate mafic constituent in 

most of the remaining samples. Only 24 samples contain detectable quantities of 

clinopyroxene- or clinoamphibole-group minerals. Seven of these samples contained 

crystals that either represented subsolidus replacement products of primary 

ferromagnesian silicates (actinolite at Eden Lake, edenite at Magnet Cove, richterite at 

Kovdor and Kontozero) or were too small for accurate trace-element analysis (potassic-

magnesio-arfvedsonite at Murun, aegirine at Kontozero and Iron Hill). These minerals 

were analyzed for major elements only for the purposes of identification. The final 

selection consisted of ten clinopyroxene and seven amphibole samples representing 14 

localities; their textural and mineralogical characteristics are summarized in Table 2.1. 

Energy-dispersive spectrometry in combination with back-scattered electron 

(BSE) imaging was used for the selection of areas for quantitative analysis. The major-

element composition of clinopyroxene- and clinoamphibole-group minerals (85 and 116 

analyses, respectively) was determined by wavelength-dispersive spectrometry (WDS) 

using a Cameca SX-100 automated electron microprobe operated at 15 kV and 10 nA 

with a defocused beam (10 μm in diameter) to avoid alkali loss and F diffusion. The raw 

WDS data were reduced using the ZAF correction procedure. The following natural 

standards were employed in the analysis: albite (Na), andalusite (Al), diopside (Si, Ca), 

fayalite (Fe), forsterite (Mg), orthoclase (K), riebeckite (F), spessartine (Mn), titanite 

(Ti), tugtupite (Cl) and zircon (Zr). The Kα lines were used for all of the elements listed 

except Zr, for which the Lα line was used.  
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Table 2.1. Provenance, rock type, mineralogy and tectonic setting of the samples (arranged geographically) 

Sample no. Locality Rock type Major and important  Tectonic setting References to general 
   accessory minerals*  locality descriptions 

TRM-16 Turiy Mys, Kola medium-grained Cal, Di, Phl, Prv, Kandalaksha graben Bulakh and Ivanikov
 Peninsula, Russia phlogopite-diopside- Sch, Fap, Clc  (1996); Ivanikov et al.  
  calcite carbonatite   (1998) 
AFR-96-7; Afrikanda, Kola very coarse-grained Di, Mhs to Rct, Kontozero graben Chakhmouradian and  
AFR-04 Peninsula, Russia amphibole-diopside- Cal, Prv, Mag, Ttn,  Zaitsev (2002, 2004) 
  calcite silicocarbonatite Clc, Ilm, Sch, Zrn 
OV-203 Ozernaya Varaka, coarse-grained Cal, Agt, Fap, Kontozero graben Kukharenko et al.
 Kola Peninsula, calcite carbonatite Mnz  (1965)   
 Russia   
A-24-22 Alnö, fine-grained phlogopite- Cal, Di to Agt, Pre-Iapetus rift (?) Vuorinen and  
 central Sweden clinopyroxene-calcite Phl, Hst, Mag,  Hålenius (2005) 
  carbonatite Ttn   
SD-1 Ozerny (Gorno- coarse-grained Cal, Di, Phl, Prv, Sette-Daban rift Entin et al. (1991) 
 ozerskiy), eastern  clinopyroxene-calcite Clc  Sagir (2001)  
 Siberia, Russia carbonatite    
M-6-9 Murun, Aldan, medium- to coarse- Cal, Agt to Aeg, Margin of the Aldan Konev et al. (1996)  
 Eastern Siberia, grained calcite Mc, Ttn, Chr, Pma craton 
 Russia carbonatite 
PG-01 Pinghe, Sichuan, coarse-grained calcite Cal, Prg, Phl, Fap Margin of the Yangtze Yang and Woolley 
 China carbonatite  craton (2006) 
HYC-01 Huayangchuan, medium-grained Cal, Mc, Fwn to Lesser Qinling orogen Meng and Zhang
 Shaanxi, China calcite carbonatite Mrbk, Bst, Par, Aln  (2000); Xu et al. 
     (2007) 
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Table 2.1 (Continued). 
 
Sample no. Locality Rock type Major and important  Tectonic setting References to general 
   accessory minerals*  locality descriptions 
 
OK-16-1 Oka, Québec, coarse-grained Cal, Di, Adr, Hyn, St. Lawrence rift Kumarapeli (1970);  
 Canada andradite-diopside- Fap  Gold et al. (1986)  
  calcite silicocarbonatite 
PL-02 Prairie Lake, fine- to medium- Di, Cal, Mag, Phl, Midcontinent rift Sage and Watkinson
 Ontario, Canada grained diopside-calcite Pcl  (1991) 
  silicocarbonatite  
EL-04/14 Eden Lake, coarse-grained Cal, Fap, Agt, Trans-Hudson orogen Chakhmouradian  
 Manitoba, Canada clinopyroxene-apatite- Ttn, Adr, Aln, Zrn  et al. (2008) 
  calcite carbonatite 
PnL-19 Paint Lake, coarse-grained calcite- Cal, Dol, Ol, Fap, Deformed margin Chakhmouradian   
 Manitoba, Canada dolomite carbonatite Fhb to Tr, Phl, Mag of the Superior craton et al. (2009) 
2007- Aley, British fine-grained laminated Cal, Mkt to Marf, Foreland belt, Pell (1994) 
011-7.5 Columbia, Canada calcite carbonatite Aeg, Phl, Fap, Pcl Canadian Cordillera  
UF-1 Upper Fir area, inequgranular laminated Dol, Fap, Rct to Omineca belt, Pell (1994) 
 Blue River, British amphibole-apatite- Mrbk-Marf, Py Canadian Cordillera 
 Columbia, Canada dolomite carbonatite 
    
* Listed approximately in order of decreasing abundance; mineral symbols: Adr = andradite, Aeg = aegirine; Agt = aegirine-augite; 
Aln = allanite; Arf = arfvedsonite, Bst = bastnäsite, Cal = calcite, Chr = charoite, Clc = clinochlore, Di = diopside, Dol = dolomite, 
Fap = fluorapatite, Fhb = ferri-hornblende, Fny = ferric-nyböite, Fwn = ferri-winchite, Hyn = haüyne, Hst = hastingsite, Ilm = 
ilmenite, Marf = magnesio-arfvedsonite, Mc = microcline, Mag = magnetite, Mhs = magnesiohastingsite, Mkt = magnesio-ferri-
katophorite, Mnz = monazite, Mrbk = magnesio-riebeckite, Par = parisite, Pcl = pyrochlore, Phl = phlogopite, Pma = potassic-
magnesio-arfvedsonite, Prg = pargasite, Prv = perovskite, Py = pyrite, Rct = richterite, Sch = schorlomite, Tr = tremolite, Ttn = 
titanite, Zrn = zircon. 
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The abundances of selected trace elements in clinopyroxene- and clinoamphibole-group 

minerals (204 and 134 spot analyses, respectively) were measured by laser-ablation 

inductively- coupled-plasma mass-spectrometry (LA-ICP-MS) using a 213-nm Nd-YAG 

Merchantek laser connected to a Thermo Finnigan Element 2 sector-field mass-

spectrometer. The trace-element compositions were obtained in polished thin sections (30 

μm in thickness) using matching BSE, along with transmitted- and reflected-light images 

of the areas analyzed by WDS, to accurately position the laser beam on the sample and 

ensure that only inclusion-free areas unaffected by fracturing or alteration were ablated. 

For zoned crystals, areas of different average atomic number (Zavg) were traced onto 

reflected-light sample maps used for LA-ICP-MS. All samples were checked under the 

polarizing microscope after the analysis to verify that laser-ablation pits were confined to 

the zones of interest and did not penetrate inclusions or adjacent zones. About 20% of 

analyses were considered ambiguous and discarded. The LA-ICP-MS analyses were 

performed using a beam size of 30 μm in Ar and He atmospheres, at a laser-energy 

density of ca. 7.21 J/cm2 and repetition rate of 10 Hz. The rate of oxide production was 

monitored during instrument tuning by measuring the ThO/Th ratio and was kept below 

0.2%. Synthetic glass standard NIST SRM 610 (Norman et al., 1996) was employed for 

calibration and quality control. After taking into account potential spectral overlaps and 

molecular interferences, the following isotopes were chosen for analysis: 29Si, 43Ca, 45Sc, 

51V, 53Cr, 55Mn, 59Co, 60Ni, 66Zn, 85Rb, 88Sr, 89Y, 90Zr, 93Nb, 137Ba, 139La, 140Ce, 141Pr, 

143Nd, 147Sm, 151Eu, 157Gd, 159Tb, 163Dy, 165Ho, 167Er, 169Tm, 172Yb, 175Lu, 178Hf, 181Ta, 

208Pb, 232Th and 238U. All analyses were performed in a low-resolution mode (~300) 

using Pt skimmer and sample cones. Data reduction was carried out online using the 
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GLITTER software (van Achterbergh et al., 2001). The Si concentrations determined by 

WDS were used as an internal standard for all analyses. The quality control was achieved 

by keeping the fractionation at less than 10% and the fractionation/error ratio at less than 

three.  

 

2.4.  PETROGRAPHY 

The samples examined in the present work represent modally and texturally 

diverse intrusive carbonatites. At Afrikanda, Ozernaya Varaka, Turiy Mys, Alnö, 

Ozernyi, Pinghe, Prairie Lake and Oka, carbonatites are associated with a variety of 

alkaline silica-undersaturated and ultramafic rocks emplaced in extensional (failed) rift 

settings. The most common rock types in these intrusions are clinopyroxenite and 

members of the ijolite-urtite series (e.g., Kukharenko et al., 1965; Sage and Watkinson, 

1991; Chakhmouradian and Zaitsev, 2004). The Blue River and Aley carbonatite 

complexes lack associated alkaline silicate rocks, but probably represent similar 

anorogenic intrusions emplaced in a passive continental margin in the Paleozoic and 

subsequently deformed during the Laramide orogeny (Pell, 1994). The Eden Lake, 

Huayangchuan and Murun carbonatites are associated with potassic syenitic rocks and 

represent postorogenic continental settings (sensu Chakhmouradian et al., 2008). The 

Paint Lake carbonatite was emplaced in a similar setting, but is not accompanied by any 

alkaline silicate lithologies. 

Clinopyroxene-group minerals are found predominantly in early carbonatite facies 

modally dominated by calcite. Both calcic and sodic clinopyroxenes are an early liquidus 

phase occurring as euhedral crystals of different morphologies. Some silicocarbonatites 
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exhibit orthocumulate textures comprising calcic clinopyroxene, magnetite, apatite and 

intercumulus calcite (Figs. 2.1 a-b). Diopside and aegirine-augite typically form nearly 

equant to elongate prismatic crystals and simple contact twins ranging from a few tens of 

μm to several cm in length (Figs. 2.1 a-d). Oikocrysts containing melt inclusions and 

crystals of earlier-precipitated minerals are not uncommon (Fig. 2.1c). Their macroscopic 

color and pleochroism vary from grayish green (colorless in thin section) to black 

(strongly pleochroic dark green in thin section) with an increasing Fe3+ content. Sodic 

clinopyroxenes show a greater variation in morphology, from short-prismatic to elongate 

or acicular crystals and their radiating aggregates; hopper crystals were observed in the 

Ozernaya Varaka and Murun carbonatites (Figs. 2.1 e-g). Color zoning is relatively 

uncommon (Fig. 2.1e); intragranular compositional variations are typically reflected in 

noticeable changes in extinction angle, which decreases with increasing Na+Fe3+ content 

(Fig. 2.1f).  

Clinopyroxene-group minerals commonly become unstable in an evolving 

carbonatite system, and undergo replacement by phlogopite and/or amphibole (e.g., Fig. 

2.1h). Textural criteria can be used to distinguish primary clinoamphibole-group minerals 

from those developed during subsolidus (auto)metasomatic reworking of the host rock. 

Clinoamphiboles of the latter type are invariably acicular to fibrous in habit, usually 

unzoned and spatially confined to their precursor mineral (typically, diopside or olivine-

group minerals). In unweathered rocks, subsolidus crystals lack any evidence of further 

replacement by other minerals. Primary clinoamphiboles occur both in association with 

earlier-crystallized silicates and independently in the same paragenesis; their crystals are 

typically zoned and/or replaced by phlogopite or clinochlore.  
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Figure 2.1. Morphology, textural relations and zoning of clinopyroxene-group minerals in 

carbonatites; scale bar 0.5 mm for all images; mineral symbols as in Table 1. (a-b) 

Cumulus diopside associated with magnetite, phlogopite and calcite, Prairie Lake; note 

the color change associated with a rim-ward decrease in Fe content. (c) Oikocrysts of 

aegirine-augite enveloping crystals of fluorapatite and titanite, Eden Lake. (d) Prismatic 

crystals of diopside partially replaced by magnesiohastingsite, Afrikanda. (e-f) Euhedral 

aegirine-augite zoned to aegirine associated with titanite, microcline and charoite, Murun; 

note the rim-ward changes in color and extinction angle due to Na+Fe enrichment. (g) 

Partially resorbed prismatic aegirine associated with fluorapatite and pyrochlore, Aley. 

(h) Diopside-magnetite paragenesis replaced by phlogopite and magnesiohastingsite 

followed by richterite, Afrikanda. Photographs (a, e, h) were taken in plane-polarized 

light (PPL); the rest in cross-polarized light (XPL). 
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Figure 2.1. (Continued) 

 

 

 

 

 

 

 

 

 

 

 

 

 

Because the nature of the process responsible for subsolidus amphibole crystallization 

cannot always be established unambiguously (e.g., deuteric autometasomatism vs. 

metamorphic overprint vs. precipitation from incursive fluids), only primary 

clinoamphibole-group minerals were examined in the present work (see Section 2.3). 

Amphibole-group minerals occur in different modal types of carbonatite (Table 

2.1). Some silicocarbonatites, representing either cumulate assemblages or products of 

crystallization from carbonatitic magma contaminated with wall-rock silicate material, 

contain up to 20 vol.% of amphibole (e.g., Chakhmouradian and Zaitsev, 2002). The size 

of individual crystals ranges from a few hundred μm (Alnö and Murun) to several cm in 
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length (Afrikanda). Primary clinoamphibole-group minerals, including calcic, sodic-

calcic and sodic types, commonly replace, penetrate or overgrow crystals of earlier-

precipitated clinopyroxene (Figs. 2.2 a,b). The reverse order of crystallization was 

observed only in the Murun carbonatite (Fig. 2.2c). Phlogopite may crystallize earlier 

than, simultaneously with, or replace primary amphibole (Figs. 2.1h, 2.2d). 

Discrete crystals of calcic clinoamphiboles are prismatic in habit, green to black 

in hand-specimen and pleochroic in shades of green and brown in plane-polarized light. 

Zoning is common, although core-to-rim color variations do not follow a consistent 

pattern among the samples from different localities (cf. Figs. 2.1h, 2.2 e-g). Sodic(-calcic) 

clinoamphiboles occur as both overgrowths or reaction rims on earlier-formed calcic 

clinoamphiboles (e.g., Figs. 2.2 a,b) and as discrete euhedral crystals of prismatic to 

acicular habit, as well as radiating and parallel intergrowths of such crystals. Low-Fe 

compositions (e.g., richterite) are pale greyish to bluish green in plane-polarized light and 

weakly pleochroic, whereas Fe-rich clinoamphibole-group minerals (ferri-winchite, 

magnesioriebeckite and magnesio-arfvedsonite) are strongly pleochroic from pale 

(yellowish-)brown to (purplish-) blue (Figs. 2.2 c,d,h,i). Anomalous interference colors 

are common in low-birefringence sodic clinoamphiboles (Fig. 2.2h).  

In carbonatites subjected to post-emplacement tectonic remobilization (Blue 

River, Aley, Huayangchuan, Eden Lake and Paint Lake), prismatic crystals of amphibole 

and/or clinopyroxene are aligned with the foliation in the carbonatite and tend to 

concentrate in laminae containing a higher proportion of fine-grained carbonate(s), wall-

rock xenocrysts, fluorapatite and other non-carbonate material (e.g., Fig. 2.2h). 
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Figure 2.2. Morphology, textural relations and zoning of clinoamphibole-group minerals 

in carbonatites; scale bar 0.5 mm for all images; mineral symbols as in Table 1. (a) 

Euhedral overgrowths of magnesiohastingsite on diopside locally mantled by richterite, 

Afrikanda; note the association of clinoamphibole-group minerals with perovskite. (b) 

Resorbed crystal of aegirine overgrown by acicular magnesio-arfvedsonite, Aley. (c) 

Resorbed grain of potassic- magnesio-arfvedsonite overgrown by aegirine, Murun. (d) 

Magnesio-arfvedsonite intergrown with phlogopite, Aley. (e) Zoned crystals of pargasite, 

Pinghe; note the rim-ward color change corresponding to a decrease in Ti content. (f-g) 

Ferri-hornblende overgrown by tremolite at the contact with interstitial dolomite, Paint 

Lake; note the rim-ward changes in color and birefringence due to a decrease in Fe 

content. (h) Zoned crystals of ferri-winchite – magnesioriebeckite showing color 

variations typical of sodic amphibole in carbonatites, Huayangchuan. (i-j) Prismatic 

crystals of richterite and fluorapatite showing an alignment with a plastic-flow fabric in a 

deformed dolomite mesostasis, Blue River. Photographs (c, d, e, f, h, i) were taken in 

PPL; the rest in XPL. 
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Figure 2.2. (Continued). 
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2.5.  COMPOSITIONAL VARIATION OF CLINOPYROXENE-GROUP MINERALS FROM 

CARBONATITES 

2.5.2.  Major-element composition of clinopyroxene-group minerals 

In the crystal structure of clinopyroxene, major and trace elements can partition in 

two different crystallographic sites, octahedrally coordinated [6]M1 site, occupied 

primarily by Mg and Fe, and eight-fold coordinated [8]M2 site hosting larger cations, such 

as Ca and Na (for complete description of clinopyroxene structure see Burnham et al., 

1967). The analyzed clinopyroxene-group minerals have high concentrations of (Mg + 

Fetotal) and show an excellent negative correlation between these elements (R2 = 0.995; 

Fig. 2.3a), implying that the proportion of Mn, Al, Ti and other cations substituting in the 

[6]M1 site is small and that the compositional variation of these minerals can be 

adequately expressed in terms of the three principal end-members: diopside (Di), aegirine 

(Aeg) and hedenbergite (Hd). The studied clinopyroxene-group minerals cover almost the 

entire compositional range from Di to ternary aegirine-augite compositions to nearly pure 

Aeg. Clinopyroxenes with more than 50 mol.% Hd appear to be absent in carbonatites, 

whereas most samples contain < 35 mol.% Hd. These results are consistent with the 

published data for other localities recalculated to Di+Aeg+Hd (see Fig. 2.3b and 

references therein). 

The Al content of clinopyroxene from carbonatites ranges from below detection 

to 4.0 and 4.9 wt.% Al2O3 in the Alnö and Oka samples, respectively, where this element 

predominantly substitutes for Si (correlation coefficient for all samples excluding Aley is 

0.96; Fig. 2.3c). The highest content of [6]Al (0.07 apfu or 1.5 wt.% Al2O3) is observed in 

aegirine from Aley. The Mn and Ti contents are typically low (< 1.0 wt.% for respective 



 67

oxides), but reach 0.07 apfu (i.e., 2.0 wt.% MnO and 2.5 wt.% TiO2) in aegirine from 

Murun (Table 2.2). Neither of these two elements correlates with any of the other major 

substituents. Other elements substituting in the Na-Ca and Fe-Mg sites are discussed in 

the following section. 

 

Figure 2.3. Major-element compositional variation of clinopyroxene-group minerals from 

carbonatites expressed in terms of: (a) Fe vs. Mg (apfu calculated to 6 oxygens); (b) 

mol.% Di, Aeg and Hd (red crosses show clinopyroxene compositions from 20 localities 

worldwide recalculated from the data of Kapustin, 1987; Andersen, 1988; Konev et al., 

1996; Stoppa and Woolley, 1995; Cooper and Reid, 1998; Doroshkevich et al., 2007; 

Chakrabarty et al., 2009); (c) Al vs. Si (apfu), the trendline does not include 

clinopyroxene from Alno. 
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Figure 2.3. (Continued) 
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Table 2.2. Representative major-element compositions of clinopyroxene from studied 

carbonatites. 

Wt. % 1 2 3 4 5 6 7 8 9 

Na2O 0.06 0.75 1.51 5.93 5.34 7.42 2.85 2.50 1.51 
CaO 26.18 24.32 22.84 14.02 15.26 11.4 19.78 20.27 21.85
MgO 18.15 15.41 15.09 6.71 7.54 5.94 8.54 7.82 9.29
MnO 0.18 0.18 0.15 0.73 0.29 0.22 0.43 0.45 0.45 
FeO 0.31 3.09 2.69 5.65 4.92 4.56 7.43 9.18 7.95 
Fe2O3 0.43 1.74 3.25 13.33 12.75 16.08 7.73 7.08 5.43 
Al2O3 0.11 0.66 0.25 1.05 1.63 1.44 1.98 2.25 3.12 
SiO2 55.76 54.41 55.05 52.77 52.35 53.36 51.23 50.87 49.47
TiO2 n.d. 0.34 0.16 0.78 0.38 0.56 0.44 0.35 0.90 
ZrO2 n.d. 0.03 0.07 n.d. 0.06 0.14 n.d. n.d. n.d. 
Total 101.18 100.92 101.06 100.97 100.52 101.12 100.41 100.77 99.97

Atoms per formula unit (calculated assuming stoichiometry on the basis of 6 atoms of 

oxygen) 

Na 0.004 0.053 0.106 0.432 0.389 0.537 0.209 0.184 0.111
Ca 1.003 0.948 0.888 0.564 0.614 0.456 0.802 0.824 0.891
Mg 0.968 0.836 0.817 0.376 0.422 0.331 0.482 0.443 0.527
Mn 0.005 0.006 0.005 0.023 0.009 0.007 0.014 0.014 0.015
Fe2+ 0.009 0.094 0.082 0.177 0.155 0.143 0.235 0.291 0.253
Fe3+ 0.012 0.047 0.089 0.377 0.361 0.452 0.220 0.202 0.155
Al 0.005 0.028 0.011 0.046 0.072 0.063 0.088 0.101 0.140
Si 1.994 1.979 1.998 1.982 1.966 1.993 1.938 1.931 1.882
Ti - 0.009 0.004 0.022 0.011 0.016 0.013 0.010 0.026
Zr - 0.001 0.001 - 0.001 0.003 - - -
Mg# 98 86 83 40 45 36 51 47 56
Mol. % major components: 
NaFeSi2O6 1.2 4.9 9.0 40.1 37.0 49.8 23.5 21.6 16.6
CaMgSi2O6 97.9 85.5 82.7 39.9 43.3 36.4 51.4 47.3 56.4
CaFeSi2O6 0.9 9.6 8.3 20.0 19.7 13.8 25.1 31.1 27.0
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Table 2.2. (Continued) 

Wt. % 10 11 12 13 14 15 16 17 18 

Na2O 1.20 0.42 8.51 10.11 11.62 10.91 0.94 1.00 0.65
CaO 23.13 24.67 9.25 6.51 4.18 5.16 22.78 22.80 23.7 
MgO 13.53 15.37 1.95 2.07 1.16 1.80 9.00 9.91 12.23 
MnO 0.35 0.30 1.55 0.95 1.19 0.71 1.04 1.26 1.43 
FeO 4.39 3.48 6.37 3.60 2.51 2.25 7.03 7.79 5.78 
Fe2O3 3.16 1.41 20.16 23.99 25.07 25.77 6.25 4.36 2.93 
Al2O3 1.48 1.16 0.07 0.06 0.05 0.05 4.88 2.35 1.56 
SiO2 53.10 53.72 52.19 52.68 52.62 52.65 47.91 50.48 52.08 
TiO2 0.57 0.52 0.35 0.56 2.47 0.53 0.43 0.25 0.15 
ZrO2 0.11 0.07 0.07 n.d. n.d. n.d. n.d. n.d. n.d. 
Total 101.30 101.12 100.53 100.61 100.89 99.91 100.26 100.20 100.50 

Atoms per formula unit (calculated assuming stoichiometry on the basis of 6 atoms of 

oxygen) 

Na 0.085 0.030 0.636 0.749 0.856 0.811 0.069 0.074 0.047
Ca 0.910 0.962 0.382 0.266 0.170 0.212 0.929 0.927 0.948 
Mg 0.741 0.834 0.112 0.118 0.066 0.103 0.511 0.561 0.681 
Mn 0.011 0.009 0.051 0.031 0.038 0.023 0.034 0.040 0.045 
Fe2+ 0.135 0.106 0.205 0.115 0.080 0.072 0.224 0.247 0.180 
Fe3+ 0.087 0.039 0.585 0.690 0.717 0.744 0.179 0.124 0.082 
Al 0.064 0.050 0.003 0.003 0.002 0.002 0.219 0.105 0.069 
Si 1.949 1.955 2.013 2.012 1.999 2.018 1.823 1.915 1.944 
Ti 0.016 0.014 0.010 0.016 0.071 0.015 0.012 0.007 0.004 
Zr 0.002 0.001 0.001 - - - - - - 
Mg# 77 85 12 13 8 11 56 60 72 

Mol. % major components:  

NaFeSi2O6 9.1 4.0 64.8 74.8 83.2 81.0 19.6 13.3 8.72 
CaMgSi2O6 76.9 85.2 12.4 12.8 7.6 11.2 55.9 60.2 72.17 
CaFeSi2O6 14.0 10.8 22.8 12.4 9.2 7.8 24.5 26.5 19.12 
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Table 2.2 (continued).  

Wt. % 19 20 21 22 23 24 25 26  

Na2O 0.29 0.28 0.18 0.26 3.77 2.60 12.48 11.70 
CaO 24.25 24.89 25.22 25.10 17.59 19.28 1.72 3.09 
MgO 13.11 14.95 15.86 16.10 6.49 6.22 1.14 1.96 
MnO 0.78 0.42 0.40 0.27 0.51 0.63 0.03 0.19 
FeO 7.82 4.85 3.95 3.71 10.17 12.95 1.67 2.81 
Fe2O3 n.d. n.d. 0.24 0.06 9.30 6.62 28.65 25.23 
Al2O3 0.09 0.63 0.29 n.d. 0.76 0.85 1.40 1.32 
SiO2 53.79 54.03 54.83 55.16 52.07 51.32 53.04 53.27 
TiO2 0.18 0.48 0.22 0.11 0.02 0.04 0.36 0.86 
ZrO2 0.16 0.16 0.04 n.d. n.d. 0.06 0.10 0.41 
Total 100.47 100.69 101.23 100.77 100.68 100.57 100.59 100.84  

 Atoms per formula unit (calculated assuming stoichiometry on the basis of 

  6 atoms of oxygen) 

Na 0.021 0.020 0.013 0.018 0.279 0.194 0.915 0.855 
Ca 0.967 0.978 0.981 0.978 0.720 0.797 0.070 0.125 
Mg 0.728 0.817 0.858 0.873 0.370 0.358 0.064 0.110 
Mn 0.025 0.013 0.012 0.008 0.016 0.021 0.001 0.006 
Fe2+ 0.243 0.149 0.120 0.113 0.325 0.418 0.053 0.089 
Fe3+ - - 0.007 0.002 0.267 0.192 0.816 0.716 
Al 0.004 0.027 0.012 - 0.034 0.039 0.062 0.059 
Si 2.002 1.980 1.990 2.005 1.988 1.979 2.007 2.009 
Ti 0.005 0.013 0.006 0.003 0.001 0.001 0.010 0.026 
Zr 0.003 0.003 - - - 0.001 0.002 0.008 
Mg# 75 85 87 88 38 37 7 12  
Mol. % major com 
NaFeSi2O6 - - 0.7 0.2 27.8 19.9 87.5 78.3 
CaMgSi2O6 74.9 84.6 87.1 88.4 38.4 37.0 6.9 12.0 
CaFeSi2O6 25.1 15.4 12.2 11.4 33.8 43.1 5.6 9.7 

n.d. = not detected. Fe2+/Fe3+ ratio was calculated from stoichiometry with all Mn 
cast as Mn2+. Mg# = (Mg/(Mg+Fe2++Fe3+))x100. Analyses 1 – Turiy Mys; 2-3 – 
Afrikanda (2: core, 3: rim); 4-6 – Ozernaya Varaka (4, 5: core, 6: rim); 7-9 – 
Alnö; 10, 11 – Ozernyi (10: high-Zavg, 11: low-Zavg); 12-15 – Murun (12: inner 
core, 13: core, 14, 15: rim); 16-18 – Oka (18: thin low-Zavg rim); 19-22 – Prairie 
Lake (19, 20: high-Zavg core, 21: low-Zavg core, 22: rim); 23, 24 – Eden Lake; 25, 
26 – Aley. Lower limits of detection: Na – 300 ppm, Zr – 600 ppm, Ti – 500 
ppm.  
 

 

 



 72

2.5.2.  Trace element composition of clinopyroxene-group minerals 

The results of this study show that the examined clinopyroxene-group minerals 

show an appreciable variation in trace-element abundances (for most of the measured 

elements, by two orders of magnitude; 2.3). The Cr, Co and Ni contents are consistently 

low among the samples of different provenance (≤ 40 ppm), whereas Rb, Th and U are at 

or below their limit of detection by LA-ICP-MS (ca. 0.1 ppm for all). Several samples 

show manifold variations in the concentration of certain incompatible elements (in 

particular, Sc, Zr, Nb and REE) within a single crystal (see Section 2.5.3). The highest 

REE contents (up to 140 ppm) are observed in diopside (Afrikanda, Alnö and Prairie 

Lake), whereas sodic clinopyroxenes (Ozernaya Varaka, Murun and Aley) contain < 40 

ppm REE. The LREE/HREE ratio varies from 27 (Oka) to 1.2 (Murun). However, there 

is no well-defined correlation between REE and Ca (or Na) because the REE content in 

some diopside samples can be as low as 30 ppm (Fig. 2.4a). Other trace elements do not 

show systematic variations between calcic and sodic clinopyroxenes (Fig. 2.4 b). This is 

further illustrated in Figure 2.5 showing the average trace-element abundances in the 

examined clinopyroxene-group minerals normalized to the composition of the Aley 

aegirine (i.e., the most sodic member of the series). Although less sodic (relative to the 

Aley aegirine) samples are enriched in Sr, Y and REE and depleted in Zr+Hf, there is 

much overlap among the different compositional groups. 

With the exception of Eden Lake material and the outermost parts of the 

clinopyroxene from Ozernaya Varaka, the examined samples exhibit a relatively good 

negative correlation between Mn and Zn (R2=0.89; Fig 2.4b). The nature of this 

correlation is not apparent and additional studies involving analysis of all the associated 
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phases capable of accommodating Mn and Zn (e.g., sulphides and calcite) are clearly 

required. 

  

Figure 2.4. Trace-element compositional variation of clinopyroxene-group minerals from 

carbonatites expressed in terms of: (a) total REE+Y vs. Ca (ppm); (b) Zn vs. Mn (ppm). 

Symbols as in Figure 2.3a. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

R2=0.89
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Table 2.3. Trace-element compositional ranges of clinopyroxene from studied carbonatites. 

 

ppm 1 2 3 4 5 6 7 8 9 10 11 12 13 14 15 
 min max min max min max min max min max min max min max min 
 
Sc 0.8 150 8.1 19 76 129 126 146 5.3 21 7.5 17 1.4 8.0 6.3 
V 26 6873 14 26 64 171 164 192 188 322 218 364 354 544 66  
Cr b.d. 41 b.d. b.d. b.d. 6.0 b.d. 11 b.d. b.d. b.d. b.d. b.d. b.d. b.d.  
Mn 303 11401 1837 2146 1113 1409 1396 1545 3023 5340 1442 2104 3982 4349 2595  
Co b.d. 36 7.1 22 19 21 19 22 11 17 10 18 10 19 4.4 
Ni b.d. 26 b.d. b.d. 3.6 7.9 3.2 7.8 b.d. 1.8 b.d 3.4 b.d. 4.5 b.d. 
Zn 22 568 36 48 30 40 34 41 130 179 175 226 154 176 58 
Sr 4.6 554 183 215 194 233 189 200 193 241 119 156 238 475 236 
Y b.d. 16 2.1 4.8 3.1 4.5 4.7 6.1 2.9 3.9 2.7 3.2 5.9 12 5.1 
Zr 87 2365 87 473 205 494 564 708 413 1134 810 1416 205 370 485 
Nb b.d. 14 1.0 13 b.d. 0.34 b.d. 0.26 1.6 6.7 1.9 5.9 b.d. 5.8 2.0 
Ba b.d. 62 b.d. b.d. b.d. 1.1 b.d. 1.0 b.d. b.d. b.d. 1.2 b.d. 62 b.d. 
LREE 0.3 131 28 69 72 106 117 131 22 25 23 30 76 127 53 
HREE 0.1 20 3.1 6.0 5.4 7.5 8.4 13 4.3 10 4.1 7.5 5.9 11 5.6 
Hf 0.39 34 1.1 3.3 5.9 13 14 18 5.0 17 7.2 13 3.4 6.9 12 
Ta b.d. 7.6 b.d. 1.2 b.d. b.d. b.d. b.d. 0.38 0.85 0.39 0.69 b.d. 0.56 b.d. 
Pb b.d. 39 0.10 0.30 b.d. 0.35 b.d. 1.8 b.d. 0.20 0.07 0.16 b.d. 0.68 0.15 
Th b.d. 0.72 b.d. 0.24 b.d. 0.13 b.d. b.d. b.d. 0.08 0.07 0.25 b.d. 0.24 b.d. 
U b.d. 1.4 b.d. 0.15 b.d. b.d. b.d. 0.12 b.d. b.d. b.d 0.24 b.d. 0.10 b.d. 
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Table 2.3. (Continued) 
 
 
ppm 16 17 18 19 20 21 22 23 24 25 26 27 28 29 30 31 
 max  min max min max min max min max min max min max min max 
 
Sc 9.6 11 2.3 9.7 1.52 6.41 0.80 2.6 41 61 87 150 2.4 6.2 22 39 
V 198 6873 3539 5389 1763 4339 165 180 94 180 176 232 199 285 1511 2084 
Cr 5.7 b.d b.d. 4.9 b.d. 7.0 5.0 11 b.d. 32 11 41 b.d. b.d. 12 24 
Mn 3372 11065 6288 9998 4718 6500 9325 11401 3148 4129 3439 3698 3723 4601 303 601 
Co 12 26 23 35 15 25 25 27 3.8 9.3 3.4 7.0 23 36 b.d. 4.6 
Ni 5.1 b.d. b.d. 3.8 b.d. 2.7 8.2 12 2.5 26 b.d. 15 b.d. 6.9 b.d. 0.85 
Zn 82 500 216 568 164 328 332 495 56 76 61 70 406 496 22 39 
Sr 272 288 157 267 116 168 364 409 300 335 292 364 462 554 4.6 19 
Y 6.9 1.6 0.49 2.7 b.d. 1.1 2.0 2.7 5.9 12 9.3 16 8.5 12 0.13 0.48 
Zr 754 732 117 411 92 230 102 241 271 1068 415 541 226 855 1001 2365 
Nb 5.6 b.d. b.d. 0.79 b.d. 0.47 10 14 0.48 5.7 0.63 4.8 b.d. 0.06 0.91 6.2 
Ba 1.4 31 0.97 5.6 b.d. 2.4 0.80 1.3 b.d. 3.4 b.d. 2.9 b.d. 3.6 b.d. 12 
LREE 78 11 3.0 11 2.2 7.0 65 96 36 78 71 107 59 88 0.30 6.4 
HREE 8.9 1.6 1.6 9.4 1.3 3.8 2.4 3.6 4.7 12 9.7 20 10 16 0.10 1.2 
Hf 24 20 1.3 6.6 1.1 6.1 0.39 1.9 2.3 5.9 2.9 5.7 11 27 16 34 
Ta 0.81 0.10 b.d. 0.14 b.d. b.d. 4.4 7.6 b.d. 1.5 b.d. 0.48 b.d. 0.13 b.d. 0.12 
Pb 0.32 5.7 0.48 39 b.d. 6.7 0.20 0.32 b.d. 0.95 b.d. 0.34 1.3 2.6 b.d. 0.22 
Th 0.12 b.d. b.d. 0.72 b.d. 0.13 0.03 0.24 b.d. 0.12 b.d. 0.35 b.d. 0.11 b.d. 0.56 
U 0.11 b.d. b.d. 1.4 b.d. 0.63 0.07 0.14 b.d. 0.05 b.d. 0.41 b.d. 0.24 b.d. 0.05 

  
min: minimum value, max: maximum value. LREE = sum of La – Eu. HREE = sum of Gd – Lu. Analyses 1, 2: all studied 
samples; 3, 4:– Turiy Mys; 5-8 – Afrikanda (5, 6: core; 7, 8: rim); 9-12 – Ozernaya Varaka (9, 10: core; 11, 12: rim) 13, 14 – 
Alnö; 15, 16 Ozernyi; 17-21 – Murun (17: inner core, single analysis; 18, 19: core; 20, 21: rim); 22, 23 – Oka; 24-27 – Prairie 
Lake (24, 25: core; 26, 27: rim); 28, 29 – Eden Lake; 30, 31 – Aley. Rb was sought, but found to be at or below detection limits.  
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Figure 2.5. Trace-element composition of clinopyroxene-group minerals from 

carbonatites normalized to the average composition of the Aley aegirine. The abundances 

of Rb, Ba, Th, U, Nb, Ta and K in the reference aegirine are below their lower limit of 

detection. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

All analyzed samples show a similar sinuous pattern of REE distribution with 

peaks at Pr and Lu and a wide trough in the middle of the HREE range (Fig. 2.6). There 

is, however, much variation in the degree of enrichment in LREE relative to heavy REE 

(LREE and HREE, respectively) among the samples. The (Pr/Lu)N ratio normalized to 

the primitive-mantle composition ranges from 26±3 in calcic clinopyroxene from Oka to 
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0.24±0.13 in the Murun aegirine. Overall, the patterns are smooth and do not show any 

evidence of Eu fractionation or tetrad effect. This is in accord with the published data on 

REE distribution in carbonatites (Wolley & Kempe, 1989).  

 

Figure 2.6. Rare-earth distribution patterns for clinopyroxene-group minerals from 

carbonatites normalized to the primitive-mantle composition using values of McDonough 

and Sun (1995). 
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2.5.3.  Zoning in clinopyroxene-group minerals 

Only four clinopyroxene samples (Afrikanda, Ozernaya Varaka, Murun and 

Prairie Lake) exhibit detectable zoning in BSE and/or polarized-light images (Fig. 2.7). 

Compositional variation within individual crystals, determined by WDS and LA-ICP-MS 

(Tables 2.2 and 2.3; Figs. 2.3 and 2.4), does not follow a consistent pattern among the 

four samples. Despite their very different major-element composition (Fig. 2.3b), 

clinopyroxene from Murun, Ozernaya Varaka and Afrikanda all show a simple zoning 

pattern involving enrichment in Na + Fe coupled with depletion in Ca + Mg toward the 

rim (e.g., Fig. 2.7a). In the Murun sample, this trend from aegirine-augite in the core to 

aegirine in the rim is accompanied by depletion in Mn, Sr, V, Co and, to a lesser extent, 

Zn, REE and Zr (Fig. 2.4). In contrast, diopside from Afrikanda shows a trend of 

continuous enrichment in Mn, Y, REE, Sc, V, Zr and Hf toward the rim. In addition to 

lower Ca and Mg, the rim is somewhat depleted in Sr relative to the core. In common 

with the Murun material, aegirine-augite crystals from Ozernaya Varaka show relative 

enrichment in Mn and Sr in the core, whereas their Zn content increases rim-ward. 

Diopside from Prairie Lake shows a more complex zoning pattern consisting of a 

resorbed and regenerated high-Zavg core mantled by a low-Zavg rim (Fig. 2.7b). It is 

possible that several growth episodes were involved, but because the designation of 

individual subzones seems somewhat arbitrary, only the clearly-defined euhedral core 

and rim were analyzed for trace elements. The core-to-rim trend is unlike those described 

above because it involves a rim-ward increase in Mg content coupled with depletion in Fe 

at essentially constant levels of Na and Ca. 
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Figure 2.7. Back-scattered-electron images of representative zoning patterns in 

clinopyroxene-group minerals from carbonatites: (a) aegirine-augite (high-Zavg core) 

rimmed by aegirine, Murun; (b) Fe-rich diopside (high-Zavg core) rimmed by Mg-rich 

diopside, Prairie Lake. Scale bar is 0.2 mm for both images; mineral symbols as in Table 

2.1. 
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These changes are accompanied by enrichment in Sc, V and REE in the rim of the 

crystals similar to what is observed in the Afrikanda diopside (Fig. 2.4). It is noteworthy 

that none of the zoned clinopyroxene samples show any appreciable variation in key 

trace-element ratios across the crystal (Table 2.4). In > 90% of cases, the core and rim 

values are within the estimated standard deviation from each other; in a few cases where 

they are not, the difference between the two values only slightly exceeds the e.s.d. 

 

2.6. COMPOSITIONAL VARIATION OF CLINOAMPHIBOLE-GROUP MINERALS FROM 

CARBONATITES 

2.6.1.  Major-element composition of clinoamphibole-group minerals 

The nomenclature of amphibole-group minerals is very complex (Leake et al., 

1997, 2004; Hawthorne and Oberti, 2006), and hence, the terminological hierarchy, 

accounting for iso- and heterovalent substitutions in one anion and several cation sites, is 

open to controversy. In some cases, this does not provide a unique name for an 

amphibole of specific composition. For example, the mineral KNa2Mg4Fe3+Si8O22F2 

(neglecting any minor elements substituting for K, Na, Mg, Fe, Si and F) can be referred 

to as fluoro-potassic-magnesio-arfvedsonite, potassic-magnesio-fluoro-arfvedsonite, 

fluoro-potassic-ferri-eckermannite, or potassic-ferri-fluoro-eckermannite. Further 

discussion of the nomenclatural nuances involved is beyond the scope of the present 

work; here, the classification scheme of Hawthorne and Oberti (2006) is used to maintain 

consistency with the previously published literature. 
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Table 2.4. Selected trace-element ratios in zoned clinopyroxene- and amphibole-group minerals from carbonatites 
 
Clinopyroxene-group minerals: 
 Prairie Lake Murun Afrikanda Ozernaya Varaka 
Ratio core rim core rim core rim core rim 

Co/Ni 0.8(1.0) 0.5(5) 1(3) 1(3) 0.31(4) 0.30(3) 2(5) 3(4) 
Y/Ho 28(18) 21(5) 20(7) 12(4) 23(8) 19(5) 20(6) 20(5) 
La/Y 0.8(1) 0.54(6) 1.1(5) 0.8(6) 2.4(2) 2.3(2) 0.84(8) 0.90(8)  
La/Yb 6(2) 6(3) 1.1(7) 0.7(7) 19(5) 18(5) 2.1(8) 2.2(6)  
Zr/Hf 134(38) 117(21) 68(18) 69(16) 40(9) 41(2) 83(23) 113(4) 
Nb/Ta 5(1) 3(4) - - - - 4.1(5) 6.3(1.9) 
 

Clinoamphibole-group minerals: 
 Blue River Pinghe Afrikanda Paint Lake 
 core rim core rim core rim core rim 
Co/Ni - - 1.3(2) 1.0(1) 3.0(5) 2.7(7) 1.3(1) 1.1(2)  
Y/Ho - - 26(2) 25(2) 37(14) 8.4(1.5) 23(1) 23(1) 
La/Y 0.9(3) 0.7(2) 0.11(2) 0.16(1) 2.9(5) 3.5(6) 0.22(3) 0.22(1)  
La/Yb - - 0.9(1) 1.5(2) 77(28) 7(3) 6.2(7) 6.4(9)  
Zr/Hf 11(2) 11(2) 67(4) 73(4) 73(12) 55(8) 9(3) 10(1)  
Nb/Ta 7.1(8) 5.9(8) 9(1) 15(4) 34(14) 87(15) 18(2) 18(4) 
Nb/Zr 1.8(2) 1.0(9) 0.04(1) 0.027(4) 0.06(2) 0.08(2) 1.6(3) 1.1(2)  
 
Blanks indicate that one or both elements in the ratio are systematically below their limit of detection by LA-ICP-MS. 
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The studied clinoamphibole-group minerals cover a wide range of compositions 

from alkali- and Al-poor tremolite (Paint Lake) to Na-Al-rich calcic clinoamphiboles 

(Afrikanda, Paint Lake, Pinghe, Alnö and Huayangchuan) to Al-poor sodic-calcic and 

sodic compositions (Afrikanda, Huayangchuan, Blue River and Aley; Table 2.5). The 

majority of samples represent Mg-dominant members of multi-component solid solutions 

(i.e., magnesiohastingsite, richterite, etc.); the only exception being hastingsite from Alnö 

[Mg/(Mg+FeΣ) = 0.36-0.43; Figs. 2.8 a,b]. The alkali content ranges from nil (tremolite 

from Paint Lake) to 2.9 Na+K apfu (atoms per formula unit) in magnesio-arfvedsonite 

from Aley (Fig. 2.8c). The K content typically does not exceed 2 wt.% (ca. 0.4 K apfu), 

but potassic-magnesio-arfvedsonite from Murun, which was analyzed only for major 

elements because of the small size of its crystals (see section 2.3), contains 4.6-5.4 wt.% 

K2O (~0.9-1.0 K apfu). As can be seen in the Na+K vs. Ca diagram (Fig. 2.8c), the 

occupancy of the A-site ranges from << 0.5 apfu in calcic clinoamphiboles from Paint 

Lake and magnesioriebeckite from Huayangchuan to complete or nearly so (i.e. 1 apfu) 

in most other samples. All sodic compositions from the Blue River sample and some 

from the Aley carbonatite are fairly A-site-deficient and hence, plot between the two 

trends. The Al and Ti contents reach their maximum values (up to 16.5 wt.% Al2O3 or 2.9 

Al apfu and 2.4 wt.% TiO2 or 0.3 Ti apfu) in calcic hornblende-type compositions from 

early calcite carbonatites. With the exception of clinoamphibole from Pinghe, Al 

predominantly substitutes for Si in tetrahedral sites. The proportion of octahedrally-

coordinated Al in Pinghe samples reaches up to 0.77 apfu (4.5 wt. % Al2O3). 
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Table 2.5. Representative major-element compositions of amphibole from studied 

carbonatites 

Wt. % 1 2 3 4 5 6 7 8 9  

Na2O 2.78 3.18 4.15 5.70 5.93 7.45 2.79 3.37 2.19  
K2O 1.64 1.19 0.59 0.56 0.49 0.35 1.96 1.54 1.38  
CaO 12.12 12.19 11.13 8.95 8.49 6.29 10.51 10.53 12.16  
MgO 13.18 14.86 15.87 18.28 17.86 19.86 6.92 7.07 10.68  
MnO 0.22 0.21 0.19 0.15 0.17 0.18 0.54 0.53 0.18  
FeO 9.51 7.55 7.01 6.41 6.29 5.02 17.97 19.50 11.78  
Fe2O3 3.61 3.84 3.92 1.71 2.71 2.21 4.81 2.97 2.20  
Al2O3 13.06 12.30 9.98 5.36 5.34 1.59 11.78 10.93 16.28  
SiO2 39.71 41.42 44.07 49.88 49.93 55.36 38.68 39.79 39.75  
TiO2 2.00 1.41 1.61 1.26 1.14 0.65 2.42 2.03 2.03  
ZrO2 0.14 0.09 0.17 0.31 0.08 n.d. n.d. n.d. n.d.  
F 0.26 0.27 0.30 0.33 0.41 0.48 0.25 0.36 0.11  
Cl n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. 0.18  
–O = F2 0.11 0.11 0.13 0.14 0.17 0.20 0.11 0.15 0.09  
Total 98.12 98.40 98.86 98.76 98.67 99.24 98.52 98.47 98.83  

Atoms per formula unit (calculated assuming the stoichiometry on the basis of 13 cations 

 [C+T]and 23 atoms of oxygen)  

Na 0.804 0.905 1.165 1.573 1.639 2.012 0.839 1.015 0.627  
K 0.312 0.223 0.109 0.102 0.089 0.062 0.388 0.305 0.260  
Ca 1.936 1.917 1.727 1.365 1.297 0.939 1.747 1.752 1.924  
Mg 2.930 3.253 3.427 3.880 3.796 4.124 1.600 1.637 2.351  
Mn 0.028 0.026 0.023 0.018 0.021 0.021 0.071 0.070 0.023  
Fe2+ 1.186 0.927 0.849 0.764 0.750 0.584 2.331 2.531 1.455  
Fe3+ 0.405 0.424 0.427 0.183 0.290 0.231 0.562 0.347 0.244  
Al 2.295 2.128 1.704 0.899 0.897 0.261 2.154 2.000 2.833  
Si 5.921 6.080 6.383 7.100 7.118 7.710 6.000 6.178 5.869  
Ti 0.224 0.156 0.175 0.135 0.122 0.068 0.282 0.237 0.225  
Zr 0.010 0.006 0.012 0.022 0.006 - - - - 
F 0.123 0.125 0.137 0.149 0.185 0.211 0.123 0.177 0.051 
Cl - - - - - - - - 0.045 
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Table 2.5. (Continued) 

 

Wt. % 10 11 12 13 14 15 16 17 18  

Na2O 2.35 4.90 4.27 3.60 6.91 7.29 1.28 0.62 0.11 
K2O 1.45 1.03 1.21 1.31 0.44 0.15 n.d. n.d. n.d. 
CaO 12.18 5.71 6.11 7.39 1.33 0.48 13.04 13.16 13.13 
MgO 10.55 15.35 13.39 15.80 11.81 10.34 19.89 21.54 23.10 
MnO 0.22 0.72 0.86 0.56 0.18 0.16 0.17 0.15 0.18 
FeO 12.45 7.44 9.72 8.14 6.82 8.24 - 0.61 1.92 
Fe2O3 2.23 7.81 7.42 5.73 14.47 15.52 6.20 4.15 1.45 
Al2O3 15.94 0.14 1.06 0.67 0.88 0.55 8.09 4.08 0.90 
SiO2 40.36 56.17 54.36 55.61 55.69 55.94 49.93 54.74 58.06 
TiO2 1.11 n.d. 0.05 0.13 0.03 0.03 0.04 n.d. n.d. 
ZrO2 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. 
F 0.15 1.36 0.96 1.36 0.82 0.53 0.27 0.20 0.26 
Cl 0.37 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. 
–O = F2 0.15 0.57 0.40 0.57 0.35 0.22 0.11 0.08 0.11  
Total 99.21 100.06 99.01 99.73 99.03 99.01 98.80 99.17 99.00 

Atoms per formula unit (calculated assuming the stoichiometry on the basis of 13 cations 

 [C+T]and 23 atoms of oxygen)  

Na 0.673 1.344 1.195 0.990 1.912 2.025 0.343 0.164 0.029 
K 0.273 0.186 0.223 0.237 0.080 0.027 - - - 
Ca 1.928 0.865 0.945 1.123 0.203 0.074 1.933 1.921 1.906 
Mg 2.324 3.236 2.882 3.342 2.513 2.209 4.103 4.375 4.667 
Mn 0.028 0.086 0.105 0.067 0.022 0.019 0.020 0.017 0.021 
Fe2+ 1.538 0.880 1.173 0.966 0.814 0.989 - 0.070 0.215 
Fe3+ 0.248 0.832 0.806 0.612 1.554 1.672 0.646 0.426 0.150 
Al 2.776 0.023 0.180 0.112 0.148 0.093 1.319 0.655 0.144 
Si 5.963 7.943 7.847 7.888 7.947 8.014 6.908 7.457 7.868 
Ti 0.123 - 0.005 0.014 0.003 0.003 0.004 - - 
Zr - - - - - - - - - 
F 0.070 0.608 0.438 0.610 0.370 0.240 0.118 0.086 0.111  
Cl 0.093 - - - -  
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Table 2.5. (Continued) 

Wt. % 19 20 21 22 23 24 25 26 27 

Na2O 0.26 7.32 8.41 8.51 8.73 6.81 7.72 8.06 8.63 
K2O n.d. 1.37 1.74 0.70 0.81 0.83 0.75 0.36 0.41 
CaO 13.22 3.66 1.31 2.07 0.48 4.83 3.22 0.11 1.19 
MgO 22.71 12.96 13.08 11.59 14.61 18.50 17.07 10.69 13.78 
MnO 0.14 0.37 0.33 0.36 0.12 0.21 0.09 0.04 0.08 
FeO 1.00 7.64 5.96 7.62 2.16 3.33 4.62 8.75 6.59 
Fe2O3 2.74 9.59 12.07 12.76 14.96 7.61 8.04 14.02 11.21 
Al2O3 1.92 3.39 1.77 4.38 2.05 0.83 0.70 0.52 0.68 
SiO2 57.37 47.75 48.98 49.41 53.45 56.28 56.48 55.24 54.90 
TiO2 0.05 0.70 0.50 0.41 0.41 0.03 0.09 0.06 0.07 
ZrO2 n.d. 0.06 n.d. 0.15 0.04 n.d. n.d. n.d. n.d. 
F 0.26 1.15 1.37 1.14 1.64 1.55 1.47 0.55 0.96 
Cl n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. 
–O = F2 0.11 0.48 0.58 0.48 0.69 0.65 0.62 0.23 0.40 
Total 99.56 95.48 94.94 98.62 98.77 100.16 99.63 98.16 98.10 

Atoms per formula unit (calculated assuming the stoichiometry on the basis of 13 cations 

 [C+T] and 23 atoms of oxygen)  

Na 0.068 2.157 2.485 2.423 2.414 1.835 2.097 2.264 2.409 
K - 0.266 0.338 0.131 0.147 0.147 0.134 0.067 0.075 
Ca 1.910 0.596 0.214 0.326 0.073 0.719 0.483 0.017 0.184 
Mg 4.567 2.937 2.973 2.538 3.107 3.833 3.565 2.309 2.957 
Mn 0.016 0.048 0.043 0.045 0.014 0.025 0.011 0.005 0.010 
Fe2+ 0.113 0.971 0.759 0.936 0.257 0.387 0.541 1.060 0.793 
Fe3+ 0.278 1.097 1.385 1.410 1.606 0.795 0.848 1.528 1.215 
Al 0.305 0.607 0.318 0.758 0.345 0.136 0.116 0.089 0.115 
Si 7.737 7.256 7.465 7.257 7.624 7.821 7.910 8.003 7.902 
Ti 0.005 0.080 0.057 0.045 0.044 0.003 0.009 0.007 0.008 
Zr - 0.004 - 0.011 0.003 - - - - 
F 0.111 0.553 0.660 0.530 0.740 0.681 0.651 0.252 0.437 

n.d. = not detected. Fe2+/Fe3+ ratio was calculated from stoichiometry with all Mn cast 
as Mn2+. Analyses 1-6 – Afrikanda [1, 2: core, 3, 4: intermediate zone; 5, 6: rim]; 7, 8 – 
Alno; 9, 10 – Pinghe [9: core; 10: rim]; 11-15 – Huayangchuan [11-13: core; 14, 15: 
rim]; 16-20 – Paint Lake [16, 17: core; 18, 19: rim]; 20-23 – Aley (20: relict Mkt in the 
core; 21, 22: medium- and high-Zavg core; 23: rim); 24-27 – Blue River [24, 25: core; 
26, 27 – rim]. Lower limits of detection: Na – 300 ppm, Zr – 600 ppm, Ti – 500 ppm.  
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Sodic and sodic-calcic clinoamphibole-group minerals contain ≤ 7.2 wt.% Al2O3 

and 1.5 wt.% TiO2 (Table 2.5; Fig. 2.8d). Most compositions are low in Mn (≤ 0.08 apfu 

or 0.6 wt.% MnO); only ferri-winchite from Huyangchuan contains up to 0.14 apfu (1.2 

wt.% MnO). The F content is highly variable, even in samples from the same locality. It 

reaches maximum levels in Al-poor sodic-calcic clinoamphibole-group minerals (up to 

2.0 wt.% in ferri-winchite from Huayangchuan); none of the examined compositions 

contain > 1 F apfu warranting the prefix “fluoro-“ in their name. Chlorine concentrations 

in carbonatitic amphibole are typically below the lower limit of detection by WDS (140 

ppm).  

  

Figure 2.8. Major-element compositional variation of clinoamphibole-group minerals 

from carbonatites expressed in terms of: (a) Na+K vs. Mg (apfu to 23 oxygens); (b) Mg 

vs. Fe2++Fe3+ (apfu); (c) Na+K vs. Ca (apfu); (d) Ti vs. [4]Al (apfu).  
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Figure 2.8. (Continued) 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

A-site vacant 

A-site filled



 88

Figure 2.8. (Continued) 

 

 

 

 

 

 

 

 

 

 

 

One notable exception is pargasite from Pinghe, containing 0.2-0.6 wt.% Cl 

(~0.05-0.14 apfu; Table 2.5). Some of the data appear to define linear trends (Figs. 2.8a-

d). However, these diagrams represent random slices through a complex multi-end-

member compositional space, and thus any attempt to link the plotted compositions into a 

linear “trend” would bear no physical meaning. Indeed, such lines would merely 

represent projections of true variational trends within that multi-end-member space. 

 

2.6.2.  Trace-element composition of clinoamphibole-group minerals 

 Relative to the above-described clinopyroxene-group minerals, the amphiboles 

exhibit a much greater variation in the content of most key trace elements (cf. Tables 2.3 

and 2.6). The abundances of Ba, Y, REE, Zr, Hf, Nb and Ta vary by three orders of 



 89

magnitude within the analyzed dataset; variations in the concentration of Rb, Sr, Pb, Sc 

and V are less dramatic, but still exceed two orders of magnitude (Table 2.6). The highest 

levels of Rb, Sr, Ba, Y and REE (up to 43, 1500, 1230, 140 and 1070 ppm, respectively) 

are observed in calcic clinoamphiboles, whereas sodic clinoamphiboles contain ≤ 2 ppm 

Rb, 150 ppm Sr, 11 ppm Ba, 1 ppm Y and 30 ppm REE (Figs. 2.9 a,b). Other elements do 

not show systematic variations among the amphibole types of different chemistry (Figs. 

2.9 c,d). For example, the highest levels of Nb and V are observed in sodic 

clinoamphibole-group minerals from Aley, whereas the second most Nb- and V-rich 

group is calcic compositions from Alnö. The Cr, Co and Ni contents are low in all 

samples (≤ 50 ppm), whereas their Th and U contents are < 1 ppm and, in most cases, 

close to the limit of detection by LA-ICP-MS (ca. 0.01 ppm for both elements). 

The analyzed clinoamphibole-group minerals show a variety of normalized REE 

profiles, with the majority of samples showing a sinuous pattern broadly similar to that 

described in Section 2.5.2 for the clinopyroxene-group minerals (Fig. 2.10). The (Pr/Lu)N 

ratio ranges from 0.50±0.15 (Huayangchuan) to 8±1 (Alnö). Two exceptions are 

pargasite from Pinghe, characterized by a flat profile, and ferri-hornblende from Paint 

Lake (the most REE-rich sample in the series), that has a LREE-enriched convex-upward 

profile with a peak at Sm and an average (Sm/Lu)N ratio of 42±7 (Fig. 2.10). Neither Eu 

anomaly nor tetrad effect is observed in any of the clinoamphibole-group minerals. 
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Table 2.6. Trace-element compositional ranges of amphibole from studied carbonatites. 

ppm 1 2 3 4 5 6 7 8 9 10 11 12 

 min max min max min max min max min max min max 

Sc 4.1 496 23 43 48 105 48 58 4.1 5.4 4.3 5.9 
V 6.1 1054 94 151 92 126 57 74 565 662 108 149 
Cr b.d. 50 5.7 13 3.2 16 b.d. b.d. b.d. 13 b.d. 6.3 
Mn 487 6998 1732 1997 1305 1547 1206 1336 4172 4864 1210 1336 
Co b.d. 52 45 52 40 46 33 40 23 26 37 44 
Ni b.d. 48 13 22 13 22 9.8 19 b.d. 6.5 22 48 
Zn 28 1008 85 103 78 95 73 85 298 343 39 72 
Rb b.d. 43 2.2 7.3 b.d. 1.0 b.d. 0.9 8.0 10.6 19 43 
Sr 8.8 1467 584 751 122 254 102 151 482 593 57 72 
Y b.d. 140 4.8 7.8 1.1 4.8 0.73 1.00 b.d. 9.4 17 22 
Zr 1.5 2244 197 784 915 2244 405 473 258 341 134 195 
Nb 0.21 179 17 43 33 67 27 41 58 78 3.2 7.9 
Ba b.d. 1227 257 349 24 124 5.5 11 1088 1227 155 305 
La 0.05 37 14 21 5.1 16 2.1 3.9 33 37 1.9 3.4 
Ce 0.25 232 32 57 21 60 8.0 14 94 107 7.7 13 
Pr b.d 61 3.8 7.9 3.1 8.8 1.0 2.0 12 14 1.6 2.7 
Nd b.d 387 17 30 15 38 7.0 9.0 45 50 8.6 14  
Sm b.d 133 2.5 6.6 3.1 7.0 1.3 1.4 5.8 9.7 2.6 4.0 
Eu b.d 37 1.0 1.7 0.56 1.9 b.d. 0.50 2.0 3.2 1.0 1.5 
Gd b.d 105 1.9 3.3 1.3 5.9 b.d. 1.56 3.8 6.4 3.1 4.5 
Tb b.d 11 b.d 0.48 b.d. 0.62 b.d. 0.29 0.41 0.65 0.47 0.74 
Dy b.d 48 0.74 2.7 b.d. 2.25 b.d. b.d. 1.4 3.0 3.2 4.5 
Ho b.d 6.1 0.10 0.30 0.10 0.43 0.10 0.10 0.05 0.67 0.66 0.85  
Er b.d 11 b.d 1.4 b.d. 0.73 b.d. b.d. 0.63 1.6 1.6 2.8 
Tm b.d 1.1 b.d 0.17 b.d. b.d. b.d. 0.10 b.d. 0.36 0.22 0.35 
Yb b.d 8.8 0.20 0.67 0.20 0.93 0.20 0.74 1.1 1.7 1.6 2.6 
Lu b.d. 2.5 b.d. 0.49 b.d. 0.20 0.17 0.25 b.d. 0.47 0.24 0.36 
Hf 0.08 57 3.1 13 15 57 7.4 8.4 5.4 7.0 1.8 3.2 
Ta b.d. 10.5 0.56 1.1 0.16 1.0 0.26 0.48 0.6 5.4 0.16 1.0 
Pb b.d. 81 0.23 0.52 0.18 0.35 0.15 0.28 1.2 1.7 0.68 2.0 
Th b.d. 0.55 0.05 0.16 0.06 0.06 0.04 0.04 b.d. 0.2 0.20 0.36 
U b.d. 3.1 0.15 0.17 b.d. b.d. b.d. b.d. b.d. b.d. 0.19 3.1 
LREE 0.5 886 71 120 47 130 18 31 196 215 24 38 
HREE b.d. 187 4.1 7.4 2.1 9.9 0.25 2.7 8.8 13 12 16 
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Table 2.6. (Continued) 

ppm 13 14 15 16 17 18 19 20 21 22 23 24 

 min max min max min max min max min max min max 

Sc 58 496 162 329 52 88 30 45 59 71 18 102 
V 237 513 26 40 6.1 11 648 1054 28 94 12 81 
Cr b.d. 36 b.d. 4.1 b.d. b.d. 5.9 20 11 50 12 47 
Mn 2668 6998 1185 1248 1223 1243 1323 2665 1860 3045 487 914 
Co b.d. 9.0 17 20 17 19 2.8 10 13 17 3.9 17 
Ni b.d. 6.3 12 16 14 19 1.9 2.1 b.d. b.d. b.d. b.d. 
Zn 827 1008 29 35 28 30 169 199 111 143 39 339 
Rb 0.67 3.7 0.10 0.60 b.d. 0.19 0.48 2.0 b.d. 2.3 b.d. 0.60 
Sr 36 181 744 1467 138 203 13 55 70 97 8.8 25 
Y 14 36 77 140 17 27 0.06 0.35 0.16 0.68 0.12 0.25 
Zr 1.5 30 18 37 1.8 4.2 163 575 27 36 8.6 40 
Nb 0.21 13 29 43 1.7 6.0 62 179 47 67 6.8 16 
Ba b.d. 5.5 69 153 3.1 11 1.6 9.8 b.d. 4.2 b.d. 3.5 
La 2.0 5.3 15 36 3.8 5.9 0.05 0.78 0.24 0.45 0.09 0.19  
Ce 12 29 100 232 24 37 0.25 1.8 1.07 1.8 0.32 0.74 
Pr 2.2 5.4 28 61 6.7 10 0.04 0.25 0.07 0.28 b.d. 0.09 
Nd 13 33 190 387 44 71 0.19 1.2 b.d. 2.7 b.d. 0.97 
Sm 3.3 11 68 133 15 25 0.08 0.46 b.d. 1.8 b.d. b.d. 
Eu 1.2 2.9 19 37 4.5 6.5 b.d. 0.13 b.d. 0.41 b.d. 0.55 
Gd 3.1 9.0 56 105 14 20 0.30 0.38 b.d. 1.07 b.d. 0.83 
Tb 0.46 1.4 6.0 11 1.5 2.2 0.01 0.03 b.d. 0.51 b.d. 0.74 
Dy 3.1 9.1 27 48 6.0 9.61 0.05 0.13 b.d. 0.56 b.d. b.d. 
Ho 0.54 1.5 3.4 6.1 0.78 1.2 b.d. 0.04 b.d. b.d. b.d. b.d. 
Er 1.8 4.2 5.7 11 1.5 2.2 0.02 0.16 b.d. 0.82 b.d. 0.11 
Tm 0.41 0.73 0.56 1.1 0.14 0.22 0.01 0.07 b.d. 0.17 b.d. 0.18  
Yb 5.2 8.8 2.7 5.1 0.62 0.91 0.02 0.32 b.d. b.d. b.d. 0.10 
Lu 1.6 2.5 0.25 0.42 0.06 0.11 0.03 0.12 b.d. 0.34 b.d. b.d.  
Hf 0.08 1.8 1.3 7.7 0.20 0.47 4.9 15 2.0 3.4 0.70 4.4 
Ta b.d. 0.02 1.5 2.9 0.12 0.29 b.d. 0.26 5.4 10.5 1.2 2.5 
Pb 3.7 81 3.5 8.1 0.58 0.80 b.d. 0.47 0.17 0.64 b.d. 0.20 
Th b.d. 0.18 b.d. 0.55 b.d. b.d. b.d. 0.24 b.d. 0.07 b.d. b.d. 
U b.d. 0.04 0.11 0.35 b.d. 0.03 b.d. 0.05 b.d. 0.09 b.d. b.d. 
LREE 25 84 420 886 98 156 0.50 4.1 1.4 5.0 0.71 1.9 
HREE 16 37 102 187 24 36 0.05 0.86 b.d. 1.3 0.15 0.92 
min: minimum value, max: maximum value. LREE = sum of La – Eu. HREE = sum of 
Gd – Lu. Analyses 1, 2: all studied samples;  3-8 – Afrikanda [3, 4: core; 5, 6: 
intermediate zone; 7, 8: rim]; 9, 10 – Alno; 11, 12 – Pinghe; 13, 14 – Huayangchuan 
(core only); 15-18 – Paint Lake [15, 16: core; 17, 18: rim]; 19, 20 – Aley (core only); 21-
24 – Blue River [21, 22: core; 23, 24: rim].  
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Figure 2.9. Trace-element compositional variation of clinoamphibole-group minerals 

from carbonatites expressed in terms of: (a) total REE vs. Sr (ppm); (b) Y vs. Ba (ppm); 

(c) V vs. Sc (ppm); (d) Nb vs. Zr (ppm). Insets show trace-element variations in the core 

of magnesio-arfvedsonite crystals from Aley; symbols as in Figure 2.8b. 
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Figure 2.9. (Continued) 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

R2=0.71



 94

Figure 2.10. Rare-earth distribution patterns for clinoamphibole-group minerals from 

carbonatites normalized to the primitive-mantle composition (McDonough and Sun, 

1995). 
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2.6.3.  Zoning in clinoamphibole-group minerals 

All examined clinoamphibole-group minerals exhibit zoning in BSE images and, 

in most cases, also in polarized light (Figs. 2.2 and 2.11). The only exception being 

hastingsite from Alnö, showing little compositional variation (Fig. 2.8). Some samples 

(Paint Lake and Pinghe) exhibit a simple zoning pattern consisting of a well-defined core 

mantled by a discontinuous rim of variable thickness (Figs. 2.2 e,f). In other cases (Blue 

River, Afrikanda and Huayangchuan), the core-rim boundary is highly irregular, the rim 

is compositionally heterogeneous and has a “patchy” appearance in BSE images (Figs. 

2.11 a-c). Finally, sodic amphibole from Aley exhibits complex zoning comprising a 

highly heterogeneous (medium- to high-Zavg) core and a discontinuous low-Zavg rim 

restricted to crystal terminations (Fig. 2.11d). 

Compositional variation within individual crystals does not follow a consistent 

pattern among the six samples (Tables 2.5 and 2.6; Figs. 2.8 and 2.9). The simplest 

zoning is observed in pargasite from Pinghe (Fig. 2.2e), whose rim is depleted in Ti, but 

enriched in Cl and, to a lesser extent, Fe relative to the core (Figs. 2.2e, 2.8d; Table 2.5). 

Here, the charge balance is maintained through a slight increase in Si content at the 

expense of [4]Al toward the rim. Remarkably, of all the measured trace elements, only Rb 

is partitioned into the core relative to the rim. Calcic clinoamphiboles from Paint Lake 

evolve from ferri-hornblende to tremolite through depletion (for some elements, by an 

order of magnitude) in Na, Al, Fe, Sr, Ba, Pb, Y, REE, Sc, V, Zr, Hf, Nb and Ta. This 

trend is coupled with enrichment in Mg at constant Ca, Mn and F contents. Crystals from 

Afrikanda comprise early K-Ti-enriched magnesiohastingsite in the core mantled by 

more Na-Mg-F-rich and K-Ca-Ti-Al-Fe-poor compositions trending toward magnesio-
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ferri-katophorite and further to richterite (Fig. 2.11b). This trend involves a progressive 

decrease in Rb, Mn, Sr, Ba, V and REE contents, whereas Zr reaches its maximum levels 

in magnesio-ferri-katophorite, further decreasing in richterite.  

 The Huayangchuan samples range from ferri-winchite (transitional to magnesio-

ferri-katophorite) in the core to magnesioriebeckite in the rim (Fig. 2.11c), and the Blue 

River amphibole shows a similar trend toward Fe-rich sodic compositions, but at a higher 

Na content, ranging from richterite (transitional to ferri-winchite) in the core to 

compositions intermediate between magnesioriebeckite and magnesio-arfvedsonite in the 

rim (Fig. 2.11a). Both these trends involve a significant drop in K, Ca, Mg, Mn and F 

contents coupled with enrichment in Na and Fe at essentially constant levels of Al and Ti. 

In the Blue River sample, the core is enriched in Sr, Pb, Nb and Ta relative to the rim. 

The early clinoamphibole-group minerals from Blue River and Huayangchuan also 

contain similar levels of Sr, Ba, REE, Zr and Hf, but the latter is comparatively enriched 

in Sc, V and Zn and depleted in Nb and Ta relative to the Blue River material. The thin 

magnesioriebeckite rim of the Huayangchuan crystals could not be analyzed for trace 

elements, but the trend of decreasing Mn content in their core correlates negatively with 

Sc. 

The bulk of the Aley material is represented by clinoamphibole-group minerals 

intermediate between magnesio-arfvedsonite, magnesioriebeckite, ferri-nyböite and 

magnesio-ferri-katophorite; variations in the relative proportion of these components 

produce the complex zoning pattern shown in Figure 2.11d. Calcium-Al-rich 

compositions approaching magnesio-ferri-katophorite are rare and occur as relict 

“patches” in the core.  
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Figure 2.11. Back-scattered-electron images of representative zoning patterns in 

clinoamphibole-group minerals from carbonatites: (a) richterite rimmed by 

magnesioriebeckite – magnesio-arfvedsonite compositions, Blue River; (b) 

magnesiohastingsite rimmed successively by magnesio-ferri-katophorite and richterite, 

Afrikanda; (c) ferri-winchite rimmed by magnesioriebeckite, Huayangchuan; (d) complex 

zoning in sodic amphibole from Aley. Scale bar is 0.2 mm for all images; mineral 

symbols as in Table 2.1. 
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Within the core, subzones of differing Zavg vary in width and are separated by embayed 

boundaries, indicating several episodes of resorption and resumed growth. The “patchy” 

core is separated from the low-Zavg rim by a high-Zavg intermediate zone up to 40 μm in 

width. 

The overall trend is from relatively Ca-Fe-rich compositions (medium- to high-

Zavg areas making up the bulk of the crystal) to Na-Mg-rich peripheral areas. An increase 

in Na at the expense of Ca toward the rim is accompanied by gradual depletion in Mn, Sr, 

Ba, REE, Zr and Nb (Fig. 2.9). 

In common with the clinopyroxene samples, the zoned clinoamphibole-group 

minerals exhibit little variation in key trace-element ratios across the crystal (Table 2.4). 

Just under 90% of the tabulated core and rim values are within the estimated standard 

deviation from each other or reasonably close. One notable exception is the Afrikanda 

sample, which shows an appreciable increase in Nb/Ta ratio coupled with decreasing 

Y/Ho and La/Yb values. The implications of this trend will be discussed in Section 2.7.2. 

 

2.7.  DISCUSSION AND CONCLUSIONS 

2.7.1.  Clinopyroxene- and clinoamphibole-group minerals in carbonatites: 

comparison with published data 

The compositional range of clinopyroxene-group minerals analyzed in the present 

work extends beyond that established for these minerals in the literature on carbonatites. 

In contrast to Kapustin (1987), the data obtained in this study show no evidence for the 

existence of a compositional gap between low-Na calcic and low-Ca sodic 

clinopyroxenes. For example, the analyses of aegirine-augite from Ozernaya Varaka and 
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Murun fall within the range identified by Kapustin (1987, p.70) as “not observed in 

carbonatites” (Fig. 2.3b and references therein). Both these samples are represented by 

euhedral crystals lacking any evidence of resorption and, thus, are considered to be a 

liquidus phase in equilibrium with calcite. The data obtained in this study extend the 

known range of Fe2+-rich compositions to 45 mol.% Hd (the published data all give ≤ 30 

mol.%), although the majority of compositions from the present study and literature 

follow the same arcuate trend from diopside through intermediate aegirine-augite 

compositions confined to a fairly limited range of Hd contents (15-30 mol.%) to Aeg 

with a < 25 mol.% Di and negligible proportion of Hd (Fig. 2.3b). The maximum Mn, Al 

and Ti contents determined in this work also significantly exceed those previously 

reported (Andersen, 1988; Doroshkevich et al., 2007). None of the analyzed 

compositions contain > 200 ppm K, indicating that high K values reported by some 

authors (up to 4000 ppm in Kapustin, 1987) probably stem from the presence of 

impurities (e.g., phlogopite) in their samples. 

The data obtained in this work show that, although clinopyroxene-group minerals 

in carbonatites commonly evolve by becoming enriched in Na and Fe (i.e., Aeg 

component) in the course of magma evolution (cf. Andersen, 1988; Cooper and Reid, 

1998), this trend is not universal, as exemplified, for example, by diopside from the 

Prairie Lake silicocarbonatite (Fig. 2.3). The increase in Mg (i.e., Di component) at an 

essentially constant Na/Ca ratio in this sample suggests a change in Mg vs. Fe 

partitioning possibly due to co-precipitation of the diopside with an Fe-bearing phase 

(e.g., magnetite) rather than mixing with an undifferentiated Mg-rich melt. Such an 

explanation has been previously invoked in alkaline rocks (e.g., Gourgaud and Maury, 
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1984). This conclusion is supported by a rim-ward 1.5-fold decrease in Mg content (and 

a concomitant increase in Fe) in the associated magnetite at Prairie Lake (authors’ 

unpubl. data). Although data on element partitioning between diopside and magnetite in 

carbonatite systems are not available, experimental partition coefficients for silicate melts 

of different composition demonstrate appreciably higher compatibility of Mg with respect 

to clinopyroxene relative to its associated magnetite (e.g., Toplis and Corgne, 2002). 

Changing fO2 conditions could also produce similar partitioning of Mg vs. Fe, however 

they would also affect partition behaviour of Mn vs. V, which is not observed in the 

examined clinopyroxene-group minerals.     

The results of this study show that amphibole-group minerals in carbonatites are 

far more compositionally diverse than has been previously recognized (Samoylov, 1977; 

Hogarth, 1989; Le Bas and Srivastava, 1989; Chakrabarty et al., 2009). In the Paint Lake 

sample, alkali-Al-poor compositions ranging from ferri-hornblende to tremolite, not 

previously known to occur in carbonatites (e.g., Hogarth, 1989) were identified. These 

occur as euhedral, zoned crystals in equilibrium with carbonate (Figs. 2.2 f,g) and are 

characterized by the highest Sr and REE values among all studied samples (Table 2.6). 

Texturally, the Paint Lake clinoamphiboles appear to be a primary liquidus phase rather 

than xenocrysts. Neither pargasite nor Fe-rich calcic clinoamphibole-group minerals with 

FeΣ/(Mg+FeΣ) > 0.5 (see Table 2.5, analyses 7-10) have been previously reported from 

carbonatites. 

Figure 2.12 shows the data obtained in this work plotted on the point-density 

diagrams of Hogarth (1989), based on 75 amphibole analyses from the literature.  
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Figure 2.12. Compositional variation of amphibole-group minerals from carbonatites. 

Different colours correspond to the relative density of data points in the plot (blue – 

lowest, red – highest). Black crosses show additional published data for eight carbonatite 

localities from Lapin et al. (1987), Le Bas and Srivastava (1989), Shramenko et al. 

(1991), Currie et al. (1992), Reguir (2001), Doroshkevich et al. (2007), Nedosekova 

(2007) and Chakrabarty et al. (2009). 
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In agreement with his prediction, the two main compositional fields (high-Ca and low-

Ca) in Figure 2.12a are linked through intermediate sodic-calcic compositions between 

magnesio-ferri-katophorite and ferri-winchite (Afrikanda and Huayangchuan samples). 

Further, the high-Ca field should now be extended to incorporate both very Fe-poor and 

Fe-rich compositions (Paint Lake and Alnö, respectively). Transitional sodic- or calcic-

amphiboles with either very low or high ΣFe/(Mg+ΣFe) ratios (i.e., < 0.2 or > 0.5) have 

not been observed in carbonatites thus far, implying that these compositions are rare in 

carbonatites, but there is no a priori reason that they should not exist. The low-Fe group 

will bridge tremolite and winchite [ideally, NaCa(Mg,Fe2+)4AlSi8O22(OH)2], whereas the 

Fe-rich clinoamphiboles will likely extend from hastingsite toward less calcic and 

aluminous compositions intermediate between ferri-katophorite and ferro-ferri-nyböite 

[Na2-3Ca1-0(Fe2+,Mg)4-3Fe3+
1-2AlSi7O22(OH)2]. 

The clustering of the pre-1990 amphibole analyses into two fields on the K2O vs. 

F diagram (Fig. 2.12b) led Hogarth (1989) to propose that there could be a miscibility 

gap separating magnesio-arfvedsonite from magnesio-riebeckite (Fig. 2.12b). The data 

acquired in this work on the contrary, show that the two fields are bridged by 

compositions intermediate in terms of their K and F contents, forming an ill-defined trend 

toward high-K-F clinoamphibole-group minerals (Huayangchuan and Aley). These 

results are consistent with the compositional continuum in the 100Ca/(Ca+Na+K) vs. 

100Fe/(Fe+Mg) diagram (Fig. 2.12a). The linear correlation between K and F values is 

poor (R2 = 0.434), but F-rich low-K compositions (i.e. containing > 0.6 F apfu at K < 

0.13 apfu) are conspicuously absent from either dataset obtained in this study or the 

published analyses. Another interesting observation that follows from Figure 2.12b is that 
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early calcic clinoamphibole-group minerals are typically enriched in K (> 0.2 apfu), but 

fairly poor in F (< 0.2 apfu). Extremely K-rich sodic clinoamphibole-group minerals 

containing 4.6-5.4 wt.% K2O (~0.9-1.0 K apfu) occur in K-Sr-Ba-rich carbonatites of the 

Murun complex (Konev et al., 1996; Reguir, 2001), but do not appear to have been 

reported from any other localities. 

There are surprisingly few reliable analytical data on zoning in amphibole-group 

minerals from carbonatites. Hogarth (1989) identified two zoning trends in sodic(-calcic) 

clinoamphibole-group minerals (referring to them as “normal” and “reversed”, 

respectively): (1) rim-ward enrichment in Na and Fe3+ at the expense of Ca and Mg 

(±Fe2+), and (2) rim-ward  increase in Na, Ca and Mg (±Fe2+) at decreasing K and Fe3+ 

contents (Fig. 2.13). Zoning in calcic Al-rich clinoamphibole-group minerals has not 

been addressed, or even recognized, in the previous literature.  

In the present work, the “normal” trend is strongly expressed in sodic(-calcic) 

samples from Blue River and Huayangchuan (Table 2.5, Fig. 2.13), whereas the 

“reversed” trend is not recorded in any of the samples. Instead, a trend of Na-Mg 

enrichment at decreasing Ca, Fe and K concentrations is exhibited by clinoamphibole-

group minerals from Afrikanda and Aley. A similar trend has been observed at Murun, 

where clinoamphibole-group minerals evolve from potassic-ferri-winchite to potassic-

magnesio-arfvedsonite (Reguir, 2001). The variation patterns observed at Pinghe and 

Paint Lake, unusual in that they do not involve any detectable variation in Ca (see Section 

2.6.3; Fig. 2.8), have not been reported from any other carbonatites to date. 
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Figure 2.13. Principal zoning trends in clinoamphibole-group minerals from carbonatites 

expressed in terms of Na+K vs. Mg (apfu to 23 oxygens). Color fields correspond to the 

samples described in the present work; arrows indicate published data for 

clinoamphibole-group minerals from Sarfartoq (S; equivalent to the “normal” trend of 

Hogarth, 1989), Gatineau (G; equivalent to the “reversed” trend of Hogarth, 1989), 

Murun (M; Reguir, 2001), Purulia (P; Chakrabarty et al., 2009) and Tatarskiy (T; Lapin 

et al., 1987). The ideal compositions of amphibole-group minerals relevant to the present 

work are indicated by the numbered boxes: (1) tremolite, (2) ferri-hornblende, (3) 

magnesiohastingsite/ferri-winchite, (4) richterite, (5) magnesio-ferri-katophorite, (6) 

magnesioriebeckite, (7) ferri-nyböite and (8) (potassic-)magnesio-arfvedsonite.  
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2.7.2.  Trace-element composition of clinopyroxene- and clinoamphibole-group 

minerals: crystal-chemical considerations 

Clinopyroxene- and, especially, amphibole-group minerals may contain 

appreciable levels of trivalent and LIL, HFSE and REE (up to 2400 ppm Zr and 6900 

ppm V in aegirine; 500 ppm Sc, 40 ppm Rb, 1500 ppm Sr, 1200 ppm Ba, 80 ppm Pb, 180 

ppm Nb and 1100 ppm REE in clinoamphibole-group minerals). The relatively higher 

degree of trace-element enrichment in clinoamphibole-group minerals relative to 

clinopyroxene-group minerals (cf. Tables 2.6 and 2.3) is readily understood in the context 

of structural differences between these minerals. In the compositional range relevant to 

carbonatites, the amphibole structure contains five different cation sites with an average 

cation-anion distance ranging from 2.03 to 3.18 Å (depending on the site), as opposed to 

two sites and 2.02 to 2.50 Å in clinopyroxene-group minerals (Makino and Tomita, 1989; 

McCarthy et al., 2008; Thompson and Downs, 2008). The twelve-coordinated A site in 

the amphibole structure, not present in the clinopyroxene structure, can accommodate a 

variety of cations ranging from ca. 1.4 to 1.7 Å in radius (i.e., Na+, K+, Rb+, Sr2+, Ba2+ 

and Pb2+: Shannon, 1976). According to published data (Melzer et al., 1998; Sokolova et 

al., 2000; Gaeta and Freda, 2001; Christy and Gatedal, 2005), clinoamphibole-group 

minerals within the compositional range described in this work can incorporate at least 

5.5 wt.% Rb2O, 3.7 wt.% SrO, 0.7 wt.% BaO and 3.5 wt.% PbO (corresponding to 0.56 

Rb, 0.30 Sr, 0.04 Ba and 0.14 Pb apfu). The much lower abundances of these elements in 

the studied samples (Table 2.6) likely stem from their overall low levels in the parental 

magma (Rb and Pb), their preferential partitioning into fluorapatite, phlogopite, calcite 
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and other minerals associated with, or crystallizing earlier than, the amphibole (Sr, Ba, 

Rb), or a combination of these factors. 

The much higher Nb and Ta contents in the clinoamphibole-group minerals (70% 

of analyses show ≥ 15 ppm Nb) relative to that of clinopyroxene-group minerals (94% of 

analyses show ≤ 6 ppm and none exceed 13 ppm Nb) are in agreement with the 

voluminous data on inter-mineral partitioning in mantle parageneses, which consistently 

show greater compatibility of the amphibole structure for pentavalent HFSE (e.g., Witt-

Eickschen and Harte, 1994; Ionov and Hofmann, 1995; Chazot et al., 1996; Zack et al., 

1997). The tetravalent HFSE (Ti, Zr and Hf) do not show clear affinity for either 

amphibole or pyroxene structure, which is in accord with the published experimental data 

(Oberti et al., 2000). Unfortunately, amphibole-clinopyroxene partitioning coefficients 

could not be calculated here because the two minerals do not appear to be in equilibrium 

in any of the studied carbonatites (see Section 2.4). 

Most of the samples from both mineral groups exhibit sinuous REE profiles (Figs. 

2.6 and 2.10), the two notable exceptions being the Pinghe pargasite uniformly enriched 

in all lanthanides, and ferrihornblende-tremolite from Paint Lake, which is characterized 

by manifold enrichment in LREE (with a peak at Sm) relative to HREE. Similar sinuous 

REE patterns have been previously recognized in clinopyroxenes and amphiboles from 

alkali-syenitic rocks (Marks et al., 2004). Clearly, this pattern of REE distribution is not 

consistent with the conventional partitioning models assuming incorporation of these 

elements in the eight-coordinated Ca site corresponding to the M2-site in pyroxenes and 

the M4-site in amphiboles (Blundy and Wood, 1994; Brenan et al., 1995; Blundy and 

Dalton, 2000). An essentially bimodal distribution of REE in the samples analysed in this 
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study and those of Marks et al. (2004) clearly shows that in alkaline and carbonate melts, 

the lanthanides partition over two crystallographic sites, each having its own unique 

optimal cation radii. 

A two-site partitioning behaviour has been previously recognized for synthetic 

potassic-richterite by Bottazzi et al. (1999), who interpreted heavy REE to partition 

preferentially into the six-coordinated M2 site. By analogy, it can be proposed that within 

the studied compositional range of clinopyroxene-group minerals (Fig. 2.3b), heavy 

lanthanides partition predominantly in the [6]M1 site, whereas LREE in the [8]M2 site. 

This conclusion is in accord with the near-identical ionic radii of [8]Pr3+ and [8]Ca2+ (~1.12 

Å) in comparison with the much smaller Yb3+ cation (0.98 Å; Shannon, 1976). To 

examine the crystal-chemical controls of REE partitioning in clinopyroxene, the mineral-

melt partition coefficients (Cpx/LD) for several samples characterized by a clear sinuous 

REE profile (Fig. 2.6) were determined. These coefficients were calculated on the basis 

of geochemical data and modal proportions determined from petrographic analysis and 

mass-balance considerations. Conventional Onuma diagrams (Onuma et al., 1968) for 

two representative samples are shown in Figure 2.14. The calculated values range from 

0.004-0.03 (La) to 0.14-0.52 (Yb), and are largely within the limits determined in 

previous studies on clinopyroxene-carbonatite melt partitioning (Klemme et al., 1995; 

Coltorti et al., 1999; Blundy and Dalton, 2000). More importantly, however, these show 

that the Cpx/LD values for LREE and HREE cannot be fit to a single curve. Bottazzi et al. 

(1999) observed the same relationship in potassic-richterite (see their Fig. 2.3). Further, 

mid-range lanthanides (Tb-Ho) in the samples described here give Cpx/LD values that are 

too high for either the [8]M2 or [6]M1 curve, implying that these elements may be 
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accommodated in both sites. This would increase their content in the clinopyroxene 

structure relative to that predicted on the basis of a single-site partitioning model (Blundy 

and Wood, 1994). The most probable reason why this partitioning behavior has been 

overlooked in the published experimental work (Blundy and Wood, 1994; Klemme et al., 

1995; Blundy and Dalton, 2000) is that most studies report data for fewer than 50% of the 

lanthanides; values for the crucial mid-range REE between Gd and Tm are particularly 

scarce. 

 

Figure 2.14. Calculated clinopyroxene-melt partition coefficients for REE plotted against 

ionic radii Shannon (1976) assuming six- and eight-fold coordination (M1 and M2, 

respectively). 
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The examined clinoamphibole-group minerals are more variable in composition 

(Fig. 2.10), but those characterized by a sinuous REE profile also exhibit a bimodal 

distribution of Amph/LD with respect to ionic radii. For example, Amp/LD values in the 

Huayangchuan ferri-winchite (not shown in Fig. 2.14) increase from 0.01 for La to 0.11 

for Sm, further dropping to 0.07 at Er and finally peaking (0.22) at Lu. Note that some of 

the published experimental Amph/LD values (e.g., Brenan et al., 1995) could feasibly 

represent the same bimodal partitioning behavior, but these are too incomplete for their 

accurate interpretation from a crystal chemistry standpoint. A more comprehensive study 

of REE partitioning in clinopyroxene- and clinoamphibole-group minerals is clearly 

required. 

 

2.7.3.  The role of clinopyroxene- and clinoamphibole-group minerals in 

sequestration of trace elements in carbonatites 

Mass-balance calculations show that clinopyroxene- and clinoamphibole-group 

minerals may contribute significantly to the whole-rock trace-element budget of 

carbonatites. Obviously, this contribution increases proportionately with the modal 

abundances of these minerals, reaching the maximum levels in the cumulate and 

endocontact facies. The data acquired in this work show that each of these two minerals 

can account for up to 25% of the whole-rock Zr+Hf budget. In some carbonatites, 

amphiboles also host a significant proportion of LIL elements (e.g., 15% of the total Sr 

content and 35% of the Rb and Ba contents at Afrikanda, hosted predominantly in early-

crystallizing magnesio-hastingsite). Although the relative share of clinopyroxene- and 

clinoamphibole-group minerals in the whole-rock REE budget does not exceed 3%, even 
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for the most REE-enriched mineral compositions (Afrikanda, Prairie Lake and Paint 

Lake), their share in the HREE budget is far greater than for LREE. For example, at the 

three aforementioned localities, 7-13% of the whole-rock Yb content and 5-12% of the Y 

content comes from clinopyroxene and/or amphibole, as opposed to ≤ 4% for any of the 

light REE between La and Nd. These findings have important implications for 

constraining the distribution of REE in carbonatite deposits and resource assessment. 

Owing to the low compatibility of HFSE5+ in the structure of clinopyroxenes (see 

Section 2.7.2), these minerals do not contribute significantly to the whole-rock Nb+Ta 

budget. Clinoamphibole-group minerals may contain much higher levels of these 

elements (Table 2.5), but their relative contribution still does not exceed 5% of the Nb 

budget and 3% of the Ta budget, even in amphibole-rich varieties of silicocarbonatite 

(e.g., Afrikanda). These data are in accord with the earlier assessment of 

Chakhmouradian (2006) that the bulk of incompatible HFSE in carbonatites is hosted by 

accessory Ti and Zr minerals. 

     

2.7.4.  Trace-element zoning in clinopyroxene- and clinoamphibole-group minerals: 

key processes controlling element partitioning 

 Zonation-related variations in trace-element abundances can be used to assess the 

compatibility of these elements in the host mineral and apply these data to paragenetic 

analysis (e.g., Reguir et al., 2008). If it can be demonstrated that a zoning pattern is the 

product of crystal growth outpacing chemical re-equilibration with the host melt under 

closed-system conditions, the content of incompatible trace elements should be expected 

to increase, and that of compatible elements to decrease, from the core to the rim. This 
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approach may not be applicable to borderline-compatible elements whose partitioning 

behavior is strongly dependent on the composition of the growing crystal or that of the 

residual melt, because their partition coefficient may change from > 1 to < 1 (or vice 

versa) in the course of fractionation. Other limitations of the zoning-based approach are 

its inability to account for a possible loss or gain of trace elements from the system (e.g., 

through assimilation of crustal material, wall-rock fenitization, or release of a fluid 

phase), kinetic factors (e.g., crystal-growth rate), or changes in the relative availability of 

specific elements in the melt due to co-precipitation of two or more minerals (competitive 

partitioning). 

Inconsistent zoning patterns can be interpreted to indicate that the recorded 

compositional variations reflect changes in the availability of specific trace elements 

unrelated to crystal fractionation, or involve disequilibrium partitioning (e.g., due to 

supersaturation). The examined clinopyroxene-group minerals can be divided into two 

groups on the basis of their paragenesis and trace-element zoning: low-Na cumulus 

diopside associated with magnetite (Afrikanda and Prairie Lake) that shows a rim-ward 

increase in REE, Sc and V contents, and aegirine-augite (Ozernaya Varaka and Murun), 

characterized by decreasing Mn and Sr contents. Interestingly, none of the other 

measured trace elements exhibit a systematic core-to-rim variation. The key trace-

element ratios (e.g., Nb/Ta, Zr/Hf, La/Yb, Y/Ho) remain invariable in all four cases 

(Table 4), which essentially rules out any evolutionary model that would involve 

significant changes in these ratios, such as magma mixing, metasomatism by externally 

derived fluids, devolatilization of the magma, etc. For example, large differences in the 

relative compatibility of light vs. heavy REE, or Co vs. Ni with respect to a CO2-bearing 
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fluid (e.g., Bau and Möller, 1992; Helba et al., 2001) would affect the Co/Ni and La/Yb 

ratios in the growing clinopyroxene crystal, which is not observed in this study. The rim-

ward enrichment in REE, Sc and V in the Afrikanda and Prairie Lake samples can be 

reasonably explained through interplay of fractionation (increasing availability of 

incompatible REE in the melt) and competitive element partitioning between diopside 

and magnetite. The latter mechanism is illustrated schematically in Figure 2.15, where 

Sc, assumed to be incompatible in the magnetite (Lee et al., 2005), is concentrated in the 

melt, causing the diopside that equilibrated with the melt to evolve towards Sc-rich 

compositions.  

 

Figure 2.15. Schematic diagram illustrating the effect of magnetite fractionation on the Sc 

content in clinopyroxene equilibrated with the evolving melt. The evolutionary curves 

were calculated assuming LCo = 20 ppm Sc, Cpx/LDSc = 4 and Mag/LDSc = 0.1.  
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If the rate of Sc enrichment in the melt resulting from the precipitation of cumulus 

magnetite outpaces the rate of Sc sequestration by diopside, the latter will develop the 

type of Sc distribution recorded in the examined samples. 

The trend of decreasing Mn and Sr contents in aegirine-augite from Ozernaya 

Varaka and Murun cannot be readily explained in terms of coherent equilibrium 

partitioning of these elements, because the calculations carried out here and published 

data (Klemme et al., 1995; Blundy and Dalton, 2000; Adam and Green, 2001) show that 

Mn is compatible, whereas Sr is strongly incompatible in clinopyroxene in equilibrium 

with a carbonate melt. Again, it is conceivable that the behavior of Mn was controlled by 

its high compatibility with respect to aegirine-augite (Table 2), whereas the Sr depletion 

in this mineral resulted from Sr sequestration by another mineral (possibly, fluorapatite or 

titanite) simultaneously with the formation of Na-Fe-rich clinopyroxene rims.  

The amphibole-group minerals examined here differ in their major-element 

evolutionary trends (Figs. 2.8 and 2.13), but exhibit a surprisingly consistent pattern of 

depletion in incompatible elements toward the more evolved compositions. Strontium 

shows the most consistent partitioning behavior (80% of crystals), followed by K, Mn, 

Ba, REE, Nb and Zr (60% of crystals), and then Rb, Pb and V. It seems counterintuitive 

that such incompatible elements as Rb, Sr, Ba, REE and Nb (e.g., Adam and Green, 

2001) would be consistently enriched in the core of amphibole crystals relative to the 

more evolved compositions in their rim. This trend, assuming the closed-system 

conditions, could indicate that these elements are actually compatible with respect to 

amphibole. However, with the exception of the Pinghe pargasite, showing little variation 

in trace-element composition, all of the examined zoned clinoamphibole-group minerals 
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co-precipitated with various accessory minerals capable of sequestering Sr, REE and 

HFSE, and thus affecting the chemical evolution of amphibole (i.e., perovskite and 

schorlomite at Afrikanda, fluorapatite at Paint Lake, fluorapatite and pyrochlore at Aley 

and Blue River). A rim-ward depletion in Rb or Ba, documented in the Afrikanda, 

Pinghe, Paint Lake and Aley samples, can be explained by the preferential partitioning of 

these elements into phlogopite occurring at all four localities (for details, see Reguir et 

al., 2009). Increasing modal proportions of calcite would have similar effect on Sr, Ba 

and REE partitioning in clinopyroxene and clinoamphibole. Variations in trace-element 

ratios (Table 4) indicate that a fluid phase could be involved in the formation of richterite 

rims on magnesiohastingsite at Afrikanda, which is supported by textural observations 

(Chakhmouradian and Zaitsev, 2002). Further discussion of competitive partitioning 

versus fractionation-related effects obviously requires a detailed study of the trace-

element distribution in minerals paragenetically associated with clinopyroxene- and 

clinoamphibole-group minerals in carbonatites and, thus, is beyond the scope of the 

present work. 

 
 
2.8.  CONCLUDING REMARKS 

Clinopyroxene- and amphibole-group minerals may be significant repositories for 

certain trace elements (especially Rb, Sr, Ba, heavy REE, Zr and Hf) in calcite 

carbonatites. The relative contribution of these minerals to the whole-rock LREE, Nb, Ta, 

Th and U budget is negligible (typically, << 5%). The findings of this work show that 

formation of clinopyroxene- and amphibole-rich rocks by protracted crystal fractionation 

or from magmas contaminated by silica-rich wall-rock material may produce residual 
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carbonatitic melts significantly enriched in light REE, Nb, Ta, Th and U relative to the 

parental magma. These processes are, therefore, important for metallogenic and 

exploration studies focused on rare-metal resources associated with intrusive 

carbonatites. The presence of such clinopyroxene- and amphibole-rich rocks, which 

should not be confused with fenites, should be considered a valuable exploration tool. On 

the other hand, the presence of modally abundant calcic pyroxenes and clinoamphibole-

group minerals in the carbonatite should be carefully considered in resource assessment 

because these minerals can potentially host a significant proportion of HREE and, to a 

lesser extent, LREE (Figs. 2.6 and 2.10). 

Clinopyroxene- and clinoamphibole-group minerals from carbonatites exhibit a 

fascinating diversity of zoning patterns that cannot be reasonably explained in terms of 

the “normal” and “reversed” trends applicable to many other igneous systems (Figs. 2.3, 

2.4, 2.8, 2.9 and 2.13). In most cases, intragranular compositional variations cannot be 

explained by fractionation-related trace-element partitioning and probably involve 

removal of selected elements by phases co-precipitating with clinopyroxene and 

amphibole. Magnetite, fluorapatite, phlogopite and pyrochlore appear to be the most 

important minerals involved in this type of competitive partitioning. Importantly, there is 

little chemical evidence for the involvement of fluids in the development of zoning, with 

one notable exception being Na-Mg-rich clinoamphiboles replacing magnesiohastingsite 

in the Afrikanda silicocarbonatite (Table 2.4). 

The high-precision LA-ICP-MS data obtained in this work show that the 

partitioning of REE between clinopyroxene (and, in some cases, amphibole) and the melt 

is clearly bimodal and requires a revision of the existing models assuming single-site 
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REE partitioning (e.g., Blundy and Wood, 1994; Brenan et al., 1995). Further 

experimental studies covering the entire range of REE and a variety of mineral 

compositions (cf. Fig. 2.10) are clearly desirable. 
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CHAPTER 3.  

MAJOR- AND TRACE-ELEMENT COMPOSITIONAL VARIATIONS OF 

PHLOGOPITE FROM KIMBERLITES AND CARBONATITES AS A PETROGENETIC 

INDICATOR 
 

3.1. ABSTRACT 

Ferromagnesian trioctahedral micas are a common macrocryst/phenocryst phase 

in kimberlites and carbonatites. In this study, the possibility of using the chemistry of 

ferromagnesian micas to discriminate between these rocks. The extent of major- and 

trace-element variations of micas from 14 selected kimberlite and carbonatite localities 

worldwide representing several different kimberlite fields and alkaline-carbonatite 

provinces was determined. Phlogopite macrocrysts from kimberlites follow two principal 

evolutionary trends: primary macrocrystic (involving an increase in Ba, Al, Ti, Cr, Zr, Nb 

and Sr contents at decreasing Mg towards the rim) and transitional macrocryst-

groundmass trend (involving an increase in kinoshitalite component at decreasing Fe, Ti 

and Cr contents). Micas from calcite-(dolomite) carbonatites cover a much greater 

compositional range than those from kimberlites, defining evolutionary trends towards 

annite, tetra-ferriphlogopite and kinoshitalite. The data obtained in this work confirm that 

macrocrystic micas from kimberlites cannot be reliably distinguished from carbonatitic 

phlogopite on the basis of their major-element compositions. Exceptions are Fe-Al-rich 

[Fe/(Fe+Mg) ≥ 0.2] and Na-rich (> 0.3 wt.% Na2O) micas which seem to be virtually 

restricted to carbonatites. The generally higher levels of Na in carbonatitic micas relative 

to those from kimberlites can be explained by the lower Na abundances in the latter 

relative to carbonatites. The data obtained in this work indicate that the trace-element 
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composition of mica determined by LA-ICP-MS can be used as a reliable petrogenetic 

indicator. Kimberlitic phlogopite is characteristically enriched in Cr (up to 12030 ppm), 

Ni (up to 1600 ppm) and Co (40-70 ppm), and depleted in Mn (≤ 280 ppm), Nb (≤ 28 

ppm), Sr (≤ 55 ppm), Sc (≤ 8 ppm), Zr (≤ 12 ppm) and, to some extent, Cs (≤ 7 ppm) and 

Ta (≤ 3 ppm) with respect to carbonatitic micas (≤ 315 ppm Cr, ≤ 470 ppm Ni, ≤ 34 ppm 

Co, up to 17200 ppm Mn, 1080 ppm Nb, 830 ppm Sr, 80 ppm Sc, 105 ppm Zr, 27 ppm 

Cs and 19 ppm Ta). With the exception of Zr, the observed differences in trace-element 

composition of mica probably reflect the contrasting trace-element geochemistry of 

kimberlitic and carbonatitic magmas. The depletion of kimberlitic phlogopite in Zr (and 

possibly, Nb + Ta) can be explained by sequestration of these elements in earlier-

crystallized ilmenite. Variations in Ba, Rb and V contents are similar in mica from both 

rock types and cannot be used as a petrogenetic indicator. 

 

3.2. BACKGROUND INFORMATION AND OBJECTIVES 

There is a number of volatile-rich mantle-derived rocks, including carbonatites, 

olivine melilitites and ultramafic lamprophyres, that may resemble kimberlites in terms of 

their textural, chemical and mineralogical characteristics (e.g., Mitchell, 1986, 1995; 

Chakhmouradian et al., 2009). Although some of these rocks have been reported to 

contain diamonds (e.g., Tappe et al., 2004; De Stefano et al., 2006), the bulk of diamond 

production (by value) comes from kimberlites or their associated secondary deposits. 

Hence, correct petrographic identification of silica-undersaturated mantle-derived rocks 

is crucially important for the assessment of their economic potential. 
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Both kimberlites and carbonatites are commonly characterized by an 

inequigranular texture arising from the presence of macrocrysts set in a finer-grained 

carbonate-rich mesostasis. Some of the macrocrysts are believed to represent relatively 

high-pressure phenocrysts precipitated from the parental magma, whereas others are 

clearly xenocrysts formed by fragmentation of mantle rocks (Mitchell, 1995). 

Ferromagnesian trioctahedral micas are a common macrocryst/phenocryst phase in both 

kimberlites and carbonatites. The most common of these minerals is phlogopite 

[KMg3AlSi3O10(OH,F)2], which forms extensive solid solutions with Fe-rich members of 

the group, including annite [KFe3AlSi3O10(OH)2], tetra-ferriphlogopite 

[KMg3FeSi3O10(OH)2] and siderophyllite [KFe2Al2Si2O10(OH)2]. Intermediate members 

of this complex solid solution are normally referred to as biotite. The composition of 

these minerals is sensitive to changes in temperature, pressure and chemistry of their 

crystallization environment, which, in addition to their long crystallization span in many 

rock types (including kimberlites and carbonatites), makes them an important 

petrogenetic indicator (e.g., Bagdasarov et al., 1985; Tischendorf et al., 2001). Mica 

compositions have been used to discriminate between kimberlites and some texturally 

similar rocks (e.g., Mitchell and Bergman, 1991) and constrain the conditions of magma 

emplacement and evolution (e.g., Brod et al., 2001). The major-element chemistry of 

ferromagnesian micas from kimberlites and carbonatites has been addressed in many 

studies (e.g., Farmer and Boettcher, 1981; Gaspar and Wyllie, 1987; Mitchell, 1986, 

1995; Chakhmouradian and Zaitsev, 2002; Brod et al., 2001; Lee et al., 2003; Zurevinski 

et al., 2008). In addition, there is voluminous literature on the trace-element composition 

of phlogopite from metasomatized mantle xenoliths found in kimberlites and alkaline 
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basaltic rocks (see Appendix A and references therein). By contrast, there are very little 

published data on the trace-element composition of phlogopite from kimberlites and 

carbonatites (e.g., Melluso et al., 2008). 

In this work, the possibility of using the chemistry of ferromagnesian micas from 

Group-1 (i.e. archetypal) kimberlites and calcite carbonatites (with an emphasis on trace 

elements) to discriminate between these rocks was explored. The extent of compositional 

variation of micas from 14 selected kimberlite and carbonatite localities worldwide 

representing several different kimberlite fields and alkaline-carbonatite provinces 

(Appendix A) was determined in this study. Only large crystals (macrocrysts and 

phenocrysts larger than 250 μm) were selected for this purpose because groundmass 

micas are normally too small or have abundant inclusions for accurate trace-element 

analysis. Particular care was taken to avoid xenocrystic material, i.e. phlogopite 

fragments from disaggregated mantle xenoliths. Any grains deviating in their optical 

properties or chemical composition from the main group (identified individually for each 

sample) were excluded from consideration. All examined kimberlites are from 

intracratonic settings; some were emplaced into crystalline basement rocks (e.g., Lac de 

Gras and Lake Timiskaming fields in Canada), others formed in a platform environment, 

where the basement is not exposed (e.g., Kuoika and Markha fields in Yakutia). The 

examined carbonatites are mostly from extensional intracratonic environments (e.g., 

Ottawa graben and Kola Alkaline Province), with a few representing other tectonic 

settings (Appendix A). 
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3.3. ANALYTICAL TECHNIQUES AND PROCEDURES 

Energy-dispersive spectrometry in combination with back-scattered electron 

(BSE) imaging was used for mineral identification in polished thin sections and selection 

of areas for elemental analysis. The major-element composition of micas (444 analyses) 

was determined by wavelength-dispersive spectrometry (WDS) using a Cameca SX-100 

automated electron microprobe operated at 15 kV and 20 nA with a defocused beam (10 

μm across) to avoid beam damage. Depending on the grain size and modal abundance of 

phlogopite, at least three (and as many as 11) crystals were analyzed per sample; multiple 

analyses were performed on each of the crystals (Appendix A). Peaks and backgrounds 

were measured with a counting time of 20 s for all elements, and the data were reduced 

using the ZAF correction procedure. The following natural and synthetic standards were 

employed in the analysis: diopside (Si, Ca), albite (Na), andalusite (Al), olivine (Mg, Fe), 

orthoclase (K), barite (Ba), titanite (Ti), chromite (Cr), spessartine (Mn), tugtupite (Cl), 

riebeckite (F). The Kα lines were used for all of the elements listed except Ba, for which 

the Lα line was used. The independent Ba and Ti standards and a LiF crystal were 

employed to eliminate analytical artifacts due to Ba-Ti line overlap. A strong negative 

correlation between the Ba and Ti contents in the most Ba-rich samples (PED-2 and AR-

31/40) clearly indicates that Ba-Ti line overlap was not an issue. The calculated lower 

limits of detection for both Ba and Ti are in the 400-500 ppm range. 

The abundances of selected trace elements (310 analyses, see Appendix A for 

details) were measured by laser-ablation inductively-coupled-plasma mass-spectrometry 

(LA-ICP-MS) using a 213-nm Nd-YAG Merchantek laser connected to a Thermo 

Finnigan Element 2 sector-field mass-spectrometer. The trace-element compositions were 
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obtained in polished thin sections (30 μm in thickness) using line profiles ranging from 

140 to 150 μm in length. Matching BSE and reflected-light images of the areas analyzed 

by WDS were used to accurately position a laser beam on the sample. A beam size of 30 

μm, laser-energy density of ca. 7.21 J/cm2 and repetition rate of 10 Hz were used for all 

analyses. Ablation was done in Ar and He atmospheres. Oxide production rate was 

monitored during instrument tuning by measuring the ThO/Th ratio and kept below 0.2%. 

Synthetic glass standard NIST SRM 610 (Norman et al., 1996) was employed for 

calibration and quality control. Several test analyses of a reference phlogopite sample 

conducted at low (~300) and medium (~4000) resolution produced nearly identical results 

with the exception of 69Ga and 44Ca values, which were affected by spectral interferences. 

After taking into account potential spectral overlaps and molecular interferences, the 

following isotopes were chosen for analysis: 29Si, 45Sc, 51V, 52Cr, 55Mn, 59Co, 60Ni, 85Rb, 

88Sr, 89Y, 90Zr, 93Nb, 133Cs, 137Ba, 139La, 140Ce, 141Pr, 146Nd, 147Sm, 153Eu, 157Gd, 165Ho, 

172Yb, 175Lu, 178Hf, 181Ta. All analyses were performed in a low-resolution mode (~300) 

using Pt skimmer and sample cones. Data reduction was carried out online using the 

GLITTER software (van Achterbergh et al. 2001). The Si concentrations determined by 

WDS were used as an internal standard for all analyses. The quality control was achieved 

by carefully selecting the portion of the laser signal that kept fractionation at less than 

10% and fractionation/error ratio at less than three. The complete dataset combining 

recalculated WDS and LA-ICP-MS data is given in Appendix A. 
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3.4. PETROGRAPHY 

All carbonatites examined in the present work are intrusive and characterized by a 

diversified mineralogy, highly variable proportions of major and minor phases, and an 

inequigranular texture. This study is restricted to calcite (± dolomite) carbonatites 

because calcite is the principal carbonate mineral in kimberlites, whereas dolomite is 

developed almost exclusively at the expense of calcite and other minerals in altered 

kimberlites (see Chakhmouradian et al., 2009 for discussion and references). Hence, 

calcite carbonatites are the easiest to be potentially misidentified as kimberlites (and vice 

versa). The inequigranular texture of the examined carbonatites is due to large crystals of 

phlogopite and other ferromagnesian silicates, apatite and magnetite (Appendix A) set in 

a carbonate mesostasis. In the majority of samples, the latter is composed predominantly 

of calcite with minor dolomite, developed interstitially and along fractures in the earlier-

formed phases. All carbonatite samples contain variable proportions of mica, ranging 

from 10 vol.% (AR-26/35) to 40 vol.% (PL-4). The mica occurs as strongly pleochroic 

subhedral to euhedral grains ranging in size from less than 0.4 mm (AR-121/2) to several 

cm (AR-31/40). In the Fuerteventura carbonatite (AR-121/2), mica is altered along the 

margins and locally fully replaced by chlorite. Large phlogopite crystals frequently 

contain inclusions of earlier-crystallized phases, most commonly apatite and magnetite. 

Several different textural types of carbonate-rich kimberlite were examined 

(Appendix A). In the majority of these samples, the macrocryst suite is represented by 

(serpentinized) olivine, phlogopite, spinel and ilmenite. The mode of occurrence and 

modal proportion of calcite vary greatly among the samples: from lath-shaped 

phenocrysts (PED-2) to rhombohedral phenocrysts (97-35-01, Ob-1) to minute euhedral 
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Figure 3.1. Characteristic textures and zoning patterns exhibited by phlogopite (Phl) in 

(a-e) kimberlites and (f-h) carbonatites, BSE images. (a) Unzoned phlogopite macrocryst 

(Hugo, Canada); (b) macrocryst showing primary zoning (Sytykanskaya, Russia); (c) 

macrocrysts replaced by serpentine (Obnazhennaya, Russia); (d) macrocryst showing 

zoning transitional to groundmass mica (Peddie, Canada). Mineral symbols: Ap = apatite, 

Cal = calcite, Dol= dolomite, Mgt = magnetite, Ol = olivine, Srp = serpentine. (e) 

macrocryst coring a pelletal lapillus (Grib, Russia); (f-h) complex zoning patterns 

exhibited by phlogopite in (dolomite-)calcite carbonatites from (f) Kovdor, Russia, (g) 

Oka, Canada, and (h) Iron Hill, USA. 
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Figure 3.1. (Continued).  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

crystals in calcite-serpentine segregations (Kom-35a) to mosaic-textured monomineralic 

segregations (Kom-35a, SYT-16, GP-29) to thin fibrous veinlets and pseudomorphs (GP-

29) to scattered anhedral grains in the groundmass (AR-89). The fine-grained 

groundmass is composed predominantly of serpentine and calcite with subordinate 

quantities of spinel-group minerals, perovskite, olivine, apatite, fragments of macrocrysts, 

and disaggregated wallrock material. Phlogopite is present in variable proportions, and 

makes up from 3 vol.% (Kom-35a) to 10 vol.% (Ob-1) of the rock. In addition to 
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macrocrysts, phlogopite occurs in peridotite xenoliths (AR-89 and Kom-35a), in the core 

of pelletal lapilli (GP-29), and in the groundmass (Fig. 3.1 a-e). Phlogopite is commonly 

replaced by serpentine; however, the degree of replacement varies considerably among 

the samples. 

 

3.5. RESULTS 

3.5.1. Major-element composition 

Division of constituent elements in ferromagnesian trioctahedral micas into major, 

minor and trace elements is somewhat arbitrary because elements such as Ba, Ti and Na 

may be greatly enriched in some samples and play only minor roles in others 

(Tischendorf et al., 2001). For simplicity, all elements that were analyzed in this work 

were subdivided into two groups: major elements, whose concentration at least in some 

samples exceeds the threshold value of 104 ppm, and trace elements, consistently present 

at levels below the threshold value. The representative major-element compositions of the 

examined phlogopite samples are given in Tables 3.1 and 3.2. The data acquired in this 

study show that carbonatitic micas cover a larger compositional range in terms of their 

Mg and Al contents than macrocrysts from kimberlites: 10-28 wt.% MgO (1.2-3.0 apfu 

Mg) and 2-22 wt.% Al2O3 (0.2-2.0 apfu Al) in carbonatites vs. 21-27 wt.% MgO (2.2-2.8 

apfu Mg) and 10-16 wt.% Al2O3 (0.8-1.4 apfu Al) in kimberlites. Notably, however, the 

samples from the two rock types exhibit significant overlap in their Mg and Al values 

(Fig. 3.2a). Kimberlitic phlogopite spans a much smaller range in Fe/(Fe+Mg) values 

(0.02-0.16) than micas from carbonatites (0.04-0.57).  
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Figure 3.2. Major-element composition of micas from kimberlites and carbonatites 

expressed in atoms per formula unit and atomic proportions (Fe/Fe+Mg ratio). To avoid 

clutter, only 260 representative analyses are plotted; the remaining data fall within the 

compositional ranges defined by the plotted points. 
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Figure 3.2. (Continued) 
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Table 3.1. Representative major-element compositions of phlogopite from kimberlites 
 
Oxides,  

wt.%: 1 2 3 4 5 6 7 8 9 

Na2O 0.11 0.20 0.15 0.26 0.07 0.25 0.12 0.47 0.26 
K2O 10.62 10.35 9.68 10.49 10.39 9.99 10.74 10.24 10.03 
CaO 0.05 0.02 - 0.03 0.09 0.02 - - - 
BaO 0.07 0.33 2.63 0.13 0.87 0.16 0.08 0.14 0.14 
MgO 25.73 26.34 22.56 23.71 22.38 26.44 25.75 22.94 26.23 
MnO 0.03 0.01 - 0.01 0.06 0.02 - - - 
FeO‡ 3.14 2.58 2.29 4.19 5.55 2.39 3.54 3.87 2.57 
Fe2O3‡ - 0.72 - - - 0.33 - - 0.20 
Al2O3 11.84 11.48 14.39 12.27 15.71 12.33 12.02 13.21 12.46 
TiO2 0.21 0.07 3.97 2.27 3.18 0.44 0.62 3.21 0.34 
Cr2O3 0.33 0.24 1.28 0.80 0.14 0.49 0.62 1.72 0.59 
SiO2 41.07 41.37 37.82 41.47 37.73 41.82 42.08 39.94 41.66 
F 0.39 0.44 1.64 0.71 1.07 0.30 0.27 0.32 0.36 
Cl 0.07 0.03 0.11 0.07 0.01 0.03 0.04 0.02 0.08 
-O=(F,Cl)2-0.18 -0.19 -0.72 -0.31 -0.45 -0.13 -0.12 -0.14 -0.17 
Total 93.48 93.99 95.80 96.41 96.80 94.88 95.76 95.94 94.75 

Elements, atoms per formula unit (calculated to 11 atoms of oxygen): 

Na 0.015 0.028 0.021 0.036 0.010 0.034 0.016 0.065 0.036 
K 0.982 0.952 0.897 0.950 0.951 0.903 0.970 0.930 0.910 
Ca 0.004 0.002 - 0.002 0.007 0.002 - - - 
Ba 0.002 0.009 0.075 0.004 0.024 0.004 0.002 0.004 0.004 
Mg 2.781 2.831 2.443 2.511 2.393 2.794 2.717 2.434 2.780 
Mn 0.002 0.001 - 0.001 0.004 0.001 - - - 
Fe2+ 0.190 0.156 0.139 0.249 0.333 0.142 0.210 0.230 0.153 
Fe3+ - 0.039 - - - 0.018 - - 0.011 
Al 1.012 0.975 1.232 1.027 1.328 1.030 1.003 1.108 1.044 
Ti 0.011 0.004 0.217 0.121 0.172 0.023 0.033 0.172 0.018 
Cr 0.019 0.014 0.073 0.045 0.008 0.027 0.035 0.097 0.033 
Si 2.977 2.982 2.746 2.945 2.706 2.964 2.978 2.842 2.961 
F 0.089 0.100 0.377 0.159 0.243 0.067 0.060 0.072 0.081 
Cl 0.009 0.004 0.014 0.008 0.001 0.004 0.005 0.002 0.010 
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Table 3.1. (Continued) 

Oxides,  
wt.%: 10 11 12 13 14 15 16 17 18 

Na2O 0.16 0.27 0.21 0.15 0.23 0.28 0.08 0.15 0.25 
K2O 10.42 10.29 10.08 10.47 9.87 9.85 4.51 10.58 10.45 
CaO 0.01 0.01 0.02 0.01 - 0.02 0.01 0.02 - 
BaO - 0.15 0.11 0.01 0.10 0.18 15.88 0.02 0.11 
MgO 24.91 22.29 21.71 23.85 22.51 21.42 25.02 25.17  22.50 
MnO 0.03 - - 0.03 - - - 0.01 - 
FeO‡ 5.02 4.41 5.29 7.28 3.99 4.02 1.01 4.90 4.65 
Fe2O3‡ - - - 0.76 - - - - - 
Al2O3 11.71 13.46 13.46 10.74 14.28 14.35 19.54 12.06 14.16 
TiO2 0.50 3.42 3.89 0.52 3.76 5.09 - 0.48 2.98 
Cr2O3 0.24 1.56 0.58 0.12 0.38 1.64 - 0.20 1.38 
SiO2 41.53 39.61 39.70 41.44 40.47 40.14 30.42 41.65 39.54 
F 0.36 0.33 0.41 0.61 0.93 0.01 3.93 0.29 0.37 
Cl 0.05 0.03 0.05 0.07 0.04 0.03 0.01 0.04 0.05 
-O=(F,Cl)2-0.16 -0.15 -0.18 -0.27 -0.40 -0.01 -1.66 -0.13 -0.17 
Total 94.78 95.68 95.33 95.79 96.16 97.01 98.76 95.44 96.27 

Elements, atoms per formula unit (calculated to 11 atoms of oxygen): 

Na 0.022 0.037 0.029 0.021 0.031 0.038 0.012 0.021 0.034 
K 0.956 0.939 0.923 0.967 0.889 0.879 0.443 0.963 0.948 
Ca 0.001 0.001 0.002 0.001 - 0.001 0.002 0.002 - 
Ba - 0.004 0.003 - 0.003 0.005 0.480 0.001 0.003 
Mg 2.671 2.377 2.324 2.576 2.370 2.235 2.875 2.678 2.387 
Mn 0.002 - - 0.002 - - 0.001 - - 
Fe2+ 0.302 0.264 0.318 0.440 0.236 0.235 0.065 0.292 0.277 
Fe3+ - - - 0.041 - - - - - 
Al 0.992 1.134 1.139 0.915 1.189 1.184 1.775 1.014 1.187 
Ti 0.027 0.184 0.210 0.028 0.200 0.268 - 0.026 0.159 
Cr 0.014 0.088 0.033 0.007 0.021 0.091 - 0.011 0.078 
Si 2.986 2.832 2.850 2.996 2.858 2.809 2.344 2.972 2.813 
F 0.082 0.075 0.093 0.139 0.208 0.002 0.958 0.065 0.083 
Cl 0.006 0.004 0.093 0.009 0.005 0.004 0.001 0.005 0.006 

(1-2) 97-35-01, Hugo, Northwest Territories, Canada; (3-5) AR-89, Udachnaya 
Vostochnaya, Yakutia, Russia (xenolith, macrocryst core and macrocryst rim, 
respectively); (6-8) GP-29, Grib, Arkhangelsk Region, Russia; (9-11) Kom-35a, 
Komsomol’skaya, Yakutia, Russia (macrocryst cores and macrocryst rim); (12-13) Ob-
1, Obnazhennaya, Yakutia, Russia; (14-16) PED-2, Peddie, Ontario, Canada (14, 15: 
macrocryst core, 16: phlogopite-kinoshitalite mantle); (17-18) SYT-16, Sytykanskaya, 
Yakutia, Russia (macrocryst core and rim, respectively). Fe2+/Fe3+ ratio calculated from 
stoichiometry. Hyphens indicate that the element is not present in detectable quantities. 
Lower detection limits: Mn – 400 ppm, Cl – 150 ppm. 
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Table 3.2. Representative major-element compositions of phlogopite from carbonatites 
 

Oxides,  

wt.%: 1 2 3 4 5 6 7 8 9 

Na2O 0.17 0.15 0.25 0.30 0.28 0.30 0.57 0.64 0.57 
K2O 8.81 9.39 9.75 9.76 10.13 9.76 9.86 7.75 5.87 
CaO 0.44 0.04 0.02 0.02 0.02 0.03 0.04 0.02 0.03 
BaO 0.17 0.53 0.60 1.70 0.29 1.78 0.51 6.09 11.88 
MgO 11.44 9.84 18.85 24.06 26.12 23.99 25.18 22.50 22.02 
MnO 0.51 0.56 0.07 0.65 1.01 0.69 0.25 0.21 0.12 
FeO‡ 20.80 22.53 8.84 2.79 1.69 3.71 3.19 2.17 2.48 
Fe2O3‡ - - - 2.06 3.72 0.97 1.62 1.94 1.14 
Al2O3 11.09 13.01 14.83 15.48 10.09 14.96 13.93 20.60 21.94 
TiO2 3.66 4.08 4.74 0.27 0.14 0.40 0.40 - - 
Cr2O3 - - - - - - - - - 
SiO2 36.22 34.18 36.25 37.96 41.27 38.46 40.01 33.08 30.17 
F 0.76 0.36 1.46 0.43 0.66 0.43 0.40 0.13 0.40 
Cl - - - - - - - - - 
-O=(F,Cl)2-0.32 -0.15 -0.61 -0.18 -0.28 -0.18 -0.17 -0.05 -0.17 
Total 93.75 94.52 95.05 95.30 94.77 95.30 95.79 95.08 96.45 

Elements, atoms per formula unit (calculated to 11 atoms of oxygen): 

Na 0.026 0.023 0.036 0.042 0.039 0.042 0.079 0.092 0.084 
K 0.891 0.956 0.924 0.901 0.930 0.902 0.895 0.733 0.570 
Ca 0.037 0.003 0.002 0.002 0.002 0.002 0.003 0.002 0.002 
Ba 0.005 0.017 0.017 0.048 0.008 0.051 0.014 0.177 0.355 
Mg 1.352 1.171 2.087 2.597 2.802 2.593 2.672 2.489 2.501 
Mn 0.034 0.038 0.004 0.040 0.062 0.042 0.015 0.013 0.008 
Fe2+ 1.379 1.503 0.549 0.169 0.102 0.225 0.190 0.135 0.158 
Fe3+ - - - 0.112 0.202 0.053 0.087 0.108 0.065 
Al 1.036 1.223 1.298 1.321 0.856 1.278 1.168 1.801 1.970 
Ti 0.218 0.245 0.265 0.015 0.008 0.022 0.021 - - 
Cr - - - - - - - - - 
Si 2.871 2.727 2.692 2.747 2.970 2.788 2.847 2.454 2.298 
F 0.191 0.091 0.343 0.098 0.150 0.099 0.090 0.031 0.096 
Cl - - - - - - - - - 
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Table 3.2. (continued) 

 

Oxides,  

wt.%: 10 11 12 13 14 15 16 17 18 

Na2O 0.44 0.50 0.43 0.33 2.42 0.25 0.09 0.73 1.24 
K2O 9.94 9.40 10.06 9.01 6.15 9.93 10.02 9.36 8.90 
CaO 0.01 0.18 0.06 0.12 0.11 - - 0.09 0.02 
BaO 0.56 - - 0.48 0.09 0.11 0.08 - 0.10 
MgO 25.36 24.70 26.07 15.45 18.67 12.11 11.39 25.34 25.49 
MnO 0.04 0.05 0.07 1.91 1.34 0.56 0.50 0.13 0.08 
FeO‡ 1.34 2.89 1.88 15.33 11.87 18.95 19.55 3.81 4.36 
Fe2O3‡ 1.93 15.04 5.77 - - - - 10.20 1.13 
Al2O3 14.91 1.83 9.08 12.28 11.87 14.18 14.94 4.54 12.22 
TiO2 0.20 0.06 0.31 2.67 2.05 3.31 3.39 0.05 0.81 
Cr2O3 - - - 0.01 - 0.02 0.02 - - 
SiO2 38.65 39.01 40.18 37.55 40.62 36.88 35.75 41.09 41.37 
F 0.63 0.13 0.66 0.26 0.69 2.05 1.77 1.04 1.13 
Cl - - - 0.05 0.15 0.01 0.01 - 0.02 
-O=(F,Cl)2-0.27 -0.05 -0.28 -0.12 -0.32 -0.87 -0.75 -0.44 -0.48 
Total 93.74 93.73 94.29 95.33 95.71 98.49 96.76 95.94 96.39 

Elements, atoms per formula unit (calculated to 11 atoms of oxygen): 

Na 0.062 0.074 0.061 0.049 0.343 0.037 0.013 0.104 0.170 
K 0.917 0.914 0.936 0.874 0.573 0.962 0.981 0.878 0.803 
Ca 0.001 0.015 0.005 0.010 0.009 - - 0.007 0.002 
Ba 0.016 - - 0.014 0.003 0.003 0.002 - 0.003 
Mg 2.735 2.808 2.836 1.751 2.033 1.371 1.304 2.777 2.689 
Mn 0.002 0.003 0.004 0.123 0.083 0.036 0.033 0.008 0.005 
Fe2+ 0.081 0.184 0.115 0.975 0.725 1.204 1.255 0.234 0.258 
Fe3+ 0.105 0.863 0.317 - - - - 0.564 0.060 
Al 1.277 0.164 0.781 1.100 1.022 1.269 1.352 0.393 1.019 
Ti 0.011 0.003 0.017 0.153 0.113 0.189 0.196 0.003 0.043 
Cr - - - 0.001 - 0.001 0.001 - - 
Si 2.795 2.974 2.931 2.855 2.966 2.801 2.744 3.020 2.926 
F 0.144 0.031 0.152 0.063 0.159 0.492 0.430 0.242 0.253 
Cl - - - 0.006 0.019 0.001 0.001 - 0.002 

(1-3) PL-4, Prairie Lake, Ontario, Canada; (4-6) AR-26/35, Oka, Québec, Canada; (7-
9) AR-31/40, Iron Hill, Colorado, USA; (10-12) KV-226, Kovdor, Kola, Russia; (13-
14) AR-121/2, Fuerteventura, Canary Islands; (15-16) VG-80/2, Vishnevye Gory, 
Urals, Russia; (17-18) So-3/4, Sokli, Findland. Fe2+/Fe3+ ratio calculated from 
stoichiometry. Hyphens indicate that the element is not present in detectable quantities. 
Lower detection limits: Mn – 400 ppm, Cl – 150 ppm. 
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Some mica compositions from carbonatites straddle across the phlogopite-annite 

boundary (i.e., show the preponderance of Fe2+ over Mg in the octahedrally coordinated 

sites; e.g., Table 3.2, analyses 1 and 2) or trend towards tetra-ferriphlogopite (Table 3.2, 

analyses 11 and 17). 

The Ti contents measured in the present work are similar in micas from both rock 

types: up to 5 wt. % TiO2 or 0.27-0.28 apfu Ti (Tables 3.1 and 3.2, Figs. 3.2 b,c). Micas 

from some carbonatites are distinguished by their consistently higher Na levels (up to 2.4 

wt.% Na2O or 0.34 apfu Na) relative to kimberlitic phlogopite, where the Na2O content 

typically does not exceed 0.3 wt.% and rarely reaches 0.5 wt.% or 0.07 apfu (e.g., GP-29: 

Fig. 3.2d). Although Ba, Mn and Cr are major elements in some of the examined samples 

(e.g., no. 8, 9 and 16 in Table 3.1 and nos. 8, 9 and 13 in Table 3.2), these elements are 

more accurately quantified by LA-ICP-MS at low concentration levels and will be 

discussed in detail in the following section (see also the Ba, Mn and Cr values in Tables 

3.3 and 3.4). Where the same area of a mica crystal was analyzed by both WDS and LA-

ICP-MS, the Ba, Mn and Cr values obtained by the two methods are within one standard 

deviation of the WDS analysis from each other. 

 

3.5.2. Trace-element composition 

The range of trace-element concentrations in phlogopite from the examined kimberlites 

and carbonatites is given in Tables 3.3 and 3.4. The results of this work show that micas 

from the two rock types differ from one another significantly in terms of their Cr, Ni, Mn 

and Nb abundances. Phlogopite from the vast majority of kimberlite samples can be 

readily distinguished from its carbonatitic counterpart by higher levels of Cr and Ni (up 
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to 12030 ppm Cr and 1600 ppm Ni in the kimberlites versus ≤ 315 ppm Cr and ≤ 470 

ppm Ni in the carbonatites; Fig. 3.3). In addition, phlogopite from the kimberlites is 

consistently depleted in Mn (≤ 280 ppm), Nb (≤ 28 ppm), Sr (≤ 55 ppm), Sc (≤ 8 ppm), 

Zr (≤ 12) and, to some extent, Cs (≤ 7 ppm) and Ta (≤ 3 ppm) with respect to carbonatitic 

micas (up to 17200 ppm Mn, 1080 ppm Nb, 830 ppm Sr, 80 ppm Sc, 105 ppm Zr, 27 

ppm Cs and 19 ppm Ta). It is important to note here that there is very little overlap 

between the mica compositional fields for kimberlites and carbonatites in terms of Cr, 

Nb, Mn, Sr and Zr contents (Fig. 3.3). There is some overlap in Co values (Fig. 3.3b); 

however, none of the kimberlitic macrocrysts contain less than 40 ppm Co, whereas 90% 

of all mica analyses from the carbonatites cluster between below detection and 34 ppm 

Co. The bulk of macrocrystic phlogopite from kimberlites contains less than 3000 ppm 

Ba, but some samples (e.g., PED-2) comprise thin mantles of Ba-rich phlogopite 

transitional to kinoshitalite, whereas the samples from carbonatites show a much greater 

range (nil to 105 ppm). Variations in Rb and V concentrations in phlogopite are extensive, 

but similar in both rock types (270-1050 ppm Rb and 17-335 ppm V in kimberlites; 160-

1250 ppm Rb and 4-365 ppm V in carbonatites). Phlogopites from all studied samples 

contain negligible amounts of Y (< 5 ppm), Hf (< 1 ppm) and rare-earth elements 

dominated by La and Ce (typically, < 3 ppm and, in a few cases, up to 10 ppm La+Ce). 
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Table 3.3. Range of trace-element abundances in phlogopite from kimberlites 
 
Element, 1 2 3 4  
ppm min max min max min max min 
 
Rb 318(17) 901(48) 177(6) 840(25) 376(13) 876(29) 270(9)  

Cs 2.1(0.5) 2.1(0.5) 1.0(0.4) 4.4(0.4) 1.9(0.6) 6.1(0.6) 1.8(0.4) 
Sr 5.8(0.4) 25(1) 19(1) 76(2) 3.9(0.2) 30(2) 3.1(0.1) 
Ba 251(12) 2919(134) 740(23)20064(604) 302(17) 3460(300) 229(11)  
Mn 150(5) 176(6) 57(2) 231(7) 166(42) 277(17) 147(5) 
Co 40(1) 53(2) 40(2) 65(2) 48(2) 67(3) 48(2) 
Ni 1013(38) 1318(34) 1142(35) 2061(63) 559(22) 1595(58) 592(10)  
Sc < 0.7 1.8(0.3) < 1.05 7.7(0.7) < 0.8 3.8(0.3) 0.9(0.2) 
V 17(1) 33(1) 171(5) 281(9) 55(2) 234(8) 43.2(0.2) 
Cr 1382(50) 2483(89) 7184(218)10163(308) 3122(148)12025(518) 971(33)  
Y <0.11 0.34(0.05) < 0.2 0.60(0.06) < 0.06 0.27(0.05) < 0.04  
Zr 0.6(0.1) 12.1(0.5) 4.0(0.3) 14.3(0.5) 0.6(0.1) 2.8(0.2) 1.7(0.1) 
Hf <0.12 0.3(0.1) < 0.2 1.1(0.2) <0.06 0.4(0.1) 0.09(0.04)  
Nb 8.0(0.4) 20.6(0.8) 18.2(0.7) 33(1) 3.0(0.2) 8.3(0.4) 5.3(0.3) 
Ta 0.37(0.07) 1.7(0.2) 1.0(0.1) 2.0(0.2) < 0.06 0.9(0.1) < 0.11 
 
Element, 4 5 6 7 
ppm max min max min max min max 
 
Rb 1045(36) 465(14) 668(20) 718(29) 920(32) 696(21) 1016(31)  

Cs 4.8(0.6) < 0.4 4.8(0.3) < 1.05 6.2(0.4) < 0.7 6.6(0.5)  
Sr 19.3(0.7) 4.5(0.2) 25.8(0.8) 1.8(0.2) 18.6(0.8) 3.2(0.2) 18.4(0.7)  
Ba 1374(42) 108(3) 1113(34) 167(11) 858(45) 234(7) 720(23)  
Mn 276(17) 163(30) 283(3) 128(4) 197(8) 174(5) 232(7)  
Co 60(3) 45(3) 63(2) 55(3) 68(4) 50(2) 68(2) 
Ni 1382(39) 244(3) 1280(34) 369(14) 1113(39) 431(13) 1315(40) 
Sc 2.6(0.1) < 0.4 2.4(0.2) < 0.7 2.4(0.3) 0.6(0.2) 4.0(0.3) 
V 95(14) 44(3) 195(20) 109(4) 335(11) 47(2) 243(7)  
Cr 4229(140) 171(3) 4518(34) 447(15)11342(364) 1025(31) 7669(232)  
Y 0.37(0.06) < 0.07 1.05(0.05) < 0.07 0.3(0.05) < 0.07 0.47(0.05)  
Zr 7.1(0.3) 2.8(0.2) 10.7(0.4) 1.4(0.1) 6.1(0.1) 1.4(0.1) 9.8(0.3)  
Hf 0.40(0.07) < 0.09 0.3(0.1) < 0.07 0.33(0.05) < 0.17 0.5(0.1)  
Nb 16.7(0.7) 9.5(0.3) 28(1) 6.9(0.3) 23.7(0.8) 6.6(0.3) 24(1) 
Ta 1.5(0.1) 0.44(0.03) 2.12(0.05) 0.26(0.06) 1.7(0.1) 0.33(0.08) 2.8(0.1) 

(1) 97-35-01, (2) AR-89, (3) GP-29, (4) Kom-35, (5) Ob-1, (6) PED-2, (7) SYT-16 
(see Table 3.1. for sample localities). The numbers in parentheses refer to estimated 
standard deviations. 
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Table 3.4. Range of trace-element abundances in phlogopite from carbonatites 
 
Element, 1 2 3 4 
ppm min max min max min max min  
 
Rb 312(24) 557(42) 744(49) 1126(98) 256(8) 538(16) 260(9)
Cs < 1.1 7.8(0.6) 2.8(0.7) 12(1) < 1.06 13(1) < 1.4
Sr 7.6(0.2) 198(1) 3.8(0.3) 198(6) 32.7(0.3) 829(25) < 0.5
Ba 801(60) 5324(397) 76(128)17381(973) 4186(126)95187(2866) 41(2)
Mn 1368(66) 4108(199) 4432(543) 8740(742) 1141(35) 2442(1) 174(14)
Co 45(3) 68(4) < 2.8 8.1(2.7) < 4.4 33(4) 11(1)
Ni 68(5) 472(31) < 3.6 4.9(2.2) < 1.5 7.7(2.0) 95(8)
Sc < 0.6 9.0(0.7) < 0.6 5.3(0.5) 2.9(0.2) 74(2) < 0.6 
V 149(7) 345(16) 40(3) 73(5) 38(2) 206(6) 3.5(0.3)
Cr 6.8(1.4) 58(13) < 2.5 16(2) < 1.6 5.5(0.9) 12(1)
Y < 0.12 0.48(0.05) < 0.11 0.8(0.1) 0.15(0.04) 2.3(0.1) < 0.1
Zr 4.6(0.4) 52(4) 0.9(0.1) 61(2) 1.1(0.1) 105(3) 0.8(0.1)
Hf < 0.10 1.2(0.2) < 0.14 0.5(0.1) < 0.09 0.7(0.1) < 0.13
Nb 20(1) 155(12) 180(6) 1075(33) 7.5(0.4) 69(2) 25(1)
Ta < 0.15 1.5(0.2) < 0.13 19(1) < 0.07 1.1(0.1) 1.2(0.1) 
 
Element, 4 5 6 7 
ppm max min max min max min max  
 
Rb 643(22) 521(16) 1248(38) 623(19) 798(24) 164(12) 274(16) 

Cs 7.4(0.7) 4.6(0.5) 27(1) 3.7(0.6) 10(1) < 0.7 5.5(0.5) 
Sr 42(1) 14(1) 63(2) 3.0(0.2) 26(1) 0.4(0.1) 21(1) 
Ba 5615(179) 636(19) 3500(106) 281(9) 434(13) 373(12) 1445(45) 
Mn 558(35) 11059(336)17197(523) 3443(104) 5100(155) 389(44) 714(86) 
Co 34(1) 10(1) 14(1) 18(1) 25(1) 7.7(0.3) 27(1) 
Ni 358(27) < 1.4 7.2(0.9) 2.0 7.1(1.8) < 1.4 4.2(0.9) 
Sc 80(3) < 0.2 1.7(0.3) 5.5(0.3) 9.0(0.5) 0.3(0.1) 8.6(0.6) 
V 46(5) 182(14) 365(11) 186(2) 228(7) 5.9(0.6) 62(5) 
Cr 315(14) < 2.2 16(1) 33(2) 85(3) < 1.9 23(2) 
Y 0.68(0.05) < 0.06 0.59(0.04) < 0.09 4.3(0.2) < 0.05 0.7(0.1) 
Zr 38(1) 0.5(0.1) 4.9(0.2) 0.4(0.1) 2.6(0.2) 1.7(0.1) 29(1) 
Hf 1.3(0.1) < 0.06 0.3(0.1) < 0.3 0.6(0.1) < 0.06 1.4(0.1) 
Nb 114(4) 266(8) 560(17) 232(7) 364(11) 30(2) 105(6) 
Ta 19(1) < 0.08 2.0(0.1) < 0.12 0.9(0.1) 0.14(0.03) 17(1) 
 
(1) PL-4, (2) AR-26/35, (3) AR-31/40 (4) KV-226, (5) AR-121/2, (6) VG-80/2, (7) So-
3/4 (see Table 3.2 for sample localities). The numbers in parentheses refer to estimated 
standard deviations. 
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3.5.3. Intra- and intergranular compositional variation 

Phlogopite macrocrysts from kimberlites define a relatively limited range of 

compositions (Figs. 3.2 and 3.3; Appendix A). Practically the entire measured range can 

be accounted for by intragranular variations in the content of major and trace elements. In 

BSE images, macrocrysts from most kimberlite samples exhibit a simple zoning pattern 

consisting of an irregularly shaped or rounded core and a discontinuous rim of higher 

average atomic number (Zavg) relative to the core (Fig. 3.1 a-d). The rim is either 

indistinguishable or has a darker brown color in plane-polarized light. Some of the 

samples contain both zoned and homogeneous crystals. The zoning involves a consistent 

trend of increasing Ba, Al and Ti contents at decreasing K, Si and Mg from the low-Zavg 

core outward. The Fe content either slightly decreases or does not vary significantly 

across the crystal, whereas the total occupancy in the octahedrally-coordinated sites 

decreases with increasing Ti (Figs. 3.4 a-c). Thus, the principal substitution mechanisms 

are BaAlK-1Si-1 (solid solution towards kinoshitalite [BaMg3(Al2Si2O11)(OH)2]), 

Ti[vac]Mg-2 and, possibly, TiAl2Mg-1Si-2. This trend is accompanied by a two- to 

fourfold increase in Zr, Nb, Ta, Sr and Cr contents in the rim (Figs. 3.4 d-f). Similar to 

Fe, V and Mn do not exhibit a consistent pattern of intragranular variation. For example, 

the V content increases rimward in macrocrysts from SYT-16 and PED-2, but remains 

essentially constant in the other samples, whereas the Mn content decreases rimward in 

SYT-16 and Kom-35a, but not elsewhere (Fig. 3.4g). 
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Figure 3.3. Trace-element composition of micas from kimberlites and carbonatites.  
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Figure 3.3. (Continued). 
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Figure 3.3. (Continued) 
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In kimberlite PED-2, the low-Zavg central part of macrocrysts closely follows the trend 

observed in the other kimberlites, whereas their high-Zavg poikilitic mantle (Fig. 3.1d) has 

a paler color in plane-polarized light and is characterized by much higher Ba, Al, Mg and 

F contents, but lower Fe, Ti and Cr contents (Figs. 3.4 a-c; Anal. 14-16 in Table 3.1). The 

mantle is composed of intermediate (fluoro)phlogopite-kinoshitalite compositions (~25-

50 mol.% BaMg3Al2Si2O10FOH) and is indistinguishable from groundmass crystals in the 

same sample. Unfortunately, the trace-element composition of the mantle could not be 

determined due to its size (≤ 40 μm) and the presence of abundant inclusions. 

Micas from carbonatites cover a much greater compositional range relative to those from 

kimberlites (Figs. 3.2 and 3.3; Appendix A). There appears to be no correlation between 

the composition of mica and the geological setting of its host carbonatite. Both highest 

and lowest contents of most of the major and trace elements are observed in phlogopite 

from carbonatites developed in rifted Precambrian crust in association with 

clinopyroxenites and ijolites. Although in the present work, the highest Na contents were 

detected in phlogopite from oceanic-island carbonatites (AR-121/2), comparable or 

higher levels of Na (up to 2.8 wt.% Na2O or 0.40 apfu Na) have been previously reported 

in phlogopite from the Sokli (Finland) and Jacupiranga (Brazil) carbonatites, both of 

which occur in a continental rift environment (Gaspar and Wyllie, 1987; Lee et al., 2003). 

Phlogopite from sample AR-121/2 also contains the highest levels of Mn (11100-17200 

ppm), not paralleled by any other carbonatitic mica described here or in the literature. 

However, the second highest Mn content (4400-8700 ppm) is observed in the material 

from Oka (AR-26/35), and similarly high levels of Mn have been reported from alvikite 

at Potash Sulfur Springs in Arkansas (Heathcote and McCormick, 1989), both typical  
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Figure 3.4. Major- and trace-element intragranular variation in phlogopite macrocrysts 

from kimberlites from Komsomol’skaya (Kom-35a) and Sytykanskaya (SYT-16) in 

Yakutia, Russia, and Peddie in Ontario, Canada (PED-2). The characteristic zoning 

patterns are shown in Figures 3.1b and 3.1d. 
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continental rift carbonatites. Hence, it is unclear at present whether the observed 

differences in Mn content are of any petrogenetic significance.   

Phlogopite crystals from carbonatites are commonly zoned, but the observed 

zoning patterns are morphologically complex and do not appear to be consistent among 

the samples (Figs. 3.1 f-h). Generally, two major core-to-rim variation trends can be 

identified: one involving an increase in Ba and Al contents at constant Fe (AR-26/35 and 

AR-31/40), and the other involving an increase in Fe at constant or slightly decreasing Ba 

(PL-4, KV-226 and So-3/4). The rimward enrichment in Ba and Al arises from the 

kinoshitalite substitution (BaAlK-1Si-1) described above for macrocrysts from kimberlites. 

In carbonatitic phlogopite, this trend is accompanied by an increase in Zr and Sr and, in 

some cases, Nb and Ta contents towards the rims of the crystals (trend toward higher Sr 

and Zr compositions on Fig. 3.3d, and higher Nb and Ta compositions on Fig. 3.3e). 

Recalculation of the WDS data to structural formulae shows that the Fe enrichment trend 

in carbonatitic samples can be accompanied by a drastic decrease in either Mg or Al 

content (Table 3.2, nos. 1-3 and 10-12, respectively), suggesting that the two principal 

substitution mechanisms here are Fe2+Mg-1 (solid solution towards annite) and Fe3+Al-1 

(solid solution towards tetra-ferriphlogopite). In some cases, this trend is accompanied by 

an increase in Ta contents (trend toward higher Ta compositions at constant Nb on Fig. 

3.3e).  Further discussion of zoning in carbonatitic micas is beyond the scope of the 

present work. 
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3.6. DISCUSSION 

3.6.1. Comparisons with the previous work 

The compositional range of kimberlitic phlogopite determined in the present work 

is in good agreement with the published major-element data (Appendix A. and references 

therein). It is noteworthy that Ti contents in excess of 0.3 apfu have been reported in 

macrocrysts from “transitional kimberlites” at La Ceniza, Venezuela (up to 8.1 wt.% 

TiO2; Kaminsky et al., 2004) and Aries, Australia (up to 5.8 wt.% TiO2; Downes et al., 

2006). In the literature, the trend of Al enrichment (commonly coupled with an increase 

in Ba and a decrease in Fe content) has been recognized as characteristic of phlogopite 

macrocrysts and transitional to groundmass mica compositions in kimberlites (e.g., 

Mitchell, 1995, p. 155). In addition to this, another, previously unrecognized evolutionary 

trend was identified in this study. This trend involves enrichment in Ba and Al, but 

predates the Al-enrichment trend of Mitchell (1995) and differs from it in the distribution 

of Mg, Fe and Ti (see section 3.5.3). To distinguish between the two trends, it can be 

recommended that they be termed the primary macrocrystic trend (increasing Ba, Al, Ti, 

Cr, Zr, Nb and Sr; decreasing Mg) and transitional macrocryst-groundmass trend 

(increasing Ba, Al and Mg; decreasing Fe, Ti and Cr). Importantly, both zoning patterns 

can be present in the same kimberlite (as exemplified by sample PED-2, Fig. 3.4) and, 

hence, result from two unrelated processes. Whereas the transitional trend can be 

attributed to a specific stage in the evolution of kimberlitic magma (formation of 

groundmass), the origin of primary macrocrystic trend cannot be interpreted 

unambiguously. The observed depletion in Mg and enrichment in incompatible elements 

towards the rim suggest fractional crystallization as the driving mechanism for this type 
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of zoning, but it is not clear whether it develops immediately after the crystallization of 

the Mg-rich (Ba,Al)-poor core or much later en route to the surface. The lack of 

systematic variation in Fe, Mn and V contents across the macrocryst indicates that the 

primary pattern develops under changing redox conditions (synemplacement process?) 

that differ for different kimberlites. This interpretation is in agreement with the 

conclusion of Canil and Bellis (2007) that the ascent and emplacement of kimberlitic 

magma is accompanied by dramatic, but inconsistent variations in f(O2). 

There is a paucity of published data on the trace-element composition of 

kimberlitic micas. Melusso et al. (2008) reported several LA-ICP-MS analyses of 

phlogopite of unspecified morphology from Brazilian kimberlites (referred to simply as 

“core” and “rim” in their Table 3.3c). Unfortunately, these authors did not provide any 

major-element data for many of their trace-element analyses (including the composition 

most enriched in incompatible elements), nor specified what was used as an internal 

standard for the LA-ICP-MS work. Also, neither the range of variation nor estimated 

standard deviations were listed for any of the trace elements. In the absence of this crucial 

information, the quality of Melusso et al.’s (2008) dataset can not be assessed, and 

therefore it can not be used for comparative purposes. 

The compositional range of phlogopite from mantle xenoliths in kimberlites far 

exceeds that determined for macrocrysts in the present work (Appendix A). The highest 

Mn, Sr, Zr, Hf, Nb and Ta abundances reported for phlogopite from metasomatized 

peridotites (all from the Kaapvaal craton: Grégoire et al., 2002, 2003) are significantly 

greater (by a factor of > 1.5) than the maximum values obtained in the present work. 

Hence, fragmented phlogopite crystals with anomalously high concentrations of these 
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elements (particularly, if coupled with Ni contents > 900 ppm) should be suspect as 

xenocrysts. 

The data obtained in this study are in good agreement with the published 

compositions of phlogopite from carbonatites (Appendix A). Both datasets define three 

compositional groups on major-element diagrams: (1) Ba-poor members of the 

phlogopite-annite series showing large variations in Mg/Fe2+ ratio and Ti content (e.g., 

PL-4 and Sallanlatvi: Zaitsev et al., 2004); (2) Ba-poor members of the phlogopite-tetra-

ferriphlogopite series showing large variations in Al/Fe3+ ratio, but little variation in Ti 

(e.g., KV-226 and Catalão: Brod et al., 2001); (3) intermediate phlogopite-kinoshitalite 

compositions characterized by enrichment in Ba and Al coupled with depletion in K, Si 

and Mg (e.g., AR-31/40 and Jacupiranga: Gaspar and Wyllie, 1982). These groups are 

equivalent to the three patterns of intragranular compositional variation described in 

section 3.5.3. 

Limited trace-element data have been reported for carbonatitic micas from 

Dalbykha, Russia, and Novopoltavskiy, Ukraine, by Bagdasarov et al. (1985) and 

Shramenko et al. (1992), respectively. Although neither of the two studies provides any 

details on the analytical methodology, these data were most certainly obtained by bulk 

non-in-situ techniques. The values reported by Bagdasarov et al. (1985) and Shramenko 

et al. (1992) are, for the most part, within the range determined for carbonatitic micas in 

the present work. The only exception is very high levels of rare-earth elements reported 

in one of the Novopoltavskiy samples (~86 ppm ΣREE). Given that such high REE 

abundances have not been previously documented for any trioctahedral micas 

(Tischendorf et al., 2001), they may result from sample contamination. 
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3.6.2. Phlogopite as a potential index mineral: carbonatites versus kimberlites 

The genetic relations (or lack thereof) between kimberlites and carbonatites have 

been a matter of debate for several decades (e.g., Mitchell, 1986; Gudfinnsson and 

Presnall, 2005; Chakhmouradian et al., 2009; Tappe et al., 2009). Similarities between 

carbonate-rich hypabyssal kimberlites and carbonatites may be attributed to the similarity 

of the physical and chemical processes that control their emplacement and result in 

analogous geological structures (e.g., intrusive breccias and diatremes) and textural 

features (e.g., macrocrystic, pelletal, etc.). One of the main arguments against genetic 

linkage between the two rock types is compositional differences between a number of 

major and accessory constituents of kimberlites and carbonatites (e.g., Mitchell, 1986, 

1995). Prior to the present work, phlogopite was not considered a reliable index mineral 

due to the extensive overlap between mica from carbonatites and other mantle-derived 

rocks in terms of their major-element chemistry (Mitchell, 1986; Gaspar and Wyllie, 

1987; Heathcote and McCormick, 1989; Brod et al., 2001; Lloyd et al., 2002; Rao, 2004). 

The findings of this work are in general agreement with the previously published 

studies that the major-element composition of phlogopite cannot be used to confidently 

discriminate between carbonatites and kimberlites (see section 3.5.1). This is especially 

true when it comes to the Mg, Al and Ti contents (Figs. 3.2 and Appendix A). As 

recognized in the literature (e.g., Brod et al., 2001; Lee et al., 2003) and present work, Fe-

rich micas observed in some carbonatites (e.g., PL-4 and KV-226) represent evolved 

compositions. The evolutionary trends towards annite and tetra-ferriphlogopite stem from 

progressive depletion of the parental magma in Mg and Al due to early crystallization of 

olivine, diopside, Mg-Al-rich magnetite and Mg-rich phlogopite, that may be followed by 
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preferential partitioning of Mg in dolomite, or accompanied by an increase in f(O2) at the 

late stages of crystallization. In archetypal kimberlites, Fe-rich micas (> 12 wt.% FeOΣ) 

correspond exclusively to Al-deficient members (including tetra-ferriphlogopite), are 

generally rare and confined to the groundmass (Mitchell, 1995). However, in common 

with other major elements, overlap between the Mg-rich compositions from the two rock 

types is too extensive to allow their reliable discrimination (Table 3.1; Figs. 3.2 a,b). 

Approximately 45% of mica compositions from carbonatites obtained in the 

present work show > 0.07 apfu Na (~0.5 wt.% Na2O), which is also in agreement with the 

published data (ca. 40% of 102 analyses, see Appendix A. for references). The highest Na 

content reported to date is 0.40 apfu Na for phlogopite from the Jacupiranga carbonatite 

(Gaspar and Wyllie, 1987). In contrast, none of the kimberlitic micas examined in the 

present work contain > 0.04 apfu Na (0.3 wt.% Na2O), whereas only 6% of the published 

data (including evolved groundmass compositions) show > 0.04 apfu Na and none > 0.1 

apfu (0.7 wt.% Na2O). The generally higher levels of Na in carbonatitic micas (Fig. 3.2d) 

can be explained by either overall enrichment of this element in carbonatites relative to 

kimberlites or sequestration of Na by a phase or phases preceding, or co-crystallizing 

with, phlogopite. The latter mechanism is unlikely because none of the earlier- 

crystallized macrocrystic phases (olivine, spinel and ilmenite) can accommodate any 

appreciable amount of Na. The average calcite carbonatite contains approximately twice 

the amount of Na relative to the average composition of hypabyssal kimberlite (3260 vs. 

1560 ppm: Chakhmouradian, unpubl. data). Carbonatites commonly contain Na-bearing 

clinopyroxenes and amphiboles, as well as primary inclusions of Na carbonates, which 

are not known to occur in uncontaminated kimberlites (e.g., Mitchell, 1995; 
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Chakhmouradian and Zaitsev, 2002; Zaitsev et al., 2004). Finally, silicate rocks at the 

contact with carbonatites are typically fenitized as a result of metasomatism by 

carbonatite-derived Na-rich fluids (Morogan, 1989; Bühn and Rankin, 1999; Sindern and 

Kramm, 2000). The only reported example of fenitization associated with kimberlite 

emplacement did not involve any significant enrichment of the country rock in Na (Smith 

et al., 2004). Hence, although the bulk composition of neither kimberlites nor 

carbonatites is equivalent to those of their parental magmas, there is no doubt that 

carbonatitic magmas are generally much richer in Na relative to kimberlites. The crystal 

chemical control on Na partitioning in micas from the two rock types seems unlikely 

since their overall major-element composition is very similar (see above).  The 

differences in Na content between kimberlitic and carbonatitic micas documented in the 

present work can be potentially used to discriminate between the two rock types, 

particularly if combined with the trace-element data discussed in the following section. 

 

3.6.3. Trace-element chemistry of phlogopite: a reliable petrological indicator 

The mechanisms of minor- and trace-element substitution and partitioning in 

trioctahedral micas have been studied extensively and explained by crystal-chemical, 

paragenetic and/or physicochemical constraints, in particular f(O2), P(H2O), P(CO2), 

pressure and temperature of crystallization, and magma composition (e.g., Edgar and 

Arima, 1983; Bailey, 1984; Lee et al., 2003). The pertinent experimental data available in 

the literature are summarized in Appendix A. Appreciable variability in partition 

coefficients determined in these studies is probably due to the extreme flexibility of 

phlogopite structure (Foley et al., 1996). According to published data, including the large 
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number of convincing experimental evidence, Sr, Zr and Nb are strongly incompatible in 

phlogopite relative to liquid (Phl/LD ≤ 0.1), whereas Rb, Cr and Ba are compatible across a 

range of silica-undersaturated melt compositions (for references see Appendix A). For 

example, Phl/LDSr is more than 20 times lower than Phl/LDBa (La Tourrette et al., 1995). The 

existence of shirozulite (Mn analogue of phlogopite) and transitional Mg-Mn micas 

suggests that Mn is also compatible. The reported partition coefficients for other trace 

elements are either too scarce or lack consistency; for example, the Phl/LDHf values vary by 

one order of magnitude in compositionally similar magmas (Ionov et al., 1997; Downes 

et al., 2004). 

The composition of phlogopite has been used in conjunction with the bulk-rock 

analyses of its host kimberlite to calculate empirical partition coefficients for a variety of 

trace elements (Melusso et al., 2008). To illustrate the deficiencies of this simplistic 

approach, the bulk-rock abundances of some of the key trace elements discussed below 

were compared to their abundances in phlogopite from two kimberlite and two 

carbonatite samples with very different levels of these elements (Fig. 3.5). From Figure 

3.5, it is obvious that enrichment of a kimberlite (carbonatite) sample in a specific major 

or trace element is not necessarily reflected in the composition of mica. For example, 

hypabyssal kimberlite PED-2 contains a higher Ni content, but lower levels of Al and Rb 

relative to sample 97-35-01, whereas phlogopite macrocrysts from PED-2 are richer in Al 

and Rb, but poorer in Ni than macrocrysts in 97-35-01. Although the two samples differ 

significantly in their Mn, Zr and Nb contents, the abundances of these elements are 

similar in the phlogopite. This comparison clearly shows that, in addition to magma 

composition, the chemistry of phlogopite is greatly affected by other, as yet poorly 
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understood, factors. Some of the anomalies can be reasonably explained in terms of 

sequestration of specific elements by earlier-crystallized minerals, or their competitive 

partitioning between phlogopite and co-crystallizing phases (e.g., Mg + Ni depletion in 

phlogopite from PED-2 due to olivine fractionation, or Sr + Y depletion in phlogopite 

from AR-26/35 due to early precipitation of fluorapatite in that carbonatite), but in many 

other cases, the recorded variations must have resulted from differences in crystallization 

conditions. For example, the generally higher Fe3+
calc. and Mn contents and a lower V 

content in phlogopite from sample AR-26/35 relative to AR-31/40 (Tables 3.2 and 3.4) 

suggest that redox conditions were appreciably different during the crystallization of 

these two carbonatites, i.e., higher f(O2) in AR-26/35. 

Because the effects of intensive parameters on element partitioning in phlogopite 

are, by and large, unknown, the following discussion will be limited to the bulk 

geochemical controls and competitive element partitioning. Extensive overlap between 

carbonatitic and kimberlitic micas on major-element diagrams (Figs. 3.2) implies that the 

composition of mica should have a similar effect on the trace-element partitioning in both 

rock types and is unlikely to produce the manifold differences in absolute abundances of 

Cr, Nb and several other elements observed in the present work. 

All of the examined kimberlitic micas are characteristically enriched in Cr, Ni 

and, to some extent, Co, with respect to these from carbonatites (Figs. 3.3a, b). This 

correlates well with much higher levels of these elements in kimberlites relative to 

calciocarbonatites (on average, 1545 vs. 48 ppm Cr, 1118 vs. 27 ppm Ni and 78 vs. 16 

ppm Co, respectively: ARC, unpubl. compilation of 123 whole-rock analyses of 

hypabyssal kimberlites and 364 analyses of intrusive carbonatites). 
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Figure 3.5. Comparative diagram showing variations in the content of selected major and 

trace elements in phlogopite (horizontal axis) relative to the whole-rock abundances of 

these elements in the host rock: (a,b) kimberlites; (c,d) carbonatites. Open boxes: samples 

PED-2 and AR-31/40, filled boxes: samples 97-35-01 and AR-26/35. 
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Figure 3.5. (Continued) 
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Higher concentrations of Mn, Sr, Nb and Ta in carbonatitic samples (Figs. 3.3 c-

e) are also in accord with the general enrichment of these elements in calciocarbonatites 

relative to kimberlites (3784 vs. 1344 ppm Mn, 6963 vs. 920 ppm Sr, 464 vs. 195 ppm 

Nb and 17.4 vs. 10.4 ppm Ta, respectively; ibid.). The enrichment of most carbonatitic 

micas in Zr relative to their counterparts from kimberlites (Fig. 3.3 d) is more difficult to 

explain because the average Zr contents and range of values are similar in the two types 

of rock (214 and 0-2070 ppm in calciocarbonatites vs. 223 and 3-2080 ppm in 

kimberlites). It is reasonable to assume that the relative depletion of kimberlitic 

phlogopite in Zr (and, possibly, also Nb + Ta) may stem from sequestration of these 

elements in ilmenite, which crystallizes earlier than phlogopite and occurs in all of the 

examined kimberlite samples. The abundances of Zr, Nb and Ta in ilmenite macrocrysts 

reported in the literature (Griffin et al., 1997; Kostrovitsky et al., 2004) are one to two 

orders of magnitude higher than the values obtained in the present work for phlogopite 

(Table 3.3, Appendix A). 

The relative differences in Sc and Cs contents observed in the present work (see 

section 3.5.2) cannot be explained at present due to the paucity of reliable bulk-rock and 

partitioning data for these elements. The highest Sc and Cs values measured in 

carbonatitic micas (Table 3.2) also exceed the previously reported data for phlogopite 

from mantle xenoliths (Appendix A), which may indicate that these elements are more 

phlogopite-compatible in carbonate-rich magmas. 

Although the trace-element compositions of micas from carbonatites and 

kimberlites do show some overlap (Fig. 3.3, Appendix A), at least two elements can be 

chosen for each sample for which there is no overlap. The compositions of 11 of the 14 
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samples examined in the present work plot strictly within their “designated” field with 

respect to their Cr, Co, Ni, Mn and Nb contents, whereas for the remaining three samples 

(KV-226, PL-4 and AR-31/40), only 20% of the data points plot in the area of overlap. 

Using the actual statistics of data distribution on the trace-element diagrams (Fig. 3.3), it 

can be calculated that, even if only the five aforementioned elements are used as 

discriminants, the joint probability of a carbonatitic mica plotting in the kimberlite field 

(or vice versa) is 3×10-6. The addition of other trace elements (Na, Sr, Zr, Ta, Sc and Cs) 

to the analysis will further reduce that probability. Hence, the discrimination criteria 

proposed in the present work can be considered as very robust and reliable.  

 

3.7. CONCLUSIONS 

The results obtained in the present work significantly contribute to the 

understanding of the crystal chemistry of ferromagnesian trioctahedral micas. The new 

high-quality trace-element data reported here extend the known compositional range of 

phlogopite from mantle-derived rocks (particularly, for Sc, Rb, Cs, Zr, Nb and Ta 

values). The findings of this work confirm that macrocrystic phlogopite from kimberlites 

cannot be confidently distinguished from carbonatitic micas on the basis of their major-

element compositions. Only extremely Fe- and Na-rich compositions [Fe/(Fe+Mg) ≥ 0.2, 

Na2O > 0.3 wt.%) appear to be restricted to carbonatites. The trace-element composition 

of mica can be reliably used as a petrogenetic indicator. Specifically, macrocrysts of 

phlogopite from kimberlites are enriched in Cr, Ni and Co, but depleted in Mn, Sr, Nb, 

Ta and Zr relative to micas from carbonatites. Rubidium, Ba and V are ubiquitous 

substituents in ferromagnesian micas, but cannot be used for petrogenetic interpretation 
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because of the significant overlap in Rb, Ba and V values between the kimberlitic and 

carbonatitic samples. With the exception of Zr, the observed differences in trace-element 

composition of mica probably reflect the contrasting trace-element geochemistry of 

kimberlitic and carbonatitic magmas. The generally lower Zr content of kimberlitic 

phlogopite probably results from sequestration of this element in earlier-crystallized 

ilmenite. 

 

3.8. APPENDIX A. SUPPLEMENTARY DATA. 

 Supplementary data associated with the article by Reguir et al. (2009) can be 

found in the online version, at doi: 10.1016/j.lithos.2009.05.023.  
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CHAPTER 4.  

“KIMBERLITE” FROM WEKUSKO LAKE, MANITOBA: ACTUALLY A 

DIAMOND-INDICATOR-BEARING DOLOMITE CARBONATITE 

 
4.1. ABSTRACT 
 

The petrography, mineralogy and geochemistry of two macroscopically distinct 

drill core samples of what was previously identified as a potentially diamondiferous 

kimberlitic rock from the Wekusko Lake area (central Manitoba, Canada) were examined 

in detail. The rock shows an inequigranular, uniform to segregation texture arising from 

the presence of abundant macrocrysts (partly or completely chloritized phlogopite, Mg-

Al-Cr-rich spinel and Mg-Cr-rich ilmenite) and coarse-grained segregations in a fine-

grained dolomitic groundmass (70-85% of the rock volume). The unmodified 

groundmass dolomite (3-22 mol.% ankerite) is enriched in Sr, Ba, light rare-earth 

elements and shows a distinct “mantle” isotopic signature [δ13CV-PDB = -7.6 to -5.3‰; 

(87Sr/86Sr)i = 0.70348-0.70574]. The consistently high δ18OV-SMOW values (20-25‰) 

indicate re-equilibration with low-temperature CO2-poor fluids. Phlogopite macrocrysts 

(mg# = 0.64-0.85, 8.8-14.9 wt.% Al2O3 and 0.1-1.9 wt.% TiO2) are cognate with the host 

rock and exhibit trace-element variation typical of carbonatitic micas (< 100 ppm Cr and 

200 ppm Ni, but 100-300 ppm Nb and > 400 ppm Mn). Both spinel and ilmenite are 

compositionally indistinguishable from macrocrysts in kimberlites and interpreted to 

represent mantle-derived xenocrysts. The whole-rock compositions are characterized by 

elevated levels of compatible trace elements (30-110 ppm Co, 910-990 ppm Cr and 380-

610 ppm Ni) and certain incompatible elements (most notably, Sr, light REE, Nb, Zr, Th 
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and U), as well as high Nb/Ta, Zr/Hf and Ga/Al ratios (>21, 48 and 7×10-4, respectively). 

The most common accessory minerals are Na-Sr-REE-bearing fluorapatite and low-Hf 

zircon. With the exception of spinel and ilmenite macrocrysts, the mineralogy and 

geochemistry of the examined samples are inconsistent with their identification as 

kimberlite. On the basis of their modal, isotopic, major- and trace-element composition, 

the Wekusko Lake rocks are interpreted as primary magnesiocarbonatite contaminated by 

mantle-derived material and isotopically re-equilibrated with low-temperature crustal 

fluids. 

 

4.2.  INTRODUCTION 

Despite a long and successful history of mineral exploration, the Province of 

Manitoba has been somewhat of a backwater on the Canadian diamond-exploration 

scene. Although several prospective targets have been recognized in the central and 

north-eastern parts of the Province, only one of them has so far been provisionally 

identified as “kimberlite”. This rock was first intersected in drillhole GBO-16 (80.2-85.4 

m) by Falconbridge Nickel Mines Ltd. during their 1983 drilling program focused on the 

Copper Man deposit in the south-western section of Wekusko Lake in central Manitoba. 

It was described as fine- to medium-grained breccia containing “occasional pyrope 

garnets” (Assessment File 70569, Manitoba Science, Technology, Energy and Mines, 

Winnipeg). Following up on the reported garnet-bearing breccia, European Ventures Inc. 

drilled a series of holes in the same area in the early 1990s, three of which (EPV-5-93, 

EPV-12A-94 and EPV-17-94) intersected what was described as “a kimberlitic rock” 

visually identical in all of the three holes. A five-kilogram sample of the rock, examined 
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by Gurney and Zweistra (1993), was reported to contain G10, G9 and possible diamond-

inclusion eclogitic garnets. Diamond-indicator minerals (chromite, Cr-rich diopside and 

ilmenite) were also recovered from till samples collected near the shore and further south 

of the lake. The distribution of indicator minerals and interpretation of aeromagnetic data 

suggest the existence of a series of intrusions confined to a NW-trending structure 

dubbed the Wekusko Lake – Hargrave Lake corridor (Hood and Lee, 2007). Although the 

rock intersected by Falconbridge and European Ventures has not been studied in detail, it 

has been referred to as kimberlite in all printed and electronic resources published to date 

(e.g., Kjarsgaard, 2007). Clearly, accurate identification of this rock has important 

implications for diamond exploration in the region. As will be shown later, it also bears 

on the interpretation of relations between kimberlites and texturally similar rocks and 

magma-generation processes in the mantle. The lack of reliable petrographic, 

mineralogical and geochemical data on the Wekusko Lake “kimberlite” prompted the re-

examination of the material extracted in the course of the initial exploration activities. 

The present report is a summary of this re-examination. 

 

4.3.  GEOLOGICAL SETTING 

Wekusko Lake is located in the eastern part of the Flin Flon – Glennie Complex 

(FFGC) of the Paleoproterozoic Trans-Hudson Orogen (Bailes and Galley, 1999; Fig. 

4.1). Most of the supracrustal components of the FFGC range in age from 1.91 to 1.88 Ga 

and represent disparate parts of various ocean-floor and island arc magmatic 

assemblages, tectonically juxtaposed during intra-oceanic accretion at 1.88-1.87 Ga, 
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followed by continental collision between the FFGC and Sask craton, which began 

around 1.84 Ga (Syme and Bailes, 1993; Stern et al., 1995; Lucas et al., 1996).  

 
Figure 4.1. Schematic map showing the location of Wekusko Lake (star) within the 

Paleoproterozoic Trans-Hudson Orogen. The inset shows structural relations among the 

major units in the southern Wekusko Lake area (after Gilbert and Bailes, 2005), including 

the Wekusko Lake pluton (WLP), Burntwood group (BG), Hayward Creek juvenile arc 

(HCJA) and South Wekusko Lake oceanic crust assemblage (SWLOC). Corner 

coordinates are in UTM NAD83 (zone 14). 
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The collision resulted in southwesterly thrusting of the FFGC over the 3.10-2.45 Ga 

rocks of the Sask plate along  the Pelican Décollement Zone and intense shear-induced 

deformation, which continued to at least 1.81 Ga (Ashton et al., 2005; Ansdell, 2005; 

Bickford et al., 2005). The area was affected by post-collisional shortening ca. 1.80-1.77 

Ga, which is attributed to continuing convergence of the Sask and Superior cratons at 

depth, i.e., below the FFGC (Ashton et al., 2005). The relative extent of the Archean 

cratonic rocks underplating the FFGC is largely unknown; recent seismic-reflection and 

radio-isotope studies indicate that the Sask underplate extends beneath at least 100,000 

km2 of the Trans-Hudson Orogen, including the FFGC (Bickford et al., 2005; Hajnal et 

al. 2005). Bedrock exposures in the southwestern Wekusko Lake area are dominantly 

Paleoproterozoic metavolcanic and metasedimentary supracrustal rocks intruded by 

granitoids and overlain by flat-lying Ordovician dolomite (Gilbert and Bailes, 2005; Fig. 

4.1). The youngest intrusive rocks in the area are the alleged “kimberlitic” dikes, which 

are the focus of the present work. 

 

4.4. PETROGRAPHY AND MINERAL COMPOSITIONS 

Only material from the original drillcore (GBO-16, Falconbridge Nickel Mines) 

and one of the European Ventures holes (EPV-12A-94) was available for research. The 

two core samples differ in macroscopic color (brownish grey and greyish green, 

respectively), but both are fresh fine-grained rocks with inequigranular uniform to 

segregation textures (Figs. 4.2 a,b) consisting of abundant macrocrysts (0.2-2.5 mm 

across) set in a carbonate groundmass making up 70-85% of the rock by weight.  
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Figure 4.2. Major textural characteristics of Wekusko Lake beforsite as seen in plane-

polarzed light (a, b) and back-scattered electron images (c-e). (a) Inequigranular texture 

of sample GBO-16 consisting of macrocrysts of chloritized phlogopite (Chl, Phl), Mg-Al-

Cr-rich spinel (Sp) and fluorapatite phenocrysts (Ap) in a dolomitic groundmass (GM); 

(b) inequigranular texture of sample EPV-12A-94 consisting of dolomite segregations 

(Dol-S), macrocrysts of spinel (Sp) and chloritized phlogopite (Chl), and quartz 

xenocrysts (Qtz) in a dolomitic groundmass (GM); (c) zoned dolomite crystals (Dol) and 

phlogopite (Phl) in a segregation, GBO-16; (d) replacement of phlogopite (Phl) by 

chlorite (Chl), Dol = dolomite, GBO-16; (e) zoned spinel macrocryst (Sp), EPV-12A-94. 
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The macrocryst suite comprises predominantly of secondary chlorite pseudomorphs (± its 

precursor phlogopite), subordinate spinel-group minerals, ilmenite and zircon. Garnets 

were not observed in the present work. In addition to the macrocrysts, sample EPV-12A-

94 contains abundant ovoid patches (0.5-2.5 mm in size) of coarser-grained dolomite 

chemically and isotopically indistinguishable from the groundmass crystals. These 

patches can be interpreted as segregations. Dolomite segregations are also present in 

some GBO-16 sections, but these invariably host crystals of (chloritized) phlogopite. 

Both samples also contain euhedral prismatic phenocrysts of fluorapatite ranging from a 

few tens to 500 μm in length. Sample EPV-12A-94 differs from GBO-16 in containing 

abundant angular quartz xenocrysts and rare biotite xenocrysts probably derived from the 

metasedimentary country rock. 

The bulk of the groundmass is composed of turbid dolomitic material with 

indiscernible grain boundaries, which locally grades into larger (up to 300 μm in size) 

clear rhombohedral crystals lining vesicles and macrocryst boundaries. The dolomite 

shows a wide variation in major- and trace-element chemistry (Table 4.1). The highest Fe 

content (up to 8.3 wt.% FeO, equivalent to 22 mol.% ankerite) is observed in the core of 

large crystals from GBO-16, which is also enriched in Sr, Ba and rare-earth elements 

(REE). The low-Fe dolomite compositions (3-10 mol.% ankerite) overlap in the two 

samples. In large euhedral crystals, variations in Mg/Fe ratio are expressed as growth 

zoning present in both samples and detectable only in back-scattered electron images 

(BSE; Fig. 4.2c).  
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Table 4.1. Representative major-, trace-element and isotopic composition of dolomite, 

Wekusko Lake (central Manitoba) 

 
Oxides, 
 wt.%: 1 2 3 4 5 6 7 8 9   
 
MgO 18.82 15.99 18.60 16.75 20.62 20.98 20.79 21.17 16.22  
CaO 28.59 27.85 29.32 29.32 29.06 29.70 29.67 29.83 30.02 
MnO 0.33 1.36 0.58 0.36 0.20 0.26 0.42 0.27 1.21 
FeO 4.74 8.33 3.04 6.63 1.42 1.20 1.42 1.15 5.77 
SrO 0.09 0.30 0.16 0.09 0.02 n.d 0.02 n.d 0.01 
CO2‡ 46.13 45.39 45.61 45.63 46.33 47.12 47.13 47.40 45.56 
Total 98.70 99.22 97.31 98.78 97.65 99.26 99.45 99.82 98.79 

Formulae to 6 oxygen atoms: 

Mg 0.891 0.769 0.891 0.802 0.972 0.973 0.964 0.975 0.778 
Ca 0.972 0.963 1.009 1.008 0.985 0.989 0.988 0.988 1.034 
Mn 0.009 0.037 0.016 0.010 0.005 0.007 0.011 0.007 0.033 
Fe 0.126 0.225 0.081 0.178 0.038 0.031 0.037 0.030 0.155 
Sr 0.002 0.006 0.003 0.002 - - - - - 

Trace-element abundances, ppm: 

 Low-(Sr,REE) High-(Sr,REE) Low-(Sr,REE) High-(Sr,REE) 
  
Rb 0.36(1) 0.37(2) 0.031(3) 0.166(8)  
Mn 4036(130) 1986(64) 2463(79) 2086(67)  
Sr 932(29) 1937(60) 51(2) 154(5)  
Ba 96(3) 242(7) 0.74(2) 2.82(9)  
Y 175(5) 307(10) 40(1) 93(3) 
La 27.7(8) 129(4) 22.0(7) 67(2) 
Ce 75(2) 257(8) 59(2) 159(5) 
Pr 11.4(4) 36(1) 7.7(2) 20.5(6) 
Nd 52(2) 127(4) 28.4(9) 75(2) 
Sm 18.4(6) 29.0(9) 6.6(2) 15.8(5) 
Eu 6.0(2) 8.6(3) 2.00(6) 4.7(2) 
Ho 7.1(2) 12.3(4) 1.47(4) 3.05(9) 
 
(1-5) GBO-16: (1-3) core, intermediate zone and rim of a zoned groundmass 
crystal, respectively; (4-5) core and rim of a zoned crystal in a dolomite-phlogopite 
segregation. (6-9) EPV-12A-94: (6-7) unzoned groundmass grains; (8-9) core and 
rim of a zoned crystal in a vesicle. See Appendix A for analytical details; ‡ 
calculated assuming stoichiometry; n.d = not detected. 
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Phlogopite macrocrysts are devoid of zoning, but exhibit significant intergranular 

variations in major-element chemistry (0.64-0.85 mg#, 8.8-14.9 wt.% Al2O3, 0.1-1.9  

wt.% TiO2, 0.6-1.4 wt.% F; Table 4.2). Importantly, none of the measured compositions 

overlap with that of xenocrystic biotite (mg# ≈ 0.35, 18.0 wt.% Al2O3, 3.4 wt.% TiO2, 0.4 

wt.% F). The macrocrysts are invariably enriched in Mn (0.06-0.22 wt.% MnO), Nb and 

Ta (up to 300 and 13 ppm, respectively), but relatively poor in Cr and Ni (≤ 85 and 188 

ppm, respectively). The major-element composition of chlorite (0.64-0.84 mg#, 10.8-14.3 

wt.% Al2O3, 0-1.4 wt.% TiO2, 0.6-1.2 wt.% F) is consistent with the textural evidence 

that it is the product of phlogopite replacement (Fig. 4.2 d). The mineral corresponds to 

Al-deficient clinochlore spanning the following compositional range: 

(Mg3.2-4.4Fe0.8-1.8Al0.7-0.9Ti0-0.1 0-0.1)∑5.9-6.0(Si3.1-3.4Al0.6-0.9)∑4.0O10(OH7.6-7.8F0.2-0.4)∑8.0. 

 BSE imaging shows that spinel macrocrysts are fragments of larger zoned crystals 

where variations in average atomic number (AZ) correlate with variations in Mg, Al, Cr, 

Ti and Fe contents (Fig. 4.2e). Most macrocrysts exhibit a zoning pattern comprising a 

low-AZ core grading into medium-AZ material and interrupted by a high-AZ outer rim; 

some macrocrysts also show an atoll-like structure. The core of large macrocrysts is 

enriched in Mg, Al and Cr (10.0-13.4, 11.1-21.9 and 46.7-55.6 wt.% respective oxides), 

and low in Ti (nil to 0.2 wt.% TiO2 in the most Mg-Al-Cr-rich compositions). Enrichment 

in Ti toward the rim is invariably accompanied by depletion in Mg and Al (Table 4.3). In 

comparison with the core, the narrow outer rim of the large macrocrysts and smaller 

grains in the groundmass are depleted in Mg and, especially, Al (4.6-7.4 wt.% MgO  and 

≤ 1.2 wt.%Al2O3), but enriched in Ti (up to 7.0 wt.% TiO2) and Fe. 
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Table 4.2. Representative major- and trace-element compositions of phlogopite,  

Wekusko Lake (central Manitoba) 

 
Oxides,    Formulae to 11 oxygen atoms: 
wt.%: 1 2 3 Element 1 2 3 

 
Na2O 0.16 0.17 0.63 Na 0.023 0.025 0.092   
K2O 10.20 10.06 9.18 K 0.948 0.962 0.879   
CaO 0.06 n.d 0.12 Ca 0.005 - 0.010   
BaO n.d 0.46 0.48 Ba - 0.014 0.014   
MgO 25.38 15.49 15.90 Mg 2.757 1.731 1.779   
MnO 0.06 0.21 0.22 Mn 0.004 0.013 0.014   
FeO‡ 3.80 15.68 14.39 Fe2+ 0.231 0.983 0.903   
Fe2O3‡ 4.36 - - Fe3+ 0.239 - - 
Al2O3 8.82 12.84 14.88 Al 0.757 1.134 1.316 
TiO2 0.06 1.85 1.49 Ti 0.003 0.104 0.084 
SiO2 41.30 39.07 37.68 Si 3.009 2.928 2.827   
F 1.20 1.24 0.87 F 0.276 0.294 0.206 
-O=F2 0.51 0.52 0.37     
Total 94.89 96.55 95.47 
 
Mg# 0.85 0.64 0.66 
 
Trace-element abundances, ppm: 
 Low-Rb, Low- High- 
 high-Ba (Nb,Ba) (Nb,Rb)  
Rb 280(9) 429(13) 508(15)  

Cs <1.3 1.6(4) 3.8(3) 
Sr 3.8(3) <0.3 0.9(1)  
Ba 1961(60) 216(7) 1043(32)  
Co 39(3) 32(2) 58(2)  
Ni 34(2) 28(2) 98(3) 
Sc 1.9(3) 0.9(2) 1.1(2) 
V 95(3) 8.9(3) 46(1) 
Cr 61(3) 34(2) 28(1) 
Zr 0.6(2) 0.7(1) 0.49(8) 
Hf 0.25(6) 0.09(4) <0.07 
Nb 205(6) 151(5) 309(9) 
Ta 12.8(5) 3.3(1) 2.5(1) 
 
(1-3) GBO-16: (1-2) macrocrysts; (3) crystal in a dolomite-phlogopite 
segregation. See Appendix A for analytical details; ‡ Fe2+/Fe3+ ratio calculated 
from stoichiometry; n.d = not detected; Y and REE were sought, but not 
detected in any of the samples. 
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Inter-element correlations were analyzed to constrain the major end-member components 

that could be used to express the compositional variation of Wekusko Lake spinel. 

Magnesium shows a positive correlation with Al and negative correlation with Fe3+ and 

Ti, whereas Fe2+ shows the inverse relationship. Hence, the bulk of Al, Ti and Fe3+ can be 

accounted for with MgAl2O4, Fe2TiO4 and FeFe2O4, respectively. Neither Mg nor Fe2+ 

exhibits any clear co-variation with Cr, suggesting that both MgCr2O4 and FeCr2O4 are 

present (Table 4.3). The earliest phases to crystallize are ternary spinels with nearly equal 

mole proportions of MgAl2O4, MgCr2O4 and FeCr2O4, but general predominance (35-45 

mole %) of the latter component. The Ti-rich and Mg-Al-depleted rims contain nearly 

equal proportions of MgCr2O4, FeCr2O4 and FeFe2O4 (20-40 mol %) at low-to-moderate 

Fe2TiO4 and low MgAl2O4 contents. The atoll-like rim is composed of magnetite, but 

could not be analyzed accurately because of its narrow width. 

Ilmenite shows little compositional variation (Table 4.4). It is characteristically 

rich in Mg and Cr (9.3-10.0 and 1.6-2.6 wt.% respective oxides), but poor in Mn and Nb 

(0.4-0.5 and ≤ 0.2 wt.%, respective oxides); only a single grain included in chlorite was 

found, this grain yielded 1.7 wt.% MnO. All of the analyzed grains contain an 

appreciable proportion of ferric iron (~8 mole % Fe2O3). 

Fluorapatite and zircon are ubiquitous accessory minerals. In BSE images, 

fluorapatite microphenocrysts are zoned and show the maximum enrichment in F, Sr and 

light REE (up to 3 wt.% F, 1.1 wt.% SrO and 1.2 wt.% LREE2O3) in the high-AZ 

intermediate zone. The Si, S, Ba and Cl contents are invariably at or below their limit of 

detection. 
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Table 4.3. 
Representative compositions of spinel-group minerals, Wekusko Lake (central Manitoba) 

Wt.% 1 2 3 4 5 6 7 8 9 

MgO 12.69 10.58 7.39 6.19 12.52 13.42 9.89 7.24 5.51 
MnO 0.43 0.47 0.50 0.54 0.40 0.37 0.59 0.57 0.64 
FeO‡ 15.40 17.23 25.59 27.97 15.38 14.72 18.42 22.04 28.63 
Fe2O3‡ 4.47 4.93 14.98 19.27 2.93 3.07 6.76 8.48 17.20 
Al2O3 21.02 11.16 1.78 0.64 18.76 21.95 12.61 8.78 1.28 
V2O3 0.19 0.22 0.22 0.44 0.28 0.23 0.28 0.26 0.33 
Cr2O3 45.57 55.13 41.51 37.02 49.43 46.68 51.33 49.67 38.15 
TiO2 n.d 0.18 6.38 7.05 0.04 n.d 0.18 1.06 6.78 
Total 99.77 99.90 98.35 99.12 99.74 100.44 100.06 98.10 98.54 

Formulae to 3 cations and 4 oxygen atoms: 

Mg 0.588 0.518 0.394 0.333 0.586 0.613 0.484 0.373 0.298 
Mn 0.011 0.013 0.015 0.016 0.011 0.009 0.016 0.017 0.020 

Fe2+ 0.401 0.473 0.763 0.842 0.404 0.377 0.505 0.638 0.867 

Fe3+ 0.105 0.122 0.404 0.523 0.069 0.071 0.167 0.221 0.471 
Al 0.770 0.432 0.075 0.027 0.694 0.793 0.487 0.358 0.055 

V 0.005 0.006 0.006 0.013 0.007 0.006 0.007 0.007 0.010 

Cr 1.120 1.432 1.172 1.055 1.228 1.131 1.330 1.359 1.094 

Ti - 0.004 0.171 0.191 0.001 - 0.004 0.028 0.185 

End-member components, mole % 

MgAl2O4 38.5 21.6 3.7 1.4 34.7 39.6 24.4 17.9 2.7 
MgCr2O4 20.3 30.2 35.6 31.9 23.9 21.7 24.0 19.4 27.1 
FeCr2O4 35.8 41.4 23.0 20.8 37.5 34.8 42.5 48.5 27.6 
FeFe2O4 4.3 5.1 19.1 25.2 2.7 2.9 7.1 9.7 22.1 
Fe2TiO4 - 0.4 17.1 19.1 0.1 - 0.4 2.8 18.5 
MnFe2O4 1.1 1.3 1.5 1.6 1.1 1.0 1.6 1.7 2.0 

(1-4) GBO-16: core, outer core, inner rim and outer rim of a zoned macrocryst, 
respectively. (5-9) EPV-12A-94: (5-6) weakly zoned macrocryst; (7-9) inner core, outer 
core and rim of a zoned macrocryst, respectively. See Appendix A for analytical details; 
‡ Fe2+/Fe3+ ratio calculated from stoichiometry; n.d  = not detected. 
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Table 4.4. Representative compositions of ilmenite and baddeleyite, Wekusko Lake 

Wt.% 1 2 3 4 5 

MgO 9.81 9.42 10.03 n.d n.d 
CaO n.d n.d n.d 0.42 0.59 
MnO 0.50 0.48 1.74 n.d n.d 
FeO‡ 27.85 27.79 25.94 - - 
Fe2O3‡ 8.44 9.08 7.57 1.80 2.31 
Al2O3 0.06 0.03 0.07 0.14 n.d 
V2O3 n.a n.a 0.51 n.a n.a 
Cr2O3 1.94 2.64 1.61 n.a n.a 
TiO2 50.90 49.80 50.69 2.00 4.10 
ZrO2 n.d n.d n.d 81.64 78.67 
HfO2 n.a n.a n.a 1.58 1.18 
ThO2 n.a n.a n.a 0.29 0.33 
UO2 n.a n.a n.a 0.19 0.24 
Nb2O5 0.06 0.21 n.d 10.22 10.14 
Ta2O5 n.d n.d n.d 0.59 0.89 
Total 99.56 99.45 98.16 98.87 98.45 
Formulae to: 3 oxygen atoms 2 oxygen atoms 
Mg 0.346 0.333 0.357 - - 
Ca - - - 0.009 0.013 
Mn 0.010 0.010 0.035 - - 

Fe2+ 0.550 0.552 0.518 - - 

Fe3+ 0.150 0.162 0.136 0.028 0.035 
Al 0.002 0.001 0.002 0.003 - 

V - - 0.010 - - 
Cr 0.036 0.050 0.031 - - 

Ti 0.905 0.890 0.911 0.031 0.062 

Zr - - - 0.809 0.774 
Hf - - - 0.009 0.007 
Th - - - 0.001 0.002 
U - - - 0.001 0.001 
Nb 0.001 0.002 - 0.094 0.092  
Ta - - - 0.003 0.005 

End-member components, mole % 
MgTiO3 34.6 33.3 36.0   
MnTiO3 1.0 1.0 3.5   
FeTiO3 55.1 55.1 52.1   
Fe2O3 7.5 8.1 6.9   
Cr2O3 1.8 2.5 1.5   
(1-2) Ilmenite macrocrysts, GBO-16; (3) ilmenite inclusion in 
chlorite, EPV-12A-94; (4-5) baddeleyite reaction rim on zircon, 
GBO-16. See Appendix A for analytical details; ‡ Fe2+/Fe3+ ratio 
calculated from stoichiometry; n.a = not analyzed; n.d. = not 
detected. 
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Zircon macrocrysts contain 1.1-1.4 wt.% HfO2 (Zr/Hf = 40-51); other potential 

substituents (including Th and U) were sought, but not detected. The crystals are 

commonly fragmented and surrounded by an opaque high-AZ reaction rim comprising 

baddeleyite (Table 4.4) and other Zr oxides (possibly zirconolite [CaZrTi2O7] or calzirtite 

[CaZr3TiO9]) whose grain size is too small for accurate analysis. 

 

4.5. GEOCHEMISTRY 

4.5.1. Whole-rock major and trace-element geochemistry 

In accord with the modal mineralogy, the whole-rock major-element composition 

of both studied samples is dominated by high MgO, CaO and CO2 contents with moderate 

SiO2 and FeOT and low TiO2, Na2O and MnO contents (Table 4.5). The K2O, Al2O3 and 

P2O5 values are low in EPV-12A-94, but appreciable in GBO-16, owing to the much 

greater abundance of phlogopite, chlorite and fluorapatite in the latter sample. Both 

samples are characterized by high abundances of compatible trace elements (up to 100 

ppm Sc, 110 ppm Co, 990 ppm Cr and 610 ppm Ni) coupled with enrichment in 

incompatible elements, particularly Sr, LREE, Nb, Zr, Th and U (Table 4.6). The 

abundances of trace-elements normalized to the primitive-mantle composition 

(McDonough and Sun, 1995) show moderate enrichment in LREE relative to heavy REE, 

strong negative Rb-Ba, K, Zr-Hf and Ti anomalies and moderate-to-strong Pb and Sr 

anomalies (Fig. 4.3a). The rock has high Ga/Al, Zr/Hf and Nb/Ta ratios, but low Zr/Nb 

ratio relative to the primitive mantle (Table 4.6). The Y/Ho and Th/U ratios are close to 

the primitive values (28.9 and 3.9, respectively). 
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Table 4.5. Whole-rock major-element composition of dolomite carbonatite from 

Wekusko Lake in comparison with that of average magnesiocarbonatite (MC), 

hypabyssal kimberlite (HK), Ordovician sedimentary dolomite (OSD) and experimental 

high-pressure magnesiocarbonatite (EHPC).  

 

 

  Dol carbonatite MC‡ HK† OSD& EHPC@ EHPC++ 

 WL GBO-16EPV-12A-94 (n = 99) (n = 123) 32-93   

Oxides,wt.% 
SiO2 7.89 3.59 3.69 31.11 1.01 7.21 5.19 
TiO2 0.51 0.33 0.14 1.65 0.01 0.81 0.08 
Al2O3 2.64 0.72 0.52 2.91 0.21 1.24 1.43 
MgO 19.68 20.58 14.90 28.81 20.8 15.46 16.07 
CaO 24.04 28.28 29.58 9.69 30.23 25.65 23.85 
MnO 0.31 0.32 1.03 0.17 0.07   
FeOT 5.17 2.98 6.81 8.50 0.76 4.42 5.92 
Na2O 0.15 0.11 0.12 0.21 0.33 0.28 0.36 
K2O 0.77 0.07 0.30 1.03 0.08 3.20 0.37 
P2O5 1.54 0.67 1.80 0.93 0.03   
LOI 35.44 42.66   46.45 41.35  
CO2 34.80 43.40   47.70   
mg# 87.2 92.5 79.6 85.8 98.0 86.2 82.9 
Total* 98.14 100.31   99.98 100.00 53.27 

‡ Calculated from published data for 33 magnesiocarbonatite localities worldwide; † 
calculated from published and authors’ own data for 27 kimberlite localities worldwide 
(see Appendix B for references and details); & Ordovician dolomite from the 
sedimentary cover at Wekusko Lake; @ magnesiocarbonatitic melt equilibrated with 
phlogopite-bearing peridotite at P = 46 kbar and T = 1250 oC (Sweeney et al., 1995); ++ 
magnesiocarbonatitic melt equilibrated with MORB pyrolite at P = 50 kbar and T = 
1180 oC (Foley et al., 2008). See Appendix A for analytical details; * Total including 
LOI, excluding CO2; blank spaces indicate that data are not available. 
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Table 4.6. Whole-rock trace-element composition of dolomite carbonatite 

from Wekusko Lake in comparison with average magnesiocarbonatite (MC), 

hypabyssal kimberlite (HK) and Ordovician sedimentary dolomite (OSD) 

 Dol carbonatite MC HK OSD 

 WL GBO-16 EPV-12A-94 (n = 99) (n = 65) 32-93  

V 87 42 104 119 <5 
Cr 990 910 23 1545 <20 
Ni 380 610 21 1118 <20 
Co 112 28 17 78 <1 
Sc 98 42 22 16.5 <1 
Ga 10 5 n.a 5.3 <1 
Rb 31 4 10.2 64 2 
Cs <0.5 <0.5 1.13 1.07 <0.5 
Sr 674 173 4323 920 47 
Ba 283 78 7339 1660 9 
Pb 7 n.d 31 10.8 <5 
Y 93 94 79 15.2 4 
La 68 196 883 142 2.5 
Ce 164 429 1483 252 4.7 
Pr 21 50 130 27 0.59 
Nd 80 170 559 93 2.4 
Sm 19 33 88 12.2 0.5 
Eu 5.4 8.0 16 3.0 0.14 
Gd 19 29 44 8.2 0.6 
Tb 3.2 3.8 6.1 0.84 <0.1 
Dy 18 19 33 3.50 0.4 
Ho 3.7 3.4 3.8 0.51 <0.1 
Er 12.2 10.4 11.8 1.15 0.2 
Tm 1.9 1.6 1.36 0.15 <0.05 
Yb 12.3 10.5 7.0 0.72 0.1 
Lu 1.8 1.6 1.01 0.11 <0.04 
Zr 290 279 265.5 223 19 
Hf 1.5 2.4 4.0 4.8 0.4 
Th 100 60 188 19.1 0.4 
U 19 22 14.6 4.5 0.4 
Nb 189 162 235.3 195 8 
Ta 9.1 5.1 7.4 10.4 0.2 
Nb/Ta 20.8 31.8 27.5 18.7 40.0 
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Table 4.6. (Continued) 

 

 Dol carbonatite MC HK OSD 

 WL GBO-16 EPV-12A-94 (n = 99) (n = 65) 32-93  

Selected element ratios (mass):   

Ga/Al 7.2×10-4 1.3×10-3 2.6×10-3@ 4.2×10-4 <9.0×10-4 
Sc/Cr 0.099 0.046 8.9 0.013 - 
Y/Ho 25.1 27.6 24.7 27.3 >40 
Zr/Hf 47.5 55.1 69.8 42.7 47.5 
Th/U 5.3 2.8 18.0 5.5 1.0 
Zr/Nb 1.5 1.7 3.0 1.10 2.4 
 
Datasets as in Table 5; element ratios are averages of mass ratios, not ratios of 
average element abundances. See Appendix A for analytical details; @ Ga/Al 
ratio based on 22 analyses of carbonatite (sensu lato) for which Ga data are 
available; n.a = data not available. 
 
 
 
4.5.2.  Isotope geochemistry 

Given that dolomite is the principal constituent of both GBO-16 and EPV-12A-

94, the isotopic composition of that mineral was investigated to constrain its origin. The 

two samples show a small overlapping range of δ13CV-PDB values (-5.3 to -7.6‰) typical 

of mantle-derived carbonate (Taylor et al., 1967; Deines, 1989), whereas the oxygen 

isotopic composition of dolomite in GBO-16 is significantly lighter than that in EPV-

12A-94 (Table 4.7, Fig. 4.3b). In each of the samples, the groundmass and segregations 

are virtually indistinguishable isotopically. The Sr isotope analysis of dolomite 

microsamples yielded (87Sr/86Sr)i values distinctly lower than the (87Sr/86Sr)i ratios of 

Lower Paleozoic sedimentary dolomites found to the south and southeast of Wekusko 

Lake (Table 4.7), with sample GBO-16 being less radiogenic than sample EPV-12A-94. 
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Table 4.7. Isotopic composition of dolomite carbonatite from Wekusko Lake and 

sedimentary dolomites, central Manitoba 

 
Sample δ13CV-PDB δ18OV-SMOW 87Sr/86Sri 87Sr/86Sri �Ndt 
 Dol Dol Dol whole-rock whole-rock 
 
GBO-16:   0.70348§ 0.70452† -1.2† 
groundmass -5.48 23.69  
groundmass -5.41 20.04 
groundmass -5.29 22.83 
Phl-Dol segregation -7.56 23.01 
 
EPV-12A-94:   0.70574@ 0.70699‡ -1.4‡ 
groundmass -6.00 25.28 
Dol segregation -5.41 25.16 
Dol segregation -5.67 24.74 
 
Sedimentary dolomite: 
Wekusko Lake# -0.24 26.21 0.70853 
Wekusko Lake# -2.26 24.90 0.70853 
Limestone Lake* -0.26 25.11 0.70820 
 
87Sr/86Sri and �Ndt values were calculated assuming an emplacement age of 560 Ma 
(authors’ unpublished data); Dol = dolomite, Phl = phlogopite; § 932 ppm Sr, 0.36 
ppm Rb, 87Sr/86Sr = 0.70349(1); @ 51 ppm Sr, 0.03 ppm Rb, 87Sr/86Sr = 0.70576(1); † 
674 ppm Sr, 31 ppm Rb, 19 ppm Sm, 80 ppm Nd,  87Sr/86Sr = 0.70590(2), 
143Nd/144Nd = 0.512406(5); ‡ 173 ppm Sr, 4 ppm Rb, 33 ppm Sm, 170 ppm Nd,  
87Sr/86Sr = 0.70749(3), 143Nd/144Nd = 0.512246(4); # Ordovician (~470 Ma); * 
Silurian (~430 Ma). See Appendix A for analytical details. 
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Figure 4.3. Geochemistry of the Wekusko Lake carbonatite. (a) Whole-rock abundances 

of selected trace elements in Wekusko Lake carbonatite normalized to the primitive 

mantle composition (McDonough and Sun, 1995); the data for sedimentary dolomite, 

average magnesiocarbonatite and kimberlite (Table 4.6) are plotted for comparison. (b) 

Stable-isotope composition of dolomite from Wekusko Lake carbonatite and sedimentary 

dolomites compared with the compositional fields of primary carbonatites and 

carbonatites from Eden Lake, Manitoba; shaded arrow denotes the low-T carbonate 

alteration trend (Demény et al., 2004). 
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Figure 4.3. (Continued). 

 

 

 

 

 

 

 

 

 

 

 

 

Whole-rock Sr isotope analysis also yields an appreciably less radiogenic (87Sr/86Sr)i ratio 

for GBO-16 relative to EPV-12A-94, but both values are notably higher than the 87Sr/86Sr 

values determined from the dolomite samples in each rock. The whole-rock Nd isotopic 

composition of sample GBO-16 is more nominally radiogenic than that of EPV-12A-94 

(Table 4.7), as expected from the Sr-isotope results. 

 

4.6.  DISCUSSION 

4.6.1.  Wekusko Lake “kimberlite” redefined 

Several types of volatile-rich and silica-undersaturated igneous rocks (e.g., 

ultramafic lamprophyres, carbonatites and melilitites) may show textural, mineralogical 

b 
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and geochemical similarities to kimberlites (Mitchell, 1995; Mitchell et al., 1999; Tappe 

et al., 2005). Any of these rocks may also contain abundant xenocrysts of mantle 

provenance, including diamond (Stoppa and Woolley, 1997; Kornilova et al., 1999; 

Tappe et al., 2006; De Stefano et al., 2006; Nielsen et al., 2008). In most cases, 

kimberlites can be reliably distinguished from texturally similar rocks based on the 

subtleties of their mineral chemistry and trace-element budget. The most challenging for 

identification are carbonate-rich varieties of kimberlite described from several localities 

around the world, sometimes under the name “carbonatite” or “carbonatite kimberlite” 

(Boctor and Boyd, 1981; Gaspar & Wyllie, 1984; Beard et al., 2000; Belyatsky et al., 

2008). In all of these cases, however, the carbonate-rich phase is intimately associated, 

and shares many mineralogical and geochemical similarities, with archetypal kimberlite. 

In addition to spatial association, there is convincing textural evidence to indicate genetic 

linkage between the carbonate-poor and carbonate-rich units. Following Mitchell (2008), 

the latter can be considered as products of in-situ differentiation of kimberlitic magma 

unrelated to bona fide carbonatites; in the following discussion, they are grouped with 

kimberlites. 

The samples studied in the present work are composed largely of dolomite and 

completely lack macrocrystic and phenocrystic olivine, as well as serpentine or any other 

products of olivine alteration. In kimberlites, calcite is the principal carbonate mineral 

present as (micro)phenocrysts, groundmass grains, segregations and secondary alteration 

products, whereas primary dolomite is much less common and typically forms reaction 

rims and overgrowths on earlier-crystallized calcite (Dawson and Hawthorne, 1973; 

Mel’nik et al., 1982; Podvysotskii, 1985; Egorov et al., 1991; Chakhmouradian and 
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Mitchell, 1999; Armstrong et al., 2004). Late-stage dolomite developed at the expense of 

olivine (and, to a lesser degree, other Mg-Fe minerals) is much more common, to the 

extent where it is the principal groundmass constituent in some orangeites (group II 

kimberlites; Ruotsala, 1975; Mitchell, 1995). In the present work, no indication that 

either groundmass or segregation dolomite in the Wekusko Lake samples developed at 

the expense of serpentine, calcite or any other precursor mineral was found. The trace-

element and isotopic compositions of this dolomite (Tables 4.1 and 4.7) clearly indicate 

that it is a primary mineral and not a product of fluid-rock interaction. The Y/Ho ratios of 

the Wekusko Lake dolomite (26.5±1.6 in GBO-16 and 29.6±1.6 in EPV-12A-94) are near 

the primitive-mantle value of 29. This is inconsistent with crystallization of this mineral 

from a low-temperature aqueous system (Bau, 1996). The Y-enriched chemistry of 

crustal and sea water would produce a high-Y/Ho signature typical of sedimentary 

carbonates (cf. Ordovician dolomite in Table 4.6). 

The samples examined in this work lack groundmass oikocrysts of Al-depleted 

phlogopite, monticellite microphenocrysts, perovskite and Mg-poor ulvöspinel-magnetite 

compositions (“titanomagnetite”), all of which are characteristic of, although not 

exclusive to, kimberlites (Mitchell, 1986, 1995). Ferromagnesian micas, apatite-group 

minerals and zircon are common in both kimberlites and carbonatites. The major-element 

compositional range of macrocrystic phlogopite at Wekusko Lake overlaps with the 

range for kimberlites (ibid., Reguir et al., 2008a). However, compositions with mg# < 

0.75 are virtually absent from archetypal kimberlites and restricted to extremely Al-

depleted (Fe,Ti)-rich micas in orangeites (Mitchell, 1995; Taylor and Kingdom, 1999; 

Kaminsky et al., 2004; Masun et al., 2004). Furthermore, the Wekusko Lake phlogopite 
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is much poorer in Cr and Ni, but richer in Mn and Nb in comparison with kimberlitic 

macrocrysts; on the discrimination diagrams of Reguir et al. (2008a), its compositions 

plot in the carbonatite field (Figs. 4.4 a,b). Both fluorapatite and zircon identified in the 

present work have compositions typical of their counterparts in bona fide carbonatites 

(see electronic Appendices in Chakhmouradian, 2006; Chakhmouradian et al., 2008). 

The whole-rock geochemistry of the Wekusko Lake rocks cannot be reconciled with their 

identification as “kimberlite”. (The average compositions of hypabyssal kimberlite and 

magnesiocarbonatite, compiled from the literature and authors’ own unpublished data, are 

provided for comparison in Tables 4.5 and 4.6). None of the previously reported 

compositions of fresh kimberlite approach the major-element chemistry of the studied 

samples (Table 4.5). Using geochemistry as the principal classification criterion, the 

rocks in question should be termed magnesiocarbonatite; alternatively, they can be 

referred to as beforsite, a term restricted to fine-grained dolomite carbonatites (Le Maitre, 

2002). The trace-element distribution patterns of kimberlites and magnesiocarbonatites 

are broadly similar (Fig. 4.3a), but ratios of certain isovalent elements of similar size can 

be used to distinguish between these two rock types. The most important of these are the 

Ga/Al, Sc/Cr, Zr/Hf and Nb/Ta ratios, which are close to (or slightly above) the 

primitive-mantle values in kimberlites and significantly exceed these values in 

carbonatites (Table 4.6). The latter are also enriched in Th and U relative to kimberlites 

(Fig. 4.3a). For example, none of the hypabyssal kimberlites reported in the literature 

show Sc/Cr > 0.03 and > 50 ppm Th. The Wekusko Lake samples are characterized by 

enrichment in Th and U, as well as high Ga/Al, Sc/Cr, Zr/Hf and Nb/Ta values consistent 

with a carbonatitic lineage. 
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Figure 4.4. Compositional variation of macrocrysts from the Wekusko Lake beforsite. 

(a,b) Trace-element composition of phlogopite compared with the published data for 

phlogopite from kimberlites and carbonatites (Reguir et al., 2008a). (c,d) Major-element 

composition of spinels compared with macrocrysts from some diamondiferous 

kimberlites: Anuri (Masun et al., 2004), Attawapiskat (Kong et al., 1999) and 

Koffiefontein (Gurney and Zweistra, 1995). (e,f) Major-element composition of ilmenite 

compared with macrocrysts from some diamondiferous kimberlites: Anuri (Masun et al., 

2004), Attawapiskat (Kong et al., 1999) and South Africa (Wyatt et al., 2004). Dotted 

lines in (f) indicate the estimated Fe2O3 content of macrocrystic ilmenite; dashed line 

separates the fields of kimberlitic and non-kimberlitic ilmenite according to Wyatt et al. 

(2004). (g) Composition (mol.%) of ilmenite compared with macrocrysts and groundmass 

ilmenite from kimberlites, orangeites and carbonatites (Mitchell, 1995; Chakhmouradian 

and Mitchell, 1999; Chakhmouradian and Zaitsev, 1999).   
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Fig. 4.4. (Continued). 
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Figure 4.4. (Continued) 
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Figure 4.4. (Continued) 
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Although the Cr, Co and Ni abundances are significantly lower in the “average” 

magnesiocarbonatite than in the samples studied in this work (Table 4.6), carbonatites 

with comparable levels of compatible trace elements have been previously described in 

the literature (e.g., Bagdasarov, 1981; Stoppa and Woolley, 1997; Ripp et al., 2006). In 

common with the Wekusko Lake suite, such carbonatites are not associated with any 

alkaline silicate rocks and are believed to have formed directly from mantle-derived 

melts. The Cr, Co and Ni enrichment of these rocks can be explained by the entrainment 

of mantle xenocrysts in ascending carbonatitic magma. Mantle-derived spinel and 

ilmenite xenocrysts have been documented in many types of rock (e.g., Boyd et al., 1999; 

Hearn, 1999; Lee and Rudnick, 1999; Grégoire et al., 2002; Aulbach et al., 2004). 

 

4.6.2.  Tracking the roots of the Wekusko Lake carbonatite 

The dolomitic makeup of the examined rocks is consistent with the composition 

of carbonatitic melts equilibrated with upper-mantle peridotites (Wallace and Green, 

1988; Sweeney, 1994; Foley et al., 2008). Melts equilibrated with phlogopite-bearing 

peridotite at P = 34-50 kbar are remarkably similar to sample GBO-16 in major-element 

composition (Table 4.5). This sample also shows appreciably higher levels of SiO2, 

Al2O3, P2O5 and large-ion-lithophile elements, but much lower LREE, Nb/Ta and Zr/Hf 

values relative to EPV-12A-94. These geochemical differences, coupled with textural 

evidence (greater abundance of carbonate segregations, scarcity of macrocrysts, near-

complete conversion of phlogopite to chlorite) indicate that EPV-12A-94 is the more 

evolved of the two carbonatite samples. The Sr and Nd isotopic characteristics of this 

sample attest to a stronger crustal overprint relative to GBO-16 (Table 4.7), possibly 
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involving both xenolith digestion and re-equilibration with invading fluids. Dolomite 

from both studied samples shows less radiogenic Sr compositions in comparison with the 

whole-rock values, confirming the presence of a 87Sr-enriched component [(87Sr/86Sr)i > 

0.707]. This conclusion is consistent with the presence of abundant crustal xenocrysts in 

EPV-12A-94 and the observed variation in δ18OV-SMOW value (Table 4.7, Fig. 4.3b), 

which parallels the low-temperature alteration trend recognized in other carbonatites 

(Deines, 1989; Demény et al., 2004). 

The compositions of oxide macrocrysts documented in the present work (Tables 

4.3 and 4.4) are atypical of carbonatites (Chakhmouradian and Zaitsev, 1999; 

Chakhmouradian and Williams, 2004; Reguir et al., 2008b). Macrocrysts of Mg-Al-Cr-

rich spinel indistinguishable from those found in the Wekusko Lake suite have been 

reported from diamondiferous kimberlites around the world (Kong et al., 1999; Schulze, 

2001; Hood and McCandless, 2004; Masun et al., 2004). The most Cr-rich compositions 

from Wekusko Lake (55.1-55.6 wt.% Cr2O3) plot just outside the diamond-inclusion field 

of Gurney and Zweistra (1995) (Fig. 4.4c). The enrichment of macrocryst cores in Al 

[(Cr/(Cr+Al) = 0.6-0.8] and variations in Mg, Al and Ti contents observed in some of the 

grains suggest metasomatic processes in the mantle source (Schulze, 2001), which is in 

accord with the distinctly superchondritic Zr/Hf, Nb/Ta and Ga/Al whole-rock values 

(Chakhmouradian, 2006). On a “reduced” prism diagram (Fig. 4.4d), the early Wekusko 

Lake compositions plot along the AMC trend characteristic of xenocrystic spinels, 

whereas the more evolved Ti-rich, Al-poor compositions parallel magmatic trend 2 

observed in phlogopite-rich kimberlites (Mitchell, 1995). The similarity of these 

evolutionary trends does not imply any genetic linkage to kimberlites and is simply an 
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example of mineralogical convergence between kimberlites and carbonatites (Mitchell, 

1986, 1995). The compositions of Mg-Cr-rich ilmenite plot inside the well-defined 

kimberlitic trend and well away from the reference curve for the so-called “non-

kimberlitic” ilmenite (Wyatt et al., 2004; Fig. 4.4 e,f). The Wekusko Lake macrocrysts 

are compositionally indistinguishable from those in archetypal kimberlites (Fig. 4.4g). 

Discrete crystals of Mg-rich ilmenite also occur in carbonatites, but in contrast to the 

material described in the present work, are devoid of detectable Cr and contain much 

higher levels of Mn (≥ 4 wt.% MnO; Chakhmouradian and Williams, 2004). 

Mantle-derived xenocrysts of Cr-bearing spinel are not uncommon in extrusive 

carbonatites; however, only magnesioferrite from the Chasweta dolomite carbonatite in 

Zambia (Bailey, 1989) approaches the compositions obtained in the present work. 

Wekusko Lake is the first example of the occurrence of diamond-indicator minerals in a 

bona fide carbonatite, i.e., not a carbonate-rich variety of kimberlite. Clearly, its parental 

magma must have originated at depths well in excess of the typical depth range for 

primary carbonatitic magmas (~70-100 km). Unfortunately, in the absence of garnet and 

pyroxene macrocrysts, accurate assessment of the P-T conditions in the source is 

impossible. 

The Fort à la Corne field in Saskatchewan, situated some 350 km WSW of 

Wekusko Lake, is the only confirmed occurrence of kimberlite in the Trans-Hudson 

Orogen. This field comprises reworked volcaniclastic kimberlites (some subeconomically 

diamondiferous) of Cretaceous age (Kjarsgaard, 2007). The Fort à la Corne kimberlites 

are also underlain by Archean rocks of the Sask craton and, as indicated by their isotopic 
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composition (Hegner et al., 1995), may have been derived from a source similar to the 

source of the Wekusko Lake carbonatite. 

Wekusko Lake is the second known occurrence of carbonatite in the 

Paleoproterozoic Trans-Hudson Orogen. The only other known locality, at Eden Lake 

(northern Manitoba) hosts coarse-grained calcite carbonatite (sövite) which is 

mineralogically and geochemically different from the rock described in the present work 

(Chakhmouradian et al., 2008). Although both carbonatites were emplaced in a 

postcollisional orogenic setting comprising tectonically juxtaposed metavolcanic and 

metasedimentary sequences, the Eden Lake sövite shows a subduction-induced 

geochemical signature (strong negative Nb-Ta anomaly and low δ13C values), which is 

not observed in the Wekusko Lake rocks (Fig. 4.3). Further, the Eden Lake carbonatite is 

associated with voluminous postcollisional magmatism of shoshonitic affinity (ibid.), 

whereas the Wekusko Lake beforsite does not appear to be accompanied by any alkali-

silicate magmas. These differences attest to the complexity of geodynamic and magma-

generation processes in the mantle beneath the Trans-Hudson Orogen. 

 

4.7. CONCLUSIONS 

On the basis of new analytical evidence, the carbonate-rich silica-undersaturated 

rock intersected at Wekusko Lake by drilling and initially classified as “kimberlite” was 

re-interpreted as macrocrystic fine-grained magnesiocarbonatite (beforsite). This rock is 

unique in that the compositions of most of its major constituent phases (dolomite and 

phlogopite) are characteristic of carbonatites, whereas the macrocryst suite includes 

diamond-indicator minerals that are either extremely rare (Mg-Al-Cr-rich spinel) or not 
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previously reported from carbonatites (Mg-Cr-rich ilmenite and Cr-rich pyrope). The 

trace-element geochemistry is also consistent with the identification of this rock as 

carbonatite rather than kimberlite. The Wekusko Lake rock is isotopically distinct from 

sedimentary dolomites occurring in proximity, but shows some variation in O, Sr and Nd 

isotopic composition, possibly due to crustal contamination and subsolidus re-

equilibration of the carbonatite with a low-temperature fluid. 

 

4.8. APPENDIX A. SUPPLEMENTARY DATA 

Supplementary data associated with article by Chakhmouradian et al. (2009) can 

be found, in the online version, at doi: 10.1016/j.lithos.2009.03.039. 
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CHAPTER 5.  

MAGMATIC AND REACTION TRENDS IN MAGNETITE FROM CARBONATITES 

OF KERIMASI , TANZANIA.   

 

5.1.  ABSTRACT 

In this work, the mode of occurrence, pattern of zoning and composition of 

magnetite and associated spinel-group minerals from three types of calciocarbonatite 

from the Kerimasi volcano, in Tanzania was examined. In all of the samples, magnetite is 

one of the earliest phases to have crystallized, and shows an appreciable compositional 

variation. The majority of compositions correspond to magnetite with low-to-moderate 

proportions of magnesioferrite and ulvöspinel components (10-28 and 2-28 mol.%, 

respectively) and <15 mol.% of spinel and jacobsite. One sample of pyroclastic 

carbonatite also contains crystals of Mn-rich (15-17 mol.% MnFe2O4) magnesioferrite. 

The two trace elements, consistently present in appreciable amounts, are V (400-2000 

ppm) and Zn (700-3300 ppm); the abundances of other trace elements are much lower 

and very variable (≤15 ppm Cr, 170 ppm Ni, 220 ppm Co, 490 ppm Zr, 14 ppm Hf, 95 

ppm Nb and 3 ppm Ta). These data suggest that magnetite is a minor host for Zr, Hf, Nb 

and Ta in carbonatites. The composition of magnetite crystallizing from carbonatitic 

magma evolves by becoming depleted in Mg, Ti, and Al. The Al content inversely 

correlates with the V content and, thus, is sensitive to variations in f(O2). The 

compatibility of V is interpreted to decrease, and that of Mn to increase, with increasing 

f(O2). Observed co-variation between the Mn and Zn contents suggests that the 

partitioning behavior of Zn is controlled by the coupled substitution 
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Zn2+Mn3+Fe2+
-1Fe3+

-1. The Mg-Ti depletion trend is accompanied by a decrease in Zr and 

Ta contents at constant or decreasing levels of Nb and Hf, which has implications for 

interpretation of the partitioning behavior of high-field-strength elements in carbonate 

melts. In addition to the magmatic evolutionary trend, the magnetite from Kerimasi 

exhibits a previously unrecognized trend, arising from reaction of the magnetite with 

carbonatitic magma. This trend involves enrichment of the peripheral parts of magnetite 

crystals in Mg, Al, Mn, Zr and Nb, and their mantling by spinel. This trend requires that 

a(Mg2+) and a(Al3+) in the magma increase with evolution, whereas a(SiO2) remains low 

to impede the precipitation of Mg-Al silicates. 

 

5.2. INTRODUCTION  

Magnetite is a ubiquitous constituent of carbonatitic rocks (sensu lato) and in 

some cases, can be present in industrially viable quantities (e.g., Petrov 2004). Of far 

greater importance, however, is the applicability of magnetite as a petrogenetic indicator 

(e.g., Bailey and Kearns 2002; Lee et al. 2005). Magnetite has an inverse spinel crystal 

structure, with tetrahedral sites occupied by Fe3+, and octahedral positions filled by equal 

number of Fe3+ and Fe2+ atoms (Burdett et al., 1982). Partitioning of major elements (Al, 

Mn, Cr, Ti) in magnetite is well studied (e.g., Chlan et al., 2007; Coker et al., 2008), 

whereas substitution mechanisms involving other elements, excluding Co, Ni, Zn and V 

(Kim et al., 2007; Marshall and Dolasse, 1984; ), are virtually unknown. The structural 

tolerance of spinel-group minerals to substitutions involving a wide range of major and 

trace elements (Table 5.1) makes this mineral sensitive to the trace-element budget of 

carbonatitic magma (Ripp et al. 2006), changes in physical and chemical parameters  
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Table 5.1. Maximum contents of selected major and trace elements in Fe2+-Fe3+ spinel-group minerals from carbonatites 

 Maximum content Rock type Comments† Reference 

 wt.% oxide ppm apfu‡ Locality 

Mg§ 15.61*  0.75 Fine-grained calciocarbonatite Moderate Al and Mn, low Ti, Bailey & Kearns (2002) 
    Kaluwe, Zambia undetectable Cr 

Mn 16.61*  0.53 Volcanic natrocarbonatite Moderate Mg, low Al and Ti Mitchell & Belton (2004) 
    Oldoinyo Lengai, Tanzania  

Al§ 14.61*  0.56 Volcanic calciocarbonatite High Mg, moderate Ti, low Mn, Bailey & Kearns (2002) 
    Fort Portal, Uganda undetectable Cr 

V 1.65*  0.05 Fine-grained magnesiocarbonatite Moderate Ti, undetectable Cr Ripp et al. (2006) 
    Veselyi, Siberia, Russia Associated with V-rich rutile 

Cr§ 0.65*  0.02 Fine-grained silicocarbonatite Moderate Mg, low Al, Mn and Ti Chakhmouradian & MacBride 
    Kontozero, Kola, Russia Rims on xenocrystic chromite (unpublished data) 
Ti 17.22*  0.49 Fine-grained calciocarbonatite Moderate Mg and Al, low Mn, Bailey & Kearns (2002) 
    Kaluwe, Zambia undetectable Cr 

Ti# 27.45*  0.78 Carbonate-trachytic ash-flow tuff Low Mg, Al and Mn Macdonald et al. (1993) 
    Suswa, Kenya Phenocrysts in carbonate matrix 

 

Note: ‡ Atoms per formula unit (apfu) calculated to a total of 3 cations and 4 atoms of oxygen. † Low = < 0.10 apfu; moderate = 0.10-0.29 apfu; 
high = > 0.30 apfu; undetectable Cr = < 400 ppm; detectable Cr = > 400 ppm. § Much higher Mg, Al and Cr contents have been recorded in 
mantle-derived chromian spinel-chromite-magnesiochromite from many extrusive and hypabyssal carbonatites (e.g., Woolley et al. 1991); these 
data are not included in the above summary. * Electron-microprobe data. # Ulvöspinel (i.e., apfu Ti > apfu Fe3+); note that samples from bona fide 
carbonatites have much lower Ti contents (see the preceding entry).  
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Table 5.1. (Continued) 

 Maximum content Rock type Comments† Reference 

 wt.% oxide ppm apfu‡ Locality 

Co  1300×  Calcite carbonatite Low Mg, Al, Mn and Ti, Bagdasarov (1989) 
    Dubravinskoye, Russia detectable Cr 

Ni××  2700×  Calcite carbonatite Low Mg, Al, Mn and Ti, Bagdasarov (1989) 
    Dubravinskoye, Russia detectable Cr 

Zn  3270$  Calciocarbonatitic lapilli-tuff High Mg, moderate Al and Mn, This work 
    Kerimasi, Tanzania low Ti, undetectable Cr 

Zr  490$  Calciocarbonatitic lapilli-tuff High Mg, moderate Ti, low Al This work 
    Kerimasi, Tanzania and Mn, undetectable Cr 

Nb  95$  Calciocarbonatitic lapilli-tuff High Mg, moderate Al and Mn, This work 
    Kerimasi, Tanzania low Ti, undetectable Cr 

Note: ‡ Atoms per formula unit (apfu) calculated to a total of 3 cations and 4 atoms of oxygen. † Low = < 0.10 apfu; moderate = 0.10-0.29 apfu; 
high = > 0.30 apfu; undetectable Cr = < 400 ppm; detectable Cr = > 400 ppm. × Quantometric data. ×× Nykänen et al. (1997) reported 1500 ppm Ni 
in low-(Mg,Al,Ti,Mn,Cr) magnetite from tremolite-dolomite carbonatite at Laivajoki, Finland, analyzed by EMPA. $ LA-ICPMS data. 
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during magnetite growth (Gaspar and Wyllie 1983), and subsolidus processes in the host 

rock (Krasnova et al. 2004). Some carbonatites contain two or more morphologically and 

chemically distinct types of magnetite, which can provide an informative record of 

carbonatite evolution (e.g., Lee et al. 2005, Ripp et al. 2006).  

The major objectives of the present work were: (i) to determine the extent and 

character of compositional evolution of spinel-group minerals in carbonatites and (ii) to 

identify the elements that are most suitable as petrogenetic indicators. To address these 

objectives, three petrographically distinct types of magnetite-bearing calciocarbonatite 

(all from the Kerimasi volcano in northern Tanzania) were selected and examined using 

back-scattered-electron (BSE) imaging, electron-microprobe analysis (EMPA, 231 point 

analyses in total) and laser-ablation inductively coupled plasma mass spectrometry (LA-

ICPMS, 88 spot analyses and profiles). 

 

 5.3. PREVIOUS WORK 

According to the published record, the bulk of magnetite from carbonatitic rocks 

is variably enriched in Mg and Ti, but relatively poor in Mn, Al, Cr and V (some notable 

exceptions are listed in Table 5.1). Unfortunately, a significant percentage of the 

published data (ca. 40%) appear to suffer from analytical and sample homogeneity 

problems, as indicated by the large deviations of analysis totals (recalculated to 

FeO+Fe2O3) from 100%, and unrealistically high contents of such elements as Si, Ca and, 

occasionally, Na and Sr reported in these studies. 

The relatively few analyses of magnetite from carbonatitic rocks available in the 

literature lack consistency and commonly contain suspiciously high abundances for some 
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incompatible elements. For example, magnetite from several African carbonatites is 

stated to contain up to 0.63 wt.% Nb2O5 and 0.21 wt.% ZrO2 (e.g., Dawson et al. 1996, 

Bailey and Kearns 2002). These values are at variance with the data of Kukharenko et al. 

(1965) and Kravchenko and Bagdasarov (1987) for magnetite from the geologically 

comparable carbonatites at Kola and Maimecha-Kotuy in Russia (<20-30 ppm Nb and 

<40 ppm Zr). Somewhat higher abundances were reported by Kirnarskii and Polezhaeva 

(1975), Kapustin (1986) and Krasnova et al. (2004) for magnetite from Kola (up to 0.02 

wt.% Nb2O5, 0.01 wt.% ZrO2 and 0.01 wt.% Ta2O5). A similar range of values (≤0.03 

wt.% Nb2O5, 0.02 wt.% ZrO2 and 0.01 wt.% Ta2O5) was determined for magnetite from 

several carbonatite localities worldwide by Bagdasarov (1989), who, however, concluded 

that the peak Nb and Zr values were due to micro-inclusions of baddeleyite, pyrochlore 

and other accessory phases. These mutually contradictory results, obtained by bulk, are in 

marked contrast with the few published analyses of magnetite by LA-ICPMS, which 

show Nb, Zr and Ta concentrations at the low ppm level (e.g., Ionov and Harmer 2002). 

The published data on other trace elements (Cr, Co, Ni and Ga) also lack consistency and 

are practically limited to a few pre-1990 studies (e.g., Kukharenko et al. 1965, 

Kravchenko and Bagdasarov 1987), where relatively large amounts of material were 

analyzed in the absence of appropriate sample-purity control. 

  

5.4. PETROGRAPHY   

The material examined in the present work is part of the Petrology Collection at 

the Natural History Museum in London, UK. Three samples were selected for detailed 

examination, namely K5 [Museum catalogue number BM.1995, P6(5)], K6 [BM.1995, 
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P6(6)] and K94-29 [BM.1995, P6(51)], all collected by Church (1995) at Kerimasi at the 

locations shown in Figure 5.1. The samples are petrographically distinct, but remarkably 

similar in mineralogy. They comprise predominantly calcite with subordinate magnetite, 

fluorapatite and perovskite, whose relative proportions vary considerably among the 

samples. 

 

Figure 5.1. Simplified geological map of the Kerimasi volcano (after Hay 1983), showing 

sample locations: (1) K5 and K6, (2) K 94-29. Loolmurwak, Kiseta and Embagai are 

maar-type explosion craters, and Loluni is a cratered tuff ring. Reproduced with the 

permission of The Mineralogical Association of Canada (figure originally printed in 

Canadian Mineralogist, p.882).  
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Sample K5 is a medium-grained inequigranular calcite carbonatite made up 

almost entirely of calcite grains ranging from 0.4 to 6.3 mm (on average, 2.1 mm) across 

and arranged in a mosaic pattern interrupted by stringers of microcrystalline calcite up to 

1.6 mm in width. Accessory minerals, whose total content does not exceed 5 vol.%, 

include magnetite (euhedral to partly resorbed crystals up to 1.2 mm across), fluorapatite, 

perovskite, phlogopite and calzirtite (none of which exceed 0.4 mm in their longest 

dimension). Calzirtite is the earliest mineral to have crystallized, followed by magnetite, 

perovskite, fluorapatite and calcite. There are three morphologically distinct types of 

magnetite in sample K5. Large euhedral crystals (macrocrysts) are the earliest type to 

have crystallized. They comprise a resorbed homogeneous core up to 850 μm across, 

containing relatively few large melt inclusions and surrounded by a zoned rim ranging 

from 80 to 250 μm in thickness. The inner rim has a lower average atomic number (Zavg) 

than either core or outer rim; the three zones also differ in density, shape and average size 

of melt inclusions (Figs. 5.2 a,b). Macrocrysts are rare, and about 95% of all magnetite 

grains in sample K5 are euhedral crystals (commonly resorbed at the corners) ranging 

from 40 to 120 μm in diameter and clusters of such crystals (Fig. 5.2c). Crystals larger 

than 50 μm have a low-Zavg inclusion-rich core and high-Zavg inclusion-free rim, whereas 

smaller crystals are homogeneous and devoid of inclusions (Figs. 5.2 d,e). On the basis of 

these morphological characteristics and major-element chemistry (see below), three 

episodes of magnetite growth can be distinguished. They appear to have been separated 

in time and correspond to the following three generations of magnetite: magnetite-1: 

macrocryst cores, magnetite-2: inclusion-rich inner rims of the macrocrysts and cores of 

the medium-sized crystals, and magnetite-3:  inclusion-free outer rims of the macrocrysts, 
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rims of the medium-sized crystals and small unzoned crystals. Crystallization of 

magnetite-3 was followed by the formation of a narrow (<10 μm) low-Zavg rim, and then 

resorption and mantling of the magnetite by euhedral spinel sensu stricto (Fig. 5.2e). The 

low-Zavg rim is discontinuous, present in only some of the crystals and unconformable 

with the growth zoning described above. From this textural evidence, the low-Zavg rim 

can be interpretd to have formed by re-equilibration of the magnetite with an evolved 

carbonatitic melt and will refer to it hereafter as a reaction-induced rim. Spinel 

overgrowths are discontinuous, zoned and do not exceed 20 μm in thickness (Figs. 5.2 

c,e,f).  

 Sample K6 is a magnetite-calcite carbonatitic tuff comprising ca. 35 vol.% of 

resorbed and fragmented magnetite crystals ranging from 0.1 to 4.6 mm (on average, 1.6 

mm) across, cemented by calcite of variable morphology (Fig. 5.2g). The bulk of the 

carbonate matrix (45 vol.%) is igneous quench-textured calcite (individual laths <400 μm 

in length and <40 μm in width) grading into fine-grained mosaic-textured calcite (<300 

μm across). Concentrically zoned botryoidal calcite is less abundant (10 vol.%), forming 

overgrowths on the igneous calcite and magnetite. Accessory minerals include 

fluorapatite (zoned to rare-earth- and Si-rich compositions) and perovskite (zoned to Na-

Nb-rich compositions), both of which clearly postdate the magnetite. Some 5 vol.% of the 

rock is made up of xenoliths of vitrophyric nephelinite. Although sample K6 is described 

as calcrete (cemented terrestrial carbonate accumulation) by Church (1995), the presence 

of quench-textured calcite and fresh nephelinitic xenoliths, as well as the composition 

and zoning of perovskite and fluorapatite, clearly indicate a carbonatitic origin. 
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Figure 5.2. The mode of occurrence and zoning of magnetite (Mag) in carbonatites from 

Kerimasi (BSE images). (a) Zoned macrocryst of magnetite (with successive generations 

numbered Mag 1-3), sample K5 (fine-grained calcite carbonatite). (b) Strongly 

fragmented macrocryst of magnetite, K5. (c) Magnetite crystals mantled by spinel (Spl) 

and associated fluorapatite (Ap) in a calcitic matrix (Cal), K5. (d) Zoned crystal with a 

narrow reaction-induced rim, K5. (e) Resorbed crystal with a reaction-induced rim and 

mantle of spinel, K5. (f) Cluster of magnetite crystals mantled by spinel (Spl), K5. (g) 

Fragmented crystals of magnetite and zoned fluorapatite (Ap) in calcitic groundmass 

(Cal), sample K6 (carbonatitic tuff). See text for detailed discussion of compositional 

differences among magnetite-1, magnetite-2 and magnetite-3. 

 

 

 

 

 

 

 

 

 

 

 

 

 



  212

Figure 5.2. (Continued) 

 

 

The interiors of magnetite crystals are remarkably homogeneous, but grade into lower-

Zavg zones within 20-30 μm of the edge and near large melt inclusions hosted by the 

magnetite. The core-to-rim transition zone is diffuse and concordant with grain 

boundaries, which suggests that the rim formed by reaction of the magnetite with the 

residual melt. 

K94-29 is a calciocarbonatitic lapilli-tuff composed of pelletal lapilli (2-12 mm 

across, 40 vol. %), pelletal microlapilli (0.1-2.0 mm across, 30 vol.%), and crystal 

fragments set in a fine-grained calcitic groundmass (30 vol.%). About one-third of the 

lapilli contain rounded fragments of fine-grained mosaic-textured calcite carbonatite in 

their kernels; another one-quarter are cored by flow-aligned quench-textured calcite 

carbonatite, and the remainder are polymictic. The microlapilli are much more diversified 

than lapilli and may also contain single-crystal fragments of calcite, magnetite, diopside, 

titanite and Ca-Fe-Ti garnet in their kernels. Magnetite enclosed in the microlapilli ranges 

from a few tens of μm to 1 mm in diameter and may be either anhedral or, much less 

commonly, euhedral (Figs. 5.3 a,b).  
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Figure 5.3. The mode of occurrence and zoning of magnetite (Mag) in calciocarbonatitic 

lapilli-tuff from Kerimasi, sample K94-29 (BSE images). (a) Pelletal microlapilli with 

lithic and monocrystalline kernels; note the large anhedral crystal of magnetite enclosed 

in a microlapillus and multiple smaller grains in the groundmass. (b) Euhedral crystal of 

magnetite in the kernel of a microlapillus. (c) Lithic kernel of a large lapillus containing 

abundant euhedral crystals of magnetite and fluorapatite (Ap) in a fine-grained calcitic 

matrix (Cal); note the similarity to Figure 5.1c. (d) Zoning in the magnetite crystal shown 

in Figure 5.2c. (e) Zoning in the magnetite crystal shown in Figure 5.2b. (f) Heavily 

resorbed crystal of magnetite enclosed in a microlapillus mantled by zoned spinel (Spl). 

(g) Large crystal of magnetite (Mag) mantled by spinel (Spl). 
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Figure 5.3. (Continued) 

 

 

 

 

 

 

 
Resorbed fragments of magnetite crystals up to 150 μm in size are also found in 

the calcitic groundmass. The fine-grained carbonatite coring some of the lapilli is 

texturally and modally similar to sample K5 and locally contains up to 40 vol.% of 

euhedral magnetite and fluorapatite (Fig. 5.3c). The magnetite crystals range from 50 μm 

to 1 mm across; crystals larger than 200 μm contain fluorapatite inclusions and show 

patchy zoning in BSE (Fig. 5.3d). Euhedral magnetite from the kernels of microlapilli is 

least common and has a habit and zoning similar to those of the euhedral magnetite from 

calcite-carbonatite lapilli (Fig. 5.3e); the two morphological varieties, however, are very 

different in composition (see below). Resorbed and fragmented crystals of magnetite 

embedded in microlapilli and groundmass commonly exhibit a reaction-induced low-Zavg 

rim and thin zoned mantle of spinel sensu stricto at the contact with calcite (Figs. 5.3 f,g). 

Such rims and mantles are not observed on the euhedral crystals. 

 

5.5. ANALYTICAL TECHNIQUES AND PROCEDURES 

In the present work, energy-dispersive spectrometry (EDS) in combination with 

back-scattered electron (BSE) imaging was used for the mineral identification and 

Mag
g 
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selection of areas for elemental analysis. The composition of magnetite (major and some 

minor elements) was determined by wavelength-dispersive spectrometry (WDS) using a 

Cameca SX-100 automated electron microprobe operated at 15 kV and 20 nA with a 

beam size of 1 μm. The following natural and synthetic standards were employed in the 

analysis: chromite (Mg, Al, Cr, Fe), fayalite (Si), ilmenite (Ti), LaVO4 (V) and Mn2SiO4 

(Mn). The Kα lines were used for all of the elements listed. Line interferences (Ti with V, 

and V with Cr) were corrected on-line. 

The abundances of selected trace elements were measured by LA-ICPMS using a 

213-nm Nd-YAG Merchantek laser connected to a Thermo Finnigan Element 2 sector-

field mass-spectrometer. Ablation was done in Ar and He atmospheres. Oxide production 

rate was monitored during instrument tuning by measuring the ThO/Th ratio and kept 

below 0.2%. Synthetic glass standard NIST SRM 610 (Table 5.2, Norman et al. 1996) 

was employed for calibration and quality control. BSE and reflected-light images of the 

areas analyzed by WDS were used to accurately position the laser beam.  

The LA-ICPMS analysis of magnetite presents several challenges, including 

spectral overlaps (e.g., overlap of the most abundant isotopes of Zn and Hf, 64Zn and 

180Hf, with 60Ni and 181Ta, respectively) and problems arising from instrumental setup 

(e.g., determination of Ni using Ni sample and skimmer cones). After taking into account 

potential spectral overlaps and molecular interferences, the following isotopes were 

chosen for analysis: 51V, 52Cr, 55Mn, 56Fe, 59Co, 60Ni, 66Zn, 90Zr, 93Nb, 178Hf, 181Ta. After 

conducting a series of test runs at low (~300) to medium (~4000) resolution, the medium-

resolution mode was chosen for the majority of analyses (with the exception of 15 

analyses obtained using line profiles of magnetite grains in 30 μm thin sections, which 
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were acquired at low resolution). In order to further optimize the analytical setup, a 

number of tests were performed on the same material using Pt and Ni skimmer and 

sample cones. Their performance was found to be comparable in terms of the sensitivity 

and detection limits they provided, and so the Pt cones were chosen for the majority of 

analyses to allow for the quantification of the level of Ni.  

The majority of data (60 analyses) were obtained using spot analyses of magnetite 

crystals in polished sections ranging from 100 to 200 μm in thickness. Laser-operation 

parameters were carefully selected for each analysis depending on the size and 

homogeneity of the magnetite crystals (monitored with BSE images). The beam size 

varied from 40 to 25 μm, with laser-energy density ranging from 13.6 to 6.9 J/cm2, 

respectively (at 10 Hz repetition rate for all spot analyses; Table 5.2). Data reduction was 

carried out using the GLITTER software (van Achterbergh et al. 2001). The Fe 

concentrations determined by WDS were used as an internal standard for the spot 

analyses. The data obtained with the line profiles at low resolution (see above) were 

calculated with Mg as an internal standard. 

Element fractionation, involving sample-dependent and sample-independent variations in 

elemental ratios over the duration of a single analysis, poses major challenges in LA-

ICPMS (Günther and Hattendorf 2001, Kroslakova and Günther 2007). In the present 

work, quality control was achieved by selecting the portion of the laser signal that kept 

fractionation at less than 10% and fractionation/error ratio at less than 3. Fractionation of 

Cr, Co, Ni and Zn, observed during the data collection, was addressed by careful 

selection of the least-fractionated part of the signal. 
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Table 5.2. LA-ICPMS operating and data-acquisition parameters 

 

 ICPMS 

Model Element 2 
Plasma Power 1100 Watt 
Gas flows: 
 Plasma (Ar) ~15.59 L min-1 

 Auxiliary (Ar) ~1.21 L min-1 

 Sample (Ar/He) ~1.013/0.308 (L min-1) 
 

 LA 

Model Merchantek LUV 213 
Beam diameter 25-40 μm    
Repetition rate 10 Hz (spot analyses) 
  20 Hz (line profiles)  
Pre-ablation warm-up none 
Power level 75-85% 
Incident pulse energy ~0.047 mJ 
Energy density on sample 6.9-13.6 J cm-2 

 

 Data Acquisition Parameters 

Data acquisition protocol time-resolved analysis 
Detector mode analogue and counting 
Resolution low to medium 
Profile length 80-150 μm 
Speed 2 μm/s 
Magnet settling time 0.001- 0.3 s 
Time/Run 2 min 17 s 
Runs/Passes* 55/1  
Data acquisition(s)  60 s background level,  
  77 s sample ablation 
External calibration standard NIST SRM 610 
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Reliable quantitative analyses of grains smaller than 70 μm in diameter and the 

thin (≤ 30 μm) reaction-induced rim developed on many magnetite grains could not be 

performed. Semiquantitative data for samples K5 and K6 were acquired using traverses 

from the core to the rim. The results were recalculated to concentration vs. distance 

profiles using an in-house Excel-based program. Because the Fe values determined by 

WDS for the core of the crystals were used as a reference for the entire profile, the 

element concentrations obtained are semiquantitative. 

 

5.6. CHEMICAL COMPOSITION 

The magnetite from carbonatite K5 belongs essentially to the magnetite (FeFe2O4) 

– magnesioferrite (MgFe2O4) series, with relatively minor proportions (≤ 16 mol.%) of 

the ulvöspinel (TiFe2O4), jacobsite (MnFe2O4) and spinel (MgAl2O4) components (Table 

5.3). In comparison with K5, the bulk of magnetite (~98%) in sample K6 contains a 

larger proportion of FeFe2O4 (≥ 72 mol.%, as opposed to ≤ 67 mol.% in K5), comparable 

TiFe2O4 and significantly smaller percentages of MgFe2O4, MnFe2O4 and MgAl2O4. 

Magnetite from K94-29 exhibits the widest compositional range among the three samples 

(Table 5.3), which probably reflects a multiplicity of sources (see below). The most 

common type of magnetite in this sample, associated with fluorapatite and mosaic-

textured calcite, is chemically similar to generation 2 from carbonatite K5; note that the 

host rock is also similar in these two cases (cf. Figs. 5.2c, 5.3c). Crystals found in the 

tuffisitic carbonate groundmass and kernels of pelletal lapilli range from ternary 

magnetite-ulvöspinel-magnesioferrite compositions to magnesioferrite with moderate 

levels of FeFe2O4 and MnFe2O4. 
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The three types of calciocarbonatite examined in this study can also be readily 

distinguished on the basis of the trace-element composition of spinel-group minerals. For 

example, magnetite from K6 is characteristically enriched in V (1680-2050 ppm) relative 

to magnetite from K5 and K94-29 (540-1370 and 400-920 ppm V, respectively). Lapilli-

tuff K94-29 contains magnetite with the highest concentrations of Co (up to 220 ppm), Ni 

(up to 170 ppm), Zr (up to 490 ppm), Hf (up to 14 ppm), and Nb (up to 95 ppm), in 

comparison with magnetite K5 or K6 (≤ 120 and 56 ppm Co, ≤ 37 and 31 ppm Ni, ≤ 102 

and 82 ppm Zr, ≤ 5 and 1.7 ppm Hf, ≤ 15 and 41 ppm Nb, respectively; Table 5.3). 

Magnetite from all three samples contains only negligible amounts of Cr and Ta. The 

three generations of magnetite from carbonatite K5 exhibit noticeable variations in terms 

of their Mg, Al, Mn and Ti contents (Table 5.3, Figs. 5.4 a-d). In general, there is a well-

defined trend of decreasing Mg and Ti from the earliest generation toward the latest 

(Table 5.3; Fig. 5.4d), whereas the Al content rises from generation 1 to generation 2 and 

then decreases sharply toward the latest generation (Table 5.3; Fig. 5.4b). The low-Zavg 

reaction-induced rims are enriched in Mg, Al and Mn, and depleted in Fe and Ti with 

respect to the precursor magnetite (Table 5.4; Fig. 5.5a). Spinel overgrowths are 

characterized by a further increase in Mg and Al contents (on average, 23 and 43 wt.% of 

the respective oxides), accompanied by a decrease in Fe and Mn contents (ca. 27 wt.% 

FeOT and 3.4 wt.% MnO) (Table 5.4; Fig. 5.5a). In terms of its trace-element 

composition, generation 1 is poorer in Zn and Mn, but richer in V, Zr, Nb and Ta than 

generation 3 (Table 5.3; Figs. 5.6 a-c). The reaction-induced rims, however, show a 

noticeable increase in their Nb, V and Zr contents relative to the precursor magnetite 

(Fig. 5.7a). 
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Table 5.3. Representative compositions of magnetite from Kerimasi carbonatites 

 K5 generation 1 (nos. 1-4) K5 generation 2 (nos.5-8) 
 1 2 3 4 5 6 7 8 
Oxides wt. % apfu wt. % apfu wt. % apfu wt.% apfu wt.% apfu wt.% apfu wt.% apfu wt.% apfu  

 
MgO 3.99 0.218 4.98 0.269 5.46 0.294 5.20 0.281 4.46 0.241 4.93 0.267 3.97 0.218 4.75 0.258 
Al2O3 2.10 0.091 2.02 0.086 1.59 0.067 1.37 0.059 3.13 0.134 2.05 0.088 1.82 0.079 2.34 0.100 
SiO2 0.03 0.001 0.02 0.001 0.11 0.004 0.02 0.001 0.03 0.001 0.03 0.001 n.d. - 0.02 0.001 
TiO2 2.58 0.071 2.61 0.071 3.94 0.107 3.46 0.094 2.72 0.074 3.38 0.092 2.55 0.071 2.58 0.071 
V2O3 0.10 0.003 0.11 0.003 0.09 0.003 0.18 0.005 0.08 0.002 0.08 0.002 0.10 0.003 0.16 0.005 
MnO 2.55 0.079 1.94 0.060 2.09 0.064 1.78 0.055 2.59 0.079 3.20 0.099 2.45 0.076 2.67 0.082 
FeO* 25.25 0.775 24.56 0.744 24.96 0.753 25.01 0.759 24.96 0.755 23.94 0.728 25.25 0.777 24.01 0.731 
Fe2O3* 63.80 1.762 64.85 1.766 62.90 1.708 63.92 1.746 62.96 1.714 62.98 1.723 64.23 1.777 63.93 1.752 
Total 100.40  101.09  101.14  100.94  100.93  100.59  100.37  100.46  

MgAl2O4 mol.% 4.5 4.3 3.4 2.9 6.7 4.4 3.9 5.0 
MgFe2O4 17.3 22.6 25.9 25.3 17.4 22.3 17.8 20.8 
TiFe2O4 7.1 7.1 10.7 9.5 7.4 9.2 7.1 7.1 
FeFe2O4 63.2 60.0 53.6 56.8 60.6 54.2 63.6 58.8 
MnFe2O4 7.9 6.0 6.4 5.5 7.9 9.9 7.6 8.2 

V 809(26) 1080(33) 1209(37) 560(19) 822(30) 634(23) 
Cr n.d. n.d. 5(2) n.d. n.d. n.d. 
Co 99(4) 110(4) 119(4) 90(4) 78(6) 88(6) 
Ni n.d. n.d. n.d. n.d. n.d. n.d. 
Zn 1673(66) 1340(48) 1631(58) 2091(77) 1875(100) 2308(106 
Zr 46(3) 58(2) 61(2) 27(2) 51(8) 41(6) 
Nb 11(1) 13.3(5) 13.6(5) 5.0(7) 5(1) 1.5(5) 
Hf 3.1(6) 0.7(1) 0.6(1) n.d. n.d. 1.3(7) 
Ta 0.5(2) 0.54(8) 0.51(7) n.d. n.d. n.d. 
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Table 5.3. (Continued) 
 

 K5 generation 2 (no. 9) K5 generation 3 (nos. 10-12) K6 cores (nos. 13-16) 
 9 10 11 12 13 14 15 16 
Oxides wt. % apfu wt. % apfu wt. % apfu wt.% apfu wt.% apfu wt.% apfu wt.% apfu wt.% apfu 

 
MgO 6.11 0.319 3.45 0.191 5.44 0.296 4.01 0.222 1.89 0.106 2.33 0.130 2.23 0.125 2.46 0.137 
Al2O3 6.32 0.261 1.46 0.064 1.10 0.047 0.62 0.027 0.12 0.005 0.21 0.009 0.15 0.007 0.18 0.008 
SiO2 0.04 0.001 0.02 0.001 0.05 0.002 0.02 0.001 0.04 0.002 0.05 0.002 0.05 0.002 0.03 0.001 
TiO2 3.24 0.085 2.37 0.066 1.61 0.044 2.04 0.057 3.39 0.096 3.63 0.102 4.07 0.115 3.31 0.093 
V2O3 0.06 0.002 0.10 0.003 0.34 0.010 0.24 0.007 0.33 0.010 0.38 0.011 0.33 0.010 0.33 0.010 
MnO 2.37 0.070 2.37 0.074 4.52 0.140 3.08 0.097 1.45 0.046 1.36 0.043 1.34 0.043 1.51 0.048 
FeO* 23.80 0.697 25.89 0.802 19.96 0.610 23.82 0.739 30.19 0.945 29.65 0.931 30.25 0.949 29.13 0.909 
Fe2O3* 59.32 1.565 64.57 1.799 67.31 1.851 66.28 1.850 63.55 1.790 62.69 1.772 61.97 1.749 63.87 1.794 
Total 101.26  100.23  100.33  100.11  100.96  100.30  100.39  100.82  

MgAl2O4 mol.% 13.0 3.2 2.4 1.4 0.3 0.5 0.3 0.4 
MgFe2O4 18.8 15.9 27.3 20.9 10.3 12.6 12.2 13.3 
TiFe2O4 8.5 6.6 4.4 5.7 9.6 10.3 11.5 9.3 
FeFe2O4 52.3 66.9 51.9 62.3 75.2 72.3 71.7 72.2 
MnFe2O4 7.4 7.4 14.0 9.7 4.6 4.3 4.3 4.8 

V 698(27) 1682(51) 1984(61) 1953(60) 1797(55) 
Cr 6(3) 6(1) n.d. 5(2) 3(1) 
Co 69(6) 48(2) 52(2) 53(2) 44(2) 
Ni n.d. n.d. 31(11) n.d. n.d. 
Zn 1977(109) 1113(67) 1499(100) 1313(85) 1085(66) 
Zr n.d. 61(2) 82(3) 65(2) 60(2) 
Nb n.d. 25.6(9) 41(1) 30(1) 25.8(9) 
Hf n.d. 1.2(1) 1.7(2) 1.6(2) 1.2(1) 
Ta n.d. 0.23(6) 0.5(1) 0.28(9) 0.20(5) 
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Table 5.3. (Continued) 
 

 K94-29 type 1 (nos. 17-18) K94-29 type 2 (nos. 19-20) K94-29 type 3 (nos. 21-22) K94-29 type 4 (nos. 23-24) 
 17 18 19 20 21 22 23 24 
Oxides wt. % apfu wt. % apfu wt. % apfu wt.% apfu wt.% apfu wt.% apfu wt.% apfu wt.% apfu 

 
MgO 5.51 0.298 5.64 0.304 3.89 0.215 4.05 0.221 4.33 0.236 2.46 0.138 5.55 0.297 5.36 0.296 
Al2O3 2.19 0.094 2.14 0.091 1.66 0.073 1.60 0.069 2.27 0.098 1.21 0.054 4.71 0.200 0.69 0.030 
SiO2 0.04 0.001 0.04 0.001 0.03 0.001 0.02 0.001 0.01 - 0.01 - 0.09 0.003 0.02 0.001 
TiO2 10.32 0.281 10.27 0.279 4.85 0.135 5.37 0.148 5.29 0.146 3.01 0.085 2.74 0.074 0.71 0.020 
V2O3 0.18 0.005 0.15 0.004 0.15 0.004 0.13 0.004 0.12 0.004 0.11 0.003 0.05 0.001 0.04 0.001 
MnO 0.76 0.023 0.79 0.024 1.30 0.041 1.32 0.041 2.08 0.065 2.59 0.082 2.67 0.081 2.32 0.073 
FeO* 31.71 0.962 31.55  0.953 28.44 0.881 28.95 0.887 27.60 0.845 27.54 0.865 23.25 0.699 21.07 0.652 
Fe2O3* 48.95 1.336 49.48 1.344 59.23 1.650 59.09 1.629 58.30 1.606 62.70 1.773 60.81 1.645 69.22 1.927 
Total 99.66  100.06  99.55  100.53  100.00  99.63  99.87  99.43  

MgAl2O4 mol.% 4.7 4.6 3.6 3.5 4.9 2.7 9.9 1.5 
MgFe2O4 25.1 25.8 17.9 18.7 18.8 11.1 19.7 28.1 
TiFe2O4 28.2 27.9 13.5 14.8 14.6 8.5 7.4 2.0 
FeFe2O4 39.7 39.3 60.9 58.9 55.2 69.4 54.9 61.1 
MnFe2O4 2.3 2.4 4.1 4.1 6.5 8.3 8.1 7.3 

V 881(38) 863(39) 845(40) 918(45) 669(44) 770(50) 468(26) 524(28) 
Cr 9(1) n.d. n.d. n.d. 7(2) n.d. 5(2) n.d. 
Co 199(7) 206(8) 53(3) 56(3) 103(5) 65(4) 66(4) 59(5) 
Ni 90(7) 170(13) n.d. n.d. n.d. n.d. n.d. n.d. 
Zn 829(50) 704(46) 1135(66) 1242(68) 1010(64) 2097(129) 2712(147) 3091(183) 
Zr 468(25) 382(22) 296(18) 267(17) 76(8) 22(4) 262(20) 239(18) 
Nb 20(2) 19(1) 20(1) 22(1) 23(2) 14(2) 21(2) 25(2) 
Hf 12(1) 9(1) 3.5(8) 4.3(5) n.d. n.d. n.d. n.d. 
Ta 1.0(1) 2.0(2) n.d. n.d. n.d. n.d. 1.2(3) n.d. 
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Table 5.3. (Continued) 

 K94-29 type 4 (nos. 25-26) K94-29 type 5 (nos. 27-30) 
 25 26 27 28 29 30 
Oxides wt. % apfu wt. % apfu wt. % apfu wt.% apfu wt.% apfu wt.% apfu  

MgO 5.21 0.284 5.08 0.277 12.00 0.612 11.83 0.606 12.72 0.641 11.21 0.580 
Al2O3 4.02 0.173 3.66 0.158 4.61 0.186 3.35 0.136 5.78 0.231 2.44 0.100 
SiO2 0.01 - n.d. - 0.03 0.001 0.01 - 0.07 0.002 0.01 - 
TiO2 3.00 0.082 2.76 0.076 1.30 0.034 1.35 0.035 3.34 0.085 1.84 0.048 
V2O3 0.07 0.002 0.08 0.002 0.09 0.003 0.07 0.002 0.04 0.001 0.13 0.004 
MnO 2.69 0.083 2.70 0.083 5.39 0.156 5.28 0.154 5.92 0.170 5.51 0.162 
FeO* 23.44 0.716 23.43 0.716 9.29 0.266 9.58 0.275 9.78 0.277 10.53 0.306 
Fe2O3* 60.39 1.660 61.45 1.688 67.66 1.742 69.27 1.792 62.64 1.593 68.89 1.800 
Total 98.83  99.16  100.37  100.74  100.29  100.56  
MgAl2O4 mol.% 8.7 7.9 9.3 6.8 11.5 5.0 
MgFe2O4 19.7 19.8 52.0 53.8 52.5 53.2 
TiFe2O4 8.2 7.6 3.3 3.5 8.5 4.8 
FeFe2O4 55.1 56.3 19.8 20.5 10.6 20.8 
MnFe2O4 8.3 8.4 15.6 15.4 16.9 16.2  
V 437(23) 499(30) 505(32) 405(25) 
Cr n.d. n.d. n.d. n.d. 
Co 53(3) 49(4) 55(4) 57(3) 
Ni n.d. n.d. n.d. n.d. 
Zn 2673(144) 2903(165) 2835(160) 3267(175) 
Zr 279(20) 249(21) 258(24) 383(33) 
Nb 29(2) 24(2) 45(4) 95(7) 
Hf 3(1) 2(1) 2.6(8) 8(1) 
Ta 1.7(4) 1.2(0.4) n.d. 2.6(5) 
Note: n.d. = not detected; Cr was analyzed by WDS, but not detected in any of the points; * Fe2+/Fe3+ ratio calculated from 
stoichiometry with all Mn cast as Mn2+;  apfu values (atoms per formula unit) calculated on the basis of 3 cations and 4 atoms of 
oxygen. LA-ICPMS data are not available for some of the points analyzed by WDS (empty columns). Lower detection limits: Si – 200 
ppm, V – 400 ppm. 
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Table 5.4. Representative compositions of reaction-induced rims and spinel mantles on magnetite from Kerimasi carbonatites 

 1 2 3 3 3 4 4 4 5 5 5 
Oxide wt.% wt.% wt.% e.s.d. range wt.% e.s.d. range wt.% e.s.d. range 

MgO 6.25 12.75 23.16 0.76 22.31-24.07 5.88 1.07 3.77-7.05 18.65 0.48 17.99-19.20 
Al2O3 4.02 10.55 42.61 2.25 38.57-45.38 0.32 0.14 0.18-0.55 48.21 2.88 43.14-51.82 
SiO2 0.03 0.11 0.63 0.08 0.51-0.75 0.03 0.02 0.00-0.06 1.01 0.28 0.63-1.38 
TiO2 1.04 0.20 0.63 0.20 0.41-0.97 3.27 0.37 2.88-3.99 2.34 0.49 1.90-3.45 
V2O3 0.54 0.46 0.21 0.03 0.16-0.24 0.35 0.05 0.26-0.45 0.02 0.01 0.00-0.04 
MnO 5.11 4.92 3.39 0.08 3.29-3.52 2.05 0.15 1.79-2.30 0.68 0.05 0.59-0.73 
FeO* 18.27 8.80 1.08 1.11 0.00-2.74 23.17 1.77 21.04-26.61 14.13 0.56 13.30-15.08 
Fe2O3* 65.68 62.75 28.97 3.42 23.45-33.25 65.30 1.06 63.92-66.54 16.60 2.84 12.34-20.53 
Total 100.94 100.54 100.68   100.37   101.64 
Mg apfu 0.332 0.628 0.928 0.320 0.743 
Al 0.169 0.411 1.350 0.014 1.518 
Si 0.001 0.004 0.017 0.001 0.027 
Ti 0.028 0.005 0.013 0.090 0.047 
V 0.015 0.012 0.005 0.010 - 
Mn 0.154 0.138 0.077 0.063 0.015 
Fe2+ 0.544 0.243 0.024 0.707 0.316 
Fe3+ 1.757 1.559 0.586 1.795 0.334 
MgAl2O4 mol.% 8.4 20.5 66.3 0.7 72.3 
FeAl2O4 - - - - 1.6 
MgFe2O4 19.1 41.1 22.4 13.3 - 
TiMg2O4 2.8 0.5 1.3 9.0 - 
TiFe2O4 - - - - 4.6 
FeFe2O4 54.3 24.2 2.4 70.7 20.0 
MnFe2O4 15.4 13.7 7.6 6.3 1.5 
Note: *Fe2+/Fe3+ ratio calculated from stoichiometry with all Mn cast as Mn2+ 1-3: K5 (1 & 2 diffusion-induced rims; 3 spinel 
mantles, average of 8 analyses); 4: K-6 (diffusion-induced rims, average of 10 analyses); 5: K94-29 (spinel mantles, average of 8 
analyses). Cr was sought but not detected. Lower detection limits: Si – 200 ppm, V – 400 ppm.
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Figure 5.4. Variations in the content of major and minor elements (in apfu, recalculated 

from WDS data) in magnetite from Kerimasi carbonatites. See Figures 5.2 and 5.3 and 

text for details on the occurrence mode of individual types of magnetite. Note that only 

107 representative compositions (i.e., ~50% of all WDS data) are shown on this diagram; 

the remaining data plot within the ranges defined by these representative compositions. 
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Figure 5.4 (Continued) 
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Figure 5.5. Variation in Fe, Al, Mg, Ti and Mn (apfu) across magnetite crystals mantled 

by spinel: (a) fine-grained calcite carbonatite K5; (b) calciocarbonatitic lapilli-tuff K94-

29. 

 

 

 

 

 

 

 

 

 

 

 

In sample K6, the bulk of magnetite is relatively uniform in composition (Table 

5.3; Figs. 5.4, 5.5). The narrow reaction-induced rims are enriched in Mg, Mn and Al  

 (0.21-0.38 apfu Mg; 0.06-0.07 apfu Mn; 0.01-0.02 apfu Al), and slightly depleted in Ti 

(0.08-0.11 apfu) relative to the cores (0.10-0.15 apfu Mg; 0.04-0.05 apfu Mn; ≤ 0.01 apfu 

Al; 0.10-0.12 apfu Ti) (Table 5.4). The core compositions form a linear array with respect 

to their Co, V and Nb contents (Figs. 5.6 b-e). Similar to carbonatite K5, the rims of 

magnetite crystals in sample K6 are appreciably enriched in Zr and Nb relative to their 

cores (Fig. 5.7b). 

 

Mag core 
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Figure 5.6.  Trace-element variations (ppm values, determined by LA-ICPMS) of 

magnetite from Kerimasi carbonatites. See Figures 5.2 and 5.3 and text for details on the 

occurrence mode of individual types of magnetite. Black arrows show evolutionary 

trends for magnetite in silicate systems, as calculated from the experimental partitioning 

data of Horn et al. (1994), Nielsen et al. (1994) and Righter et al. (2006). 
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Figure 5.6. (Continued). 
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Figure 5.6. (Continued). 
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Figure 5.6. (Continued). 
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Five distinct types of magnetite were recognized in sample K94-29 on the basis of 

their morphological and compositional characteristics, i.e. the size and shape of magnetite 

crystals, their mode of occurrence, zoning, and major- and trace-element signature (Table 

5.3; Figs. 5.4, 5.6). Large resorbed crystals lacking zoning and enclosed in pelletal lapilli 

range from ternary magnetite-ulvöspinel-magnesioferrite compositions (type 1) to 

magnetite with 17-19 mol.% of magnesioferrite and 14-15 mol% of ulvöspinel (type 2) 

with low levels (<5 mol.%) of other components in both types. Small resorbed crystals 

set in the groundmass (type 3) show some overlap with the magnetite of type 2, but 

extend to lower Mg and Ti (11-19 mol.% MgFe2O4; 8-15 mol.% TiFe2O4) and higher Mn 

values (6-9 mol.% MnFe2O4). Type 4 is the most common in this sample, represented by 

euhedral zoned crystals confined to fine-grained calciocarbonatite in the kernels of some 

pelletal lapilli. This type is generally similar to the generation-2 magnetite from 

carbonatite K5 (≥ 20 mol.% MgFe2O4; ≤ 15 mol.% TiFe2O4, MnFe2O4 and MgAl2O4), 

but has somewhat higher levels of Nb, Zr, Hf and Ta, and lower levels of Ni, Co and V 

relative to the latter (Table 5.3; Figs. 5.4, 5.6). Euhedral crystals forming the kernels of 

some microlapilli (type 5) are morphologically similar to magnetite 4, but contain a much 

higher proportion of magnesioferrite and jacobsite components (52-54 and 15-17 mol.%, 

respectively) at comparable levels of TiFe2O4 and MgAl2O4. The crystals of types 1 and 2 

have the highest levels of V (> 800 ppm) among all types, whereas type 1 is also 

characteristically enriched in Co, Zr and Hf (Table 5.3). The Nb content is broadly 

similar in types 1-4 (14-30 ppm), but significantly higher in type 5 (45-95 ppm). 

Reaction-induced rims are present in some of the crystals mantled by spinel, but are too 

narrow (<3 μm) to be analyzed by either WDS or LA-ICPMS.     
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Figure 5.7. Semiquantitative variation along profiles across magnetite crystals surrounded 

by reaction-induced rims (determined by LA-ICPMS). (a) Fine-grained calcite 

carbonatite K5. (b) Carbonatitic tuff K6. 
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Semi-quantitative determinations show elevated levels of Mg and Al in these rims. The 

spinel mantles, developed on many resorbed magnetite crystals set in the groundmass and 

lapilli, are enriched in Al and Mg, and depleted in Fe, Ti and, to a lesser extent, Mn 

relative to the precursor magnetite (Table 5.4; Fig. 5.5b). 

 

5.7. DISCUSSION 

5.7.1.  Trace-element budget of magnetite in carbonatites 

One important conclusion stemming from the new analytical data presented 

above, is that high-field-strength elements (HFSE) are present in magnetite of 

carbonatitic origin in very low concentrations. About 99% of the data acquired in this 

study show less than 50 ppm Nb, 2 ppm Ta, 500 ppm Zr and 15 ppm Hf, and only a 

single grain gave 95 ppm Nb and 2.5 ppm Ta (Figs. 5.6 c,f,g). Note that in this work, a 

wide range of magnetite compositions was examined. It covers 87% of the 320 published 

analyses of magnetite from 50 carbonatite localities worldwide. The findings of this work 

do not confirm the high Zr and Nb contents reported previously for the Kerimasi 

magnetite (Dawson et al. 1996), but are in general accord with the estimates of 

Kukharenko et al. (1965) and Kravchenko and Bagdasarov (1987) that magnetite from 

carbonatitic rocks typically contains on the order of n ppm Ta and Hf, n × 10 ppm Nb, 

and n × 102 ppm Zr. The high HFSE contents (>> 1000 ppm) measured in magnetite from 

some carbonatites by EMPA (e.g., Dawson et al. 1996, Bailey and Kearns 2002) could be 

attributed to the presence of unknown Nb and Zr phases included in the magnetite. Using 

the measured trace-element abundances in carbonatite K5 (ANZ, unpubl. data), it can be 

estimated that ca. 1 wt.% of magnetite in this sample accounts for 80% of the whole-rock 
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Ti content, but <<5% of Nb, Zr and Ta, and ~5% of Hf. The balance of the whole-rock 

HFSE budget is distributed between perovskite and calzirtite, both present in much 

smaller quantities than the magnetite; this conclusion is in accord with the earlier 

estimates of HFSE budget in carbonatites (Chakhmouradian, 2006).  

The data obtained in this work indicate that V and Zn are ubiquitous substituents 

in magnetite from carbonatites, typically present at 102-103-ppm levels (Table 5.3). Very 

few published studies contain data on either V or Zn content of magnetite, which is a 

significant omission given the potential value of these elements for petrogenetic 

interpretation (see below). Both elements are detectable to at least 300 ppm with WDS, 

and should be routinely included in the analytical protocol. In comparison with magnetite 

from other localities, the Kerimasi samples have higher Zn, but comparable V contents 

(Fig. 5.8). A more detailed quantitative comparison is impossible at this point because of 

the paucity and, in many cases, poor quality of the published data. 

In the magnetite examined, Ni, Co and, especially, Cr, are present at very low 

concentrations (≤ 200, 220 and 10 ppm, respectively). All of these elements are 

compatible (in some cases, highly compatible) with respect to magnetite (Horn et al. 

1994, Righter et al. 2006), and their low abundances in magnetite of carbonatitic origin 

reflect the scarcity of Cr, Ni and Co in carbonatitic magmas. The only systematic study of 

Cr, Ni and Co distribution in magnetite from various carbonatitic rocks is that by 

Bagdasarov (1989), where these elements were quantified in “bulk” (0.4 g) 

monomineralic samples by quantometric analysis (Hasler et al. 1948). According to 

Bagdasarov (1989), the highest Cr, Ni and Co contents are found in magnetite from so-

called “linear-fracture-type” carbonatites (Table 5.1). 
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Figure 5.8. Relative abundance of magnetite with different Zn (a) and V (b) contents 

(wt.% oxides) in carbonatites, phoscorites and silicocarbonatites, including published 

data (yellow bars) and data for the Kerimasi carbonatites obtained in the present work 

(blue bars). The average ZnO content for all published data (41 analyses) is 0.07 wt.% 

(600 ppm Zn), and the average V2O3 content (137 analyses) is 0.26 wt.% (1760 ppm V). 
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The Laivajoki carbonatite in Finland, geologically similar to the “linear-fracture-type” 

bodies, was also reported to contain magnetite with up to 0.28 wt.% Cr2O3 and 0.19 wt.% 

NiO (Nykänen et al. 1997). Note, however, that primary mantle-derived carbonatitic 

magmas emplaced in different tectonic settings may transport xenocrysts of Cr-, Ni- and 

Co-rich spinel (sensu lato) derived from peridotites: the reaction of these xenocrysts with 

the magma could produce a rim of magnetite with much higher levels of Cr, Ni and Co 

than normally observed in carbonatites (e.g., Kontozero: Table 5.1). The Kerimasi 

samples show no evidence of such contamination and compare well with the composition 

of magnetite from other carbonatites associated with ultramafic and foidolitic rocks in rift 

settings: i.e., <400 ppm Ni, <250 ppm each Co and Cr (Lapin et al. 1976, Kravchenko 

and Bagdasarov 1987, Bagdasarov 1989, Krasnova et al. 2004). Bagdasarov (1989) used 

the Co/Ni ratio in magnetite as an indicator of the degree of fractionation of its parental 

magma, which can be explained by the considerably higher magnetite-melt partition 

coefficients for Ni than for Co in a wide range of conditions (Righter et al. 2006).  

 

5.7.2. Compositional evolution of magnetite in carbonatites: a magmatic trend 

Element partitioning between magnetite and melts has been studied extensively 

(e.g., Horn et al., 1994; Nielsen and Beard, 2000; Righter et al., 2006). Although the 

majority of these studies have focused on basaltic systems, the experimentally and 

empirically derived partition coefficients (Mag/LD) can, nevertheless, be used as a 

framework for the interpretation of evolutionary trends observed in the Kerimasi 

carbonatites. In those cases where variations in the content of element X across a 

magnetite crystal or between successive generations of magnetite are controlled 
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exclusively by the (changes in) partitioning behavior of this element (i.e., magmatic 

crystallization), it is possible to link a specific pattern of compositional variation to 

Mag/LDX values and, ultimately, to the parameters and processes that affect the 

partitioning. The major advantage of this approach is that linking the patterns of 

compositional variation to Mag/LD values is not contingent on whether the bulk 

composition or evolutionary history of the magma is known. This approach is 

demonstrated in Figure 5.9, where covariation between the abundances of elements X and 

Y in magnetite is linked to Mag/LDX and Mag/LDY.  

 

Figure 5.9. Schematic diagram showing the effect of partitioning behavior on the 

abundances of elements X and Y in a fractionating mineral (e.g., magnetite). The 

diagonal trends become straight lines if X and Y are given in a logarithmic scale. 
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Magnetite is ideally suited for this type of analysis because it is very abundant in 

carbonatites, appears early in the crystallization history, and commonly precipitates over 

a range of conditions, producing crystals of variable morphology and chemical 

composition. Also, magnetite in carbonatites has a high “survival rate”, ensuring that its 

record of magma evolution is preserved. It is important to note here that in the studied 

samples, magnetite crystallized either earlier or later than those of its associated minerals 

that could compete with magnetite for minor and trace elements (e.g., calzirtite or 

perovskite). Hence, it can be assumed that the compositional trends exhibited by the 

Kerimasi magnetite were not affected by competitive partitioning of these elements and 

primarily reflect their partitioning between carbonate melt and magnetite. 

Magnetite from sample K5 provides a good example of a magmatic evolutionary 

trend involving a decrease in Mg, Ti and Al from the earliest generation to crystallize to 

the latest (0.28 to 0.23, 0.09 to 0.06 and 0.08 to 0.03 average apfu, respectively). This 

pattern is interrupted by a nearly twofold increase in average Al content in generation 2 

(Figs. 5.4 a,b). The Mg-Ti-depletion trend is accompanied by a significant decrease in Zr, 

Nb and Ta contents (60 to 40, 11 to 3 and 0.6 to 0.1 average ppm, respectively) at nearly 

constant levels of Co and Hf. The Mn and Zn contents increase by about 1.4-fold from 

generation 1 to generation 2, and then decrease slightly in generation 3, whereas V shows 

the opposite trend and, thus, correlates inversely with Al (Fig. 5.6 a,h). 

The trend of decreasing Mg and Ti is typical of magnetite from carbonatitic rocks, 

whereas Al and Mn contents have been reported to decrease, remain constant or increase 

with evolution (Prins 1972, Gaspar and Wyllie 1983, Dawson et al. 1996, 

Chakhmouradian and Zaitsev 1999, Lee et al. 2005). Overall, the pattern of decreasing Al 
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and Mn contents is more common (~80% and 60% of all published analyses, 

respectively) than either constant or increasing Al and Mn. The pattern of zoning 

observed in carbonatite K5 indicates that V was initially compatible, but changed its 

behavior to incompatible later in the evolutionary history, whereas Al, Mn and Zn 

followed the reverse path. The published experimental data indicate that Al, Mn and V 

can be either compatible or incompatible, depending on the conditions of crystallization.  

 It has been established experimentally that Mag/LDV is strongly dependent on oxygen 

fugacity and temperature (Horn et al. 1994, Toplis and Corgne 2002, Righter et al. 2006). 

Because the compatibility of V increases with decreasing temperature, the observed trend 

cannot be explained by temperature variations and most likely reflects an increase in 

f(O2) during the precipitation of magnetite 2. This hypothetical “oxidation spurt” 

converted some of the magnetite-compatible V3+ to an incompatible higher-valence form, 

thereby decreasing the bulk Mag/LDV value. The calculations of Toplis and Corgne (2002) 

show that even a small increase in the ratio V4+/V3+ will have a significant effect on V 

partitioning. The antipathetic correlation between V and Al in sample K5 is consistent 

with the predominantly trivalent state of V in this magnetite.  

The change of Mn behavior from incompatible to compatible is in accord with the 

proposed increase in f(O2) because, unlike Mag/LDV, the bulk Mag/LDMn value should 

increase with f(O2). Both Mn2+ and Mn3+ are generally compatible in spinels (as indicated 

by the existence of Mn3+-rich jacobsite). The bulk Mag/LDMn values, calculated from the 

experimental data of Toplis and Corgne (2002) and Righter et al. (2006), are appreciably 

higher (in some cases, by a factor of 2.6) in oxidized melts relative to their low-f(O2) 

counterparts. Although both Mn2+ and Mn3+ are undoubtedly present in magnetite from 
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carbonatites, their relative proportion can be measured only with advanced spectroscopic 

techniques (e.g., Henderson et al. 1995, Isambert et al. 2003) and, in practice, would be 

difficult to determine precisely because of intervalence charge-transfer effects and sample 

heterogeneity. As recasting total Mn to Mn2+ and Mn3+ will affect the calculated 

Fe2+/Fe3+ ratio, the electron-microprobe data in Table 5.3 cannot be used for a 

quantitative assessment of changes in f(O2) during magnetite crystallization. Such an 

assessment would require that either the Mn2+/Mn3+ or Fe2+/Fe3+ value be constrained 

independently. Which, probably, explains the lack of any overarching correlation 

between the V content and the relative proportion of Fe3+. 

The Zn-Mn covariation in sample K5 (Fig. 5.6a) is somewhat unexpected, given 

that Zn is generally compatible in magnetite (Wearing 1983, Horn et al. 1994) and 

Mag/LDZn should not be susceptible to changes in f(O2). Covariant partitioning of Zn and 

Mn has previously been reported by Sclar and Leonard (1992) for exsolved magnetite-

franklinite aggregates. It can be assumed, that increasing Mn3+ content at the octahedral 

site (e.g., due to oxidation) is accompanied by incorporation of Zn at the tetrahedral site 

to minimize lattice strain induced by the Mn3+-for-Fe3+ substitution. The crystal structure 

of ZnMn2O4 is metrically much closer to that of FeFe2O4 (ΔVcell = 2%) than either 

MnMn2O4 or FeMn2O4 (ΔVcell > 4%) (ICSD 2006). Alternatively, the partitioning 

behavior of Zn could change as a result of competitive partitioning of this element 

between magnetite and sphalerite. The two polished sections of sample K5 in BSE were 

carefully examined, but no sphalerite was found. The calculations show that 1 wt.% of 

magnetite in sample K5 accounts for 80-90% of the whole-rock Zn value (ANZ, unpubl. 

data), further suggesting that the sphalerite content in this sample is negligible or nil. 
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One interesting observation stemming from Figure 5.6 is that Zr, Nb and Ta are 

compatible with respect to magnetite K5. In experimental silicate systems, the partition 

coefficients of HFSE range from <<0.1 to 2-3, with the majority of data indicating 

incompatible behavior (Horn et al. 1994, Nielsen et al. 1994, Nielsen and Beard 2000). 

The HFSE partition coefficients reported for naturally occurring magnetite from a wide 

variety of silicate volcanic rocks typically do not exceed 1 (e.g., D’Orazio et al. 1998, 

Thompson and Malpas 2000). The lower affinity of HFSE for carbonate melts relative to 

silicate melts (Veksler and Lentz 2006) implies that Mag/LDHFSE should be appreciably 

higher in carbonatitic magmas, which is in agreement with the evolutionary trend 

determined in the present work. Note, however, that all HFSE (with the possible 

exception of Ti) may become incompatible with respect to magnetite if it co-precipitates 

with Ti-Nb and Zr oxides (such as perovskite, pyrochlore, baddeleyite, zirconolite or 

calzirtite). In the Kerimasi carbonatites, the magnetite clearly predated perovskite and, in 

sample K5, postdated calzirtite. 

The temporal relationships among the different compositional types of magnetite 

in carbonatite K94-29 cannot be established unequivocally because of the fragmental 

nature of this sample. Intuitively, the large resorbed crystals (type 1) probably 

crystallized earlier than the smaller resorbed crystals enclosed in pelletal lapilli and set in 

the groundmass (types 2 and 3, respectively). This conjecture is in accord with 

enrichment of magnetite 1 in Ni, Co and Cr (up to 170, 220 and 15 ppm, respectively) 

and its low Co/Ni values (1.2-2.2) relative to the other compositional types. As can be 

seen from Figure 5.4, the three types of magnetite follow a trend of decreasing Mg, Ti 

and Al, and increasing Mn content, which is remarkably similar to that observed in 
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carbonatite K5. Also in common with K5, the largest crystals of magnetite from sample 

K94-29 (type 1) are richer in Zr (360-490 ppm) and Ta (up to 1.5 ppm), but poorer in Zn 

(700-830 ppm) than the type-3 crystals from the groundmass (20-80 ppm Zr, 

undetectable Ta and 1000-2100 ppm Zn). In contrast to sample K5, there is no variation 

in Nb and a significant drop in Hf content from type 1 to type 3. Nevertheless, the 

aforementioned similarities appear convincing enough to propose that the three types of 

resorbed unzoned magnetite in sample K94-29 could have been derived from the same 

intrusive (cumulate?) unit. The decreasing Hf content is accompanied by an increase in 

Zr/Hf (from ~40 in type 1 to > 60 in types 2 and 3), consistent with the derivation of all 

three types from the same magma by crystal fractionation (Chakhmouradian 2006). 

The crystals of type 4 and 5 are compositionally distinct from magnetite 1-3 in 

having much higher Mn, Zn and Al, but lower V contents at comparable (type 4) or 

higher (type 5) levels of Mg. Their depletion in V (≤ 550 ppm), coupled with enrichment 

in Mn (≥ 20000 ppm), Al and Zn, is in excellent accord with the interpretation of the 

magmatic evolutionary trend in sample K5 and indicates more oxidizing conditions of 

crystallization for both types relative to magnetite of types 1, 2 and 3 (see above). The 

crystals of type 4 are compositionally similar (including their V and Mn contents) to 

generation 2 from sample K5 (Figs. 5.4, 5.6) and occur in the same type of paragenesis, 

which implies very similar conditions of crystallization. The crystals of type 5 are 

compositionally unique among the samples studied in the present work (Table 5.3, Figs. 

5.4, 5.6) and were probably derived from a distinct source. Thus, the five types of 

magnetite crystals found in lapilli-tuff K94-29 may have been derived from at least three 

different carbonatite sources. The textural diversity of the material making up the 
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(micro)lapilli and co-existence of perovskite and titanite in this sample (see 

PETROGRAPHY) cannot be explained by simple eruptive fragmentation of a single 

carbonatitic magma. The textural and compositional evidence clearly indicates that this 

rock also incorporates material from earlier-emplaced carbonatite units (both intrusive 

and extrusive) disaggregated during the eruption. 

 

5.7.3. Compositional evolution of magnetite in carbonatites: a reaction trend 

All of the samples examined here contain magnetite crystals with a thin 

discontinuous rim of relatively low-Zavg material (e.g., Figs. 5.2 d,e). These rims manifest 

re-equilibration of magnetite with carbonatitic magma, which involved resorption (and, in 

some cases, fracturing) of magnetite crystals, accompanied by enrichment of their 

peripheral parts in Mg, Al, Mn, Zr and Nb at the expense of decreasing Fe and Ti 

contents (Figs. 5.4, 5.5, 5.7). The available textural evidence is insufficient to establish 

whether this process involved solid-state diffusion of selected elements into the 

magnetite, or its dissolution coupled with reprecipitation (Harlov et al. 2005, Giesler et 

al. 2007, Putnis and Putnis 2007). Because the exact mechanism of re-equilibration 

remains unknown, the observed compositional changes will be referred to simply as a 

reaction trend. This type of trend has not been previously recognized in magnetite from 

carbonatites. The mantling of magnetite by spinel in samples K5 and K94-29 is 

essentially a manifestation of the same evolutionary trend, but was probably separated in 

time from the formation of the reaction-induced rim, as indicated by a large 

compositional gap between the precursor magnetite and spinel (Fig. 5.5) and morphology 

of the spinel overgrowths (Figs. 5.2 e,f, 5.3 f,g). Previously, rims of spinel (sensu stricto) 
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on magnetite have been reported only in extrusive carbonatite from Fort Portal in Uganda 

by Barker and Nixon (1989), who also interpreted them as the product of reaction 

between the magnetite phenocrysts and the carbonatitic magma. At both Kerimasi and 

Fort Portal, the deposition of spinel was clearly driven by an increase in a(Mg2+) and 

a(Al3+) in the magma approaching its final evolutionary stage. Given the generally low 

activity of silica in carbonatitic magmas (Barker 2001), it is unclear why such reaction-

induced rims and overgrowths appear to be so exceedingly rare in carbonatites. Although 

it is possible that in many cases, they have gone unnoticed (as happened with the 

previously studied Kerimasi samples), another reason may be a gradual buildup of silica 

in the carbonatitic magma, possibly owing to assimilation, which would facilitate 

precipitation of Mg-Al silicates (e.g., micas, amphiboles or chlorites), thereby hindering 

the above-described processes of magnetite-melt re-equilibration. 

 

5.8. CONCLUDING REMARKS AND FUTURE WORK 

The findings of this work confirm that magnetite from carbonatites is 

characterized by the evolutionary trend of decreasing Mg, Ti and Al, although variations 

in Al content may be sensitive to changes in the proportion of other trivalent cations 

(particularly V3+). The V and Mn contents are susceptible to f(O2) variations in the 

magma. From the experimental data, it is to be expected that more oxidizing conditions 

cause depletion of magnetite in V and its concomitant enrichment in Mn. An antipathetic 

correlation between Al and V, and sympathetic correlation between Zn and Mn, can be 

explained in terms of crystal-chemical controls, i.e. incorporation of V3+ in the octahedral 

site and Zn in the tetrahedral site. The Mg-Ti-depletion trend is accompanied by a 
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decrease in Zr at constant or decreasing levels of other HFSE, which implies that these 

elements are generally compatible with respect to magnetite in carbonate melts 

(Mag/LDHFSE ≥ 1). The experimental and empirical partitioning data available in the 

literature (D’Orazio et al. 1998, Toplis and Corgne 2002, Righter et al. 2006) indicate 

that Cr is invariably more compatible in magnetite than Ni, and Ni is more compatible 

than Co. It is, thus, to be expected that Ni/Cr and Co/Ni values in magnetite of 

carbonatitic origin will increase with fractionation. The limited published data for 

magnetite from differentiated alkali-ultramafic complexes do indicate a progressive 

increase in Co/Ni values with fractionation (Bagdasarov 1989). Unfortunately, with one 

exception (type-1 crystals in carbonatite K94-29), the magnetite examined in the present 

work contains nil Cr and Ni. A detailed LA-ICPMS study of Cr-Ni-Co-enriched 

magnetite from the carbonatites of “linear-fracture type” (sensu Bagdasarov 1989) is 

required to further constrain how the trace-element budget of magnetite changes with 

magma evolution. 

None of the examined Kerimasi carbonatites contain significant amounts of 

minerals that coprecipitated and, hence, could compete with magnetite for HFSE, Co, Ni, 

Cr, Zn, Mn and V. It could be expect that the partitioning behavior of these trace 

elements would be drastically affected by cocrystallization of magnetite with oxide 

(HFSE), silicate (Ti, Mn and V), or sulfide (Co, Ni, Cr and Zn) phases. Note also that 

experimental studies of intermineral partitioning (e.g., Toplis and Corgne 2002) are 

scarce. It is, thus, desirable to examine the distribution of trace elements in magnetite and 

its associated minerals in silicocarbonatites, phoscorites and sulfide-rich carbonatites 
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(such as Afrikanda and Kovdor: Chakhmouradian and Zaitsev 1999, Krasnova et al. 

2004).  

The reaction trend first recognized and characterized in detail in the present work 

appears to manifest a buildup of Mg and Al in calciocarbonatitic magma, which, in the 

absence of concurrent enrichment in silica, gives rise to a Fe-depleted, Mg-Al-enriched 

rim in magnetite crystals and their mantling by Fe-rich spinel. It remains to be 

determined why such reaction-induced textures appear to be uncommon in carbonatites, 

and what factors control the deposition of spinel (as opposed to Mg-Al silicates) in the 

final stages of carbonatite evolution. 
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CHAPTER 6. 

TRACE-ELEMENT STUDY AND URANIUM-LEAD DATING OF PEROVSKITE 

FROM THE AFRIKANDA PLUTONIC COMPLEX, KOLA PENINSULA (RUSSIA) 

USING LA-ICP-MS 

 

6.1. ABSTRACT 

The U-Pb geochronology of perovskite is a powerful tool in constraining the 

emplacement age of silica-undersaturated rocks. The trace-element and U-Pb isotopic 

compositions of perovskite from clinopyroxenite and silicocarbonatite from the 

Afrikanda plutonic complex (Kola, Russia) were determined by laser-ablation 

inductively-coupled mass-spectrometry (LA-ICP-MS). In addition, the Sr isotopic 

composition of perovskite was measured by isotope-dilution mass-spectrometry to better 

constrain the relations between its host rocks. Perovskite from the two rock types show 

different degrees of enrichment in Na, Mg, Mn, Pb, Fe, Al, V, rare-earth elements, Zr, 

Hf, Th, U and Ta. The 87Sr/86Sr values in perovskite are within analytical uncertainty of 

one another and fall within the range of mantle values. The 206Pb/238U ages (corrected for 

common lead using the 207Pb-method) of perovskite from silicocarbonatite statistically 

yield a single population with a weighted mean of 371 ± 8 Ma (2σ; MSWD = 0.071). 

This age is indistinguishable, within uncertainty, from the  weighted mean 206Pb/238U age 

of clinopyroxenite (374 ± 10 Ma; 2σ; MSWD = 0.18).  The data obtained in this work are 

in good agreement with the previous geochronological study of the Afrikanda complex. 

The observed variations in trace-element composition of perovskite from 

silicocarbonatite and clinopyroxenite indicate that these rocks are not related by crystal 
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fractionation. The Sr isotopic ratios and the fact that the two rocks are coeval suggest that 

they were either produced from a single parental melt by liquid immiscibility, or from 

two separate magmas derived at different degrees of partial melting from an isotopically 

equilibrated, but modally complex mantle source. 

 

6.2. INTRODUCTION 

Perovskite (CaTiO3) is a ubiquitous early crystallizing accessory mineral in a 

variety of silica-undersaturated rocks, including carbonatites. It commonly contains 

sufficient levels of U and Th (up to several hundred ppm and 3.0 wt. %, respectively; 

Chakhmouradian and Mitchell 1997; authors’ unpublished data) for U-Pb dating (e.g., 

Kinney et al. 1997; Secher et al. 2009). The U-Pb dating of perovskite has been carried 

out primarily using the sensitive high-resolution ion-microprobe (SHRIMP) or isotope-

dilution thermal-ionization mass spectrometry (ID-TIMS) techniques (e.g., Hamilton et 

al. 2003; Sgarbi et al. 2004; Matukov et al. 2006; Corfu and Dahlgren 2008). Recently, 

Cox and Wilton (2006), Batumike et al. (2008) and Simonetti et al. (2008) successfully 

applied laser-ablation inductively-coupled mass-spectrometry (LA-ICP-MS) to U-Pb age 

dating of perovskite from relatively young (< 400 Ma) intrusive rocks. LA-ICP-MS has 

also been applied to other U-bearing accessory minerals (e.g., zircon, titanite, monazite 

and xenotime) to provide geologically meaningful U-Pb ages (e.g., Simonetti et al. 2006; 

Wall et al. 2008). Similarly to the other methods used for U-Pb dating of perovskite (i.e. 

SHRIMP and TIMS), the LA-ICP-MS is restricted by such limitations as the absence of 

reliable matrix-matched standards, instrument mass-bias, decoupling of U and Pb during 

laser ablation, common-lead correction problems, etc. Some of the advantages of this 



 253

technique include fast data acquisition and low analytical costs (e.g., Košler et al. 2002; 

Simonetti et al. 2006). Here, the trace-element composition and U-Pb ages of perovskite 

from two petrogenetically distinct, but broadly contemporaneous intrusive units of the 

Afrikanda plutonic complex, Kola Peninsula (northwestern Russia) were determined 

using a LA-ICP-MS protocol. In addition, the Sr isotopic composition of the perovskite 

from the two rock types was obtained in order to constrain the relations between these 

rocks. 

   

6.3. GEOLOGICAL SETTING AND DESCRIPTION OF SAMPLES  

The Afrikanda complex is part of the Kola Alkaline Province, which comprises 

more than twenty plutonic complexes of Upper Devonian age (Kramm et al. 1993). The 

Afrikanda complex is composed of ultramafic, alkaline and silicocarbonatitic rocks 

(Chakhmouradian and Zaitsev 2004). Perovskite is a primary magmatic phase in all of the 

Afrikanda rocks, but is most common in clinopyroxenites and silicocarbonatites (the 

latter cross-cut all ultramafic units). In the silicocarbonatite, perovskite occurs as 

euhedral crystals of pseudocubo-octahedral habit up to several cm in diameter (Fig. 6.1a). 

In the clinopyroxenite, perovskite forms rounded or elliptical grains ≤ 1 mm across, 

tightly packed into a granular aggregate (Fig. 6.1b). Perovskite from both plutonic units 

exhibits zonation in back-scattered electron images (BSE). In the clinopyroxenite, 

perovskite crystals comprise low-Zavg (Zavg = average atomic number) cores mantled by 

high-Zavg material that composes the bulk of the grain. Perovskite from the 

silicocarbonatite shows complex growth zoning consisting of a low-Zavg core and a high-
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Zavg rim of irregular thickness. Compositional variations reflected by the differences in 

Zavg are addressed in detail below. 

 

Figure 6.1. Reflected-light images of perovskite (light-grey) from Afrikanda 

silicocarbonatite (1a) and clinopyroxenite (1b). The scale bar is 0.1 cm.  

 

 

 

 

 

 

 

 

 

 

6.4. ANALYTICAL PROCEDURES 

The major- and trace-element compositions of perovskite were determined by 

electron probe microanalysis (EPMA) using wavelength-dispersive X-ray spectrometry 

(WDS) and LA-ICP-MS, respectively. The EPMA were performed using a Cameca SX-

100 electron-microprobe operated at 15 kV and 20 nA with a beam size of 1 μm. The 

following natural and synthetic standards were employed for calibration: albite (Na), 

diopside (Si, Ca), orthoclase (K), titanite (Ti), andalusite (Al), Na-Ba niobate (Ba, Nb), 

fayalite (Fe), spessartine (Mn), SrTiO3 (Sr), zircon (Zr), rare-earth phosphates (La, Ce, Pr,  
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Nd and Sm), ThO2 (Th), UO2 (U) and  MnNb2Ta2O9 (Ta). Silicon, K, Mn, Ba, Zr, U and 

Ta were sought but found to be at or below their limits of detection by WDS (ca. 150, 

150, 500, 1900, 600, 800 and 2500 ppm, respectively).  

The trace-element composition of perovskite was determined using a New Wave 

UP-213 Laser Ablation System coupled to an Agilent 4500 ICP-MS. The spot analyses 

monitoring the following isotopic abundances were performed: Mg24, Al27, K39, Ca43, V51, 

Zn66, Sr88, Y89, Zr90, Nb93, Ba137, La139, Ce140, Pr141, Nd146, Sm147, Eu153, Gd157, Tb159, 

Dy163, Ho165, Er166, Tm16, Yb172, Lu175, Hf178, Ta181, Pb208, Th232 and U238. Instrumental 

parameters used for trace-element analysis are listed in Table 6.1. The synthetic glass 

standard NIST SRM 612 (Pearce et al. 1997) was employed for calibration. The natural 

reference material BCR-2 (Wilson 1997) was measured as an unknown and monitored for 

quality control; for all of the trace elements except Cr, the measured concentrations do 

not deviate by more than 10% from the reference value (for 60% of the elements, the 

magnitude of deviation is < 6%). The measured Cr concentrations in BCR-2 can be lower 

or higher than the reference value by an average of 17%. The Ca concentrations 

determined by WDS were used as an internal standard for all analyses. Detailed reflected-

light and BSE images of the perovskite grains were used to accurately position the laser 

beam and avoid inclusions and fractures.  

For U-Pb dating, twelve perovskite grains ranging 0.15-0.5 mm across from two 

samples of coarse-grained clinopyroxenite and two crystals (~ 3 mm across each) from 

two samples of silicocarbonatite found in close proximity to the clinopyroxenite were 

analyzed in situ using a 213-nm Nd-YAG Merchantek laser LUV 213 connected to a 

Thermo Finnigan Element 2 sector-field mass-spectrometer. A total of 27 analyses were 
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obtained; BSE and reflected-light images were used to accurately position the laser beam 

and avoid accidental ablation of material in fractures and inclusions. Ablation was 

performed in a He atmosphere using line ablation mode. In order to optimize the 

analytical setup, a number of test measurements were conducted using different laser-

operating conditions, with the following parameters chosen for the analysis: beam size of 

30 μm (to avoid inclusions and fractures), laser-energy density of ca. 7.21 J/cm2, and 

repetition rate of 10 Hz (Table 6.2). Each analysis consisted of a 50 s blank measurement 

prior to laser ablation. During the ablation, U, Th, Pb and Hg signals from the sample 

were acquired for 50 s in a time-resolved mode for the following isotopes: 202Hg, 204Pb, 

206Pb, 207Pb, 208Pb, 232Th, 235U and 238U. 

Zircon standard GJ-1 (608.5 ± 0.4 Ma; Jackson et al. 2004) was employed for 

calibration. The variation in the measured Pb/U ratios was monitored by analyzing the 

standard twice at the beginning and twice at the end of the day. Halden et al. (2007) 

monitored instrumental variations by dating (using GJ-1 as the external standard) the ‘in-

house’ secondary zircon standard (M1413) over a 6-month period. They found that 

variations in the Pb/U and 207Pb/206Pb ratios are less than 3%, and the age of 1042 ± 57 

Ma is within the analytical uncertainty of the value obtained by TIMS (1046 ± 2 Ma). 

 The 87Sr/86Sr ratio of hand-picked perovskite from the two rock types was 

determined by isotope dilution mass-spectrometry following the method of Holmden et 

al. (1996). The isotopic analysis was performed using a Nu Plasma Multi-Collector ICP-

MS. Accuracy and reproducibility were ensured by repeated analysis of a 100 ppb 

solution of NIST SRM 987 Sr-isotope standard, which yielded an average value of 

0.710264 ± 0.000009 (2σ; n = 4 analyses) compared to the accepted standard value of 
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0.710245 (Faure and Mensing, 2005). The perovskite data are reported normalized to a 

value of 0.710245. 

 

Table 6.1. LA-ICP-MS operating and data-acquisition parameters used for the trace- 

element analyses.  

 
 ICP-MS 

Model Agilent 4500 

Plasma Power 1380 Watt 

Gas flows:  

 Plasma (Ar) 15 L min-1 

 Auxiliary (Ar) 1 L min-1 

 Sample (He) 0.7 L min-1 

 Make up (Ar) 0.7 L min-1 

 LA 

Model New Wave UP-213 

Beam diameter 25 μm    

Frequency 5 Hz  

Energy density on sample 2.5 J cm-2 

Data Acquisition Parameters 

Data acquisition protocol time-resolved analysis 

Detector mode analogue and pulse-counting 

Data acquisition(s)  30 s background level, 70 s sample ablation 
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Table 6.2. LA-ICP-MS operating and data-acquisition parameters used for the U-Pb 

dating. 

 

 ICP-MS 

Model Element 2 

Plasma Power 1100 Watt 

Gas flows:  

 Plasma (Ar) ~15.59 L min-1 

 Auxiliary (Ar) ~1.21 L min-1 

 Sample (He) ~1.013/0.308 (L min-1) 

 LA 

Model Merchantek LUV 213 

Beam diameter 30 μm    

Repetition rate 10 Hz  

Power level 70% 

Incident pulse energy ~0.051 mJ 

Energy density on sample 7.21 J cm-2 

Data Acquisition Parameters 

Sample time 0.01 s 

Samples per peak 100 

Segment duration 0.1 s 

Integration window 10 % 

Scan method EScan 
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6.5. CHEMICAL AND SR-ISOTOPIC COMPOSITION OF PEROVSKITE 

In total, over fifty major- and eighteen trace-element analyses of perovskite from 

the clinopyroxenite and silicocarbonatite were obtained. Compositionally, perovskite 

from the two rock types is characterized by high levels of Na, Sr, Fe, Al, REE, Zr, Th, U 

and Nb (Table 6.3). With the exception of Nb, the levels of enrichment in these elements 

differ significantly between perovskite from the two rock types. Perovskite from the 

silicocarbonatite contains significantly higher amounts of Na (up to 1.9 wt.% Na2O), Pb 

(170-380 ppm), REE (up to 92000 ppm ΣREE+Y), Zr (up to 675 ppm), Hf (up to 39 

ppm), Th (up to 9000 ppm), U (up to 370 ppm), and lower levels of Fe (1.10-1.15 wt.% 

Fe2O3), Al (240-300 ppm) and Ta (45-150 ppm) relative to perovskite from the 

clinopyroxenite (0.5-0.9 wt.%  Na2O, 28-54 ppm Pb, 33000-48000 ppm ΣREE+Y, 210-

400 ppm Zr, ≤ 16 ppm Hf, 590-1235 ppm Th, 105-200 ppm U, 1.2-1.5 wt. % Fe2O3, 650-

1040 ppm Al and 450-650 ppm Ta). In addition, perovskite from the silicocarbonatite is 

slightly depleted in Mg (ca. 30 ppm), V (ca. 100 ppm) and Mn (140-155 ppm) relative to 

that from the clinopyroxenite (40-67, 150-180 and 170-220 ppm, respectively). 

Perovskite crystals from the clinopyroxenite contain somewhat lower levels of Sr and 

higher levels of K, but the range of Sr and K values in the two samples overlap. The Nb 

concentrations are comparable in perovskite from both samples and range between 7000 

and 11000 ppm. In the clinopyroxenite, cores of the perovskite crystals contain lower 

amounts of REE, Th, U, Pb, Nb and Ta relative to the mantles. The growth zoning pattern 

exhibited by the perovskite from the silicocarbonatite involves an increase in REE, Th, U 

and Pb and decrease in Nb and Ta content toward the rims of the crystals. 
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Table 6.3. Representative major- and trace-element compositions of perovskite from  

clinopyroxenite (1-2) and silicocarbonatite (3-4), Afrikanda (Kola).  

 1 2 3 4  
 low-Zavg core high-Zavg rim low-Zavg core high-Zavg rim 

Oxide, wt.% 

Na2O 0.46 0.90 1.66 1.90 
CaO 37.60 35.58 32.41 31.11 
Fe2O3 1.19 1.51 1.10 1.15 
TiO2 53.82 51.75 53.59 52.82 

Element, ppm 
K 33 25 11 11 
Mg 67 43 25 25  

Mn 167 201 156 142 
Zn 3.4 2.5 1.7 1.0 
Sr 3107 2560 3756 3341 
Ba 1.7 1.2 1.4 1.2 
Pb 2.8 54 188 381 
Al 1038 903 285 251 
V 152 173 104 100 
Y 220 244 278 343 
La 8281 10440 15624 18082 
Ce 16516 24594 39253 48657 
Pr 1608 2502 4000 5059 
Nd 5321 8317 12701 16603 
Sm 618 898 1155 1569 
Eu 141 195 238 319 
Gd 311 414 484 648 
Tb 28 36 44 60 
Dy 116 137 177 241 
Ho 14 16 22 29 
Er 23 25 38 48 
Tm 1.9 2.2 3.4 4.2 
Yb 7.8 9.1 12 16 
Lu 0.7 0.8 1.0 1.4 
Zr 384 216 576 620 
Hf 14 4.2 39 36 
Th 589 1235 4338 8985 
U 105 177 278 371 
Nb 7017 10892 10426 7557 
Ta 449 589 63 57 

Eds. is < 1% for all trace-element analyses. For some trace elements the range of variation 
extends beyond the values given in this Table. See text for the variation ranges of the 
petrogenetically significant trace elements.  
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The 87Sr/86Sr ratios of perovskite from silicocarbonatite and clinopyroxenite are 

remarkably similar (0.70337±0.00002 and 0.70333±0.00003, respectively) and fall within 

the range of the mantle values (0.702-0.706: Stracke et al., 2005). 

 

6.6. U-PB DATING OF PEROVSKITE 

6.6.1. Raw data reduction and mass-bias calculations 

Raw counts were corrected for dead time (14 ns) and processed off-line using an 

in-house Excel spreadsheet program. The measured counts were plotted against time and 

inspected to assure that only flat and stable signal intervals were used in isotope-ratio 

calculations. The quality of data was also controlled by the inspection of time-resolved 

plots of 238U/206Pb and 207Pb/206Pb ratios. In most cases, the signals showed very small 

fractionation and the averaged raw signal counts were corrected for the gas blank. The 

measured 238U/206Pb and 207Pb/206Pb ratios for each perovskite analysis were subsequently 

corrected for time-dependent mass-bias utilizing the power law (Yang and Sturgeon, 

2003). The results are given in Table 6.4. The total uncertainty in the 238U/206Pb and 

207Pb/206Pb ratios was obtained by combining the individual contributions from each 

measurement in quadrature assuming a Gaussian distribution about their mean values. 

  

6.6.2. Common-lead correction and age determination 

Perovskite may contain significant levels of common lead due to similarity in 

ionic radii of [8]Ca2+ (1.12 Å) and [8]Pb2+ (0.94 Å); hence the correct assessment of the 

non-radiogenic lead component is essential for the accurate U-Pb dating of this mineral 

(e.g., Andersen 2002). Previous U-Pb geochronological studies have shown that one of 



 262

the main limitations of LA-ICP-MS is the presence of small amounts of 204Hg in the Ar 

carrier gas, which cannot be resolved from 204Pb, hindering the correction based on direct 

measurement of non-radiogenic 204Pb (e.g., Andersen 2002; Cox and Wilton 2006). In 

this work, an attempt was made to use the 204Pb correction method by calculating the 

amount of 204Hg interfering with 204Pb, using the measured 202Hg levels. The high 202Hg 

backgrounds resulted in the extremely low or negative 204Pb/206Pb values, which 

precluded the use of this correction procedure. In addition to the 204Pb correction, there 

are several other methods that can be used to correct for common Pb, including 232Th-

238U/208Pb-206Pb correction, 207Pb-206Pb correction, and a three-dimensional correction 

combining the data from 208Pb, 206Pb, 232Th and 238U (e.g., Andersen 2002; Cox and 

Wilton 2006). The three-dimensional correction method was originally developed for 

zircons with relatively little discordance. This method however, is not suitable for young 

(<500 Ma) perovskite with large amounts of common lead (Andersen, personal 

communication). Consequently, the application of this correction method, using the 

Excel-based program “ComPbCorr” (Andersen 2002), to the Afrikanda perovskite data 

was not successful.  

When dealing with these young samples, the fraction of 206Pb that is common is 

generally estimated using the 207Pb-method (e.g., Williams 1998). In this method, each 

datum is assumed to be a mixture of common Pb and radiogenic Pb; with a known 

common Pb composition, an extrapolation through the datum to concordia can be made 

and the radiogenic 206Pb/238U can be derived.  Clearly, for a single datum concordance 

cannot be assessed since there is no independent 207Pb/206Pb age.  However, if the 

population as a whole is concordant (in terms of its radiogenic Pb), then all uncorrected 
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points should lie on a line connecting the inferred radiogenic age and the common Pb 

point. This method is routinely used for zircons and has been successfully applied to 

perovskite from kimberlites (cf. Williams, 1998).   

In this study, the isotopic composition of common Pb is calculated from the 

Cumming & Richards (1975) growth model for the inferred age of the sample. The 

amount and fraction of common 206Pb in each analysis of perovskite from Afrikanda 

rocks were estimated from the 207Pb/206Pb ratio plus the assumption of age-concordance. 

The common-lead corrected 206Pb/238U ratios were then used to calculate an age for each 

individual perovskite analysis (Table 6.4). The weighted mean of 16 analyses of 

perovskite from the silicocarbonatite yielded a 206Pb/238U age of 371 ± 8 Ma (2σ; MSWD 

= 0.071). The age of perovskite from the clinopyroxenite obtained by taking the weighted 

mean of 11 analyses corresponds to 374 ± 10 Ma (2σ; MSWD = 0.18).    

An alternative method of correction for common lead in perovskite was recently 

employed in several studies (e.g., Cox and Wilton 2006; Batumike et al. 2008). It 

involves extrapolating, on a Tera-Wasserburg diagram, a line through the uncorrected 

207Pb/206Pb and 206 Pb/238U ratios (Tera and Wasserburg 1972). The intercept on the Y-

axis yields the common Pb composition and the intercept on Concordia gives the 206/238U 

age. The data are regressed using ISOPLOT (Ludwig 2003). On a Tera-Wasserburg 

diagram, the analyses of perovskite from two intrusive units of the Afrikanda complex 

plot in separate clusters (Fig. 6.2). Although the variations in 238U/206Pb and 207Pb/206Pb 

ratios within each group are small, there is enough dispersion between the two clusters to 

obtain a reasonably precise age of 375 ± 18 Ma (2σ; MSWD = 0.117).  
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Table 6.4. Common-lead corrections and age calculations of perovskite from Afrikanda rocks.  

 

Analysis Measured ratios  Fraction of common lead Corrected ratios Apparent Ages 

 207Pb/206Pb ±2σ 238U/206Pb ±2σ f* ±2σ 206Pb /238U ±2σ Ma ±2σ  
 
 Silicocarbonatite 

1 0.2460 0.0275 12.9099 1.0346 0.2321 0.0333 0.0595 0.0054 372 33 
2 0.2232 0.0271 13.3142 1.1044 0.2044 0.0328 0.0598 0.0055 374 34 
3 0.2421 0.0169 13.1590 0.7808 0.2276 0.0314 0.0587 0.0053 368 32 
4 0.2446 0.0144 12.8234 0.5037 0.2302 0.0297 0.0600 0.0046 376 28 
5 0.2374 0.0160 13.1143 0.6589 0.2218 0.0304 0.0593 0.0049 372 30 
6 0.2553 0.0169 12.6987 0.6342 0.2434 0.0324 0.0596 0.0051 373 31 
7 0.2339 0.0137 13.0991 0.5616 0.2174 0.0284 0.0597 0.0047 374 28 
8 0.2622 0.0174 12.5122 0.6070 0.2516 0.0333 0.0598 0.0051 375 31 
9 0.2446 0.0145 13.0639 0.6134 0.2306 0.0298 0.0589 0.0048 369 29 
10 0.2181 0.0145 13.6492 0.9014 0.1985 0.0278 0.0587 0.0054 368 33 
11 0.2269 0.0159 13.4727 0.6901 0.2092 0.0295 0.0587 0.0049 368 30 
12 0.2687 0.0149 12.6128 0.5648 0.2598 0.0320 0.0587 0.0048 368 29 
13 0.2613 0.0153 12.9458 0.6050 0.2510 0.0317 0.0579 0.0048 363 29 
14 0.2410 0.0255 13.0282 0.9522 0.2261 0.0389 0.0594 0.0062 372 38 
15 0.2569 0.0189 12.5072 0.6437 0.2451 0.0340 0.0604 0.0053 378 32 
16 0.2576 0.0159 12.5736 0.5517 0.2460 0.0318 0.0600 0.0049 375 30  
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Table 6.4. (Continued).  
 

Analysis Measured ratios  Fraction of common lead Corrected ratios Apparent Ages 

 207Pb/206Pb ±2σ 238U/206Pb ±2σ f* ±2σ 206Pb /238U ±2σ Ma ±2σ  
 
 Clinopyroxenite 

1 0.1447 0.0131 15.1772 1.2021 0.1098 0.0201 0.0587 0.0058 367 35  
2 0.1556 0.0172 14.9968 1.3761 0.1230 0.0247 0.0585 0.0064 366 39  
3 0.1537 0.0122 14.7395 0.9482 0.1205 0.0198 0.0597 0.0052 374 31 
4 0.1489 0.0132 15.1312 0.9225 0.1149 0.0204 0.0585 0.0049 366 30 
5 0.1344 0.0095 15.4361 0.8288 0.0974 0.0163 0.0585 0.0046 366 28 
6 0.1352 0.0106 15.0700 0.8616 0.0981 0.0173 0.0598 0.0048 375 29 
7 0.1516 0.0154 14.3818 0.8348 0.1175 0.0228 0.0614 0.0051 384 31 
8 0.1644 0.0180 14.4651 1.4347 0.1334 0.0259 0.0599 0.0070 375 42 
9 0.1595 0.0114 14.3656 0.7644 0.1272 0.0194 0.0608 0.0048 380 29 
10 0.1616 0.0169 14.2143 1.2495 0.1297 0.0247 0.0612 0.0065 383 40 
11 0.1617 0.0162 14.2687 1.1315 0.1299 0.0240 0.0610 0.0061 382 37 
 
* f  = [(207Pb/206Pb)measured - (207Pb/206Pb)radiogenic] / [(207Pb/206Pb)common - (207Pb/206Pb)radiogenic].    
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Figure 6.2. 207Pb/206Pb vs. 238U/206Pb plot and weighted mean 206Pb/238U age diagrams for 

perovskite from the silicocarbonatite and clinopyroxenite of the Afrikanda complex. 

Data-point error ellipses are 2σ. Note two distinct clusters formed by perovskite data 

from two rock units. Ages on Concordia are shown in millions of years (Ma). 
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6.7. DISCUSSION AND CONCLUSIONS 

The timing of alkaline and carbonatitic magmatism of the Kola Alkaline Province 

has been studied extensively, and found to lie within the range of 410-362 Ma (e.g., 

Kramm et al.  2004). The previous geochronological study of the Afrikanda 

clinopyroxenite (using a combination of whole-rock, biotite, perovskite, apatite and 

augite analyses) yielded a Rb-Sr isochron age of 364.0 ± 3.1 Ma (2σ; MSWD = 0.72; 

Kramm et al. 1993). The carbonatitic rocks have not been dated, but are believed to be 

broadly coeval with, albeit somewhat younger than, the clinopyroxenite 

(Chakhmouradian and Zaitsev 2004). The data acquired in this study are in good 

agreement with the previous studies. The U-Pb dates calculated using the method of 

Cumming and Richards (1975) for perovskite from the clinopyroxenite (374 ± 10) and 

silicocarbonatite (371 ± 8 Ma), as well as the combined age obtained for two rocks using 

Tera-Wasserburg diagram (375 ± 18 Ma) are within the analytical uncertainty of each 

other and the Rb-Sr age determined by Kramm et al. (1993). The coherence of the 

population can be further assessed by taking the weighted means of all the individual 

common-Pb corrected 206Pb/238U ratios of perovskite from the two intrusive units. The 

ages obtained are very similar and give a weighted mean age of 372 ± 6 Ma (2σ; 

MSWD=0.119), which is nearly identical to the age obtained using the Tera-Wasserburg 

plot. The fact that the data for the two rocks fall within the same regression line on the 

Tera-Wasserburg diagram indicates that the perovskite from the silicocarbonatite and 

clinopyroxeneite have nearly identical common lead compositions. The 207Pb/206Pb 

composition of the common lead component is 0.86 ± 0.12 and corresponds to a model 

age of  ~380 Ma using the Stacey and Kramer (1975) two-stage Pb evolution model. The 
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strong correlation between the individually calculated ages of the two rocks, the intercept 

age obtained from the Tera-Wasserburg diagram, the common lead value determined 

using the model lead composition, and the Rb/Sr age of the Afrikanda clinopyroxenite 

(Kramm et al. 1993) suggests that the perovskite ages are geologically meaningful and 

represent the crystallization age of the Afrikanda rocks. This is further corroborated by 

the fact that these ages fall within the range of known alkaline magmatism in the region.          

It has been suggested that carbonatitic rocks can be derived from an alkali-

ultramafic parental magma by extreme fractionation (e.g., Brassinnes et al. 2005). To test 

the possibility that the Afrikanda clinopyroxenite and silicocarbonatite are genetically 

related and derived from the same magma, the trace-element composition of perovskite 

from the two rock types was compared. If the clinopyroxenite represented a cumulate unit 

and the silicocarbonatite a fractionated derivative from the same parental magma, the 

trace-element compositions of perovskite from the two rock types should follow an 

evolutionary trend constrained by the differences in element partition coefficients. For 

this comparative analysis, four pairs of different isovalent elements that substitute in the 

Ca and Ti sites in the perovskite structure, i.e., Th-U, Zr-Hf, La-Y and Sr-Mg were 

selected (Fig. 6.3). Isovalent elements were chosen for each pair to eliminate the potential 

effects of coupled substitutions that could drastically change partition coefficients (for 

example, incorporation of Na would facilitate substitution of Ti by Nb: Chakhmouradian 

and Mitchell 1997). In each of the pairs, one of the elements (Th, Zr, La and Sr) is 

significantly (2-10 times) more compatible in perovskite relative to a melt than its 

counterpart (Corgne and Wood 2005; Chakhmouradian et al. 2010). Preferential 

partitioning of Th, Hf, La and Sr into the early cumulus perovskite should result in lower 
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Th/U, Hf/Zr, La/Y and Sr/Mg values in more evolved perovskite (i.e., that from the 

silicocarbonatite). From Figure 6.3, it is evident that the compositions of perovskite from 

the two rock types show an inverse relationship.  

 

Figure 6.3. Compositional variation of perovskite from Afrikanda expressed in terms of 

isovalent element ratios. Arrows indicate changes in trace-element composition of perovskite 

during crystal fractionation expected from their partition coefficients (Corgne and Wood 2005; 

Chakhmouradian et al. 2010). Black ellipses indicate average values at the one sigma level. 

Dashed and solid lines represent the compositional ranges observed in perovskite from 

silicocarbonatite and clinopyroxenite, respectively.  

 

 

 

 

 

 

 

 

 

 

Even if the Sr/Mg ratio in the perovskite is assumed to be affected by crystallization of 

clinopyroxene and magnetite (removal of Mg), the observed increase in Hf/Zr, Th/U and 

La/Y ratio towards the allegedly more evolved compositions cannot be explained by 
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competitive partitioning because perovskite is the principal repository for these elements 

in both clinopyroxenites and silicocarbonatites. The proportion of zirconolite 

(CaZrTi2O7) in the silicocarbonatite is negligible and cannot account for the observed 

trace-element trend. Thus, the trace-element data obtained in this study support the 

conclusion of Chakhmouradian and Zaitsev (2004) that the two rocks studied in the 

present work are not related to each other by crystal fractionation.  

The mantle-like 87Sr/86Sr ratios of perovskite from silicocarbonatite and 

clinopyroxenite and the fact that these rocks are coeval can be explained by the following 

two scenarios: (i) liquid immiscibility (Bell and Rukhlov 2004) of the same parental 

magma (e.g., carbonate-rich melanephelinite: Chakhmouradian and Zaitsev 2004), (ii) 

different degrees of partial melting of an isotopically equilibrated source with complex 

mineralogy (e.g., dolomite-amphibole-bearing lherzolite: Wallace and Green 1988; 

Chakhmouradian 2006).   

 Following the work of Cox and Wilton (2006), Batumike et al. (2008) and 

Simonetti et al. (2008), the present study has demonstrated that LA-ICP-MS-based U-Pb 

dating of perovskite can serve as a reliable and inexpensive geochronological tool. The 

data acquired in this work provide further support for the notion that the perovskite U-Pb 

ages are critically dependent on the correct assessment of the common Pb component. 

However, the interference of 204Hg with 204Pb, and the lack of matrix-matched well-

characterized standards complicate the routine application of the conventional 204Pb 

common lead correction to isotopic data obtained for perovskite by LA-ICP-MS. 
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CHAPTER 7.  

SUMMARY AND CONCLUSIONS. 

 

In recent years, significant advances in the understanding of the geochemistry, 

petrogenesis and economic importance of carbonatites have been made. To a great extent 

this has been due to the advent of application of analytical techniques capable of precise 

micro-scale analysis of these rocks and their constituent minerals, including in-situ isotopic 

and trace-element measurements. The main purpose of the present work was to examine the 

distribution of trace elements in major rock-forming minerals from carbonatites in order to 

reveal the interrelations between evolutionary processes in carbonatitic magmas, their 

sources and tectonic settings on the one hand, and mineral chemistry, zoning patterns and 

element partitioning on the other. The present thesis is the first comprehensive study of the 

trace-element composition of ferromagnesian silicates and magnetite from carbonatites 

based on high-precision in situ measurements on representative samples from 24 

carbonatite localities worldwide. In this study, a large set of analytical data (>2000 

analyses) has been acquired for clinopyroxene, amphibole, phlogopite, magnetite, 

perovskite and dolomite by wavelength-dispersive X-ray spectrometry and laser-ablation 

inductively-coupled mass-spectrometry. These new data was used to revise and 

significantly expand the known compositional variation in these minerals and link the 

observed variation trends to magma-evolution processes. The results of this work have 

important petrogenetic and economic implications (e.g., for kimberlite and rare-metal 

exploration), and were disseminated through five publications in refereed journals (Reguir 

et al., 2008, 2009, 2010; Chakhmouradian et al., 2009; and Reguir et al., 2011, submitted).  
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The relative contribution of mafic silicates to the whole-rock trace-element budget 

of carbonatites and the effect of their crystallization on magma evolution was assessed in 

Chapters 2 and 3. In Chapter 2, the extent of trace-element substitutions in clinopyroxene 

and amphibole from carbonatites was determined (Reguir et al., 2011). These data are used 

to bridge some of the compositional gabs previously recognized in these phases, and to 

advance our understanding of the mechanisms and compatibility of petrogenetically 

important trace elements with respect to clinopyroxene and amphibole from carbonatites. 

These findings suggest that clinopyroxene and amphibole-group minerals can contribute 

significantly to the HFSE and LILE budget of carbonatites. The results of this work suggest 

that higher levels of such economically important elements as Nb and Ta in amphibole-

group minerals relative to their clinopyroxene counterparts can be attributed to the higher 

compatibility of these elements with respect to the amphibole structure. New data show that 

clinopyroxenes and amphiboles may contribute significantly (~10%) to the bulk heavy-REE 

content of carbonatites. Previously unrecognized bimodal distribution of REE in 

clinopyroxene (and, in some samples, amphibole) is explained in terms of the crystal 

chemistry of these phases. Diversity of the zoning patterns in both minerals is explained on 

the basis of crystal chemistry, relative compatibility of different trace-elements, and co-

precipitation of other phases. This study has important implications for the geochemical 

modeling of fractional crystallization in carbonatitic magmas, and for mineral exploration 

targeting REE, Nb and other types of carbonatite-hosted rare-metal mineralization. 

The goal of the paper presented in Chapter 3 was to test the applicability of trace-

element variations in individual minerals to petrologic analysis of texturally similar rocks 

(Reguir et al., 2009). A large analytical dataset was acquired for trioctahedral micas from 
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fourteen selected calcite carbonatites and kimberlites. Analysis of these data in a 

paragenetic context confirms that several factors can influence the compositional variations 

of mica in both rock types, including the composition of parental magma, changes in 

crystallization conditions (e.g., redox state) and the competitive partitioning of selected 

elements between mica and oxide phases. For the first time, several key compositional 

differences between micas from carbonatites and kimberlites (including zoning patterns and 

trace-element abundances) have been identified and were used to establish new criteria for 

discriminating between these rock types. On the basis of the proposed criteria, kimberlites 

can be reliably distinguished from calcite carbonatites. In particular, phlogopite from 

kimberlites has significantly higher levels of Cr, Ni and Co, but is depleted in Nb, Mn, Sr, 

Sc and Zr relative to micas from calcite carbonatites. This work provides further evidence 

that these rocks are geochemically different and, thus, cannot be explained within the 

framework of a single petrogenetic model (such as protracted crystal fractionation). The 

practical significance of these findings is in providing mineralogical criteria that can be 

applied to kimberlite exploration. 

The new criteria established in the previous Chapter were tested on phlogopite 

megacrysts from carbonate rocks at Wekusko Lake, Manitoba (Chapter 4; Chakhmouradian 

et al., 2009). These unique rocks are of particular interest since the composition of their 

major mineral phases is consistent with that of carbonatites, yet the presence of diamond-

indicator minerals (Mg-Al-Cr-rich spinel, Mg-Cr-rich ilmenite and Cr-rich pyrope) is 

suggestive of their kimberlitic origin. The trace-element signature of phlogopite from the 

Wekusko Lake rocks, specifically its lower Ni and Cr and higher Mn and Nb levels relative 

to those observed in kimberlitic mica, undoubtedly places them in the carbonatitic field on 
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the discrimination diagrams constructed in Chapter 3. Detailed trace-element study of the 

groundmass dolomite further strengthened the hypothesis that these rocks are of 

carbonatitic provenance. The enrichment of dolomite in Sr, Ba, and LREE, as well as its 

chondritic Y/Ho values and stable isotopic signatures are consistent with a carbonatitic 

origin. The data obtained in this work combined with the whole-rock trace-element and 

radio-isotopic analyses, lead to the redefinition of the Wekusko rocks as primary mantle-

derived carbonatites (Chakhmouradian et al., 2009). These results have important 

implications for diamond exploration because they conclusively show that diamond 

indicator minerals are by no means restricted to kimberlites and thus should be treated in 

context of their host rock. This work is currently the most convincing demonstration that 

carbonatitic magmas can originate in deep lithosphere.  

In Chapter 5, the extent of trace-element substitutions in magnetite was examined 

using intrusive and extrusive carbonatite samples from Kerimasi volcano, Tanzania (Reguir 

et al., 2008). For the first time, the behaviour of trace elements during primary 

crystallization of magnetite (magmatic trend) was characterized and interpreted in terms of 

the relative compatibility of specific elements and crystal chemistry of magnetite. A new 

approach to the assessment of trace-element compatibility based on mineral zoning was 

developed. It was shown that the composition of magnetite crystallizing from carbonatitic 

magma evolves by becoming depleted in Mg, Ti and Al, whereas its V and Mn contents are 

sensitive to variations in f(O2). Systematic variations within several trace-element pairs (Zn 

and Mn, Co and Ni, etc.) were explained in terms of crystal-chemical controls. The data 

obtained in this work show that magnetite is only a minor host for HFSE in carbonatites, 

which contradicts the previously published electron-microprobe data. In addition, a 
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previously unrecognized evolutionary trend (magnetite → spinel) arising from the reaction 

of magnetite with carbonatitic magma was identified and explained in terms of variations in 

a(Mg2+) and a(Al3+).  

A comprehensive trace-element and isotopic study of perovskite from carbonatite 

and associated clinopyroxenite from the Afrikanda complex, Russia, was conducted to 

determine the temporal and possible genetic relationship between these rocks (Chapter 6; 

Reguir et al., 2010). Prior to this work, only a very limited number of LA-ICP-MS-based 

U-Pb geochronological studies had been conducted on perovskite. The similarity of ages 

and Sr-isotopic compositions exhibited by perovskite from the two rocks contrasts with 

very different trace-element variation trends in carbonatite and clinopyroxenite. This 

apparent discrepancy is interpreted to indicate that these rocks are not related to each other 

by crystal fractionation, and that their parental magmas originated either by liquid 

immiscibility of a single magma or by different degrees of partial melting of an isotopically 

equilibrated mantle source. 

To summarize, rock-forming ferromagnesian minerals are important trace-element 

hosts in carbonatites that may contribute significantly to the whole-rock Rb, Sr, Ba, REE, 

Zr and Hf budget and contain the bulk proportion of compatible lithophile elements (most 

importantly, Sc and V). A detailed knowledge of the trace-element chemistry of these 

minerals is essential for tracking the evolutionary paths of carbonatitic magmas and 

addressing practical problems dealing with the distribution and economic potential of rare-

metal mineralization in carbonatites. Complex compositional variations documented in the 

most important rock-forming minerals in carbonatites (clinopyroxenes, amphiboles, micas 

and spinels) stem from an interplay of element partitioning controlled by the crystal 
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chemistry of these minerals and changes in the availability of specific elements in the 

carbonatite system owing to co-precipitation of such common accessory minerals as 

fluorapaite (Sr, REE) and pyrochlore (Nb, Ta). Involvement of a fluid phase in the 

development of mineral zoning appears to be relatively uncommon, but can be readily 

identified from intragranular variations in certain trace-element ratios (Y/Ho, La/Yb, among 

several others). The crystal-chemical effects can produce dramatic variations in the 

concentration of those trace elements whose relative compatibility depends on the 

availability of a specific crystallographic site (e.g., REE partitioning in amphiboles), or a 

specific substitution mechanism facilitating its uptake (e.g., coupled Mn-Zn partitioning in 

magnetite). In the absence of significant competitive-partitioning effects, consistent 

variations in trace-element abundances and ratios (such as Zr/Hf, Co/Ni, etc.) can be used 

to qualitatively assess the relative compatibility of these elements with respect to the host 

mineral and, for multiple generations of the same mineral, apply these data to paragenetic 

analysis. The diversity of patterns of compositional variation documented in some of the 

minerals (e.g., amphiboles) underlines the importance of an inclusive and systematic 

approach in petrogenetic studies based on the quantitative analysis of trace-element 

distribution. 
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