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Snow covered sea ice plays a crucial role in the eaith's climate. This includes polar 

biology, local, regional and world weather and ocean circulations as well as indigenous 

people's way of life. Recent research has indicated significant climate change in the polar 

regions, especiaily the Canadi an arctic. Polar climate processes are also among the most 

poorly misrepresented within giobal circulation models (GCMs). The goal of this thesis is 

to improve our understanding and capability to simulate arctic climate processes in a 

predictive sense. An electro-thermophysicaI relationship exists between the 

therrnophy sical characten stics (cli mate vari ab1 es and processes) and electrical properties 

(dielectrics) that control microwave remote sensing of snow-covered first-yea. sea ice 

(FYI). This work explicitly links microwave dielectrics and a themodynamic model of 

snow and sea ice by addressing four key issues. These includes: 1) ensure the existing 

one-dimensional sea ice models treat the surface energy balance (SEB) and snow/ice 

thermodynarnics in the appropriate time scales we see occurring in field experiments, 2) 

ensure the snowhce thermodynamics are not compromised by differences in 

environmental and spatial representation within components of the SEB, 3) ensure the 

snow layer is properly handled in the modeling environment, and 4) how we can make 

use of satellite microwave remote sensing data within the  model environment. Results 

suggest that diurnal processes are cntical and need to be accounted for in modeling snow- 

covered FYI, similar to time scales acting in microwave remote sensing signatures. The 

parameterization of incident short-wave (K 1) and long-wave (LA) radiation contain 

seasonal and environmental biases in some arctic locations (i-e. near polynyas) and have 

been adjusted to account for these biases. The representation of surface albedo needs to 

be improved in sea ice models. Surface and airborne measurements of albedo over FYI in 

the melt season suggest four distinct cover types that dominate aibedo that need to be 

included in process models and GCMs. The K J, LJ, and albedo are critical in the SEB 

and therefore indiredy impact snow and ice microwave dielectrics through the electro- 

thermophysical relationship. The snow layer representab on in current sea ice models is 

not sufficient for linkages to snow and ice microwave dielectrics- A detailed mass and 

energy balance 1-D snow model is coupled to a FM model, a type of model that has not 



existed until now. Results suggest the coupled version of the model improves simulations 

of FM over annual cycles. The addition of salinity in snow themal conductivity and 

specific heat improves ice temperatures during the melt season but causes over 

estimations of ice temperatures in the cold season- Addition of salinity in the mass 

balance of the model (in future implementations) will improve ice temperature simulation 

dunng the cold season- Output from the coupled snow sea-ice mode1 provides the 

required input to microwave dielectric models of snow and sea ice to predict microwave 

penetration depths within the snow and sea ice (an Electro-Themophysical model of the 

Snow Sea Ice System (ETSSIS)). Results suggest ETSSIS can accurately simulate 

microwave penetration depths in the cold dry snow season and wet snow season 

(fùnicular snow regime). Sirnulated penetration depths become too large in the pendular 

snow regime since liquid water is not generated soon enough within the snow pack in the 

spring seasni. The inclusion of salinity in the rnass balance of ETSSIS will improve the 

simulation of penetration depths in the pendular snow regime in fuatre implementations 

of the model. 
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CHAPTER 1: Introduction and Statement o f  Objectives 

1.1 Motivation 

Sea ice plays an important role in the earth's climate. It supplies freshwater to the 

North Atlantic via ice expoc it moderates ocean-atmosphere heat, moisture, and 

momentum exchanges, and it provides a biological habitat for pnmaiy production up to 

mammals. Ice that is expelled from the polar regions and carried into mid-latitudes by 

wind and ocean currents eventually melts, supplying a fiesh water source in the upper 

ocean. This creates varying strata within the ocean system that drives oceanic circulation. 

The sea ice provides a layer of insulation between the relatively warm ocean water and 

the cold atmosphere in winter, severely limiting the amount of heat and moisture transfer 

from the ocean to the atmosphere during this season. The ice also acts to lirnit the 

atmosphenc contribution to mean currents by suppressing wind drag directly on the 

ocean surface. Pnmary production in the arctic strongly depends on the existence of ice, 

and without it, aquatic life and land mammals would be directly affected through food 

chah dynamics. 

We expect to see the first and largest impact of CO2 induced global climate 

change within the polar regions. Various feedbacks occur within the ocean-sea ice- 

atmosphere system which tend to amplie climate processes (Moritz and Perovich, 1998). 

We expect that sea ice plays a centrai roie in these processes due to its control on the 

exchange of energy and mass between the ocean and atmosphere. Current global 

circulation models' (GCMs) suggest that wanning in the arctic will be 2-3 times larger 

' GCMs are cornputer models that simulate the euth's climate. 



than the global mean warming (Kattenberg et al., 1996). A primary process that controls 

this enhanced polar wanning is the sea ice-albedo2 feedback (Curry et al., 1995). This 

feedback is driven by increased arctic air temperatures (associated with a global warming 

scenano) that ablates more ice, in mm decreasing the aenal extent of the ice pack. The 

ocean surface becomes more exposed releasing more heat into the atmosphere, and with a 

much lower surface albedo (0.1) compared to the snowhce surface (0.8), the system 

absorbs more solar energy. The increased heat release and solar absorption acts to further 

enhance atmospheric warming, thereby, ablating more ice, and so on. However, critical 

feedbacks such as the cloud-sea ice feedback and any precipitation changes to the system 

act in complicated ways to enhance and counteract other feedbacks (see for example, 

Bany et al., 1984). The feedback processes occur over a continuum of spatial and 

temporal scales and the interaction of these processes makes long range climate modeling 

a difficult task. 

Over the past decade there has been a deteaable change in both the atmosphere and 

the ocean of the arctic (Serreze et al. 2000) as well as northem hemisphere snow cover 

characteristics Prown, 2000). Sea level pressure wer the arctic has decreased barnatically, 

signifjing an anomalous circulation within the atmosphere (Walsh et al. 1996). At the same 

time the Arctic Atlantic Layer (200-5ûûm) has w m e d  by about l.S°C (Cannack et al. 

1995), which may be related to an observed reduction in the thermodynamic equilibrium 

thickness3 of sea ice within the Arctic Basin from 3.1 m to 1.8 m @ohrock et al., 1999). 

This decrease in ice thickness may not be the result of thermodynamic forcing alone but 

by dynamic forcing, a fact that negates ice thickness decreases solely caused by global 

2 albedo is defined as the ratio of energy reflected from a surface over energy incident upon the surface. 



wanning. Recent results show that sea ice concentrations are reducing at a rate of about 

34,000 km2 per year or 2.9% per decade (over the past 18 years) (Parkinson et al. 1999). 

Canadian GCMs are in agreement with these rates of decay and suggest a complete 

disappearance of the perennial ice pack (multi-year ice (MW)) before 2 100 (Boer et al. 

2000). This implies that a greater arnount of the arctic wilI becorne covered with seasonal 

sea ice (first-year ice @YI) during the winter which has already been obsewed (Canadian 

Ice SeMce (CIS), pers comm). In fact, 1998 saw the least amount of MY1 within the 

Canadian Arctic Archipelago since the CIS began records 20 years ago. Changes have 

been observed around the globe. Since 1945 the net mass of 80% of the glaciers in the 

arctic, Canadi an and European mountains have signi ficantl y declined wi th an associated 

rise in sea level (8 cm between the years 1800 - 2000) (Greg Fiato, pers. comm.). The 

North Arnerican snow pack has also seen a decline in its duration and southern extent 

over the past 20 years; Canadian GCMs are in agreement with these observations (Boer et 

al. 2000). However, it should be emphasized that it has yet to be proven that the changes 

being experienced have been caused by anthropogenic forcing and not due to natural 

climate vanabili ty. It is noteworthy however that the recent PCC report concluded that 

the balance of evidence now suggests that there is a discernable influence of humans on 

the global clirnate system (PCC, 1996). 

With the imponance of sea ice in the global climate and recent observations of 

significant changes in the polar regions, there is a need for improving Our understanding 

of polar processes and further advancing our GCM capabilities. Polar processes are 

3 Thennodynarnic equilibrium thickness is the mean pack ice thickness resulting fmm a bdanced ocean- 
atrnosphere c lhate  sy stem (Le. atmospheric cooling is balanced by ocean warming). 
Formal definition of the sea ice types cited here can be found in MANICE (Manual of  Standard 

Procedures for Observing and Reporting Ice Conditions; www.~.gc,ça/manice/titleqg.htm) 



arnong the most poorly understood and require greater attention @?CC, 1996). Although 

the worlds GCMs generaily agree that the arctic will wam as time goes on, they do not 

agree on the magnitude of these changes. Deficiencies anse from poorl y understood 

processes and inadeguate mode1 physics/parameterizations? Progress in climate 

modeling will depend on new data sets and their utility for improving and validating 

criti cal processes and parameterizations (PCC, 1996). To i 1 lustrate a deficiency with 

current GCMs, the treatment of snow and sea ice is typically a single homogeneous slab 

with bulk physical properties. We know from field observations (Makshstas, 199 1) and 

modeling Waykut, 1978) that this treatment is not sufficient since the energy balance can 

be very different for various ice thicknesses and ice types (Papakyriakou, 1999). Snow 

has a very important role in the seasonal evolution of sea ice due to its high insulation 

and reflective properties, making its relationship with sea ice complex (Brown and 

Goodison, 1994; Barber et al., 1994; Papakyriakou, 1999). Snow warms the ice in winter 

because of its low thermal conductivity (high insulating properties) that inhibits ice 

growth. In the spring and early summer, the snow acts to enhance ice growth by 

reflecting most of the solar energy (inhibits intemal heating) with its high albedo (Eberi 

and Curry, 1993). Thus, the timing of a heavy snowfall in a particular location will have 

different efTects on the seasonal evolution of sea ice. The intemal physical changes within 

the snow are also important for detennining the net thermodynamic effect on sea ice 

through seasonal energy balance variations (Jordan et al., 1999). 

Pararnetaization is a technique to simulate a certain parameter through empiricd fonnulatiom or 
combination of empirical and physical meiliods, as opposed to using a purely physical relationship. 



one-dimensiona16 thermodynarnic models of snow (Jordan et al., 1999) and sea 

ice (Flato and Brown, 1996; Ebert and Curry, 1993) are being used to investigate more 

detailed processes that control arctic climate processes. These models have much more 

detailed physical processes within the snow and sea ice than GCMs, and results from 

these investigations can provide better physical parameterizations for GCMs in the future. 

Most numencal simulations of rnulti-year and fîrst-year sea ice using one-dimensional 

thermodynamic models have been conducted using daily average or monthly extemal 

forcing (see for example, Maykut and Untersteiner, 197 1; Ebert and Cuny, 1993; Flato 

and Brown, 1996). Studies such as those of Maykut and Untersteiner (1971) and Ebert 

and Curry (1993) focused on equilibrium simulations for multi-year sea ice using coarse 

monthly climatologicai forcing. Gabison (1987) used monthly averages of climatological 

data to compare a modeled annual first-year sea ice cycle to an observed climatological 

ice cycle for different Arctic locations. More recently, Flato and Brown (1 996) used dail y 

forcing simulations of land-fast first-year sea ice to illustrate the role of snowfall and air 

temperature in dnving interannual variations in maximum ice thickness and the timing of 

snowlice ablation. The importance of the snow layer on first-year sea ice has also been 

indicated by observations (Bown and Cote, 1992; Brown and Goodison, 1994; Barber et 

al ., 1994). However, even current one-dimensional mode1 s have major deficiencies and 

work is ongoing to improve different components within them. Another limitation of 

these models is that they can not be directly applied to microwave remote sensing since 

the variables that control microwave dielectncs (defined in section 2.4) are either not 

Onedimensionaiity refers to thesmodynarnic pmcesscs operating in tbe verticai coordinate throughout the 
ocean-ice, snow-ice, snow-atmosphere intexfaces and within the snow and ice layers- 



simulated or not simulated in the proper tirne scalea Further discussion of this is 

provided throughout the thesis. 

A particularly important time of year in the arctic is the spring and early summer 

(May and June) where the initiation of snow and ice melt toward complete melt can be 

fairly rapid (Ebert and Curry, 1993). In addition, the onset and progression of melt have 

large inter-annual and regional variations (Barry et al., 1989; Barber et al., 1998). The 

arctic spring and summer sees the largest solar irradiance which greatly enhances melt- 

The initiation, extent and rate of snow and ice meit are critical on the arctic sea ice 

balance and climate (Barry and Maslanik, 1989; Ebert and Curry, 1993). A controlling 

variable in the arctic energy balance is the short-wave7 surface albedo. Central arctic 

albedo ranges from 0.8 (snow surface) in early spring before melt begins then declines to 

near 0.4 once melt ponds8 and bare ice are present (see for example, Robinson et al., 

1986; Lindsay and Rothrock, 1993, 1994). As the albedo declines, more short-wave 

energy is made available for melt, in tum decreasing the albedo further. Numerical 

rnodels have major difficulty atternpting to simulate the sudace albedo with respect to its 

spatial and temporal vanability, a characteristic that must be irnproved before we can 

adequately simulate seasonal changes in sea ice. More albedo observations are needed 

toward this goal. 

The surface energy balance (SEB) (defined in Chapter 2), in which the albedo is a 

component, is crucial to sea ice (see for example, Zhang et al., 1996; Steffen and 

DeMaria, 1996) and its variations are critical for understanding the year to year 

differences in snowlice decay. A key component of the surface energy balance is incident 

7 Short-wave refers to the portion of the electromagnetic spectnun between wavelenghs 0.3 - 4 pm- 
8 Melt ponds (ponds of water) fonn on the ice surface from accumulated melted snow and surface ice melt. 



atmosphenc radiation (short-wave 6 4 )  and long-wave9 (Li)) upon the snow and ice 

surfaces that are major energy (heat) sources. The distinction between the wavelength 

ranges is that the short-wave has its origin from the Sun, and the long-wave is of 

terrestrial origin. Radiative fluxes are usually two orders of magnitude greater than the 

ocean heat flux at the ice undenide and planetary b o u n d q  layer turbulent fluxes (see for 

example Ebert and Cuny, 1993). These characteristics result in radiative fluxes 

dominating the overall sea ice thennodynamics. The diumal SE% can afTect snow grain 

growth, snow brine volume and snow wetness through thennodynamic processes which 

in tum al1 affect passive and active microwave remote sensing (see for example, Barber 

et al., 1994; Barber et al., 1995a). Changes in snow properties also strongly affect the 

surface albedo that feeds back into the SEB. In the absence of an adequate arctic radiation 

network, accurate mode1 simulations of sea ice thermodynamics therefore require 

accurate incident radiation pararneterizations- 

~c t ive"  and passive1 l microwave remote sensing (in particular, active satellite 

S ynthetic Aperture Radar (SAR) and passive satellite microwave radiometry) are proving 

to be valuable twls for investigating and monitoring arctic sea ice seasonal evolution. 

This portion of the spectrum provides information on the physical and electrical state of 

the surface with the added advantage of dl-weather, day and night observations. The 

S AR scattering (or resulting returned signal) and SSMII-measured emission is dominated 

by the combined geophysical and electricd conditions of the surface in the micro and 

macro scales. The evolution of the scattering and emission is related to the overall 

Long-wave refas to the portion of the electmmagnetic spectmn between 3.5 - 50 prn. 
'O Active remote msing is a devia which sends out a signal to a target and then  cei ives a retumed signal 
frorn that target, 
" Passive remote sensing is a device which meaSuTes an emitted signal h m  a target. 



thermodynarnics of the system and the control of temperature on both the physical and 

electrical properties of the volume (Barber et al-, 1994)- Recent work has shown that the 

temporal evolution of SAR scattering can be used to infer some physical (e-g.? ice type, 

snow grain size, perhaps snow thickness, snow salinity, melt pond formation, and melt 

pond fraction) and SEB (e.g. short-wave flux, albedo, long-wave flux and thermal 

conductivity) attributes of the polar climate (see Barber et al., 1995a; Barber et al., 1998). 

Similarly, passive microwave sensors are valuable for monitoring sea ice extent and 

concentration throughout the polar regions (see for example, Weaver and Troi si, 1996; 

Weaver et al., 1987). The relationship between SAR and SSM/I signaaires and the 

thermodynamic sea ice system brings about new ideas of how we can better understand 

the physical processes invofved. Utilizing numerical techniques and remote observations 

in tandem can lead to improved ways in understanding and monitoring polar processes. 

Considerable progress has been made in both the modeling and remote sensing 

communities dealing with sea ice processes, however, there are still major defi ciencies 

with the models and research is still required to better understand the physical processes 

behind what we see in microwave satellite imagery. 

The intent of my dissertation is to begin the process of linking thermodynarnic 

models of snow and sea ice with satellite microwave remote sensing. A major impetus for 

combining remote sensing into sea ice numerical process models is to improve our 

understanding and monitoring of the arctic climate system where very few observations 

are available othenvise. Other research areas have also indicated the need for combining 

remote sensing with numerical models. Gower (1995) expressed that remote sensing 

products are essential to ocean research and "because of the major importance attached to 



modeling (the earth's oceans), the WOCE (World Ocean Circulation Experiment) 

requires a major effort in assimilation of remoie sensing data into the models7'. In the 

agricuitural community, Brown (1995) has indicated that "remote sensing will be of great 

value for determining soi1 moisture over a wide area for initial soi1 moisture input to 

vegetation development models" - 

The integrabon of remote sensing and numerical sea ice models could lead to a 

new approach in looking at spatial1 y and temporal1 y cornplex, highl y interrelated arctic 

cryospheric processes. The remote sensing data cm also play a role in the initialization 

and validation of numerical sea ice models. Furthemore, remote sensing could become 

an integral component of the sea ice model creating a hybrid numerical model which 

explicitl y considers spatial interrelationship of processes within the model environment. 

Remote sensing can also be used to replace some model parameterizations or constrain 

elements within the system. There are two main advantages of these approaches; 1) the 

combined use of remote sensing and modeling may be used to simulate as realistically as 

possible those variables that can not be denved from remote observations alone, such as 

the distribution of sea ice thickness, 2) using remote sensing in place of some model 

parameterizations, other processes in the model can be exarnined in more detail, such as, 

if surface albedo is well handled by remote observations, other variables/processes may 

be held accountable for "erroneous" model simulations. Another approach is througb 

microwave fonvard and inverse scattenng models that have advanced to a state that 

makes t hem valuable supplementary tools for understanding the remote observations (see 

reviews by Golden et al., 1998a,b) which in tum can be linked to thermodynarnic models. 



We are now in a position to begin the first steps of directly linking 

thermodynamic modeling with microwave remote smsing through the interactions of 

thermodynamics, dielectncs and the thennophysical properties of the snowkea ice 

system. This is termed an 'electro-thermophysical' relationship and in what follows I 

explain how the thermodynamic and geophysical properties of the snow and sea ice 

control their microwave elecvical and backscatter characteristics, 

In the 'electro-themophysical' frameworlq 1 strive to develop a mode1 which 

couples knowledge of the scattering physics of the surface with a one-dimensional (1-D) 

thermodynamic model of the sea icdsnow system. The advantage of this approach is that 

the geophysical and electrical properties of the sudace give nse to scattering and 

emission in the microwave portion of the spectnim; changes in the geophysical and or 

electrical state of the volume are driven by the thermodynamics across the interface. A 

model of these relationships would allow us to measure both the geophysical suue of sea 

ice at any particular time and also evaluate the temporal evolution of this scattering over 

a penod coinciding with the seasonal evolution of the surface. Since the SEB also 

evolves directly from the thermodynamic and physical state of the system, we also expect 

to be able to detennine proxy measures of certain SEB state variables such as surface 

temperature, albedo, long-wave flux, surface atmosphenc drag, etc. This information can 

also be useful in determining the timing of accretion and ablation and producing 

estimates of the mechanical strength of sea ice andlor timing of fast ice break-up. 

My work includes a number of aspects dealing with snow covered FYI- This 

includes the critical processes that control the thennodynamics (growth and ablation) of 

snow covered smcmth first-year sea ice @YI) in a one-dimensionai sense and how they 



relate to microwave remote sensing. I limit my work to FYI not only to narrow my focus 

but to include a type of ice that is studied to a lesser degree than multi-year sea ice 

(MYI). in addition, at the current rate of arctic MY1 depletion, there will be more FW 

occupying the arctic oceans in the future. Numerical modeling and microwave remote 

sensing are also proving to be more useful toois for FYI. Smooth FYI (as opposed to 

rubbled and rafted FYI) is less complicated to study in terms of its flatter surface and 

more homogeneous phy sical structure, making i t easier to simulate in numerical 

modeling and identifjring relationships between ice thermodynamics and microwave 

remote sensing. Hence 1 also assume that the FYI is not a dynarnic volume (Le. the ice is 

not moving horizontally due to ocean currents or wind drag) which is typical of most FYI 

in the Canadian Arctic Archipelago (or fast-ice). This lends credence to the one- 

dimensi onali ty assumption- 

1.2 Thesis Objectives 

The goal of my research is to conduct the initial steps necessary for combining a 

one-dimensional thermodynamic snow sea-ice mode1 and rnicrowave remote sensing that 

is related to arctic snow and sea ice processes. 1 eluded to several issues that need to be 

addressed and would advance the numerical model to a state where remote sensing could 

be better Iinked into the model environment. These include: 1) ensure the existing one- 

dimensional sea ice models treat the SEB and snowhce thermodynamics in the 

appropnate time scales we see occumng in field experiments, 2) ensure the snowhce 

thermodynamics are not compromised by differences in environmental and spatial 

representation within components of the SEB, 3) ensure that the snow layer is properly 



handled in the modeling environment, and 4) how we can make use of satellite 

microwave remote sensing data with the model environment. 

My specific research questions, which evolve directly from these issues are: 

(1) Does the use of houriy and daily variable forcing result in a different 

simulation of the annual cycle of ice themodynarnics? If so, c m  the model 

pararneterizations adequately represent specific processes over these shorter 

temporal scdes, and is there a systematic bias in forcing the model with 'land 

based' versus 'on ice' measurements of input fluxes? 

(2) How do selected pararneterizations of Ki and LJ compare to in silu data and 

what are the characteristics of newer schemes that may be required? 

(3) What are the broadband and spectral aibedos over melting FYI as well as their 

local scale spatial variation (sub-km scale)? How do the surface albedos scale 

up to semi-regional (10's km) and regional (100's km) scales? What is the 

sensitivity of sea ice ablation to percent pond fraction and the associated spatial 

variability in surface albedo? 

(4) Are there advantages of using a more sophisticated snow component within a 

coupled 1-D snow sea-ice model over a similar model that uses a single bulk 

property snow layer for annual cycles of snow-covered Fm? 

(5) How can 1-D numetical models of snow-covered FYI be usefiil for microwave 

remote sensing applications? 



In question (1) 1 examine whether hourly forcing (Le. time step) results in a 

different simulation of ice thermodynamics than daily average forcing over an annual 

cycle using the sea ice model of Flato and Brown (1996). From field experiments, 

significant feedbacks operating between the atmosphere and the  surface (e-g., dbedo- 

snow grain growth; cloud cover-long-wave flux, etc.). The snowhe properties do not 

scale lineariy with radiative and turbulent fluxes in the SEB.. 1 wish to examine this 

'temporal scale' issue from both the perspective of parameterization of the model physics 

and integration of the thermodynamics over an annual cycle. In addition, 1 address the 

existing model pararneterizations relative to in sihc sea ice field observations made in the 

Canadian Archipelago between 1992 and 1993 dunng the Seasonal Ice Monitoring and 

Modeling Site (SIMMS) field prograrns (LeDrew and Barber, 1994). Specifically, 1 

consider the model parameterizations of incident short-waveAong-wave radiation and 

albedo. This component will indicate how well the physics are handled within the 

existing parameterizations and help to ascertain where (if any) changes should be made 

when using shorter temporal scales. Finally, 1 am interested in differences in forcing 

which anse when using nearby land station versus in silu sea ice observations. Because 

regular annual observations do not exist over the ice, arctic meteorological observations 

from land stations are typically used to force sea ice models. However, local climate 

differences between on-ice and land are significant. This addresses the differences in ice 

simulations between using land-based forcing and on-ice forcing. 

Question (2) deals with environmental and spatial differences in the incident 

radiative fluxes. That is, how accurate are the current incident radiation parameterizations 

for different arctic environments? For this analysis, 1 use unique in situ observations 



taken in an arctic polynyalz over temestrial, fast-ice, marginal ice zone and open water 

environments dunng the 1998 International North Water (NOW) Polynya Project (Barber 

et aI., 2001). 

In question (3), 1 address the issue of aibedo measurements (broadband and 

spectral) over a vanety of FM sufiaces (including melt ponds) due to the dearth of 

information currently available- 1 then scale up the surface albedo measurements to 

regional scales (100's km) using aircraft aenal video and satellite data to show melt pond 

spatial vanability and its albedo over FM. Then 1 examine how the thermodynamic state 

(and mechanical strength) of the sea ice is affected by variations in fiactional pond cover. 

In effect 1 am asking the question: "How important is it that the magnitude and spatial 

pattern of surface albedo (as examined above) is correctly parameterized within the 

annual cycle of sea ice ablation?" Measurements were made dunng C-ICE97 

(Col laborative - Interdisciplinary Cryospheric Expenment 1 997) conducted in Wellington 

Channel and Lancaster Sound, Nunanit. 

Question (4) investigates model simulati on differences in snow and ice phy sical 

and thermal evolution between a multiple layered coupled snow sea-ice model and a 

similar model that uses only a single bulk property snow layer. The one-dimensional 

mass and energy balance snow model (SNTHERM; Jordan et al., 1999) and sea ice 

model (Flato and Brown, 1996) are coupled at the snow-ice interface where fluxes of heat 

and radiation are transfemed. Both rnodeis are coded in standard FORTRAN. The 

Simulation cornparisons were conducted over a full annuai cycle of FYI between 1992-93 

as well as a specific shorter time p e n d  in 1992 to compare the models against measured 

"A polynya is a body of water that remains primady ice-free dririog the arctic winter monhs. 



field data. This allowed a very detailed investigation into whether using a more 

sophisticated model is warranted for snow-covered FYI annual cycles. 

The final question (5) illustrates the direct application of the coupled snow sea-ice 

model toward microwave remote sensing interpretation. The coupled model is linked to a 

microwave dielectric model; the amalgaination of the models produces a type of Electro- 

Thermophysical model of the Snow Sea-Içe System (ETSSTS). ETSSIS is directly 

compared to measured physical, thermodynarnic and microwave dielectric variables to 

show how well and when the mode1 reproduces them. 

1.3 Tbesis Structure 

1 begin by providing a discussion of the critical processes that control the 

thermodynamics within the FYI and snow surfaces over a range of temporal and spatial 

scales (Chapter 2 - section 2.1 and 2.2). Chapter 2 (section 2.3) also discusses how we 

can use numerical modeling to understand the critical processes, what processes are 

handled in these models, and what some of the deficiencies are. I limit the discussion 

primarily to one-dimensional thermodynarnic models. Chapter 2 (section 2.4) outiines the 

utility of microwave remote sensing toward FYI thermodynamics. In particular, what 

processes we can observe in microwave imageqr over the course of an annual cycle of 

FYI. Chapter 2 provides a thorough background to following chapters that address the 

five objectives in as many chapters. Research question 1 is discussed in Chapter 3 with 

the results being previously peer reviewed and published (see Hanesiak et al., 1999). 

Question 2 appears in Chapter 4 with the results being previously peer reviewed and 



published (see Hanesiak et ai., 2001a). Question 3 is addressed in Chapter 5 with the 

results being previously peer reviewed and published (see Hanesiak et al-, 2001~). 

Chapter 6 contains results from question 4. Finally, question 5 results appear in Chapter 7 

and in peer review for pub1 ication during the final version of this dissertation. The thesis 

concludes with a summary of results and research that should be conducted in the fiiture 

(Chapter 8). 

The usefùlness of this work will be to advance our understanding and monitoring 

abilities of arctic snow covered sea ice processes. This will enable the climate modeling 

cornmunity to utilize new insights in future GCM implementation strategies. It can also 

be used toward operational sea ice applications when arctic ice decay becomes important 

for ocean navigation. Lastly, ETSSIS can be used to assist in the interpretation of satellite 

microwave remote sensing, a type of mode1 that is unique for this purpose. 



CHAPTER 2: Background 

2.1 First-Year Sea Ice and i ts Snow Covet Characteristics 

This section describes the cntical themodynamic processes within snow covered 

first-year sea ice over a variety of temporal and spatial scales. Sea ice has severai stages 

of growth and devel opment, cl assi fi ed by the Worl d Meteorologicai Organization 

(%MO) and described in detail by the Manual of Standard Procedures for Observing and 

Reporthg Ice Conditions (MANICE) (Figure 2.1). I pay particular attention to first-year 

sea ice @YI) and begin with a brief description of the physical mechanisms of ice growth 

and snow evolution. An in depth discussion of snow and ice thennodynamics follows. 
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Figure 2.1: Stages of firs-year ice growlh. i~ thickness and externd forcing (in 
brackets). ModjIedjFoni PapkyrYakou (1999). 

New ice begins as frazil or slush (Figure 2.1) in the fa11 p e n d  during freeze-up 

(in temperatures s -1.8OC) where heat is lost from the ocean to the atrnosphere typically 

under windy conditions. Sea water has an average salinity of 32 ppt (parts per thousand), 

depressing its fieezing temperature to below O°C. As ice growth continues, grease ice and 

shuga (Figure 2.1) are fomed (mixture of ice ccystds and sea water), and continues to 

grow into more consolidated ice forms (nilas and pancake ice) over time. Conduction of 



heat continues fiom the bottom to the top of the ice fonning thicker young ice (0.3 m; 

Figure 2.1). As young ice grows, vertical bnne inclusions (mixture of salt and water) 

form between ice columns that are near 1 mm in width but Vary in site according to 

growth rate Figure 2.2) (Lofgren and Weeks, 1969). Salt that is trapped in the ice 

structure is either in liquid brine form or solid depending on the ice temperature (Lock, 

1990). Ice growth continues as a columnar structure to typical FYI thicknesses (30 - 200 

cm). FYI is usually made up of 5-25% frazil ice (top layer) and 7595% columnar ice 

(Figure 2.2) (see for example, Weeks and Gow, 1980; Tucker et al., 1987). Typical FYI 

densities are 880-910 kg m" with the variation primarily caused by air and salt content 

(Fukusako, 1990). Density increases with hcreased salinity (if bubble content remains 

constant) and decreases with increased porosity (Fukusako, 1990). This makes the 

average bulk ice thermal conductivity near 2.1 W m-' c". All of the ice f o m s  Vary 

widely over large spatial areas depending on proximity to land, other ice formations, 

atmosphenc wind and thermal conditions. This creates a myriad of ice conditions and ice 

thickness once full consolidation takes place. Dynamic processes (ocean currents, wind 

and i ce contraction/expansion) al so create various degrees of rough ice conditions 

(ridged, rafied and rubbied ice) with pieces of ice extending upward from 0.5 - 3 m (not 

including MW floes). However, 1 am specifically interested in smooth FYI. 
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Figure 2.2: First-year sea ice physicd characteristics shawing the _fiazil and columnar 
positions relative to intercrystatiine brine pockets and macroscaZe brine drainage 
channek A&ptedfiom vit et al. (1978). 

The brine inclusions are very important for heat conduction and latent heating 

within the sea ice (sbown later). Brine is forced upward and downward within the ice 

layer as i t grows. Brine and salt impurities that are forced upward out of the ice surface 

during initial ice growth fotn frost flowers (deformed tree-like structures that extend 

vertically on the ice surface between 2 - 6 cm). This results in the bottom snow layer 

(once snow has fallen) containing brine as well (see for example, Barber et al. 1995a) 

significantly affecting snow themai properties (Papakyriakou, 1999). However, brine 

drainage is primarily of gravitational ongin moving downward along the bnne drainage 

channels (Bennington, 1963) and is ongoing over time as the ice grows. Brine pockets 

interconnect forming the tree-like bnne channel within the ice from cm's to tens of cm's 

long (see Figure 2.2) (Lake and Lewis, I W O ) .  The resulting FYI salinity profile over time 

appears as C-shaped (Figure 2.3). The rejection of brine out of the bottom of the sea ice 

has global ocean circulation ramifications. The more dense sea water at the ice underside 

creates an unstable ocean layer that generates the thennohaline ocean circulation and is a 



fundamental process b y forcing and maintaining global and regional ocean circulations 

(Aagaard et al ., 198 1)- 

Figure 2.3: Typiuf salini4 profiles for growingfrst-year sea ice. Curves A-D represent 
ice thickness between 10 to 100 cm. Adrp!ed#om MW&! (1985). 

Dunng the melt season (April - August), the available liquid water fiom the snow 

pack and rnelted top layer of ice fonns melt ponds on the ice surface (Figure 2.4). Aerial 

melt pond fractions Vary dramatically with time and location over the course of the melt 

season. Melt ponds reduce the surface albedo significantly with maximum pond aerial 

fractions near 75% on smooth FYI (see for example, Barber and Yackel, 1999). Pond 

fractions tend to decline to values between 35-50% once drainage takes place due to seal 

holes and cracks in the ice (Barber and Yackel, 1999). FM typically breaks-up in summer 

due to dynamic effects and rarely completely ablates in the same location where it 

onginally formed. 



Figure 2.4: E u a p e s  of two melt pondflrst-year sea ice swjiaces meanrred wirh aerial 
vide0 (adapledjhwn Barber d Yackel, 1999). Valaes in the tables suggest the average 
fractional areas of ice/snow patches, lligt coloredponds, h k  colored pont& and aerial 
averaged albedo for bofh surfaces. 

Snow becomes an important physical presence on sea ice once ice has fomed. 

Snow is a porous mixture of ice grains of either single crystals or clusters of crystals 

(Alford, 1974) and has average bulk densities between 50 - 400 kg mJ. This makes the 

average bulk snow thermal conductivity considerably lower than FM (0.4 W m-' C l ) .  

The pores between ice crystals are filled with air, water vapor and liquid water if the 

snow is wet and/or melting (Colbeck, 1982). The snow layer and its physical properties 

are highly variable in space and time, controlled by various factors. Immediately after 

deposition, the  snow transforms into a discrete layered medium through rnetarn~r~hic '~ 

processes, overlying snow weight (overburden), freeze-thaw cycles, and wind transport 

(see for example Jordan et al., 1999). Density typically increases with depth provided 

there are no appreciable temperature gradients in the snow (Colbeck, 1982; Sturm, 1991). 

Most of what we know about snow and its internai physical changes is largely based on 

terrestrial surfaces (e.g. Alford, 1974; Anderson, 1976; Colbeck, 1982). Snow on sea ice 



is diflerent than terrestriai snow due to salinity and oceanic heating conducted upward 

within the ice (see for example, Dnnkwater and Crocker, 1988; Barber a al., 1994). 

From field observations, we typically see a vertical salinity gradient in the snow between 

10-17 ppt at the bottom-most snow layer and tapers off non-linearly to O ppt by 10-25 cm 

from the snow-ice intefice. This reduces the snow thermal conductivity in the brine- 

laden regions by at least 100% in most cases (Papakyriakou, 1999). With such a low 

thermal conductivity, snow significantly suppresses (enhances) ice growth in the 

FaWWinter (Spring) by insulating the heat transfer between the ocean-ice (atmosphere) 

and the atmosphere (ice) (see for example, Flato and Brown, 1996)- 

Metarnorphism is a criticai process that snow undergoes as it ages and evolves. 

There are two types of snow metamorphism, dry and wet, depending on temperature, 

density and liquid water profiles in the considered snow layer (Colbeck, 1973, 1980, 

1983). Snow metamorphism drives snow cover evolution and affects snow density, 

porosity, strength, albedo, and thermal conductivity (Brun et al., 1992). Once a fresh 

snowfall occurs over sea ice, it rapidly undergws metamorphic changes under a dry snow 

scenario, unless rain or w m  air temperatures complicate the process. 

Dry snow metamorphism implies that no liquid water is present in the snow pack, 

temperatures are sub-freezing, and the sncw is in solid state in equilibrium with vapor. 

The equilibrium crystal shape (that is highly dependent on the environmental conditions) 

dominates the grain shape in the absence of strong temperature gradients. The growth rate 

of snow grains is limited by vapor diffusion that is driven by the vapor pressure gradient 

(Alford, 1974). The vapor pressure gradient is controlled by temperature, radius of 

13 Metarnorphic processes are changes in snow morphology that take place as funetions of temperature and 
P m -  



curvature and size of each snow grain. For example, warmer snow pack areas near the ice 

surface in winter can hold more vapor than colder areas at the snow surface. This 

produces a vertical vapor pressure gradient in which vapor travels upward through the 

snow pack. In addition, smaller and more curved snow grains contain higher vapor 

pressures than larger and less rounded grains (Colbeck, 1987). This implies the larger 

snow grains tend to grow at the expense of smaller grains (Colbeck, 1973). 

There are two main types of dry snow metamorphisrn, equitemperature (ET) and 

temperature gradient (TG) processes. ET is defined by a small or no temperature gradient 

in the snow (O to -7°C m-') usually seen in spring, whereas TG has very high temperature 

gradients (15 - 70°C m-') typical of a winter snow pack (see for example, Colbeck 

1982). In dry snow ET metmorphism, snow grains reduce their surface free energy 

tending toward their stable state that is controlled by their radius of curvature and the 

surface to volume ratio. Snow grains naturally reduce their surface to volume ratio by 

- expelling excess vapor. Both processes (curvature and surface to volume reduction) act to 

produce more rounded grains and increase snow density (AIford, 1974). Rounded crystais 

are typically small between less than 0-1 mm to 1.0 mm. 

In dry snow TG metamorphism, the rate of vapor transport is very fast (kinetic 

growth) that builds angular, highly faceted grains that bond very poorly (Colbeck, 1982) 

(Figure 2.5). This process increases the crystal size but decreases the crystal number 

density (Colbeck, 1987, 1991) resulting in weak snow strengths and decreases in density. 

It should be mentioned that convective processes (air movement) within the snow pack 

also complicates the grain growth process and is largely unexplored, however, it is 

believed to be a non-negligible factor (Coibeck, 1989). Convective processes are difficult 



to measure and are therefore ignored in detailed snow models. A wide range of faceted 

crystal types are found in the snow cover, including complex scroll s, cup-shaped crystals, 

plates, sheaths, and needles (Bradley et al., 1977). Faceted crystals can grow up to 3 4  cm 

in l ength (see Figure 2.5) and are commonly found in the hoar snow layer. The hoar layer 

is defined by larger faceted snow grains near the base of the snow pack where warmer 

temperatures and high temperature gradients exist, or within the snow volume where two 

discontinuous density layers exist. The bottom layer of the  snow is typically texmed the 

basal layer. Another type of faceted crystal known as surface hoar can develop at the 

snow-atmosphere interface. These crystals form by condensation fiom the atmosphere 

that is supersaturateci compared to the snow surface- This can occur on cold clear arctic 

nights, 

Figure 2.5: Typial nou vacete4 and old &netic) snow grains <ad aggregates of 
partiaIk'y melted grains (piycrystaZIine) thor resull fiom the metamorphic processes 
described in the text (Aa2ptedjiom Barber et d., 1999). 



Wet snow metamorphism is distinguished by low and high liquid water contents, 

ty picall y termed the pendular and funicular regimes, respective1 y. In the pendular regime 

(1-8% liquid by volume), air makes continuous channels through the snow while liquid 

water travels between the crystals and air (Colbeck, 1982). Grain growth rates are 

accelerated due to liquid water the small grains preferentiaily destroyed and larger 

grains become more rounded and well bonded (polyclystailine aggregate in Figure 2.5) 

(Colbeck, 1982). Snow strength is relatively high in the pendular regime since no melting 

occurs at the grain contacts and is fbrther increased if the snow pack undergoes re- 

freezing (fimification). conduction of heat within snow is increased if re-freezing takes 

place. In the funicular regirne (8-1 5% Iiquid by volume), water occupies the pore spaces 

with little air and drains freely toward the ice surface (Colbeck et ai., 1990). Grains are 

surrounded by water and have difficulty adhering, unlike the pendular regime. The snow 

pack shnnks in depth due to snow mass loss and also loses its overall mechanical strength 

as liquid water creates verticai channels within the snow. The smaller particles rapidly 

disappear once reaching a critical size (Colbeck, 1973). Increases in mean grain size in 

"wet" conditions can occur from about 0.3 to 0.8 mm in six days, and from 0.21 to 1.78 

mm in nearly 40 days (Colbeck, 1982, 1986). In the funicular regirne, since the snow is 

saline, brine is flushed toward the ice surface reducing the snow's layered salinity profile, 

forming slush at the base of the snow pack (called basal ice if refrozen). 

2.2 Thermodynamics of Saow and Sen Ice 

The atrnosphere is the primary force behind the growth and decay of FM with the 

sunace energy balance (SEB) dominating. Ocean heat fluxes also contribute to ice 



evolution while ice is present to counteract and balance atmospheric forcing (to produce 

an equilibrium ice thickness in MYI). However, the ocean heat flux is assumed to be 

sornewhat constant and relatively small (2-30 W m-2) compared to atmospheric forcing 

for the type of ice under study here (Shirasawa and Ingram, 1997; Flato and Brown, 

1996). A graphical depiction of the SEB and the thermodynamic variables involved in the 

snow and ice layers outlines the major components (Figure 2.6). 

K& = incident SW flux 
~î = upwelling SW flux 
Fa = absorbed SW flux 
LJ = incident LW flux 
L? = upwelling LW flux 
Fs = sensible heat flux 
Fi = latent heat flux 
Ft = transmitted SW flux 
Fo = ocean heat flux 

Qnct = net surface flux 
Qm = interna1 latent heating 
Qw = water movement heat 

atmosphere 

A 
1 v T = sfc temp 

ice 

Qo=ice-ocean conductive flux oeean (mixed Iayer) 
T = -1.8 C if ice exists 

A T = -1.8 C Qs = atmos-snow conductive flux 

Figure 2-6: Depicrion of the criticai physical therm+amic processes within snow 
coveredfirst-year seu ice including the sujace enerm balance (SEB). inremal snow/ice 
processes and cortductive fluxes across each interjiuce. 

Qi= snow-ice conductive flux Fa 

The corresponding SEB equation appropriate for modeling snow over sea ice 

Fo 

(Jordan et al ., 1 999) is @ositive fiom the atmosphere toward the surface), 



where, Qnd is  the net atmosphenc heating of the snow or ice suiface, Ki, Kt,  Li, Lt are 

the incident and reflected short-wave radiation, incident and up-welli ng long-wave 

radiation, respectively. Fs, FI and Fp, are the sensible and latent heat fluxes and heat 

conducted by precipitation, respectively. The surface short-wave albedo is defined as the 

ratio of reflected solar radiation over the incident solar radiation, 

The energy within the snow volume can be estimated by (Papakyriakou, 1999), 

where, dQs is the net atmospheric heating (Qna + F s  + Fi), Qi is  the conductive heat flux at 

the ice surface, Qs is the conductive heat flux at the snow surface, Fa is the absorbed solar 

radiation, Qms is the phase transition energy, and Qw is heat energy associated with water 

flow . Simiiarly, the energy contained within the ice volume is, 

where, Q, is the conductive heat flux at the ice-ocean surface, Fi and Q, are the 

absorbed solar radiation (in ice) and intemal latent heating of the sea ice layer, 

respectively, and F, is the heat flux from the ocean mixed layer toward the ice underside. 

1 now continue with individual critical physical processes that control snow and sea ice 

thermodynamics, beginning with atmospheric forcing down to  the ice underside. 



2.2.1 Atmospheric Radiation Interaction with Snow and lce 

The solar short-wave (SW) portion of the spectrurn occupies wavelengths 

between 0.15 - 3.0 Pm. This is subdivided into visible wavelengths (0.36 - 0.75 pm), 

near-infrared (0.7 - 1 -3 pm), and mid-infrared (1 -3 to 3 -0 pm). The solar component of 

the arctic energy balance is seasonal due to the Earth's obliquity. The maximum solar 

zenith angle14 in the arctic during the summer solstice is limited to about 47 degrees 

because of the eanh's obliquity. High latitude locations (>66.5 degrees) are therefore in a 

state of darkness for up to six months of the year. Only when the sun rises above the 

horizon for longer periods of time through the spring does the short-wave radiation 

become increasingly dominant. This dominance continues through the spnng and 

summer months when, at high latitudes, the Sun does not drop below the horizon at ali. 

Long-wave radiation (3 -0 - 1 00 pm; thermal i nfrared) i s of terrestrial origin, with 

incident long-wave (LA) emitted from the atrnosphere al1 of the time. Up-welling long- 

wave radiation (Lt) is emitted from the surface and is also a continual annual process. 

2.2.1. I Incident Short- Wave Radiarion 

Incident S W (K 1) responds to seasonal, Iatitudinal, diumal and atmosphenc 

variations that significantly alter the arctic environment. The Ki variations are highly 

variable due to rapid changes in cloud cover, water vapor, aerosols, and the relatively 

slower changes in surface feahires. The KJ parameter is most sensitive to aerosol optical 



depth and surface albedo under clear skies and cloud optical depth, cloud liquid water 

content and surface aibedo under cloudy skies (Key et al., 1996; Leontyeva and Stamnes, 

1993). K i  is a key component in the SEB and accurate measurements andhr mode1 

parameterizations are required to nurnencall y simulate seasonal snow and ice evolution . 

More will be said about Ki in following sections. 

Surfase albedo is defined in equation (2.2). Several factors affect albedo, 

inctuding wavelength, solar zenith angle, surface characteristics, and clouds (Ebert and 

Curry, 1993). In sea ice climatology, the albedo of the surface (with snow andor melt 

ponds on it) is typically measured in the optical region of the  spectrum over wavelengths 

between 0.3 - 3 Pm. However, the most responsive region within this spectrum to 

changes in the sea ice surface is the visible (VIS) and part of the near infia red (NIR) 

region (0.3 - 1-1 pm). Surface features such as a new snow cover, old snow, wet snow, 

saturated snow, and melt ponds, determine the overall albedo magnitude over first-year 

sea ice. Fresh snow acts as a highly reflective surface in the VIS and NIR whereas, older 

snow absorbs more of the VIS and NIR energy. The direct albedo of snow can show 

considerable daily variation (Petzold, 1977). This is due to several factors. For instance, a 

snow pack will slowly settle under its own weight, changing the size, shape, and spacing 

of crystals at the surface. Dust particles from the atmosphere will also accumulate on the 

snow pack darkening the surface and lowering the albedo (Warren and Wiscombe, 1981). 

l4 Solar zenith angle is the angle between the Iocal normal to the Earth's surface, and a line between a point 

30 



Wind is a significant factor since it can redistribute and compact snow. A 1 cm layer of 

freshly accumulated snow wi-Il result in a new albedo that is completely independent of 

that for the previous surface (Petzold, 1977). Finally, a change from powdery to granular 

snow occurs at the surface of a melting snow pack. This means that the albedo of a 

melting snow pack is going to change more rapidly than an accumulating snow pack 

(Petzold, 1977). When the snow melts in spring, melt ponds develop on the sea ice 

surface and significantly decreases the overail surface albedo. The formation of ponds 

and the associated drop in aibedo causes fùrther rapid sea ice ablation through the ice- 

albedo-feedback process (Cuny et al., 1995). The extra SW radiation absorbed by the 

melt ponds is used to increase their-depth and the volume of bnne within the ice (Maykut, 

1 982). 

Clouds and solar zenith angle also affect the surface albedo. Maximum total cloud 

cover occurs in the surnmer (up to 90%), minimum coverage occurs in the winter (40- 

50%), and the transitions between maximum and minimum d u e s  occur over short time 

periods in the spring and fa11 (Curry and Ebert, 1992). Clouds influence Ki and hence 

surface albedo in three ways: 1) clouds reflect a portion of the radiation that they 

intercept back into space, that is, they have their own albedo, 2) clouds selectively absord 

SW radiation at wavelengths greater than 0.7 microns, and 3) cloud cover controls the 

relative proportions of direct and diffise radiation. Since the albedo of snow is greater for 

visible light than for near inf'rared radiation, albedo generaIIy increases as cloud cover 

and cloud opacity increase (Petzold, 1977). Furthemore, the albedo of surfaces that do 

not scatter radiation equall y in al 1 directions (non-Lambertian reflectors) will increase as 

on the Eaxth's d a c e  and the sun. 
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the diffuse component increases (Cuny and Eberr, 1992). Solar zenith angle e f f i s  show 

an 8-20% decrease in clear sky albedo as the zenith angle decreases fmm 80 - 45 degrees 

(Petzold, 1977). 

Sea ice al bedo is a critical climat01 ogical parameter control ling short-wave 

responses in the SEB, and has been a major focus in several modeling and observational 

studies (see for example, Shine and Henderson-Sellers, 1985; Ebert and Curry, 1993; 

Robinson et al., 1986; Ross and Walsh, 1987; De Abreu et al., 1994; Grenfell and 

Maykut, 1977; Grenfell and Perovich, 1984). Perovich (1996) summarized many of the 

scarce bulk @roadband13 and spectral16 albedo measurements collected in situ for 

vanous surfaces over different kinds of sea ice. Broadband aibedos range from 0.21 for 

melt ponds to 0.87 for diy new snow over first year ice (Table 2.1). 

TaHe 2.1: Previous memrements of inteputeci aIbedo 
over various surfaces (&ta a&pted#om Perovich, 1996). 

Sudace Tvoe Intenrateâ Albedo 
Open Water 0.05 
Old Pond O. 15 
Ponds (1" Year) 0.2 1 

1 Mature Pond 
Me1 ting Ice (blue) 0.33 
Refrozen Pond O -40 

. - - -  

/ Bare First-Year Ice 0.52 1 
Melting White Ice 0-56-0.68 
Frozen White Ice 0.70 
Melting Snow 0.77 
Wind Packed Snow 0.81 

'* Broadband dbedo refm to the integrated spectral albedo across the optical wavelengths. 
'%pecfral albedo refm to the Rflectance of enagy at a particular wavelmgth in the opticd specûum. 



Spectral snow albedos are typically highest in the VIS and drop off in the NIR 

(Figure 2.7). The magnitude and shape of the spectral albedo curves are strongly dictated 

by the snow grain size and amount of liquid water in the snow (Wiscombe and Warren, 

198 1). Few albedo measurements exist from the Canadian Archipelago compared to the 

Arctic Basin and Antaretic. De Abreu et al. (1995) measured first-year sea ice (FYI) 

spectral albedo in the Canadian Archipelago during the melt season showing the gradua1 

decline in albedo is attributed to the evolving geophysical structure of the snowhce 

volumes, increasing the contrast between the VIS and NIR spectral albedo. 

Figure 2.7: Two spectral albedo curves over snav covered sea ice. One (I) over dby 
m w ,  and the oher (2) overj-eeIy &aiinin, snow. ïhe m e s  are represenrotive with 
respect IO a baritm su&@hate reference punei. Site (2) rmgesjiom O - 15% water by 
volume fiom the top of the snow pack to the bottom. (Adaptedforn Barber, 1993). 

Very linle work has been done to assess the spatial vanability of albedo, mostly 

devoted to broad satellite-scale variations. Langleben (1971) suggested a linear decrease 

in albedo as a function of the degree of puddling in the Beaufort Sea, ranging between 0.6 

(0% pond cover) to 0.3 (70% pond cover). More recently, Barber and Yackel (1999) used 



video-derived albedo estimates near Resolute, Nunavut to show its spatial variability over 

linear transects during spnng melt Aibedos ranged between 0.3 and 0.5 depending on its 

proximity to land, ice type and ice roughness (Barber and Yackel, 1999). Sea ice surface 

albedo derived from satellite sensors in the VWMR wavelengths can obtain regionai 

pixel-scale (-1 km) albedo estimates. Robinson et al. (1986) and Robinson et al. (1992) 

used DMSP (Defense Meteorologicai Satellite Program) data to produce realistic al bedo 

maps of the Arctic Basin that was a good indicator of inter-annual variations in the mass 

and energy budget of the arctic. Robinson et ai. (1986) caiculated a net areal albedo of 

0.53 for the central arctic, corroborating earlier estimates. More recently, De Abreu et al. 

(1994, 1996) compared in siru albedo to AVHRR (Advanced Very High Resoluhon 

Radiometer) albedo over FYI showing that the two agreed favorably (within tS%) when 

accounti ng for atmospheric attenuation, viewing geometry, and sensor spectral response. 

Lindsay and Rothrock (1993, 1994) found mean monthly Arctic Basin aibedos to range 

from 0-76 in Apnl to 0.47 in August, 1989. More observations of surface albedo are 

needed over FYI, in panicular, local aibedos of specific sunace features (different snow 

types, melt ponds, etc.) and how these scale up to regional aeriai albedo- In addition, littte 

is known about the sensitivity of FYI ablation and break-up potential to the seasonal 

progression of fractional melt pond cover and their associated albedo changes from year 

to year. This is important for understanding the partitioning of energy and how we can 

temporaily and spatially represent albedo in numencai modeling studies. 



2.2.1.3 Suflace Absorption 

Absohed energy is used to heat the medium and create intemal phase changes, if 

the melting temperature is reached or can be re-emitted as long-wave radiation (see 

below). The absorbed SW radiation for a given level (2) in the snow (or ice) is given by 

(adapted from Pap-nakou, 1999), 

and KA(,, is the incident snow surface short-wave radiation, KA and qsd are the 

spectral extinction coefficient (m-l) and spectral albedo, respectively, and z is the vertical 

distance. 

2.2.1.4 Su$ace Transm ission 

The remaining SW energy that is not reflected or absorbed by the snow layer is 

transmitted into the ice. This available ice energy acts as interna1 heating of the ice of 

which a ceitain potTion is ais0 transmitted into the top ocean (mixed) layer. Beer's law 

dictates the amount of energy that is transmitted through the ice, as in snow above, 



where, K, is the spectral extinction coefficient (m*'). Maximum transmission of SW 

energy through the snow and ice occurs between the 0.45 to 0.55 pm region of the 

spectmm (Maykut and Grenfell, 1975) with most absorption in the infrared. Typical bulk 

extinction coefficients for dry snow range between 37 to 97 m-' and 23 to 58 m-l for wet 

snow (Fukami et al ., 1985), depending on the snow density. 

2.2.1.5 Long- Wave Radiation 

Al1 matter above absolute zero (-273.1 5OC or O K) emits energy as a function of 

its temperature, govemed by the Stefan-Boltzman law, 

where, L is the emitted long-wave radiation (W m4, E is the long-wave emissivity, a is 

the Stefan-Boltzman constant, and T is the medium's radiative temperature (K). The 

snow emissivity is near 0.99, whereas sea ice and water are typically 0.97 (Maykut, 

1986). Dunng the months of little or no short-wave input from the Sun, the incident long- 

wave (LW) flux (Li) is dominant in the arctic, although the LW flux remains important 

even in the spnng. There are essentially three sources of LW radiation: 1) the 

atmosphere, 2) clouds, and 3) the surface. The Lt is pnmanly controlled by the snow or 

ice surface temperature and its associated emissivity. As with the SW flux, clouds play an 

important role in the LW flux because they are able to absorb and re-emit a portion of the 

LW radiation they receive from the surface and surrounding atmosphere. Overall, they 

serve to reduce the amount of radiation lost to space by 28-55 W m", although a large 



portion of Lf radiation is transmitted through clouds less than 320 m thick (Heman, 

1986). The Li is most sensitive to precipitable water and aerosol optical depth under 

clear skies and cloud base height and cloud optical depth for cloudy skies (Key et al., 

1996). The clear-sky Li flux is important during the polar winter. This is because 

temperatures in the troposphere dictate that condensates be in a predominantly crystaline 

state even under clear skies (ice cxystals). The ice crystals are presumed to emit long- 

wave energy between 10-40 W m-2 greater than modeled winter clear-sky values (Curry 

and Ebert, 1992). L( is a key component in the SEB throughout the annual cycle and 

accurate measurements ancilor mode1 parameterizations are required to numericall y 

si mu1 ate seasonal snow and ice evolution- 

2.2.2 Heat Flow Through Snow and lce 

The temperature field in snow and ice is described by equations of heat and mass 

transfer wi th terms corresponding to intemal me1 ting, absorption of short-wave solar 

radiation, and evaporation/condensation. Water flow within the snow is also usually 

considered. Thermal processes in the snow and ice are different since snow has a much 

di fferent physical make-up where compaction and interna1 evaporation/condensation 

affect the snow only . In addition, salt @rine) impunties in the snow and ice play a crucial 

roi e in their thermal behavior (Maykut and Unterstei ner, 197 1)- 

Wind transport of snow (blowing snow) is also a key factor for detennining the 

overall snow depth over a paiticular point (Pomeroy et al., 1997) which affects the 

thermal and metamorphic processes in the snow layer over time (Jordan et al., 1999). ln 



fact, blowing and drifang snow create a spatial pattern of "snow dunes" on FYI that may 

be related to the spring melt pond spatial distribution. Snow distribution and depth on 

FYI is aiso critical for seasonal ice themodynamics (see for example, Flato and Brown, 

1996). The snow mode1 (SNTHERM) by Jordan et al. (1999) allows one to tune the 

fractional stress gradient (cl hS / dx ; where t, is the snow surf'ace stress) to recreate 

actual snow depths (positive gradients remove snow, negative gradients accumulate 

snow). This parameter can be held constant or be ailowed to Vary in time. 

The one-dimensional equation for the conservation of energy (of snow or ice) for 

the various constituents (i = ice, I = liquid, v = water vapor) is (from Jordan et al., 1999) 

where t is time, pt is the overall snow density (= pl + pi ; bulk density of liquid and ice, 

respectively, discounting the gas), z is the vertical position relative to the interface 

between the snow and the sea ice, Jk is the flux of water constituent k (positive upward), 

the subscript t refers to the total medium (snow or sea ice), T is temperature (in kelvins), 

kt is the thermal conductivity, and Rs is the net solar radiation (positive downward). The 

integral is taken over a control volume of thickness Az; and the summation xs is over the 

top and bottom surfaces, where n is the unit vector normal to the surface. The specific 

enthalpy hk 

k = 

of a water constituent is (from Jordan et al., 1999) 

(2. IO) 



where ct is the specific heat of the constituent at constant pressure, Lt and L, are the 

latent heats of fieezing and sublimation, and ht = &=i-J,v hl;- The first term on the right 

hand side of (2.9) is the heat flux due to water fiow and vapor difision (disallowed in 

sea ice), the second term on the right side is the conduction, the last terrn is the sub- 

surface absorption of solar radiation. The term on the left hand side represents the change 

in stored heat- 

The parameters ~ k ,  Lb L, kb brine content/volume (vb), and phase transition 

temperature for snow and sea ice depend strongly on its salinity and temperature. Due to 

the wide variety of empirical formulae for these parameters in snow and sea ice, they will 

not be described in detail. The main point is that bnne tends to retard any heating or 

cooling forcing in the snow or sea ice. 

Snow metamorphic and deposition-removal processes also need to be included as 

indirect thermodynamics factors since these processes affect snow thermodynarnics. 1 

only briefly discuss the relevant processes here. Metamorphism and deposition-removal 

of the snow pack directly affects snow deosity (at various degrees and levels in the 

snow), making the snow medium a layered structure. Hence the therrnodynamics are 

affected, and in turn feed back into the metamorphic processes. Grain size and crystai 

shape also affect the snow density where smaller crystals and simpler shapes pack most 

eficiently, leading to denser snow (Jordan et al., 1999). Four primary processes act in the 

deformation rate of the snow pack, namely (afier Jordan et al ., 1999), 



where, the term on the left side is the resulting defornation rate, the next term describes 

the metarnorphic processes (wind packing, density changes, erosion and accumulation), 

followed by the overburden (weight of snow causing lower layers to cornpress), the 

melting term (when melt (freezing) causes the snow pack to shrink (remain the same) in 

depth), and finally an extra wind term (snow deposition-removal by the wind; Le. 

bl owing/drifting snow). 

The surface temperature gradient is determined by turbulent sensible heat 

exchange between the snow and air, long-wave and short-wave radiation tiom the 

atmosphere and re-radiation fiom the snow surface, and by latent heat of snow 

evaporation (or condensation of water fiom the air) upon the snow surface. The metting 

of sea ice at its surface produces low-salinity brine and causes a drop in sea ice salinity 

(Ono and Krass, 1993). Water from snow melt leads to brine dilution and raises the 

freezing temperature, possibly causing further ice formation depending on the 

temperature. This process is important for ice generation during the Spring season (Ono 

and Krass, 1993). 

The growth or decrease of the ice thickness at the ice-ocean interface is 

determined by heat-rnass balance on the ice bottom (Le. conductive flux in the ice close 

to the ice-ocean bnundary and the turbulent heat flux from the ocean) and penetrating 

short-wave to the ice-ocean interface. This process is represented by (as in Flato and 

Brown, 1996), 



where, hi is the ice thickness, ki is the ice thermal conductivity, &, is the fiaction of short- 

wave radiation that penetrates the surface, a is the surface albedo, K is the bulk 

extinction coeffkient for short-wave radiation (i .e. asymptotic decay of short-wave 

energy into the ocean), and Ls is the heat of fusion of sea ice. The integral represents the 

short-wave energy available to the ocean mixed layer that is assumed to be absorbed 

there to keep the mixed layer temperature at the fieezing point. 

Figure 2.8 shows the simplifi ed resul ti ng seasonal progression of temperature 

profiles within the snow and sea ice layers. Note the SW component with maximum daily 

average radiation (400 W r n q  at melt onset, where a significant amount of energy is 

available to the sunace at this p e n d  A snow layer may or may not be present dunng 

Freeze-Up, depending on the timing of snowfall. A snow layer dunng Freeze-Up 

significantly retards the ice growth rate (see for exarnple, Flato and Brown, 1996). The 

snow temperature gradient in winter is greater than the ice due to themal conductivity 

(and thermal diffisivity") differences between the two mediums. During Early Melt, the 

temperature gradient in the snow reflects the diumal nature of atmospheric heating and 

cooling, producing temperature waves in the snow over the course of a day. It also 

signals the beginning of snow metamorphism (Livingstone et al., 1987). The ice volume 

begins to show signals of wanning. At Melt Onset, the snow volume contains liquid 

water at al1 times with the pedular and funicular regirnes active at this stage; snow grain 

growth is accelerated (Colbeck, 1982) and albedo decreases significantly; conduaive 

fluxes becorne larger within the snow; diumd temperature variations are still present; and 

the ice continues to warm considerably. By Advanced Melt, the snow pack shrinks (if 



present at dl) with a near-isothermal temperature profile, Iiquid water i s al ways present 

thereby decreasing the albedo further; bulk salinity in the snow and top ice layer 

decreases (Tucker et al., 1987); melt ponds develop on the ice sunace and bnne drainage 

in the ice is fully active; the ice volume becomes near-isothermal which creates ideai 

break-up conditions (due to a marked decrease in ice strength (Barber et al., 1998)). 

Figure 2.8: Caiegories of snow covered first-yem sea ice thennodynamic regimes 
between peeze-up to aatunced mel! periods. Profles are typical fiom 8 years of in situ 
abta Dai& average solàr energy (W me') availoble for each regime is olso s h m  
(Adpted from Barber, 199 7). 

" Thermal diffusivity (khs) is the rate at which the surface induced temperature wave can travel within the 
medium (snow or ice); and related to themial conductivity (ks) and heat capacity (C) by khs = ks / C- 



2.3 Utility of Numerical Modeling for Saow Covered Sea Ice 

This section is devoted to illustrating the utility of numerical modeling for 

advancing our understanding of snow covered sea ice climate processes. 1 begin with a 

brief histoncal perspective of sea ice modeling and continue with research results 

pertinent to this work that demonstrate the use of models to study snow and sea ice in a 

one-di mensi onal sense. 

2.3.1 Historîcal Perspective 

Before the advent of higher-speed computers (pnor to the late 19607s), empirical 

relationships for ice growth and snow/ice thermodynamics were developed but offered 

little physical insight into the pmblems. Budyko (1966) developed one of the first 

physically representative themodynamic rnodels of ice through numerical techniques, 

however a major problem was the specification of surface temperature that ignored heat 

conduction effects on surface ablation and suiface temperature. Maykut and Untersteiner 

(1 97 1) (MU) offered a more complex themodynarnic model that considered atmospheric 

and oceanic fluxes to dictate the thermal regime of sea ice and snow in discrete layers. A 

general approach to estimating intemal ice temperatures and thickness was to use heat 

conduction equations similar to section 2.2 that are still used in modem snow and sea ice 

models. The MU model included the effects of interna1 heating from solar radiation 

penetration, intemal heat storage in bnne pockets, and variation of specific heat and 

thermal conductivity of the icehnow with temperature and salinity. However, the model 



was limited by numencal techniques (required larger time steps and layer spacing), 

course albedo pararneterization, poor turbulent flux pararneterizations and could not grow 

ice from open water. More recently, Ebert and Curry (1993) (EC) developed a 

thermodynamic model as an offshoot of MU but with much more detail in many physical 

processes. These included a revised turbulent flux pararneterization, improved albedo 

parametenzation, greater flexibi lity in numerical technique that improved the overall 

thermody namics, and i m proved atmosphen c radiative forcing parameterizations. FI ato 

and Brown (1996) (FB) considered a thermodynamic model for FYI (land-fast ice) that is 

similar to EC, with a different albedo pararneterization and slightly different atmosphenc 

forcing parameterizations, mainl y for the purpose of i nter-annual simulations. Recentl y, a 

model for snow layer thennodynarnics and m a s  balance over sea ice has been developed 

by Jordan et al. (1999). The Jordan model is state of the art in that it treats most critical 

processes in a physical way with more detail paid to heat conduction specific to snow 

(layered mixture of dry air, ice, liquid water, and water vapor), phase changes, water 

fl ow, snow densification, grain growth, and effects from blowingfdrifting snow. 

Results to date from numerical modeling studies of snow and sea ice have proven 

to be usehl for a number of reasons. A key advantage of models is fuwistic insight, Le. 

so we can detemine what the conditions may be like in the future. A second advantage is 

the  output they produce. Models can generate a time series of information from any 

particular variable that is simulated by the model, for example surface albedo or snowlice 



surface temperature. A third advantage is conducting sensitivity studies. Sensitivity 

studies are an attractive component of models where we can perturb a single variable (or 

multiple variables) to investigate any changes in the simulation. For example, a control 

run simulation (initial simulation with known input and forcing) would be generated, then 

a second simulation would be produced by altering a variable (e.g. albedo). A cornparison 

can be made between the control simulation and the altered albedo simulation to observe 

any major differences in the output parameters (such as snowiice thickness over time). 

Sensitivity studies are usefùl for identifjring: 1) variables and processes that control 

snowhce evolution, 2) feedback rnechanisms and 3) which variables may be more 

"active" than others. This also allows us to investigate processes that would not otherwise 

be determined by field observations since we can not (in most cases) alter the physicai 

characteristics of the forcing variables1*. 

Current sea ice models simulate inter-annual and cl imatologicai (inter-yearly) sea 

ice conditions reasonably well (Figure 2.9) (Flato and Brown, 1996; Ebert and Cuny, 

1993), although major deficiencies are still present. 

18 Forcing variables are contained in the SEB (ie. meteorological) and ocean mixed layer beneath the ice 
(ocean heat flux). They are the primary parameters that drive any processes acting on the snow and ice. 

45 



Figure 2.9: Tinte series of obserwd and modeled ice and mmv thickness at Alert, 
Nto~mvut between 1980-1990. Ice thickness appems as negatïve values (Aatqptedji-om 
Flato and Braun, 1996). 

Data presented in Figure 2.9 stems from the FE3 model where they simulated the 

inter-annual variability of land-fast FYI between 1955 - 1990 in two different arctic 

locations (only Alert, Nunavut between 1980-90 is shown). The model simulation was 

generated usi ng daik'ydveraged meteorol ogical forcing (air temperature, relative 

humidity, wind, total cloud arnount, and snowfall) from Alert spanning the years of 

simulation. Figure 2.9 shows what model output can generate and illustrate its utility for 

studying sea ice processes. The complexity of the EC model physics and processes is 

illustrated in Figure 2.10 (adapted from the sea ice model of Ebert and Curry, 1993). 



Figure 2.10: Mdeied inreractions (see fen) between exterml forcing (bol4 and 
parameter values (ïtalic). and internal v~7iabIes (ovais) andfluxes (boxes) for the Ebert 
and Curry (1993) one-dimensional thenntxijmamic sea ice madel. (AQapfedfrom E b e ~  
and Cuny, 1993). 

Figure 2.10 shows the interactions and feedbacks relating the mode1 variables and 

fluxes (ovals and boxes, respectively) to each other and to the specified values of the 

parameters and extemal forcing (italics and bold, respectively around the outside of the 

figure). A solid arrow indicates that a positive change in the first variable has a direct 

positive impact on the second variable (positive interaction), a short dashed arrow 

indicates that a positive change in the first variable impacts negatively on the second 

vafi ab1 e (negative interaction). Long dashed arrows represent positive or negative 

interactions, depending on the season. These interactions c m  be arnplified or darnpened 

by positive or negative feedback loops (Ebert and Cu-, 1993). An even number of 

negative interactions between a senes of interactions results in a positive feedback lwp  



where the initiai variable becomes more positive because of the feedback, and so on- An 

odd number of negative interactions results in a net dedine of the original variable 

(negative feedback loop). As an example, the surface albedo feedback indicates an 

increase in the SW or LW flux (or air temperature) acts to increase the net flux on the ice, 

warming the ice sunace (Ebert and Curry, 1993). A warmer sunace accelerates melt 

onset and melt rate, lowenng the surface albedo and increasing the short-wave flux. Ice 

ablation is directly increased as a result of greater input energy (Ebert and Curry, 1993). 

This example clearly illustrates the utility of numencal models in identiwing pnmary sea 

i ce processes through sensi tivity studi es. 

The degree of ice thickness changes to air temperature changes can be examined 

through similar sensitivity studies. Flato and Brown (1996) showed a 5°C increase 

(decrease) in air temperature would result in a decrease (increase) in land-fast ice 

thickness of 30 cm. Other studies (Parkinson and Kellogg, 1979; Semtner, 1987; Ebert 

and Curry, 1993) indicate temperature perturbations between 24°C would have great 

impacts on ice characteristics and cause the ice pack to disappear by the late melt season. 

It is very diff~cult to detemine why the results are so different between the models, 

however, subtl e di fferences between the formulations of i ce thermody namics, numericai 

methods and atmospheric fields may be enough to account for the discrepancies (Holland 

et al., 1993). 

Mentioned earlier, the sudace albedo is of pnmary interest for sea ice processes 

and modeling its seasonal evolution (parameterking it) is very important for accurate sea 

ice simulations. Numerical model s must parametente the al bedo since a complete 

physical model is not yet available, and a purely physical albedo model would be 



computationally expensive. Modeling studies have shown that multiple albedos must be 

parameterized to properly account for dry snow as opposed to wet snow as well as bare, 

meiting ice (Shine and Henderson-Sellers, 1985). The observed albedo for bare, melting 

ice ranges between 0.5 and 0.58 and this range can affect ice thickness by a factor of 2. 

This range in albedo also determined whether the ice was seasonal or multiyear ice 

(Shine and Henderson-Sellers, 1985). Flato and Brown (1996) also stressed that fixing 

the melting ice albedo to 0.55 and not accounting for intermediate melting ice albedos 

produced unrealistic multiyear ice scenarios in some land-fast ardc ice regions. Shine 

and Henderson-Sellers (1985) dtered the dry snow albedo between 0.8 and 0.75 in which 

the difference in equilibrium ice thickness were 1 m and the date of total snow melt 

occurred one week earlier for the lower albedo. The wet snow albedo was altered 

between 0.7 and 0.65 where the difference in ice thickness at equilibrium was 1 m and 

total snow melt occurred 4 days earlier with the lower albedo. 

Ebert and Curry (1993) included a more complex treatment for melting snow and 

ice where they explicitly considered melt pond effects on surface albedo. niey found that 

the melt water runoff fraction (Fr) significantly altered the ice thickness.-if no melt ponds 

were not aliowed to exist (FF~), the equilibriurn ice thickness was rnuch too large (5.0 m 

compared to an average observed thickness of 3.0 m). If Fr  < 0.5, the ice would 

completely disappear for a few weeks in the summer and have a rnean annual thickness 

of 0.8 m. It is evident that the pararnetenzation of albedo can be very cornplex and 

important for the short-wave and long-wave radiative processes. It is also evident that 

slight variations in albedo parameterizations between the different models c m  lead to 

differences in mode1 output in many situations. 



Another important part of the SEB are the incident radiative fluxes (K 1 and L 0, 

mentioned earlier. Incident radiation i s primaril y controlled by the atmosphere (discussed 

earlier) and snow and sea ice models parameterire these fluxes since more sophisticated 

methods are cornputationally inefficient (Key et al., 1996). Parameterizkg these fluxes is 

tncky due to their relatively quick response to variables that control their variation 

(minutes to hours). With current radiation schemes, the equilibnum ice thickness of a 

one-dimensional themodynamic sea ice model varies by 4 m for a t 5% change in Ki 

and 12 m for a similar change in L1. (Ebert and Curry, 1993). The ice pack could 

completely disappear in summer for an increase in L( greater than 2% (Ebert and Curry, 

1993). Equilibnum ice thickness variations are greater for L( since it acts al1 of the time 

compared to Ki that acts only during solar illumination. Recent examinations of arctic 

incident radiative flux sea ice model parameterizations have shown that the best existing 

parameterizations (Shine, 1984) cm estimate chi& average Ki to within 2% of the mean 

with an RMSE (root-mean-squared error) of 4% for clear skies and 21% for cloudy skies. 

The L S. parameterizations perforrned better, with an accuracy of about 1% of the mean 

and RMSE of 6% for both clear and cloudy skies (Efimova, 1961 for clear skies; Jacobs, 

1978 for cloudy skies) (Key et al., 1996). The LA parameterizations (clear and cloudy 

skies) of Maykut and Church (1973) were very close in accuracy to Efimova (1961) and 

Jacobs (1978). 

The snow cover has a profound effect on ice growth and ablation, shown by 

modeling studies (and observations; see section 2.2). During the winter season, Ebert and 

Cuny (1993) found that the snow layer decresed the ice thickness due to its insolating 

effects and allowing ablation at the ice undenide to dominate the ice growth process. The 



inter-annual variability in land-fast ice thickness is dominated by snowfall variations 

(Flato and Brown, 1996). An increase in snowfall rate caused the maximum ice thickness 

to decline until about double the present day value (1.7 mm day-') where the ice thickness 

would increase thereafter. This is due to a sufficient snow cover that submerges the ice 

into the water foming "slush ice" at the surface, increasing the ice thickness. The timing 

of a snowfall dictates the seasonal progression of FYI thickness where a large snowfall 

during initial ice growth (in the Fall) will retard ice growth, whereas as a large snowfall 

in Spring will enhance ice growth (Figure 2.11; G. Flato and R Brown, pers- comm)- The 

insulating snow in the FaIl dominates (decreases) ice growth with little or no solar 

component at this time of year, and the high albedo snow surface in spring dominates 

(increases) ice growth by delaying ice melt. 
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Figure 2. l l :  Eflect of a 5- priai ofsnawfaIZ (20 cm) on the open water chrrc~tion of 
rnodeled fist-year sea ice. The 5 4 y  period was moved along, throughout the mmaI 
cycle ( i a f y  position) to show the impact of the timing of new snowfdll on open water 
duration. (G. FFto and R Brown, pers corn.). 



Maykut and Untersteiner (1971) and Semtner (1976) botb showed that a snowfall 

rate of 120 cm increased the ice thickness without bound for two 1-D thermodynarnic 

sea ice models. For land-fast ice scenarios, this unbounded ice thickness problem from 

large snowfall rates (extended high surface albedo) did not occur since the warm spring 

and summer air temperatures melted the snow which dleviated the strong snow albedo 

influence (Flato and Brown, 1996). Holland et al. (1993) found that increasing the snow 

fall rate to 200 cm increased the average ice thickness by about O S  m in which case 

did not produce unstable ice characteristics for their dynamic-thermodynarnic'9 sea ice 

model. It was concluded that the dynamic-thermodynamic mdel  was less sensitive to 

snow parameter changes than a thermodynamic mode1 (Holland et al., 1993). The reason 

for this was that there is a negative feedback between the dynamics and thennodynamics 

of the sea ice model (see Owens and Lemke, 1990) where a thermodynamic model would 

not capture these feedbacks. The dynamic-thermodynamic model example was included 

into the discussion since it fbrther illustrates how difSerent models (and their 

sophistication) can produce a vwiety of results. 

Several models have been developed that contain detailed 

physics/parametenzations of physical processes and energy and mass exchange in the 

snow layer [e-g. Brun et al., 1989; Bader and Weilenrnann, 1992; Loth et ai ., 1993; GrneIl 

and Konzelmann, 1994; Lynch-Steiglitz, 1994; Jordan et al ., (1 999)l. These rnodels 

simulate snow cover properties like density, grain size, liquid water (and others 

mentioned earlier) over tirne. However, most have applications to terrestrial suifaces and 

not over sea ice, except that of Jordan et al. (1999). Figure 2.12 illustrates the 



performance of SNTHERM (snow modd of Jordan et al., 1999) over a 6 month period. 

The model simulates the top snow layer temperature (z = +50 in Figure 2.12) reasonably 

well, but has greater dificulty in the spring period. This may be the result of snow depth 

not being accurate (too deep in model) dunng a stom passage in late February (Jordan et 

al., 1999). In Spnng and Summer, the short-wave radiation is the main term in the S m .  

Short-wave energy that was absorbed by the snow created a sub-sunace temperature 

maximum similar to observations (Jordan et al., 1999). In Winter, the net long-wave 

balance is the main term in the SEB. The snow and ice cool in response to long-wave 

losses, however the sensible heat from the air to the sufice mitigates the losses and 

nearly mirrors the emitted long-wave flux (Jordan et al., 1999). 

l9 A dynamic-thennodynamic sea ice model includes two or Uuee dimensional componenb taking into 
consideration ocean currents, wind and other dynamical effects. 



1956 Doy of Yeor 1957 

Figure 2-12: Modeled flzne) d observed (dots) temperature naces at vmious deptk in 
the m m  andsea ice between Novernber 1, 1956 to A@ 4, 1957. The snow-ice interface 
is at O cm. (ArtaptedjFom Jordan et ai., 1999). 

Jordan et al. (1999) suggests that SNTHERM has the third-generation snow 

parameterization for sea ice models. SNTHERM models more in-snow processes than EC 

and FB who treat the snow layer a s  a single slab with bulk homogeneous properties. 

SNTHERM has an order of magnitude greater vertical resolution and nins with an hourly 

time step20, instead of a daily time step in EC and FB. This is important since we know 

(through field observations) that the snow Iayer and its processes act over smaîler spatial 



and temporal scales than the current sea ice models allow. This ultimately affects the sea 

ice that responds to snow layer thermodynarnics. We also know that the SEB acts over 

diumal (hourly and shorter) time scales that fits into the proper scaling of the snow 

model- An attractive approach is to have a detaiIed snow mode1 and sea ice mode1 

coupled together that both operate over diumal time scales. 

2.3.3 Model Deficiencies 

Current snow and ice models simulate many of the critical processes, however 

there are deficiencies that require further investigation, primady in the SEB but also 

involving the themal properties- Deficiencies oudined here are not exhaustive but are 

considered of primary interest. 

An assumption that has been made by the modeling community is that the SEB 

can be simulated sufficiently over daily time scales for sea ice (daily time steps). From 

field work we see processes acting over much shorter time scales (and various spatial 

scales) ranging from hourly or less. These include surface radiative fluxes, micro and 

macro-scale processes in snow, sub-daily or daily melt pond evolution, and weekiy and 

monthly ice thickness variations. Al1 of these are tied together through feedback loops 

(see Figure 2.1 0) and i llustrates the problem of scaling, temporally and spatially . 

A technique that is used to force sea ice models is to use land-based 

rneteorological data since measurements on the ice are typically not available (such as the 

study by PB). Conditions (either atmospheric or surface properties) spatially Vary quite 

Time step refen to the spring of the between consecutive iterations of the mode1 (i-e. if the time step is 



widely over the arctic and the assumption being made here may not be valid in some 

cases. For exarnple, incident radiation vm*es over relatively short time scales and 

locations. The application of current incident radiation parametenzations may not be 

valid for al1 arctic regions due to factors above and is the reason why there are many 

types of parameterizations (see for example, Shine (1 984); Bennett (1 982); Efimova 

(1961); Maykut and Church (1973). In particular, the meteorological conditions, as we 

see in field observations, over arctic terrestrial, sea ice and open water regions may be 

quite different. 

The surface albedo is another parameter not handled well in current snow and sea 

ice models. It also changes drarnatically in time and space. Changes in micro and macro- 

scale snow properties (grain size and water content) alters the snow albedo over short 

penods and the spatial distribution (and thickness) of snow dictates the spatial 

representation of albedo. Currently, there are no physically-based snow dbedo 

parameterizations under ail conditions. Once melt ponds form, their spatial pattern and 

evolution significantly alter the local and aeriai averaged albedo. Capturing these 

characteristics in an albedo pararneterization (and being able to simplie them) is 

important and more work is required to do this. 

A major deficiency with the sea ice models is the Iack of detail in the snow layer. 

Accurate representation of snow over sea ice has been emphasized here as well as other 

studies (see for exarnple, Brown and Goodison, 1994; Brown and Cote, 1992). A first 

step toward this is a coupled snow sea-ice mode1 that contains enough detail in both 

mediums for future investigations of snow and sea ice processes. 

1 h, the extemal forcing parameters must be provideci at hourly intervals) 
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Other mode1 defi ciencies include: 

1) Snow grain evolution is only parameterized and current schemes require 

validation during the melt season- More physically-based schemes are 

required. 

2) Salinity effects on snow thermal conductivity and specific heat are not 

modeied (Jordan et al., 1999; Papakyriakou, 1999) nor is it accounted for in 

snow mass balance (i .e. brine generation in sub-freezing conditions). 

3) Turbulent transfer parameterizations in the SEB with regards to vapor 

transport over cold snow surfaces need more attention (Papakyriakou, 1999). 

4) Ice models may over-predict ice growth in Fall since they assume a constant 

(and too large) snow density during this period (Jordan et al., 1999). 

5) Snow models do not account for ponding of water within the snow (Jordan et 

al., 1999). 

6) Snow models create excessive basal ice due to the lack of water filtration 

across the snow-ice interface (Jordan et al., 1999). 

7) More work is needed for drifing-blowing snow on erosion-accumulation of 

the snow pack (Pomeroy et al ., 1997; Jordan et al., 1999). 

A drawback to SNTHERM and ice models such as FI3 is they are too detailed for 

use in large-scale climate modeling (long integrations into the fuhire). This is due to 

li mi ted computing power and length of time to produce GCM-type simulations, even now 

with simplified physics in today's GCMs. However, detailed models are usefùl for the 

purpose of investigating small scale processes (temporally and their spatial 



representations) and used to denve relationships that can be scaled-up to climatic tirne 

and spatial scales. We cm then incorporate these scaled-up relationships into current 

GCMs. 

2.4 Utility of Mierowave Remote Sensing for Snow Covered Sea Ice 

2 - 4 1  Background 

This section is devoted to illustrating the utility of microwave remote sensing for 

advancing our understanding of snow covered sea ice climete processes. In particular, 1 

outline research results that demonstrate the use of microwave remote sensing to study 

snow and sea ice- 

Remote sensing of snow covered sea ice has created a diversification of how we 

use electrornagnetic radiation (EMR) interactions to study sea ice processes and its spatial 

and temporal evolution. Much attention is being paid to linking reflectance, scattering 

and emission of EMR to physical variables which in tum are coupled through ocean- 

surface and surface-atmosphere processes to the linkages which control sea ice evolution. 

Rernote sensing technologies are particularly appropriate for studies that focus on the 

temporal and spatial aspects of processes. Remote sensing measurements can also 

provide us with a broad area of fine spatial resolution data that can otherwise not be 

obtained with sparse sudace instrumentation. 

In the microwave region, both active and passive techniques are widely used for 

remote sensing of sea ice due to dampened cloud and precipitation effects. Scattering, 

thermal emission and to a lesser extent, rotational processes (polarization) are d l  

important in the microwave interaction mechanisms wi th the surface (for example, 



Barber et al., 1994; Drinkwater, 1989; Winebrenner et al., 1994). Scattenng plays the 

most important role in microwave remote sensing which is a complex function of the 

di el ectri c propenies21, surface roughness and volume i nhomogenei ties. The relative 

scattering cross sectionz2 (a") can change over time and space. The spatial vanability is 

mostly a function of the geophysical properties that contibute to the volume dielectncs 

or the surface roughness of the snowlice (Barber et ai., 1995b; Onstott, 1992). The 

temporal changes are controlled by the dielectric mismatch across the air-snow and snow- 

ice interfaces. The key variables involved are the relative phases of water (ice, liquid and 

vapor), snow grain sire, brine volume and surface roughness. In addition, scattering can 

be broken down into two key components; surface scattering and volume scattering. If 

there is a strong dielectric mismatch at a particular interface then the surface scattenng 

will dominate. 

Snow cover plays an important role in the microwave backscatter characteristics. 

Snow is essentially transparent in the Winter season but as the water content in the snow 

pack increases (due to increased Spring-time air temperatures), the penetration depth of 

the microwaves into the snow decreases (Drinkwater, 1989). As the penetration depth 

decreases, the average scattenng from a snow covered ice surîace contains an increasing 

contribution from the snow volume and snow surîace geometry. The relative contribution 

of snow surface roughness to the backscatter of microwave energy increases as the free 

water content of the snow increases (Barber et al., 1991). 

'' DielecVic properties d d î e  the electrical conductivity of a matenal (such as snow or ice) relative to the 
wavelength and polarization of the electromagnetic energy (see Vant et al, 1974; Ulaby et al, 1986). 

The relative scattering cross section is an average of the scatterhg umtributims (surface and volume) 
made by a medium (or mediums including their interfaces) (see for example Barber, 1993). 



2.4.2 Microwave Remote Senszng ofSeo Ice Through the Annual Cycle 

Microwave remote sensing of sea ice has been available since the late seventies in 

which significant progress has been made since then in the arnount of information that is 

obtainable. However, not al1 techniques that are used to extract geophysical variables 

from remote sensing are applicable throughout an annual cycle of sea ice due to many 

factors (see for example Drinkwater, 1989; Barber et ai., 1995b). The spatial and 

temporal dynarnic and physical changes in which sui ice undergoes throughout an annual 

cycle can be compartmentalized into 5 diserent stages, similar to Figure 2.8 in section 

2.2. These include faIl freeze up, winter, early melt, melt onset and advanced melt 

penods (&er Livingstone et al ., 1987). The following section will follow these 5 sea ice 

stages. This section includes a description of the current geophysical variables that are 

extractable from remote sensing technology during the different stages of sea ice grovirth 

and decay- 

Table 2.2 summarizes the types of geophysical variables obtainable fiom 

microwave remote sensing of sea ice along with the types of sensms, 

frequencies/wavelengths, spatial resolution and temporal coverage of the remote 

measurements. Sarnple references of each technique are also included in the table. Each 

subsection will provide a discussion of the rernote sensing techniques used to infer the 

variables in Table 2.2 as they are related to the different stages of sea ice growth/decay. 



Table 2.2: VmLlllabIes obtmmble#orn microwave remote sensing for sea ice processes. 
* Passive microwave satellite processing is done at the National Snow and Ice Data Center- 
** Ice typing is done operationaiiy at Ihe Canadian Ice Service. 
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2.4.2.1 Fall Freeze Up 
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Figure 2.13: Typzcal ERS ER RactarSat bochcut~er (8) at 5.3 GHz for t k k  First-Yem 
and Multz-Year seta ice over the seasonaI cycle. (ariapted#om Burber et al., 1999). 

Active microwave remote sensing of sea ice varies according to ice type (Figure 

2.13). Note the difference between Mn and FYI. This is due to differences in surface 

and volume physical characteristics of the two types of ice. 1 Iimit the discussion to FYI 

only. The scattering is variable over the ocean surface as a fiinction of wind speed and its 

high dielectric constant. As ice thickens, there is a decrease in scattering (Figure 2.13)- 

Snow deposition Further reduces scattering. The detection of first FaIl freeze-up and 

tracking of its evolution using active microwave remote sensing has not been extensively 

exploited. However, some studies using SAR technology (satellite and space shuttle) in 

relation to leads have indicated that a distinction between thin ice regions and open water 

may be detected (Shuchman et al., 1996) as well as its thickness (Winebrenner, 1996). 

Shuchman et al. (1996) used ERS-1 SAR data to show that a" decreases (c -15 dB) 

within thin ice regions compared to higher d' values (> -7 dB) in open water dong arctic 

leads. This trend may be applicable to the Fall freeze-up p e n d  in general since similar 



physical processes occur- Shuchrnan et al. (1996) pointed out that the higher radar retums 

may also be caused by frost flowers on a thin ice surface as opposed to open water. 

Winebrenner (1996) indicated that thin ice (< 70 cm) thickness may be extracted from L- 

band (23 cm) SAR i m a g e ~  using CO-polar ratios and phases in backscatter, however, 

extensive testing and validation of the technique is required due to the limited number of 

ground observations in the study. 

Burns (1990) showed SAR (23 cm wavelengths) may be usefil in the marginal 

ice zone for infemng the atmospheric drag coefficient. SAR data in the 23 cm 

wavelength bands can reveal large scale topography (ridges, floes edges) in which high 

backscatter retums occur from small, broken and heavily deformed floes and rubble areas 

(Burns, 1990). In addition, the atmospheric drag coefficient increases with increased ice 

concentration and ice floe deformation in neutrall y strati fied atmosphenc conditions. 

Atmosphenc drag decreases in more atrnospherically stable regimes in which surface 

roughness has a smaller influence. With the help of S A .  data to determine the ice 

characteristics and a simple atmospheric boundary layer model, estimates of the 

atmosphenc drag coefficient could be obtained in the marginal ice zone under neutral 

atmospheric stability (Burns, 1990). 

Passive rnicrowave sensors have been shown to decipher between open water, 

thin ice (O - 9 cm) and thicker first year ice. Microwave surface obsexvations indicated 

that a sharp rise in surface temperature during the first 1-2 cm of growth coincided to a 

decrease in brighmess temperature at higher frequencies (a 37 GHz) (Wensnahan et al., 

1993a). They attributed this increase in surface temperature to the upward transport of 

warm bnne from the intenor of the ice and resulted in the formation of a salinity 



enhanced surface layer. Wensnahan et al. (1993b) later applied a principle component 

analysis technique to decipher between very thin (O - 4 cm) and thin ice (4 - 9 cm) on 

microwave sunace observations of sea ice. They pointed out that these thin ice ranges 

would be very difficult to detect by satellites due to spatial resolution and periodic 

enhanced speeds at which the ice can grow at these thicknesses. However, satellite-based 

microwave sensors have been shown to be good proxy indicators to thin ice regions 

outlined below. 

Satellite passive microwave techniques at 85 GHz and 37 GHz using the S M  

sensor have been shown to be able to distinguish between open water, thin ice and first 

year ice regions (Markus and Cavalieri, 1996; Grenfell, 1996). Two techniques BASA 

team ice concentration algon thm (Cavalieri, 1994) and the Polynya Signature Simulation 

Method (PSSM) (Markus and Burns, 199511 to distinguish thin ice from open water were 

tested against aircrafi measurements in which good agreement was found (Markus and 

Cavalieri, 1996). Both techniques provided accurate open watedthin ice discrimination, 

however, the NASA team algorithm was better suited for larger scale analysis (25 km or 

greater) whereas, the PSSM was appropriate for spatial scales near 6 km. It was also 

pointed out that both techniques are only vaiid for seasonal ice zones and not as of yet 

applicable to the entire arctic. 

A recent snidy by St. Germain and Cavalieri (1996) have linked SSMlI passive 

microwave radiances with surface temperatures in the arctic seasonal ice zone. 

Corn parisons wi th other satellite brightness temperatures were good for several case 

studies in the seasonal ice zone, however, futther research is required to refine the 

technique (St. Germain and Cavalieri, 1996). 



Markus and Cavalieri (1996) also correlated SMMA ice type/thickness (open 

water, thin ice and f h t  year) recognition (using the PSSM and NASA algorithms) with 

other satellite brightness temperatures. They showed that as ice thickness increased, the 

brightness temperatures decreased with maximum temperature differences between the 

two techniques (PSSM and NASA) near 2 K. They also pointed out that the large 

temperature difference between the open water (275 K) and thin ice (268 K) in their case 

magnifies the importance of the first few centimeters of ice growth on the latent and 

sensible heat fluxes in that region. 

2.4.2.2 Wznter 

Within first year ice, microwave scattering appears to oscillate according to 

changes in the oceanic and atmospheric heat fluxes but still provides a stable surface in 

which remote sensing can be usefiil (Barber et ai., 1994). It has been shown (Barber and 

Nghiem, 1999) that this oscillation is driven by atrnospheric forcing of the snow-ice 

interface temperature. An increase in the brine volume of the basal snow layer is induced 

by temperature waves that travel to the base of the snow pack. This increase in brine 

volume together with large kinetic snow grains create a suficiently large volume 

scattering tenn to increase the total scattezing above that of the ice surface (Xe. these 

oscillations are only found over smooth thick FY1)- These themodynamically dnven 

oscillations can be found for surfaces below about -19 dB (Barber and Thomas, 1998). 

Because of the stable nature of microwave scattering in winter over first year ice, 

several geophysical variables c m  be extracted from active and passive remote sensing 



during this p e n d  (see Table 2.2). The separation between the scattering of different ice 

types during Winter (see Figure 2.13) also allows one to decipher smooth from rougher 

ice (Figure 2.14). In the active regime, the short-wave (0.3 - 3.0 pm) surface albedo and 

transmitted Photosynthetically Active Radiation (PAR) (0.4 - 0.7 pm) for a snow cover 

can be derived from ERS-1 SAR imagery at 5.3 GHz and 9.25 GHz (Barber and LeDrew, 

1994). However, measurement of snow thickness may be required to make remote PAR 

observations a usehil quantity. Although recently, a relationship between o0 and the 

thermodynamics of the snow cover have shown that snow thickness may be extractable 

from S A R ,  but breaks down once water becomes present in the snow pack (Barber and 

Nghiem, 1999). Snow thickness determination over smooth FYI is in its infancy but 

- results are promising. Barber and LeDrew (1994) developed a statistical relationship 

(quadratic) between o0 and albedo and o" and transmitted PAR where as o0 increased, 

albedo decreased and transmitted PAR increased. The primary physical variables causing 

the relationship between a" and albedo were the increased water volume of the snow 

pack and a larger contribution to snow volume scattenng fiom the increase in the snow 

crystal radius (Barber and LeDrew, 1994). At very low water volumes (< 1% water by 

volume) in the snow pack, transmitted PAR to the snowlice surface was almost non- 

existent. Once the water volume increased above 5%, transmitted PAR increased 

logarithmically with aO due to the increase in snow grain size and increased number 

density of the water inclusions (Barber and LeDrew, 1994). 



Figure 2.14: RaCtarSat imugery on J m q  31. 1999 (Winter; lef) anà June 27. 1999 
(Abvrmced Melt; righr) in McDougaII Sound, Nunavut. Dark s k i e s  in Winter are moofh 

first-year ice, whiter shacies me rougher (ridged d mbbled) jirsî-year ice. During 
Adbunced Me4 detail is lost due to water in l ipid phare dominuting the scene (see text). 
The "+ " sign~jies smoothjirst-year sea ice. Due north is tauard the top of the images. 

Barber et al. (1994) showed there is a statistical relationship between the seasonal 

evolution of a* with surface temperature (Ts)  and the net short-wave flux (K*) over first 

year snow covered sea ice. This is due to both variables (Tsfc and K*) either causing or 

covarying with the change in the dielecuic properties responsible for the change in oO. 

An inverse relationship existed between both Tsk and K* relative to oO, and the influence 

of the surface temperature was about &ce that of the net short-wave flux in explaining 

the variation in a". Furthemore, Barber et al. (1995a) determined that Trfc and the long- 

wave flux (L *) could be consi dered stati sticall y indi stinguishable between first-y ear and 

multiyear sea ice, for conditions expenenced during ShIMS'93 (Seasonal Sea Ice 

Monitoring and Modeling Site, 1993). The K* and net all-wave flux (Q*) were however 



statistically distinguishable between the MM and M sites. They attributed this result to 

the fact that Tsfi and L* were, to a large degree, determined by characteristics of the 

atmospheric boundaiy layer and that K* and Q* were largely prescribed by the snow 

metamorphic state. Because the snow is distributed differently over multiyear versus 

first-year ice types, differences occurred in the seasonal evolution of these fluxes. 

Maslanik and Maybee (1994) and Fowler et al. (1994) denved ice motions from 

interpolated ice displacements from ERS-1 data. The observed ice motion vectors were 

then used to initialize and vaiidate a two-dimensional sea ice model. More recentiy, 

Wilson et al. (200 1) is applying RadarSat imagery and operational software (TRACKER 

- used at the Canadian Ice Service) to derive ice motion vectors over time. The technique 

is has been validated using ice buoys from the 1998 International North Water (NOW) 

Polynya Project with good success. 

Malinas and Shuchman (1994) developed a transfer fiindon to convert SAR d 

values to ice thicknesses using aircrafi SAR and upward looking sonar data. The general 

observation was that an increase in ice thickness corresponded to an increase in o0 for 

multi-year and first year ice types. However, the technique requires ftrther verification 

and testing. 

Satellite passive microwave remote sensing sensors provide another valuable 

source for winter sea ice monitoring and have been widely used for many studies (see for 

example Preller et al., 1992; Maslanik and Maybee, 1994). Algorithms for multi-channel 

microwave data can extract sea ice concentration for any given pixel, from which ice 

extent, ice area, water area and overall ice concentration can be derived for broader 

regions (see for example, Johannessen et al ., 1996). Individual pixel concentrations can 



be derived from SSM/I radiances in the fnquencies at 19, 22, 37 and 85 GHz in 

conjunction with an algorithm such as NORSEX (Norwegian Remote Sensing 

Experiment; Svendsen et al., 1983) or the PSSM or NASA team algorithms (see Fa11 

Freeze-Up section). Time senes of ice extent, ice area and overall ice concentration can 

then be detived from individual-pixel ice concenaations of consecutive SMM/I imagery . 

2.4.2.3 Early Melt 

Within first-year sea ice, microwave scattering appears to be dominated by a 

combination of basal layer volume scanering and ice surface scattering (see Figure 2.13). 

During this p e n d  we would expect to find a significant difference in solar noon versus 

solar midnight observations as small arnounts of water in liquid phase would contribute 

both to grain growth and the elevated temperatures would significantly increase the brine 

volume of the snow basal layer. The overall magnitude of a" will be dependent on the 

ice surface micro-scale roughness and its surface brine volume. Al1 of the geophysical 

variables extracted from microwave remote sensing (active, and passive) in Table 2.2 are 

transferable to the Early Melt season. 

2.4.2.4 Melt Onset 

In first-year sea ice, melt onset is denoted by a rapid increase in aO (see Figure 

2.13). There are 2 mechanisms which are iikely candidates for the observed increase. 

At relatively low water volumes (1 to 3 percent) the large wet snow grains in the basal 



layer rnay contribute a significant volume scattering term to a". As the water in liquid 

phase continues to increase (but is maintained within the pendular regime) it is likely 

that the snow surface may also contribute a surface scattenng term to cf' (Drinkwater, 

1 989; Livingstone and Dnnkwater, 199 1; Barber and LeDrew, 1994). In a case study 

done by Barber et al. (1995a) it was found that the snow volume scattenng term was 

the dominant mechanism. A distinct dip in a" at the FYI site conesponded with the 

transition fiom the pendular and fùnicular regimes. This transition marks the reduction 

of brine within the basal layer to near zero, an increase in the water in liquid phase at 

the base of the  snow cover and a reduction of water in liquid phase in the top parts of 

the snow volume (as the surface begins to drain). These processes could lead to a - 

reduction of both the volume scattering and snow sunace scattenng hypothesized to 

dominate the pendular regime conditions. 

Al1 of the geophysical variables extracted from microwave remote sensing (active 

and passive) in Table 2.2 may be tramferable to the Melt Onset season. However, the 

high vanability in the spatial patterns of most geophysical parameters within the icescape 

may produce large differences between pixels within the satellite imagery depending on 

the spatial resolution of the remote sensor. 

2.4.2.5 Advanced Melt 

In first-year sea ice, advanced melt is denoted by a rapid increase in 4 (see 

Figure 2.13). As surface water foms in the melt ponds there is an increase in the 

di scontinuity at the aidwater interface. We can expect a penetration depth on the order of 



1 cm at 5.3 GHi (üîaby a al. 1986). An increase in scattering occun if the melt pond 

surfaces are wind roughened. The separation in scattenng between ice types is also 

decreased (Figure 2.13) making detail in satellite SAR imagery "washed-out" due to 

water in liquid phase dominating during this period (see Figure 2.14). Once the ice 

surface begins to drain there is a pronounced decrease in the 8. This period coincides 

with a reduction in the aerial extent of the melt ponds. The exact mechanisms for first- 

year ice scattering during the advanced melt period are also largely unknown. 

Due to the high variability in the icescape during the Advanced Melt period, i t  is 

not known whether most of the geophysical variables that are extracted fiom remote 

sensing (appearing in Table 2.2) are valid. Most studies do not include this stage of sea 

ice evolution within the temporal scales of the techniques. This is mostly due to the 

Iirnited number of surface observations for validation dunng this p e n d  in which 

dangerous ice conditions exist. However, Barber and Yackel (1999) and Yackel and 

Barber (2000) showed that SAR imagery may be able to infer surface albedo and melt 

pond fractions using ERS- 1 or RADARSAT during advanced melt but only applied to 

first year land-fast sea ice in windy (2-3 m 8) conditions. They also indicated that the 

rnicrowave scattering could be used to obtain an unambiguous measure of the onset of 

me1 t, by an increase in scattering over first year ice. Funhennore, the transition between 

pendular and funicular regimes may be detectable in first year scattenng (Barber and 

Yackel, 1 999). 



2.5 Summary 

In summary, the critical characteristics of snow-covered FM including its 

physical and thermal attributes have been discussed in sections 2.1 and 2.2. These 

atîributes occur over a wide range of spatial scales (microscale to synoptic) and temporal 

scales (seconds to years). 1 have also included a discussion of the current types of one- 

dimensional numerical models that are availabl e to simulate the physical and thermal 

attributes of snow-covered FYI over various spatial and temporal scales (section 2.3). 

The discussion illustrated the utility of one-dimensional models for improving our 

understanding of arctic snow and sea ice processes, their advantages and deficiencies. 

The following section (2.4) illustrated the utility of satellite microwave remote sensing 

for monitoring and understanding physical processes within FYI over the various 

seasons. Chapter 2 has thus provided background material to issues that are addressed in 

my dissertation that 

sea ice models to a 

sensing. The first 

primari1 y deal with using in situ data for advancing oneilimensional 

state where they can be useful for application to microwave remote 

chapter (Chapter 3) deals with the issue of ensuring the one- 

dimensional sea ice models properly handle the temporal scales we see acting in field 

observations. Previous field work and microwave remote sensing observations suggest 

that diumal time scales are important over seasonal snow-covered sea ice. in Chapter 3,1 

i nvestigate the ability of a one-dimensional thermodynamic sea ice mode1 to simulate 

annual cycles of M and its various physical and thermal processes over diumal time 

scales, an investigation that has previously never been conducted. 



CHAPTER 3: Role of Diurnal Processes in the Seasonal Evolution of 
Ses Ice and its Snow Cover 

3.1 Introduction 

In this chapter, 1 examine whether there is a need to consider diund t h e  scale 

processes in a snow-covered FYI 1-D numerical modeling environment (using Flato and 

Brown, 1996) and whether the exïsting model appropriately handles these time scales in 

several critical pararneterkations. Stateà in Chapters 1 and 2, it is important that snow 

and sea ice models operate at surface energy balance tirne scales we see in field 

observations (typically houdy). It is also important to ensure the model 

parameterizations are able to work in these time scales and they are not comprornised b y 

spatial differences. An investigation of this type has previously never been done since it 

has been assumed that diumal processes would produce sirnilar modeling results as longer 

time scales. The results fiom this chapter have been published in the peer reviewed 

literature in Hanesiak et al. (1999). The primary objectives of this chapter are to examine 

the following research questions: 

1) Does the use of hourly and daily varying forcing data result in a different 

simulation of the annual cycle of ice thermodynamics? 

2) Do the parameterizations used in the model adequately represent specific 

processes over shorter temporal scales and are they valid when compared with 

'on ice' measurements? 

3) 1s there a systematic bias in forcing the model with 'land based' versus 'on ice' 

measurements of input fluxes when using shorter temporal scales? 



3.2 Data and Methods 

3.2.1 Sea Ice Mode2 

A thorough description of the one-dimensional thennodynamic sea ice model used 

in this work can be found in Flato and Brown (1996) where many of the physical 

processes discussed in chapter 2 are implemented. The model was designed to mn with 

daily average forcing but was adapted to use hourly forcing and time step. This required 

modifications to the down-weUing short-wave parameterization to account for diumal 

variations in solar heating. Since a more detailed investigation involving the parameterized 

and observed down-weliing short-wave (Ki) and long-wave (LJ) and surface albedo are 

conducted (sections 3 -3 -2 and 3 .3.3), bnef descriptions of how the model parameterizes 

these variables is given here. Chapter 4 looks at these parameterizations and tests their 

capabi hies in greater detail. 

Li is computed using the parameterization of Maykut and Church (1973) for 

both clear-sky and all-sky fluxes and the Ki pararneterization of Shine (1984) is used for 

both clear-sky and dl-sky fluxes. Both parameterizations were found to be arnong the 

best for Arctic climates (Key et al., 1996) and will be further tested in chapter 4. Both the 

Li and KJ. parameterizations use a single total cloud fiaction for computing all-sicy 

fluxes. The K 4 parameterization explicitly considers changes in aibedo, relative humidity 

and cloud fiaction however 1 employ a constant cloud optical depth (0.7 after Curry and 

Ebert, 1992 and used aiso in Flato and Brown, 1996) that rnay cause negative biases in 

this work under overcast conditions (see section 3.3.2). Due to the non-linearity of cloud 

fraction and relative humidity in the K parameterization, the daily average K & computed 

over hourly intervals may be different than the single daily value K 4 computed using a 



daily-average cloud fiaction and relative humidity. This holds even under clear skies with 

a constant surface albedo due to relative humidity changes. The impact of this in 

combination with other processes is shown in section 3 -3 - 1 - 

The surface albedo pararneterization is dictated by surface type (ice, snow, open 

water), surface temperature (melting or subfieezing), and ice thickness. The latter acts as a 

proxy for time d u ~ g  the melt season that attempts to capture melt pond evolution (Flato 

and Brown, 1996). The pararneterization does not explicitly treat melt ponds nor does i t  

partition the albedo into discrete wavelengths as in Ebert and Curry (1993). The dry 

snow albedo is set to 0.75 if the snow depth is ~ 0 . 1  m and decreases according to snow 

depth less than 0.1 m and the cold ice albedo of Maykut (1982). When snow is melting, 

its albedo decreases to 0.65. The melting ice albedo parameterization is adapted fiom 

Heron and Woo (1994). The full formulation of the model's albedo pararneterization cari 

be found in Flato and Brown (1996). 

The snow layer in the model is treated as a single layer with bulk homogeneous 

physical properties (ie: density = 330 kg mm" when dry). When new snow is deposited on 

the surface, the albedo and density do not change, however, if the mean snow layer 

temperature is at or above fieezing, its density increases to 450 kg m-3- This serves as a 

proxy for the presence of liquid water and snow densification due to inaeased liquid 

water. The model does not physically consider variations in density over time, snow grain 

processes, liquid water content or brine inclusions. 

The number of layers within the ice is arbitrary, however, fifty vertical layers are 

used here (one for snow and 49 for ice) to resolve diumal thermodynarnic fluctuations in 

the ice. A time step of 1 h is used for the diumal cycle simulations and one day for the 

daiiy-average forcing simulations. The model is initialized with in silu data discussed in 

Section 3.2.2. 



3.2-2 Data 

The field observations were collected in the spring/summer periods during the 

SIMMS (Seasonal Ice Monitoring and Modeling Site) expenments between 1992-1993 

near Resolute, Nunavut. The 1992 field season extended fiom Year Day (YD) 107 (April 

18) to YD 177 (June 27) and the 1993 field season ran between YD 1 17 (April 27) and 

YD 170 (June 19). Figure 3 -1 shows the geographic locations of Resolute and the first- 

year ice field observations for both SIMMS experiments. The 1992-93 sea ice cycle 

was selected to pefiorm the numerical mode1 simulations since 1992 was atypically cool 

and 1993 was atypically warm. in 1992, a prolonged cool penod extended into the late 

s p ~ g  delaying the onset of melt. The 1993 spring field season was significantly warmer 

with much eartier melt than in 1992- 



Figure 3-11 Ceographicaï region of Resoïu te Bay, Nunavut 
d the first-year sea ice (M) jield campsfom S W S 9 2  
and '93. 

The field observations pertinent to this work include surface energy balance 

parameters such as incident and reflected short-wave radiation (Ki, Kt ), net short-wave 

(K* = K( - Kt) dom-welling and up-welling long-wave radiation (L(, Lt), net long- 

wave (L* = LJ - Lf)  and net radiation (Q*= K* + L*). The observations also include 

vertical temperature profiles within the snowlice volumes and snow and ice thickness- A 

description of the instrumentation and measurement methods can be found in Barber et al. 

(1  994; 1 995a). The surface energy balance parameters and snow/ice temperature profiles 

were logpd at 15 or 30 minute intervals depending on the field season. Instantaneous on- 

the-hour data were used for this work since this corresponds to the shortest time 

steplforcing used in the numerical mode1 simulations. Snow and ice thickness was 

measured periodically throughout each field season. 



Other sudace observations include hourly standard meteorological observations 

taken at  Resolute by the Meteorological Service of Canada (MSC). The pertinent data 

include air temperature (T,), relative humidity (RH), wind speed (u), precipitation (sfdl), 

and total cloud fraction (arnount) (c). 

3.3 Results and Discussion 

3.3.1 Temporal Scaling Considerations 

3.3.1.1 Hourly vs. Daily Forcing Cornparisons 

The sea ice model (Flato and Brown, 1996) was forced using hourly data and daily 

average data consisting of land-based MSC Resolute meteorological observations: Ta, RH, 

u, sfall, and c between YD 107, 1992 and YD 170, 1993. For simplicity, the hourly- . . 

forced simulation and daily average-forced simulation will be referred to as hourly 

simulation and daily simulation, respectively. The ice thickness obtained from both 

models agrees quite weil with observations over the 1992 spring penod except toward the 

end of the season (Figure 3.2). More discussion of this is given in section 3.3.3. Ice 

thickness measurernent variability was about = 0. I m dunng the SIMMS field expenment 

The 1992 break-up (BU) and fkeeze-up (FU) dates for the hourly @U=YD189, 

FU=YD297) and daily @U=YD202, FU=YD289) simulations indicates a 21 day longer 

open water duration for the hourly simulation. Care should be taken when interpreting the 

BU dates in particular since the model does not account for dynamic sea ice processes 

(i.e., wind and ocean currents). The modeled BU is defined by the complete 

disappearance of the sea ice whereas in reality, wind and oceanic forcing may induce BU 

prior to complete ablation in most Arctic regions. The Canadian Ice Service (CIS) charts 



indicated the 1992 BU may have occurred between YD190 and m l 9 7  and FU occurred 

between M n 8 8  and YD295 within the surrounding Resolute Bay region. This suggests 

that the rnodel-predicted BU and FU dates above are within the uncertainty of the 

observed dates. It agah should be mentioned that it is not the intent to  compare the 

predictive capabiiities (explicitly using BU and FU) between the two forcing simulations, 

but to  examine in a diagnostic sense, the difrences between using hourly as opposed to 

d ail y average forcing. 

Overall, the obvious differences between the hourly and daily simulations in 

Figure 3 -2 are: 1) the open water duration is much longer (by 21 days) in the hourly run 

with break-up (fkeeze-up) occurring sooner (later); and 2) the snow ablates eariier but 

more gradually in the hourly simulation. The snow thickness dinerences between the field 

site measurements and model (using Resolute snowfall amounts) wiU be discussed later. 

The 1993 maximum ice thickness was reached on an earlier date in the hourly 

simulation (2.19 m on YD149) compared to the daily simulation (2.13 m on YD155) (see 

Figure 3 -2). This rather modest difference is related to the differences in fieeze-up and 

break-up. Delayed melt in the daily run during the 1993 spring allowed the maximum ice 

thickness to be reached later in the year. In addition, the daily simulation ice growth rate 

is less than the hourly simulation due to a quicker FU date allowing an overd  greater 

accumulation of snow thereby stunting ice growth. 

A closer look at the modeled snow thickness during the 1992 spring period 

(YD120-YD175 in Figure 3.3) reveais that Year Days 133, 134, 139, 142, 149, and 154 

onward were days with snow ablation in the hourly simulation, with complete snow 

ablation by YDl65. In contrast, the daily run did not produce snow ablation until YDl69 

onward, with an abrupt disappearance of the snow pack (over 5 days). The observed 

snow thickness is much different than the modeled snow thickness due to: 1) 



redistribution effects (blowing/drifhg snow); 2) differences in precipitation amounts 

between the field site and Resolute; 3) sfall measurement error at Resolute; and 4) the 

assumption of a constant dry snow density in the mode1 (330 kg m-'). 



1 CIS Data: BU = July 9-16 

Year Day 

Figure 3.2: Time series of observed snow (dots) ancl ice (9 thickness, hourly 
forcing madeled snowfice thichess (thick solid lines). and dai& forcing modeled mm- 
ice thickness (thin solid line)fiom YD107 (Apvil18). 1992 zo YD170 (June 19). 1993. 
Unzts are in m. Canadian Ice Service (CISI estimatedfieereirp and break-up clores are 
also indicated near the top of the figure. 
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Figure 3.3: Time series of observed snow thickss (uppermst line), hmr& forcing 
modeled snow thickness (solid lineh and &iIy forci= morleed snow rhickness (&shed 
I»re)jhm YD120 (Mi 1), 1992 to YD175 (June 25), 1992. 



Sporadic diumal snow ablation (some days with snow melt and some with no 

melt) and gradual decrease in snow thickness were associated with melting surface 

temperatures during certain hours, even though air temperatures were well below fieezing 

(Figure 3.4a). However, the air temperature and surface temperature differences in Figure 

3.4a are exaggerated in some cases indicated by the observed surfiace temperatures (see 

Figure 3.14~). More discussion of this is provided in section 3.3 -3. The intent of Figure 

3.4a is to show the associated changes in snow characteristics with surface temperature 

for the hourly simulation and compare thern with the daiiy simulation that did not reach 

melting snow conditions until YD169 (Figure 3.4b). The gradual decline in snow thickness 

over the spnng period (hourly mn) is attributable to the k z e - t h a w  diumal cycles of 

surface temperature as well as the addition of new snow during that period. These diumal 

processes are typical of our SIMMS-observations. 

The diumal fireeze-thaw cycle is more obvious when looking at the modeled 

surface albedo over the 1992 spring period (Figure 3 Sa). The surface albedo drops to the 

wet snow value (0.65 in the hourly simulation) when surface temperatures reach the 

melting point and returns to the dry snow value (0.75 in the model) once re-fiozen. The 

albedo does not drop below the dry snow value in the daily run until m l 6 9  (Figure 

3 3 ) .  It should also be noted that the diumal albedo decreases take place during peak to 

medium solar exposure hours on days associated with diumal melt. The impact of the 

diumal albedo cycle is to increase the short-wave absorption and hence the arnount of 

energy available for snow melt. More discussion of this is provided in the foliowing 

section. 



Figure 3.4: Time series of a) hourly forcing gnodeled surjiuce temperature and ambieni 
air temperature CC) 4 b) daiiy forcing modeled surface temprafwe (OC) Porn 
YD 130 (Mqy 11). 1992 fo YD17.5 ( h e  25'. 1992. Anws indicate dzys with surface 
melt. 
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Figure 3.5: Time series afa) hourly forcing modeled suvace albedo 4, b) &Q 
forcing modeled swjbce aïbedofimn YD130 (May II). 1992 to YD175 (hne 25). 1992. 
Arrows indicate &ys with sur$ace melt. 



Other diumal features t hat are t ypicall y observed are vertical temperature waves 

that propagate through the snow and ice layers due to  the cyclic heating/cwling of the 

snow surface (Figure 3.6). These temperature changes alter the overaii dielectric 

properties of the snowhce making this phenornenon important for active and passive 

microwave satellite signatures of sea ice. The modeled vertical ice temperature profüe 

(Figure 3.6) does exhibit these temperature waves in the early to mid s p ~ g  season 

[however it is very difficult to see in Figure 3 -6 since the amplitudes of these waves 

(<O. 1°C) are significantly less than those obsewed in the field (0.4-05°C maximum)]. The 

diumal temperature waves appear only when the snow cover is very thin (< 2 cm) late in 

the ~pring season Figure 3.6). The darnpened temperature waves in the early to rnid 

spring season may be the result of the sea ice model's single slab representation of the 

snow layer and possibl y deviations between actual and modeled snow/ice thermal 

difisivities and heat capacities. The single-slab snow representation may hinder. . 

important thermodynamic processes by not accounting for density changes, snow grain 

processes, liquid water content and brine inclusions that affect the thermal conductivity 

of the snow. Formal testing of  these speculations are beyond the scope of this work but 

are addressed again in later chapters. 



Tefnpentum (OC) 

Figure 3.6: EjcampZes of modeled (rhick solid line) and observed (thin solid fine) vertical 
snow/ice temperature profiles during the mid qnng season at 0800 solar time on JCDJ48 
(colder proflfes) and late spnng season at 0400 sol- time on KDi6.5, 1992 *mer 
projiles). Note thor the snow muy  temperature measurements were on& mifable to t k  
t25 cm snow deprh (with reqpect to the snow/ice interfcee). where actuaf snow akpths 
were - 45 cm on ID148 and KD165. M d I e d  snow deprhs were nem 25 cm on ID148 
und O cm on ID165 n e  large discreecies on YD165 are chre to diyerences in madeled 
snowhce condltiom compared to observations (see text). 

3.3.1.2 Causes for Hourly vs. Daily Forcing Dzflerences 

In this section 1 conduct sensitivity tests with the hourly and daily simulations to 

investigate the processes responsible for the differences in the previous section. From the 

results above, i t  is difficult to conclude immediately whether the open water duration 

difFerence is due mostly to the difference in snow ablation rates or other processes linked 

to the forcing differences. In other words, what processes (in the snow or ice) respond 

differently to shorter temporal scales in the forcing? 

In order to investigate the snow ablation effeas on the simulation diaences, 

hourly and daily runs were conducted with no snow cover. In this case, the hourly 



simulation open water duration is only 3 days longer (with BU occuning 1 day sooner) 

than the daily mode1 run compared to 21 open water days (BU occumng 13 days sooner) 

when snow is included. It is clear then that processes involving the snow cover are 

responsible for the bulk of the break-up date and open water duration differences between 

the daily and hourly simulations. The question then becomes - what are the conttoiiing 

processes? 

A noticeable difference between the daily and hourly simulation time series of K* 

(net short-wave flux) is that the hourly run produces a p a t e r  daily average K* of 20.1 W 

m-2 (or 1400 W m'* accumulated) over the 1992 spring period (Figure 3.7). The hourly 

run produces an even greater daily average K* of 30 W m" (>1400 W m'2 accumulated) 

when considering o d y  the t h e  period fkom melt onset and beyond. The daily average K* 

fiom the hourly simulation was computed by summing the hourly K* values and dividing 

by the total numbers of hours in the day. The single K* value computed fiom the daily 

simulation was then subtracted nom the hourly simulation average to plot Figure 3 -7. 

Once agah, although the optical depth is held constant (0.7) and the albedo may be the 

same over the entire day, the daily average K* for the hourly simulation may still be 

different than the daily simulation K*, as discussed in section 3.2.1. The combination of 

incident short-wave and absorbed short-wave radiation are therefore quite different 

between the daily and hourly simulations- 

A major difference between the hourly and daily mns is the distribution of down- 

welling short-wave radiation (Ki) throughout the day. The hourly simulation K( is 

distributed about solar noon, whereas the daily run Ki distribution is a constant equal to 

the daily average K 4. This can have signifkant effeas on snow melt initiation and 

duration. To illustrate this, a sensitivity mn (TEST 1) was conducted on the hourly 

simulation with its hourly Ki set to its daily average value for each day. In this case, the 



BU date was delayed to YD193 and the open water duration shortened by 5 days 

compared to the original hourly simulation (Table 3.1). This occurred due to a reduced 

number of days having snow melt as well as a shortening of snow melt duration for each 

day- This suggests that the diunal cycle of Ki has an influence on snow melt initiation, 

but its neglect accounts for only about a quarter of the hourly/daily simulation difFerence. 

Table 3.1: The break-up &es and open waier &ration (days) for the &i& nrodeI, body 
rnodel, and sensitivity simulations E S T  1, E S T  2, E S T  3, E S T  4 and E S T  5 (see 
text). 

Daily Hourly TEST 1 TEST2 TEST3 TEST4 
IBU Date r JD202 JD189 50193 JD195 30200 JD191 
~ O W  ourationt 87 days 1 O8 dsys 1 O3  days 98 days 91 days 1 05 days 1 

As mentioned previously, the diumal decreases in albedo (when melt occurred) 

took place during peak to medium solar exposure hours in the hourly simulation. This 

impIies that an even greater amount of short-wave energy is absorbed by the snow during 

these hours due-to the positive albedo feedback To investigate the impact of this effect, 

the albedo was not allowed to decrease to its wet snow value (0.65) during melt events in 

the hourly simulation (TEST 2). In this case, the BU date was delayed to YD195 and the 

open water duration shortened to 98 days compared to the onginal hourly simulation 

(Table 3.1). This occurred due to a reduction of days having snow melt and therefore a 

shortening of snow meIt duration. TEST 2 indicates that about half of the difference 

between the hourly/daily simulations can be attributed to the addition of short-wave 

energy during melt events due to the positive snowmelt albedo feedback. 

To investigate the diumal Ki distribution and albedo feedback impacts 

simultaneously, a sensitivity run (TEST 3) was conducted on the hourly simulation 

combining TEST 1 and TEST 2 (ie: daiiy-average Ki and no effect of melt on albedo). In 



this scenario, the BU date was delayed to YDZOO and the open water duration shortened 

b y 17 days compared to the original hourly simulation (Table 3- 1). The combined effects 

of increased short-wave absorption via albedo feedback and the K 4 diurnal distribution 

therefore explains 10 out of the 12 BU days and 17 out of the 21 open water days 

difference between the daily/hourly simulations. The remaining difference must be 

attributable to some other component of the surface energy balance. 

Analysis of the surface energy balance reveals that days associated with diurnal 

surface melt corresponded to days with very low latent and sensible heat fluxes (mostly 

due to calm winds) at peak daylight hours (Figure 3.8). The prernise here is that the 

timing of very low latent/sensible heat loss in the hourly mode1 was capable of increasing 

the likelihood of melt during peak to medium soiar exposure. In contrast, the daily mn 

uses a daily average wind speed that would in most cases never be zero, thus reducing the 

likelihood of melt for that day. To investigate this fbrther, an hourly run (TEST 4) was 

conducted with wind speeds increased to 1.0 m s-' when wind speeds were actually zero 

for any panicular hour. The 1 m s-' was approximately the daily average wind speed for 

only those days with melt ocairring. In TEST 4, the BU date was delayed to YD191 and 

the open water duration shortened by 3 days compared to the original hourly simulation 

(Table 3.1 ). Increasing the wind (latentkensible heat Ioss) in t his fashion reduced the 

duration of melt events and also completely eliminated some melt days compared to the 

original hour 1 y si muiation, in tum prolonging BU. 



Year Day 

Figure 3.7: Tirne series of &iy average K* dzjJerence fiourly model derived minus 
rlairy mode0 between YD107 (Apri 17) and YD1 75 (June 25)). 1992. Positive dzflerence: 
imply greater cdaib average K* in the hmr& modeII Arrows s ip l f i  cioys wzzh diumal 
melt in the hout& d e l  simulationn 

Year Day 

Figure 3.8: 7ïine series of houriy forcing mmodeled surfce energy balànce between 
YD130 (Uqy 11). 1992 20 YD175 ( h e  25), 1992. Shown are the net short-wave jlux 
P*). net long-wave jlux (2 *) and the sum totai of latent and sensible heat m e s  
(Esens + Flor). Uni& are in W m . Positive values represent sur$ace energy goin 
A m s  indicate &ys wïîh d i u d  surface rneit. 



It is usefùl to  quantifi the combined effects o f  al1 processes above on the 

daiIy/hourly simulation differences (ie: TEST 3 and TEST 4 simultaneously). In 

producing an hourly simulation when combining TEST 3 and 4 (TEST 5), the BU date 

and open water duration become very similar to the original daily simulation (Table 3.1). 

TEST 5 therefore shows that the bulk of the daily/hourly simulation ditferences can be 

attributed to: 1) the diumal distribution of K i  which acts to enhance snow melt events at 

peak to medium solar exposure hours; 2) the timing of very low latentkensible heat loss 

that occun during peak to medium solar exposure hours, firther increasing the ükelihood 

of a melt event; and most importantly 3) the timing of a melt event (during peak to 

medium solar exposure) which enhances the absorption of short-wave energy into the 

snow pack by reducing the surface albedo. 

In further interest of model forcing, another model run was generated using forcing 

data by linearly interpolating the daily average values to hourly intervals which were then 

used to force the hourly simulations. This is typically done in modeling studies over 

larger time scales where monthly data may be interpolated to daily values for daily forcing 

or even shorter time steps (see for exarnple, Maykut and Untersteiner (1971); Ebert and 

Curry (1 993). The daily average incident short-wave radiation was also interpolated to 

hourly intervals, similar to the other meteorological forcing. In this case, the BU and open 

water duration dates were exactly midway (BU = YD196; open water duration = 99 

days) between the standard hourly simulation and daily simulation. This is primarily due 

to the enhanced shofi-wave responses of the model that act on the snow layer over 

hourly time scales (as shown by TEST 3)- This is illustrated fùrther when the normal 

diumal K& distribution is used instead of the hourly interpolated daily average Ki 

forcing, where the simulated BU and open water duration becomes closer to the original 

hourly simulation (BU = YD192; open water duration = 103 days). 



3.3.2 Parameterïzed vs. In Situ Radiative Fluxes and AIbedo 

In this section 1 compare parameterizations such as incident short-wave (Ki) and 

long-wave (Li) radiation and surface albedo (a) used in the Flato and Brown (1996) 

- model with in SIMMS192/93 field data The purpose is to assess whether the 

parameterizations used in the model adequately represent specific processes over shoner 

temporal scaIes and whether t hey accurately reflect 'on ice ' measurements. This would 

then estimate the potential error in modeled ice and snow t h e r m ~ d y n a ~ c s  due to errors 

in forcing. It should be emphasized that differences between modeled and in situ data 

should be expected since the-SIMMS192/93 field sites were roughly 30 km fiom Resolute 

leading to differences in atmospheric forcing. In addition, some model parameterizations 

are intended to refiect area-averaged conditions and so may not represent the point 

conditions measured at the SIMMS field sites (eg. albedo). Unfortunately, no cloud 

observations were available during the - SIMMS experiments, thus cloud variation 

cornparisons (and the associated changes in Ki and Li) with Resolute were not possible. 

These factors create a rather aude cornparison but can nevertheless illustrate the spatial 

and temporal s a l e  characteristics between parameterized and in silu albedo/radiative 

fluxes- 

As an example of atmospheric forcing daerences between Resolute and the field 

sites, Figure 3.9 shows the time series of air temperature dserences between Resolute 

and SIMMS'92 observations (Resolute - SIMMS). A mean bias of +OS°C in Figure 3 -9 

indicates that land-based temperatures (Resolute) can be somewhat larger compared to 

on-ice conditions (SIMMS). Major differences ocnir during the morning hours (ovemight 

lows) where land-based temperatures can be significantly warmer (- 6-8OC) than over the 

ice. 



1 1 1 
r 1 

I O 7  114 121 128 135 142 149 156 163 170 177 

Yeat Day 

Figure 3.9: T h e  series of air temperature discreponcy (Resofute minus S-S) between 
Resoute and the SWS'92f ie ld  site between l'Dl07 and YD177, 1992. 

The hourly time senes of Ki and L( error (modeled - observed) over the spnng 

period of 1992 are shown in Figures 3.10as. The KJ error tirne series (in Figure 3.10a) 

only includes the first 9 days of the simulation/field experiment (for illustrative purposes) 

since it is difficult to visualize the entire time series. Low Sun angle (< 25') data were 

excluded fiom the analysis due to instrument limitations. The coefficient of determination 

between the modeled and observed K( was R~ = 0.91 with the error varying between 

nearly zero and L 250 W ni2 over the entire SIMMS'92 field period. The Ki mean error 

was -23 W m-' with a standard deviation of 89 W nf2. The K 1 al1 sky mean error found 

here is larger than the mean emor found by Key et al. (1996) (-3.2 W m-2 for the Shine 

(1 984) scheme) who compared daily average observed and pararneterized fluxes for two 

Arctic locations. Differences in local cloud conditions between the SIMMS field sites and 

Resolute may be a significant factor. 
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Figure 3.10: Mocieled minus obserwd (a) incident short-wme error between kZ)iO7- 
116, 1992, (b) incidnt short-wave error versus total cloudjaction, md (c) incident 
long-waw error between YDIO7477, 1992. Low s m  angle (< 253 &ta were excluded 
fiom the short-wave amiysis due to measurement limitatiom. 



The K i  parameterization tended to overestimate clear sky Ki by roughly 40-50 

W m-2 on average and KJ dzerences varied widely during complete overcast conditions 

(+125 W me2 to -275 W m-*)- This can be visualized in Figure 3.10b where cloud-free 

conditions produced more positive biases (mean of +40 W m-3 in K i ,  and when 

complete overcast conditions ocmrred the discrepancy between modeled and observed 

values grew much larger with a more negative bias (-50 W m"). The main differences 

between modeled and obsewed Ki is due to locationkloud diserences between the 

SIMMS field sites and Resolute as well as cloud optical depth (held constant at 0.7) and 

tropospheric aerosol inhomogeneities pointed out by Key et al. (1996). Key et al. (1996) 

showed that the Shine (1984) clear sky and al1 sky K 4 parameterizations did not have sun 

angle biases but the al1 sky parameterizations had greater errors as the solar zenith angle 

(SZA) decreased. The 55-70" SZA errors for K J d l  sky point estimates were show to 

range between i 150 W m-2 (Key et al., 1996) which may be a significant contributor to 

the errors observed here. Larger discrepancies between modeled and observed K J values 

are expected to occur during total overcast situations due to the factors above, indicated in 

Figure 3.1 Ob. 

The time series of modeled-obsewed differences for L& (Figure 3 . 1 0 ~ )  are not as 

extreme as K J and no biases were found when comparing cloud-fiee conditions and total 

overcast conditions (not shown). However, the discrepancies in Li (modeled-observed) 

grew larger (+60 W m" to 4 0  W m-2) during complete overcast events compared to clear 

skies (+20 W m-2 to -40 W m-2) as expected due to similar factors as those for Ki. The 

mean Li error was -1 W m" with a standard deviation of 18.8 W m-' and an R' = 0.91. 

The mean error found here is smalla than the al1 sky Li value (-9.7 W m") reported by 

Key et al. (1 996) for the same L( parameterization of Maykut and Church (1973). 

The time series of surface aibedo shows that the drylnew snow values used in the 



model (0.75) are lower than observed (0.8-0.9) (Figure 3 -1 1). The modeid albedo is 

intended to represent an area average that may differ fiom local conditions. Typical Arctic 

basin dryhew snow albedo observations have been shown to range between 0.8-0.98 

(Radionov et al., 1997). The mean dryhew snow albedo for SIMMS192 was 0.83 and 

0.82 for SIMMS193 (excludhg the low sun angle data). The larger observed albedo 

compared to the modeled albedo rnay be significant since less short-wave radiation would 

be absorbed by the snow iayer and may lead to less days with sudacemelt (see section 

3 -3 -3). 

In addition, there were several days when diumal changes in albedo were observed 

during SIMMS192/93 similar. to what is portrayed in the model simulation. However, the 

model simulated more fiequent diumal melt events. Definite diumal albedo patterns 

associated with snow surface fieeze-thaw cycies were observed d e r  YD168, 1992 where 

a mean albedo decrease of 0.07 t 0.03 took place d u ~ g  snow melt events (Figure 3.12). 

Other Arctic observations indicate Maximum diumal albedo changes on the order of 0.1 1 

madionov et ai., 1997). The model assumes a 10% decline in albedo during snow surfiace 

melt over an a r a  average. Observations suggest the associated drop in modeled albedo due 

to diurnal snow melt may be slightly excessive in most cases. This could also lead to 

enhanced snow melt and more fkequent melt events in the model simulation. Further 

discussion will be provided in section 3 -3 -3. 



Figure 3.11: Tirne series ofparameterïzed (solid line) und observed (*) surface albedo 
between YD10 7 and YDI 77, 1992. 
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Figure 3.12: Diurnal tirne series of SLMUS892 observed surface albedo ktween 
YDI 70-1 77. 



3.3.3 Model Simulations Using Field Observation Forcing 

The sea ice model was nin with SIMMS'92 field data (K J, Li ,  Ta, wind speed 

and surface albedo) to investigate differences between using on-ice forcing as opposed to 

land-based forcing d u ~ g  the spring of 1992. The simulation was conducted for days 107- 

176, 1992 since fùll day field data did not exist beyond YD176. Direct cornparisons of 

modeled surface temperatures (TSfc), Q,,, and snow/ice ablation rates were made between 

the standard hourly simulation (CONT) (section 3.3.1) and the SIMMS field data forcing 

simulation (SFS) over the 1 992 spring penod. Since relative humidity was not recorded at 

the SIMMSi92 field site, Resolute observations were used in the SFS simulation. The 

SIMMS'92 snow thickness measurements were not used to estimate actual snowfall 

amounts since it was impossible to exclude redistribution effects (blowing/drif€ing snow) 

fkom the data Cloud fiactions were not necessary since K 1 and Lj field data were used 

instead of the K J  and L j  parameterizations. Resolute wind data was used between 

YD107-117 since usable SIMMS'92 wind speed data were only available beginning on 

YI31 18. 
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Figure 3.13: Comprison between observed (Ihick solid line), CONT (Iower line), SFS 
(solid line), and aWy forcing (hh-dot  line) snow &ph beiween ID10 7-1 77. 1992. 

Using the SIMMS field data as forcing and replacement of the KJ, LJ and albedo 

parameterizations produces very different spnng penod simulations compared to the 

control simulation (Figures 3.13 and 3.14). The snow layer does not disappear in the SFS 

mn (minimum of 0.07 m on YD176) compared to complete ablation in CONT by YD165 

(Figure 3.13). The SFS snow ablation is similar to the daily forcing mode1 simulation but 

SFS has a much more redistic ablation curve compared to observations beyond ml65 

(Figure 3.13). SIMMS researchers did not observe complete snow ablation and advanced 

melt (ponding) conditions in 1992 (p. CO- T. Papakynakou). This suggests that the 

SFS simulation more accurately reproduced the regional conditions since complete snow 

ablation and advancd melt were not generated in the SFS run, whereas, CONT produced 

complete snow ablation and advanced ice melt stages. 

The SFS run produced diumai melt events similar to CONT, however, the onset 

of melt was much later (YD154 in SFS, YD133 in CONT) causing the number of melt 

events to be significantly reduced in the SFS simulation between YD 107-1 77 (see Figure 



3.13). Surface melt took place in the SFS simulation on YD154, 155, 160, 162, 163, and 

168 onward. The later melt onset is most likely due to the overail increase in surface 

albedo (SFS mean a = 0.828 t 0.5, CONT mean a = 0.63 a 0.1) and wind speeds (SFS 

mean u = 4.1 t 2.4 m s-', CONT mean u = 1.4 t 1.0 rn s-'; the means were calculated 

between YD107-176, 1992). This suggests that the stronger wînds in SFS compared to 

CONT play a significant role in the melt onset dates. It is interesthg to note that the 

mean K 1- and Li for SFS (272.6 W m-2, 232.4 W m-') and CONT (272.3 W m-', 23 1 -4 W 

m - 3  were very sirnilar but the SFS standard deviations (a(KJ) = 195.2 W m*2, -4) = 

45.3 W m") were slightly larger than CONT (-4) = 176.4 W m-2, -4) = 38.3 W m- 

'). This may indicate that although the mean radiative forcing was . sindar for both 

simulations, the diEerent variations in radiative forcing may account for some of the 

differences between the simulations- Differences in air temperature between SFS and 

CONT is expected to have a minor influence on the snow layer simulation since Ta was - .  

quite similar in both simulations (SFS Ta mean = -1 1.7 t 8.3"C, CONT Ta mean = -12.0 

-. 8-4°C)- 



Figure 3 . 1 4 ~ .  6: Com@sons of Qnet between (a) CONT (black line) and SIMMS192 
observations (red Zine), (ô) SFS (black fine) and S.MMS'92 obsentutions (ked line). 



Figure 3. I l c ,  d: Cornparisons of Tsfc between (c) CONT (block line) and SIMMS892 
observations (red line), (d) SFS filack line) and SIMMS'92 observations (red line). 



The SFS simulation produced improved estimates of Q, and Tsfc compared to 

CONT, determined by direct cornparison with SIMMS92 measured values (Figure 3.14a- 

d). The Qnet R~ for SFS is larger than the CONT simulation and the Qnet mean error 

(modeled-observed) and standard deviation (error) for SFS was slightl y smaller than the 

CONT simulation (Table 3.2). YD107-110 were excluded fiom the statistics due to Qne, 

measurement errors on those days. 

Table 3.2: StatisfrCa1 compatisons (RI mean error ( m d l e d  - observeu) and sf&rd 
deviations) beiween the m d i e d  (CONT and SFS) d observed net Surjace flux (Q,, 
and M a c e  tetnpra~ures (T$J. CONT zs the standlard hou@ mode1 srinudation using 
'land-base8 forcing @om &crion 3.3.1) and SFS is the bn-ice' forcing simuIation using 
SlUlMS92 field abta 

The improvement in simulation using the field observations compared to using 

Resolute forcing and mode1 K &, Li and albedo parametenzations is also manifested when 

comparing the SFS and CONT Tsrc time senes (Figure 3. 14c,d). Trfc was estimated using 

the  measured Lt with an emissivity of 0.99 (sirnilar to the mode1 prescnbed value) since 

direct measurements of surface temperatures were not available. The Tsfc R~ for SFS is 

noticeably larger than the CONT simulation and the TSk mean error (rnodeled-observed) 

and standard deviation (error) for SFS was significantly smaller than the CONT 

simulation (Table 3.2). YD107-110 were excluded fiom the statistics due to unavailable 

L t  measurements on those days. The SFS simulation reproduced al1 of the days that had 

diumal melting in the observations (Figure 3. Md). Obsewed Lt fluxes indicated that 

surface melt may have occurred on YD155, 160, 162, 163 and 169 onward The SFS 

a 
Qnet Qnet Tsfc Tsfc 

CONTlobs SFSIobs CONTlobs SFSIobs 
R-Square 
Mean Error 
St. Dev- 

0.44 0.56 0.91 0-98 
-2.5 -2 2.5 -0-08 
30 25 3.1 1.7 



simulation produced diurnal melt on al1 ofthese days as well as YD154 and 168. It is not 

known why there is discrepancy on these days. The statistics and Figures 3.14c,d suggest 

that the SFS simulation provides a better representation of the measured Tsk than CONT 

over the sphg  of 1992. 

3.4 Conclusions 

The purpose of this chapter is to illustrate whether diumai time scales are 

important to consider in rnodeling seasonal snow-covered FYI and whether the model 

parameterizations appropriately handle these time scaies. This is important not only for 

resolving these time scales and processes in the models for arctic climate studies, but for 

advancing the model to a state that will be usenil for microwave remote sensing 

applications. This chapter was also concemed with spatial differences inherent in the 

model environment through its forcing data. Typicall y, sea ice models use "land-based" 

forcing data to drive the simulations, however, difficulties may arïse due to differences 

between "on-ice" meteorological conditions and "land-based" conditions. Three research 

questions were designed to address the above issues. 

3.4. I Question 1 

Direct cornparisons between a one-dimensional thermodynamic sea ice model 

using hourly forcing data and daily average forcing data showed significantly different 

results in tenns of break-up dates, open water duration and snow ablation. Break-up 

occurred 13 days smner, open water duration was lengthened by 2 1 days and snow 

ablation was initiated sooner but progressed graduaily and more realisticaily (compared to 



field observations) using hourly forcing. However, the hourly simulation produced much 

eadier melt onset and created advanceci melt stages in 1992 which were not observed b y 

SIMMS'92 researchers. Sensitivity tests showed that 1 2 of the 1 3 break-up day and 1 8 of 

the 20 open water day differences between the daily/hourly simulations is due to snow 

cover evolution differences within the simulations. Analysis has showed that short-wave 

exchange dominates these snow processes, as observed in the field- The diurnal 

distribution of dom-welling short-wave energy is responsible for about 33% of the snow 

cover evolution (and hence the daily/hourly simulation) dinerences by acting to enhance 

snow melt events at peak to medium solar exposure hours. The diumal variations in 

latentlsensible heat fluxes (mostly due to wind speeds) can explain about 17% of the 

daily/hourly model differences where some days have very low latenthensible heat loss 

during peak to medium solar loadimg hours. The timing of these low latentkensible heat 

loss events create a greater likelihood of a melt event to take place. In contrast, the daily - 

average wind speed is rarely zero, thus reducing the likelihood of melt for that day The 

dominant process, which leads to 50% of the snow cover evolution differences, is 

enhanced diurnal short-wave absorption due to albedo decreases during diurnal melt 

events occumng at peak to medium solar exposure hours (je: a positive albedo feedback). 

It can therefore be concluded that non-linearities in the surface energy balance play a 

critical role in the rnelting of the snow layer which in turn affect the seasonal evolution 

(especially the spring melt period) of first-year sea ice. 

3.4.2 Question 2 

Cornparisons betwetn observed and rnodel-pararneterized K 4, L( and alôedo 

showed the model parameterizations represented observations fairly weU in some cases 



and not so well in others. The Shine (1984) pararneterization for K( had a positive error 

of roughly 40 W m'2 on average during clear conditions and a slight negative bias of -50 W 

m" under complete overcast conditions. The mean K i  error (modeled-observeci) was -23 

W rn-Z with a standard deviation of 89 W me2 over the SIMMSP2/93 field seasons. The 

mean error here is larger than that reported by Key et al. (1996) (-3.2 W m-2). Larger KJ 

discrepancies occurred under cloudy conditions compared to clear skies due to differences 

between SIMMS field sites and Resolute, NWT, (spatiaVlocation limitations) as well as 

cloud optical depth (held constant in the model) and tropospheric aerosol inhomogeneities 

(Key et al., 1996). Errors can also be largely attributable to solar zenith angle variations as 

suggested by Key et al., 1996- 

The L 1. parameterization of May ku t and Church (1 973) had smaller errors and no 

trends were found when c o m p a ~ g  cloud-free conditions to clear skies. The mean L& 

error was -1 W m" with a standard deviation of 18.8 W me2. The mean error is smailer 

than that of Key et al. (1996) (-9.7 W m-2) and shows this LA parameterization performs 

well even at hourly intervals. However, the low LJ mean error and standard deviation 

may be the result of a cancellation of errors due to cloud amount bias between Resolute 

and the SIMMS field site (spatial limitations). 

The time senes of modeled and observed surface albedo showed that the model 

may underestimate the dryhew snow aibedo b y roughiy 0.05 to 0.1 5. The sea ice model 

assumes a dryhew snow dbedo of 0.75 but regionally representative SIMMS192/93 

albedos were between 0.8-0.9 in the early spring periods. The modeled albedo decrease 

for wet snow (0.1) was slightly higher than observed (0.07 = 0.03) and so the model's 

snow melt albedo feedback may be slightly too strong. 



3.4.3 Question 3 

When the sea ice mode1 was forced directly with SIMMS192 field data (Ki, Li ,  

air temperature, wind speed and albedo) it produced better representations of the modeled 

snowhce ablation evolution as weU as Q., and surface temperature over the 1992 spring 

period. This case reproduced observed diumai melt periods faitffilly whereas the control 

run produced many more and earlier melt events. Also, complete snow ablation and 

advanced melt were not gmerated in this case, in agreement with observations. The overd 

improvement when forced with SIMMS observations was primarily due to gr- 

turbulent fluxes (larger wind speeds), higher sudace albedo and different radiative forcing 

cornpared to using land-based forcing (Resolute) and modeled Ki, L& and albedo 

parameterizations. 1 also note, based on eight (1990- 1997) consecutive years of the 

SIMMS and follow on C-ICE (Coiiaborative-Interdisciplinary Cryosphenc Experiment) 

experiments that the differences between surface energy fluxes observed on-ice and those 

estimated from nearby land stations do not appear to be systematic. This means that i t  

may be difficult to establish a correction term to account for various flux tenns required in 

thermodynamic modeling of sea ice. 

3.5 Summary 

In summary, results suggest diumal processes are important to consider and the 

parameterizations handle these tirne scaies well in some cases and not so weil in others. 



This is an important step toward understanding the necessary model forcing time scales 

required for linking these types of models to  microwave remote sensing in later chapters. 

The results also illustrate the time scales necessary to resolve when attempting to 

simulate annual cycles of snow-covered F M -  It is also important to consider the 

environmentai conditions on the ice surface as opposed to land for monitoring sea ice 

evolution- That is, if in silu data are not available on the ice, remote observations fiom 

satellites may provide insight to environmental conditions there. The following chapter 

(Chapter 4) tùrther investigates and supplements the analysis in this chapter in tenns of 

the incident short-wave and long-wave model parameterizations. Incident radiation is a 

critical process within the SEB of FYI and a more thorough analysis of their 

pararneterization schemes i s  warranted given the resuits thus far. 



CHAPTER 4: Panimeterization Schemes of Incident Radiation 

4.1 Introduction 

Themodynamic sea ice models require precise parameterization of incident short- 

wave and long-wave fluxes over a vanety of tirne and space scaies as illustrated in 

Chapter 3. Chapters 1 and 2 outlined previous investigations of these fluxes, difficulties 

while trying to parameterize them and their importance to the snowlsea ice SEB. This 

chapter buads on results in chapter 3 by investigating in more daaii sea ice mode1 

parameterization schemes of incident radiation. Coincident in siru radiation data 

comparing di fferent arctic environment s and spatial variations have previo usly never been 

available. Data presented here were collecteci in a marine polynya environment includiig 

terrestrial, shore fast-ice, mar@ ice zone and open water regions during the 

International North Water Polynya (NOW) Project conducted between March - July 

1998 (Barber et al., 2001). The two research question of this chapter are: 

1) Are there any seasonal or environmentaVspatial biases within selected Ki and 

Li parameterizations compared against in situ field measurements? 

2) Can we improve the parameterization representations for the different 

environments where possible? 

Results fiom this investigation have previously appeared in the peer reviewed iiterature 

(Hanesiak et al., 2001 a). 



4.2 Data and Metbods 

4.2- 1 Observational Data 

Data coilected were fiom the International North Water Polynya (NOW) Project 

during an intensive field carnpaign between March to the- end of July 1998 (Barber et al., 

2001). Three primary data coilection platforms included a terrestrial camp (Cape 

Herschel) and fast-ice site (Rosse Bay) on the east Coast of Ellesmere Island, Nunavut and 

the Canadian Coast Guard ice breaker Pierre Radisson in the NOW region (Figure 4.1). 



GREENLAND 

Figure 4. la: Geogrqhical region of the NOW'98 project (shaded region in top image). 
Smith Sound, Kane Basin and Cape Herschel qpar at the north end of NOW (bottom 
image). 



Figure 4.lb: Locations of rhe temestrial c m p  (Cqx Herschel) and ice site in Rosse Bay 
during the NOWP98 prqect. The image is a synthetic aperture radar FAR) image j b m  
Racbrsut-l. Dark shacies represent mmth firs-year ice in Rosse Bay and open water 
rnixed with ice in Smith S d a n d  Kme Basin, 



Cape Herschel is located 74.67" W, 78-65" N and the fast-ice site was 3.5 km due 

north of the terrestrial camp. The fast-ice regirne was typified b y smooth first year sea ice 

(Figure 4. lb; dark shades in Rosse Bay) with a snow cover ranging between 5 and 15 cm 

up to complete snow melt by early June. The terrestrial site was 100 m AMSL, with a 

f u U  snow wver and gradual sloping terrain toward Rosse Bay. The fast-ice edge at Cape 

Herschel was initially 3 4  km off shore and decreased to less than 1 km by early June. 

Measurernents of Ki and LJ. were available fiom instruments that were mounted on the 

foredeck of the Canadian Coast Guard ice-breaker, Pierre RadrSson fiom transects within 

NOW (Figure 4.2). ~adiation flux densities were measured over several ice types and 

under a vanety of atmospheric conditions. Data were measured every second and stored 

as one-minute averages. The terrestrial and ice camps were operational between Year- 

Day (YD) 89 (March 30) and YD155 (June 4) and the ice-breaker between approximately 

YD99 (April9) to YI3203 (July 22)- This resulted in 601 h and 822 h of useftl terrestrial 

site Ki and L i  data, respectively, 635 h and 915 h at the fast-ice site and 659 h and 988 h 

on the ice-breaker- There were less short-wave hours due to night-tirne darkness in the 

early spnng and data quality control (see below). 



Figure 4 2 :  Incident radiation instrumentation on the ice breaker Pierre Radisson (top 
picture) and the fast-ice site near C a p  Herschel (centre right in the bottom picture). Buth 
photos were tuken looking in a northerly direction. 



Incident short-wave and long-wave radiation were sampled every 5 s by an 

Eppley pyranometer (model PSP) and pyrgeometer (model PIR) which was installed at 

both the Cape Herschel1 and Rosse Bay sites (Figure 4.2). The radiometers were mounted 

1 -2 m above the surface and recorded 15-minute radiation average& Incident short-wave 

and long-wave radiation were measured using Eppley 8-48 "Black and White" 

Pyranometers on the ice-breaker, and pyrgeometers (model PIR) mounted on gimbles 6 m 

above the ship deck to ensure proper leveiing in the mean Measurement accuracy is 

estimated at I 10 W m-2 and t Z S %  for the pyrgeometers (Philipona et al., 1995) and 

pyranometers (Latimer, 1978), respectively. The spectral response of the PSP and 8 4 8  

pyranometers are detennined by the glas dome over the sensors, which has uniforrn 

transmission for radiation in the wavelength range 0.285 to 2.8 Pm- The spectral response 

of the Pw determined b y an inteiference filter inside a silicon dome, is f?om 3 -5 to 50pm. 

A down-facing pyranometer (Eppley, model PSP) was installed off of a scafFold-type 

tower 2.5 5 m abow the fast ice sufice dong with a down-facing pyranometer (Eppley 8- 

48) extending 3 m out fiom the bow of the Pierre Radisson to sample Kt. These radiation 

instruments are designed to measure the critical wavelengths of the solar and infia-red 

spectnims that control radiative fluxes. Supplementary hourly data included air 

temperature (Ta) (error approximately tO.l°C), relative humidity (RH) (error 5%), 

total cloud fraction (c) (error 1 100/0), and surface albedo (2 0.03 albedo units) used as 

input for the radiative flux parameterkations (discussed below). The Ta and RH were 

measured 2 m above the sudace at Cape Herschel using a relative humidity probe (CS1 



207F) and 15 m above the water line of the ship. Surface albedo was estimated as the ratio 

of K t  to K 4 at the Rosse Bay site and f?om the Pierre Misson- Short-wave albedo 

estimates were continuous and stable at Rosse Bay, but intermittent on the ice-breaker 

due to rime build-up on the sensor. Total cloud fiactions were determined fkom human 

hourly observations at the terrestriaUfast-ice sites and an dl-sky time lapse video carnera 

on the ship. The all-sky camera instrument is an ail-weather carnera looking downward on 

a hemispheric mirror that produced a 180" view of the celestial dome. Hourly average5 of 

total cloud fiaction were determined from analyses of the video images sub-sampled at 

10-minute intervals. P. discussion of the cloud conditions is provided by Hanafin and 

Minnett (2001). Incident radiation was measured -over a temperature range between 

-30°C and +3"C fiom late winter to early sumrner at the terrestrial and fast-ice sites and 

-8°C to +12OC on the icebreaker. As a result, there was little overlap of temperature and 

vapor pressure between the fast-ice and ice breaker measurements (Le. the two 

envi ronrnental regimes were quite different) . 

Data were stratified into ciear-sky (O to 1 tenth coverage) and all-sky (2-10 tenths 

coverage) conditions, solar zenith angle (Z), and location (terrestrial, fast-ice, ice breaker). 

Seasonal variations according to air temperature were also investigated for 

parameterization seasonal biases. Clear-sky data were combined into O to 1 tenth sky 

cover since there was no difference between the mean short-wave and long-wave radiative 

fluxes associated with them. This resulted fiom hourly averawg and the short time the 

solar disk was obscured by cumulus clouds. The Z is used as an independent variable 

since some parameterizations have shown to contain Z biases (Key et al. 1996). In 



addition, d l  KJ. data with a Z > 75" were omitted due to measurement error at these 

angles, especially albedo (Kt fluxes). Location stratification was performed for 

parameterization performance between the terrestrial. fast-ice and fbll marine 

environments, The fast-ice and terrestrial data sets are more accurate due to their stable 

measurement platforms and less prone to the harsh manne environment; they show - 

smaller errors between the observed and estimated fluxes (see below). 

4.2.2 Radiative Flux Parameterzzations 

Key et. al. (1996) discussed several simple Ki and Li schemes that perfomed 

well in the Arctic that are stül used in one-dimensional thërmodynamic sea ice models and 

two-dimensional dynarnic-thermod ynarnic models (see for example, Flat O and Brown, 

1996; Maslanik et al., 1995; Ebert and Curry, 1993). Only those parameterizations that 

were selected to outperfom others (by Key et al.) were used in this work. The K i  

parameterizations used include Bennett (1982) and Shine (1984) for clear skies and Jacobs 

(1978) and Shine (1984) for cloudy skies. The Li parameterizations include Olunura 

(198 l), Efimova (1 961) and Maykut and Church (1973) for clear skies and Jacobs (1978) 

and Maykut and Church (1973) for cioudy skies. The schemes are attractive for sea ice 

modeling due to their simplicity and computational ease and perform fairly weii over 

daily and hourly averages in most cases (Key et al., 1996; Hanesiak et al., 1999). 

However, their performance can be affecteci by observational errors in input parameters 



and unknown total column atmospheric conditions. 1 refrain fkom detailed discussions of 

the various parameterkations in Light of Key et al-% comprehensive review, and simply 

outline their empirical formulations. 

The parameterkations have been categorized into clear sky and afl-sky fluxes with 

similar conventions as Key et ai. (1996), for consistency. The down-weüing short-wave 

flux (KJ), down-welling long-wave flux (L() and solar constant (S = 1356) are in W m"; 

solar zenith angle (termed Z above) in degrees, near surface air temperature (T3 in Kelvin, 

near surface vapor pressure (ea) in Wa, cloud fiaction (c in tenths), cloud optical depth 

(r), and surface albedo (a). A more detailed discussion of each panuneterkation can be 

found in Key et ai., (1996). A brief description of each parameterization is outlined. 

4.2.2.1 Short-Wave Clear Sky Flwr 

Key et al. (1 996) indicated that the best clear s ky K 1 (K J .,J parameterization in 

their study was that of Shine (1984) with Bennett (1982) performing reasonably well 

over daily averages. The Shine (1984) parameterization attempts to account for the near 

surface vapor pressure explicitly and was tested with a radiative transfer model. In 

comparison the scheme of Bennett (1982) is less comprehensive and is primarily intended 

for the estimation of mean monthly values. 

The form of Bennett (1982) for Kick is 

Kici,  = 0.72 S CO@) 



The form of Shine (1984) for KicI, is 

Kieir  = (S cos2(z)) / [I -2 COS(Z) + (1 .O + COS(Z))X~O-~ ea + 0.04551 (4.2) 

4.2.2.2 Short-Wave AU-Sky Flux 

To parameterize cloud effects on the all-sky K 1. fluq two approaches were found 

to perform reasonably weU. One is to simply multiply the clear sky flux by a fùnction of 

cloud fraction as in Jacobs (1978). Another more sophisticated approach is to account for 

surface changes (or albedo changes) affect ing multiple retlect ions between the su nace and 

cloud as well as cloud properties (or optical depthhhickness) as in Shine (1984) that 

perforrns well over shorter time periods (Key et al., 1996). 1 assume a constant cloud 

optical thickness (7.0) aecording to Ebert and Curry (1993) and input the computed 

hourly surface albedo fkom the Rosse Bay and ice-breaker platforms. 

The form of Jacobs (1 978) under all-sky conditions i s 

Ki.11 = Kld, (1 - 0.33 c) (4-3) 

The form of Shine (1984) under all-sky conditions is 

K i c l d  = (53.5 + 1274.5 cos(Z)) COSO-~(Z) / [l + 0.139 (1 - 0.9345 a)t (4.4a) 

K1.11 = (1 - c) KJcir + c K i e l d  (4.4b) 



4.2.2.3 Long- Wave Clear Sky Flux 

Down-welling clear-sky long-wave radiation (LJcIr) is typically a tùnction of near 

surface temperature and vapor pressure. Three commonly used parameterirations differ 

in their treatment of the atmospheric emittance. Ohmura (1981) considers the 

atmospheric emittance as a function of near sunace air temperature. Maykut and Church 

(1973), on the other hand, assign a constant value to the atmosphere emittance, and 

E h o v a  (1 96 1) make the term a function of near surfâce vapor pressure. 

The form of Ohmura (198 1) for Lich is 

L ici, = a (8.733~10'~ TP.'~*) T: 

The form of Maykut and Church (1 973) for LicIr is 

L JCI, = 0.7855 a T: 

The form of Efimova (1 96 1) for L J is 

LicI,  = a (0.746 + 0.0066 ea) T: 

4.2.2.4 Long- Wave Ail Sky Flux 

An increase in Li associated with clouds is a fùnction of cloud fraction in 

expressions by Jacobs (1978) and Maykut and Church (1973). Jacobs (1978) developed 

a simple linear relationship between cloud emittance, cloud fiaction and the clear-sky flux, 



while the relationship of Maykut and Church (1973) is in power form. Cloud emissivity 

also diEers between the two formulations- 

The form of Jacobs (1978) Liair is 

Lia11 = Lld, (1 + 0-26 c )  

The form of Maykut and Church (1 973) LiaII is 

4.2.3 Analysis Methods 

The KicIr  and Liclr schemes were individually tested. The all-sky K i  and Li 

parameterizations require a clear-sky component, hence diEerent combinations of the 

various schemes were perfonned. The Ki all-sky combinations included using: 1) the 

clear-sky of Shine with the cloudy sky correction of Shine, 2) the clear-sky of Bennett 

with the cloudy sky correction of Jacobs, 3) the clear-sky of Shine with the cloudy s ky 

correction of Jacobs, and 4) the clear-sky of Bennett with the cloudy sky correction of 

Shine. The LJ all-sky combinations included using: 1) the clear-sky of MC with the 

cloudy sky correction of MC, 2) the clear-sky of Ohmura with the cloudy sky correction 

of Jacobs, 3) the clear-sky of  Efimova with the cloudy sky correction of Jacobs, 4) the 

clear-sky of MC with the cloudy sky correction of Jacobs, and 5) the clear-sky of 

Efimova with the cloudy sky correction of MC. 

The radiation and meteorological data were converteci to hourly average (centred 

on the hour). The meeorologicai data fiom each obserwig platform was used as input for 



the parameterizations. The difference between the modded and obsenred flux (difference 

parameter) was used to measure the performance of each scheme. Performance was 

quantified using statistical indices on the difference parameter such as simple linear 

regression tests for biases, mean bias error (MBE) and the root-mean-square error RMSE. 

The linear slope of regression lines fit along the ditrerence parameter were statistically 

tested with an associated confidence interval to infer significant biases (slope significantly 

differznt from the mean) as functions of solar zenith angle (Z), season and the type of 

environment. Residual plots revealed that a Iinear mode1 is appropriate for each regression 

Iine along the difference parameter. 

For the seasonal bias anal ysis, the observed and estimated radiation were stratified 

into temperature regimes. The measured and estimated fluxes were binned accordhg to the 

foilowing temperature categories: (1) Ta r -20°C, (2) -20°C < Ta s -14"C, (3) -14°C < 

Ta a -g°C, (4) -9OC < Ta s -2"C, and ( 5 )  Ta > -2°C. The categories correspond to the 

main "seasonal" transitory atmospheric and sea ice conditions for the NOW region - 

(Hanesiak, 1999) and allowing enough statistically viable data points for the comparisons 

in each temperature regime. The results of this analysis illustrates the seasonal bias 

inherent in the parameterizations and does not necessanly suggest that one scheme is 

superior since the simulated fluxes were within measurement erron in some cases. 



4.3. Results 

4.3.1 Parameterizations vs. Observations 

43.1. 1 Terrestrkd and Fast-lce Sites 

The results from the analysis using data from the terrestrial and fast ice site were 

similar (generally within 2%). Consequently the following sections describes the 

performance of the models 6om the fast-ice site. 

The results are in agreement with Key et al., (1996) showing that the Shine 

scheme is preferable to Bennett's equation Figure 4.3 and Table 4.1). The Bennett 

scheme contains a negative Z bias with decreasing Z (Figure 4.3) within a 99% confidence 

interval. The Shine scheme performs weU for the fast-ice data set with only 1.1 W m-2 

mean error (5.0 W m-' at the terrestrial site). The parametenzation statistics in Table 4.1 

are slightly better than Key et al. (1996). The cancellation of errors between negative and 

positive values may contribute to the low mean errors. 

Table 4.1: Parameterized clear-sky short-wave flux error (estimated flux mims the 
meamred f i k e  jlux). Brackeed val~es are the correqonding zce-breaket results. me 
mean, mean error and RMSE are in w m-2. me number of observations is also shown. 

No. obs = 145(104) 
Observed 

S hine 
Bennett 

Mean 
391.9(419.1) 
393.1(442.9) 
373.1(426.3) 

R~ 

OM(0.9 1) 
0.98(0.9 1) 

Mean Error 

1.1(23.9) 
-1 8.8U.3) 

RMSE 

15.9(48.8) 
2 1 -6t47.8) 



Figure 4.3: The clear-sky short-wave flux error for two pamnetenzatiom (modelàj7ux 
minus the observedfux ut Rosse Bay,). 



For the K& dl-sky combinations the results again support Key et al. (1996). The 

error statistics (Table 4.2) and error plots (Figure 4.4) show the best parameterkation 

combination is Shine/Shine with a mean error of -2.1 W ma2 (3.1 W ma' at the terrestrial 

site). The Jacobs cloudy-slq scheme depletes too much radiation when combined with 

the Shine and Bennett clear sky routines, shown by the highly negative mean errors. 

Table 4.2: Parameterized all-sky short-wme fZwc error {estrmafed flux minus the 
measured fa-ide flux). Bracketed values are the corresponding ice-breaker results. The 
mean, mean error and RMSE me in w m-2. The mmber of observations is a h  shown- 

No. obs = 456(555) 
Observed 

Shine/Shine 
Bennett/Jacobs 

S hindacobs 
Bennett/S hine 

* 

Mean 
322.4(250.7) 
320.3(332.4) 
289,9(3S 1 .O) 
304.0(370. 1) 
3 15. I(322-5) 

R~ 

0.83(0.76) 
O,8S(O.7 1) 
0.85(0.71) 
0.82(0.75) 

Mean Error 

-2.1(8 1-7) 
-32.4(lOO.3) 
-18.4(119.4) 

-7.4(7 1.8) 

RMSE 

59,6(90.1) 
60.6(95 -9) 
57.9(96.5) 
6 1.3(90.8) 
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Figure 4.4: Be  akky  short-wove fha error for four combinations of pameterizattom 
(modeledjhx minas the observedflux at Rosse B q ) .  Thefirst n m e  refers to the cfear- 
sky parameterizaiion used for t h  combination fiom Figure 4.3. 



4.3.1.1.2 Incident Long-wave F k e s  

The parameterization of Ohmura perfonns better than both the Maykut-Church 

(MC) and Efimova's schemes (Table 4.3). Key et al., (1996) found the Efimova routine 

to perfonn best. The emittance of long-wave radiation is too high in both Maykut and 

Church's and Efimova's schemes for incident fluxes less than about 240 W me'. A sirnilar 

trend is shown by Key for the MC model. If the clear-sky atmosphenc emissivity is 

adjusted by roughly the same amount in MC (from 0.7855 to 0.729) and Efimova (0.746 

to 0.7; the first coefficient independent of vapor pressure) during penods of low 

emittance (L& 240 W m-2) the results nom both parameterizations improves (Table 4.4 

and Figure 4.5). The emissivities for each scheme was optimized to fit this data by 

minimking the mean bias error (MBE) for each scheme. 

Table 4.3: Parameterized clem-sky long-wave flux error (esrmated flux minus the 
measured f i - i c e  flux). Brackeed values are the correpnding zce -break  resulfs. B e  
mean, mean error d M E  me in w m-5 The m m b e r  ofobservations is a h  shown. 

No. obs = 200(13 1 )  
O bse rved 

Table 4.4.- Parameterized c h - s k y  long-wave flux error (estimated minus measured fa- 
ice flux) when aitenng the ernisr-vity in MC @om O. 7855 fo O. 729) ami Epmow fiom 
O. 746 to O. 70). Bracketed values me correqwnding ice-break resulrs. me mean, rnean 
error und M E  are in w m-Je n>e =ber o f  observations is also shown. 

MC 
Ohmura 
Efimova 

Mean 
1 97.5(235.4) 
209.8(243-9) 
192.5(230.6) 
207.9(247.9) 

No. obs = 200(131) 
Observed 

R~ 

MC 
Efimova 

0.97(0.80) 
0.97(0.80) 
0.98(0.80) 

Mean 
197.5(235,4) 

Mean Error 

i 

197.6(238.0) 
197.6(242.9) 

RMSE 

12,2(8.5) 
-4.9(-4.8) 
10.4(12.5) 

It2 

7.3(17.8) 
6.6(17.3) 
6.1(17.0) 

0.98(0.8 1 )  
0.98(0.80) 

Mean Error RMSE 

O. l(2.7) 
, O. l(7.5) 

5,2(16.7) 
5,2(17.8) 
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Figure 4.5: The clear-sky long-wae flur error ( m o d e l e d e  mims the obserwdjlux) for 
the oprimized emissivities in MC and Efinrova tofit the Rosse Boy doto (see texr). 



For the L& all-sky cornbinations, Efimova/MC had both the smallest m E  and 

RMSE of the combinations examined (Table 4.5). Key suggested the EfimovdJacobs 

schemes perform best. If we consider the modifications to the clear-sky emission 

characteristics (above), the EfimovdJacobs and the MC/Jacobs combination perform 

better than the Efirnova/MC mode1 (Table 4.6), w*th EfimovdJacobs performing the best. 

The MC cloudy-sky correction for long-wave radiation consistently underestimates 

fluxes in cloudy skies. 

Table 4.5: Parameterùed all-sky long-wave flux e.rror (estirnatedjlux minus the m e m r e d  
f i - i c e  flux). Brucketed values me the corresponding ice-breaker resulisS The mem, 
mean error and W E  ore in w ni2. The mcmber of observations is also shown- 

Table 4.6: Parameterized ail-sky long-waw flux error (estimatedfrux minus the measured 
fm-ice flux) w k z  cppiyhg the new clear-sky formulations of Maykut-Church and 
E3rnovafrom Table 4. The mean, mean error and RMSE are in W m-2. The number of 
observations is also shuwn, 

No. obs = 622(857) 
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Mean 
23 1 -6(277.8) 
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Figure 4.6: AIZ-sky long-wave flux error for jîve combinations of parameterizations 
(modeled* minus the observedfltlx at Rosse Bay. Khefirst name refers to the cZear- 
sky pmameterization used for t h  combimtion using the optimized clem-sky ernissivties 
in Figure 4.5 and optimïzed clmdy-sky eniissivities of MC and Jacobs to fir the Rosse 
Bay ahtu (see text). 



A noticeable trait in the data and the results of Key et ai. (1996) is a consistent 

negative slope (within a 99% confidence interval) in the LAdd mor as the obsenred flux in 

Figure 4.5 increases (ie: the estimated flux underestirnates real fluxes as the magnitudes of 

the fluxes increase). This suggests the cloudy sky emissivity is too small and needs to be 

increased. If the cloudy s k y  emissivity is increased in MC (fiom 0.2232 to 0.32) and 

Jacobs (fiom 0.26 to 0.275) the results are again différent (Table 4.7 and Figure 4.6). The 

cloudy-sky emissivity ofMC and Jacobs were optimized as before by minimizïng the 

MBE for each scheme. M e r  optimizing the cloud-sky emissivities, ail of the 

parameterkations penorm weU based on the error indices (Table 4.7), howwer, the 

modified MC cloudy-sky formulation relaxes the negative slope (with 95% confidence) in 

the Lkcld error Figure 4.6) with increasing flux. This is due to the MC cloudy-sky 

exponential dependence in equation (4.9). The Jacobs cloudy-sky formulation neglects 

this exponential factor. Very similar results (within a few percent) were obtained using 

the terrestrial data. 

Table 4.7: Purameterized all-sky long-wave flux error (eslimated flux mims the m e m r e d  
fi?-zce flux) when qplyrttg the new clem-sky fonmrI~tiom of Màykut-Church and 
Efimova from Table 4.4 ond t k  hem clou@-sky fonnuIaiion of Mikut-Church and 
Jacobs (see rext). Brucketed values me the corresponding ice-break results. ïïte mean, 
mean error and RMSE are in wni2. The rmmber of observations is ulso shown. 

Mean Enor RMSE No. obs = 622(857) 
Observed 
MCMC 

OhmurdJacobs 
EfimovdJacobs 

MC/Jacobs 
Efimova/MC 

Mean 
23 1.6(277.8) 
23 1.9(265.1) 
228.1(262.6) 
23 1.7(276.5) 
236.7(278.8) 
227.1(262.9) 



4.3- 1.1.3 Seasonal Trends 

The superior parameterizations above and those modified to fit the NOW region 

were evaluated for seasonal bias using methods descnied in section 4.2.3 - The Shine K J,,, 

scheme has a positive seasonal bias (confidence interval of 99%) by slightly - 

underestimating fluxes in the early part of the season and overestimating fluxes in the 

!atter part of the season (Figure 4.7). 
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Figure 4.7.- The short-wave observed d Shine scheme seasonal clear-sky *es (W ni"'). 
me RMSE error bars are also shown. Tne coldes? temperature category contained 13 
data points, 34 in the next warmest, 48 in the nex? wannest, 20 in the nexi warmest and 32 
in the warmest category. 

The overestirnation in the late season coufd be, in part, due to the model's 

inability to represent the increase in atmospheric optical depth associated with rising 

temperatures and water vapor loading (see also, Leontyeva and Stamnes, 1993; Blanchet 

and List, 1983). Integrated total column water vapor using radiosondes launched fiom the 

ice breaker increased fiom 2 kg m-' in mid-April to 5.5 kg m-' by early M a y  then 9 kg me2 

in early June and 1 1 kg m" by early July. Surfece vapor pressures also increased over the 



warm season but a de-coupling between the surface and lower troposphere (if it occurred) 

may affect the results. This is especially important over fast-ice in the cold season under 

inversion conditions where the near-surface temperature and humidity may not represent 

total column characteristics. Hanafin and Minnett (2001) built upon results here to 

further improve the Shine scheme over the polynya in the warm season b y increasing the 

coefficient of the water vapor term. Aerosol efFects are unknown since no measurements 

were available, however, these effects would lead to  the most serious errors in the 

parameterizations (Shine, 1984); the radiative effects of the aerosols king strongly 

dependent on the atmospheric humidity (e.g. Hiinel, 1976) and once again total column 

variations (Bergin et al., 2000) that are largely unknown in the arctic. Radiative t r a d e r  

models petform well in rnid-latitudes ( h g  and Cess, 1998) but have not been tested to 

the same degree in arctic environments. 

The Shine K( ail-sicy scheme (Figure 4.8) excessively depletes radiation in the 

early and middle part of the season and not enough in the late season (within a 99% 

confidence interval). This is likely because of optically thimer clouds during the colder 

part of the season than in the warmer season. Recall that the Shine mode1 has an inherent 

clear-sky bias that affects the all-slqr calculation. If we decrease the cloud optical depth 

(fiom its assumed constant value of 7.0) to 1.0 for Ta s -20°C, the all-sky ShindShine 

mean error drops to the Shhe clear-sky mean mor for the same temperature category. 

Using the same procedure for -20°C < Ta a -14"C, the cloud optical depth becomes 5.5 

and stays near 7.0 for wanner temperatures. This suggests an increasing cloud optical 



depth would hprove the Ki all-sky estimates as the wann season approaches. The 

results are consistent with Curry and Ebert (1992) and Leontyeva and Stamnes (1993) 

who suggest a cloud optical depth near 7.0 for the warm season. 1 assume the presence of 

mid and upper cloud has no seasonal trend when obxured by low cloud d u ~ g  ground 

observations. Other radiative transfer issues such as solar zenith angle, atmospheric gas 

variations, 3-D cloud variations, and averaging procedures also affect the results (see for 

exarnple, Li et al., 1993; Evans, 1998; Arking et al., 1992; Bergin et al.; 2000; Barker and 

Davies, 1992) but can not be realistically accounted for here. These issues also apply to 

the ice breaker results (section 4.3.1 -2). 

Figure 4.8: n e  shorl-wave observed and Shim/Shine scheme seasonal dl-sky fluxes (W 
m-9.  The M E  error bms are a h  shown. 7he colcest temperature category contdned 
11 &ta points, 61 in the next warmest, 156 in the next warmest, 235 in the next wannest 
and 25 in the warmest category. 

The Li,,, seasonal trends of MC (modified) and Efimova (modified) are depicted 

in Figure 4.9. The MC pararneterization does not contain a seasonai bias (with 99% 

confidence). The scheme of Efimova contains a slight negative bias (with 99% cordidence) 

early in the season and positive bias late in the season. The Efimova emissivity was 



adjusted as in MC, but the vapor pressure dependence in Efimova may introduce other 

complications. 

The L i  all-sky seasonal trends of MCMC (modified) and Efimova/MC 

(rnodified) are depicted in Figure 4.10. The MC/MC combination does not contain a 

seasonai bias (99% confidence). The Efimova/MC combination also did not have a 

seasonal bias (99% confidence) but contains a consistent negative error similar to what 

was shown earlier in Table 4.7. It should be emphasùed that this analysis is intended to 

illustrate seasonal biases on1 y and not compare each parametenzation since thek fluxes 

are very similar in magnitude (Le. one scheme may not necessarily be more accurate than 

the other). 
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Figure 4.9: fie long-wme observed (clear bar). MC (middle bar) arui EFmova schemes 
seasonal clear-sky /nnes (W m-9. The RMSE error burs are also shown. nte c o l ' s t  
temperature category contained 29 daru poinis, 61 in the nexz wannest. 73 in the nat 
wannest, 2 l in the next wamresl and 34 ha the warmest category. 
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Figure 4. IO: The long-wuve observed (cfew bor), M W C  (midfe bar- ami EJimovMC 
schemes seasonal ail-sky jhxes (W m-2). me RMSE error bars are also shown. f ie  
coldesi temperature category contaimd 34 dalo points, 139 in t k  next wamest, 239 in the 
next wurmest, 257 in the nexf warmest and 28 in the warmest cutegory. 

4.3.1.2 Ice Breaker Piatfonn 

A sirnilar analysis to the last section was conducted on the ice breaker K( and Li. 

Ail of the different parameter kat ions were used for the analysis, includmg the original and 

modified long-wave schemes. The same seasonal bias analysis was used except polynya 

air temperatures were marine-lie (greater than -8°C). 



4- 3.1.2- 1 incident Short-wave Flunes 

The KJC1, results show the Shine and Bennett schemes perform worst within the 

polynya relative to the fast-ice and terrestrial sites (Table 4.1). Note that all ice-breaker 

data in the Tables appear in brackets. The schemes overestimate fluxes w*th RMSE 2-3 

times larger than the fast-ice results, Both the Shine and Bennett schemes contained a 

more pronounced positive seasonal bias (with 99% confidence) (Figure 4.1 1). The general 

overestimation of clear-sky flues is likely due to p a t e r  total column water vapor than 

the schemes were originally intended for, especially for the marine environment. Hanafin 

and Minnett (200 1) have comected for this in the Shine scheme. . 

Figure 4. I I :  Same as Figure 4.7 ercept for the ice-breaker. fie cddest temperature 
caiegory contained 7 &ta points, 26 in the next wannest, und 71 in the wrmnest cutegory. 

The ice-breaker results for K& all-sky show larger RMSE relative to the clear-sky 

case (Table 4.2). The mean mors  and RMSE in the ice b r e a k  results are also much 



greater than the fast-ice. The cause is likely the result of marine clouds being optically 

thicker than the fast-ice environment. There is a positive seasonal bias in the ice break- 

derived fiuxes where fluxes are overestimated more so as the ambient temperatures 

increase (with 99% confidence) (Figure 4.12). If cloud optical depth is hcreased fiom 7.0 

to 9.0 for -14°C c Ta s -9OC, the all-sky Shine/Shine mean error dropped to the Shine 

clear-sky mean error for the sarne temperature categoiy. Sirnilarly, for -9°C < T, a -2OC, 

the cloud optical depth increases to 14 and fbrther increases to 20 for Ta > -2°C. These 

- optical depths are consistent with typical arctictic stratus clouds (Herrnan and Curry, 1984; 

Leontyeva and Stamnes, 1993). This is also different than the fast-ice site where an 

optical depth of 7.0 works well for w m e r  temperatures. Once again 1 assume there is no 

seasonal bias in the presence of micl and upper level cloud when t hey are obscured b y low 

cloud during ground observations. 
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Figure 4.12: S m e  as Figure 4.8 except f i  the ice-breakr. The couest temperature 

O obs 
Ei ShiWShine 

BenneWJacobs 
El BenneWShine 

category contained 9 abta points, 139 in the next warmest, and 407 in the warmest 
caiegory. 

310.4 
326.9 
334.4 
313.5 

245.6 
3ûî. 1 
314.2 
294 -8 

- -  
251 -1 
342.8 
363.9 
332-1 



4.3.1.2.2 Incident Long-wave F k e s  

The MC and Efimova Li,,= overestimate smaller fluxes (Le., L&240 w-rn-3. 

consistent with results fiom Table 4.3. The error ternis are improved when applying the 

fast-ice adjustment to the MC and Efimova schemes. Both the MC and Efirnova schemes 

do not contain the seasonal bias (with 99% confidence) over the polynya (Figure 4.13). 

Recall that a slight positive bias was found in the E h o v a  scheme for the fast-ice. 
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O 

Figure 4-13: Same as Figure 4.9 excepz for the ice-breaker. The coiifest temperature 
categoy contait~ed 15 &ta points. 35 in the next wannest, and 81 in the wannest 
category. 

The ice breaker Li all-sky errors improve when using the modified schemes f?om 

section 4.3.1.1 (comparing Tables 4.5 and 4.7; see also Figure 4.14). However, there is 

more variation in the mean errors than the fast-ice results with slightly larger RMSE and 

smaller R~ (Table 4.7). Note the MBE is more negative than the fast-ice site (Table 4.7). 



This may be due to 1) warmer mean ambient temperatures (and later data collection dates) 

accompanying the ice breaker data, 2) the cloud emissivity may need to be inaeased in a 

full marine environment (with opticall y thicker clouds) compared to the fast-ice regime, 

and 3) cloud base heights being lower in the manne environment. The tirst reason can be 

ruled out since the ice-breaker mean error is consistently more negative than the fast-ice 

mean errors for sirnilar temperatures and data collection dates. This suggests the cloud 

emissivity needs to be increased for the marine schemes and/or the cloud base heights 

were lower in the marine environment. The KJ all-sky results suggest a greater cloud 

optical depth in the polynya implying higher within-cloud precipitable water and in turn 

higher cloud emissivity. A higher cloud emissivity is required to match the 

parameterization schemes with measured flux density within the polynya. Cloud base 

heights woulci also contribute to the differences. 
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Figure 4-14: S m e  as Figure 4.10 erwpt for the ice-breaket. The coidesî temperature 
category conta-ned 29 &a points, 256 in the next wamest, and 572 in the warmest 
category. 



Combinations using the Jacobs cioudy-sky scheme are more consistent over the 

seasons and have the smallest mean errors. The Jacobs scheme was developed from data 

duruig the warm season to early winter (June-December) that may contnbute to its better 

performance in a marine setting. The modified MCMC and Efimova/MC scheme 

combinations were best in the fast-ice and terrestrial sites but would need to be fùrther 

adjusted for the marine data Hanafin and Minnett (2001) have built upon these results to 

improve the MClMC Li all-sky scheme in the polynya setting. 

Given that the open water of the polynya is the major.source of atmosphenc 

water vapor in the area, it is to be expected that -the water vapor burden and distribution 

will show differences between open water and land. The dominant wind direction in the 

area is fiom the NNW (Barber et al., 2001) and so the terrestrial and fast-ice data are 

predominantly under the influence of winds blowing over the land surface of Ellesmere 

Island; the ice-breaker measurements include a wide range of conditions, in ternis of sea- 

ice cover and open water, that are unparameterized in the formulations used here. In 

particular the water vapor distribution is a strong function of fetch over open water for 

situations of off-ice winds. This has the potential for not only increasing the vanability of 

the parameterization uncertainties, but also introducing bias errors. 

While there are convincing physical reasons to explain the obsened increases in 

uncenainty in the parameterized fluxes when compareci to ship-based measurementq as 

opposed to measunments from fixed platforms there is always the possibility that these 

are a result not of shortcornings in the parameterizations, but of flawed measurements. Of 

obvious concem is ship motion. In an attempt to d u c e  ice breaka tilting of the 



radiometers, t hey were rnounted on gimbals. This means that, on average, t hey are level; 

but at any moment may be tilted as a result of ship motion. Observations showed that in 

most cases the amplitude of the oscillation was only a few degrees, with some infiequent 

large amplitudes when the s hip was breaking thick ice- The consequence of tilt is severe in 

the K J measurements, as this has the effect of changing the apparent 2. However, while 

mean tilts can lead to  significant errors, especially in clear skies, small-amplitude 

oscillating tilts do not significantly degrade the data (MacWhorter and Weller, 199 1). The 

LJ measurement is inherently less sensitive to tilts of the pyrgeometer, but there is an 

error source caused by the temperature contrast between the sky and land, sea or ice. As 

the pyrgeometer tilts, it receives radiation fiom a warmer source, below the horizon, than 

the sky. Oscillating tilts do  not cancel out but combine to produce a positive bias error- 

The effect on this would be to make a parametenzation of L( appear to predict fluxes 

low compared to the measurements, and this is indeed observed in some cases. Such an 

effect would be indistinguisbable fiom the environmental factors discussed above. Clearly 

the issue of making accurate Ki and L$ measurements fiom ships requires further 

attention, but it is certainly not clear that these instrumental effects are of sufficient 

magnitude to dominate the error characteristics of the results discussed here. 



4.4 Conclusions 

Incident radiation fluxes are critical parameters within the SEB, and accurate 

representation of these fluxes is necessazy in al1 types of mode1 simulations of sea ice. 

Many of the current simpIe incident radiation schemes in sea ice models have not been 

validated in the envkonments investigated in this chapter and yet they are central areas 

for many biological species. The purpose of this chapter was to assess the performance 

of simple incident short-wave and long-wave radiation parameterizations used in severai 

thermodynamic ice models and to investigate any inherent temporal and or spatial biases 

in these parameterizations (question 1). The second question was related to offering 

improved versions of these parameterizations where possible. 

4 4 . 1  Question 2 

The fast-ice and terrestrial regimes showed very similar characteristics (within t 

2%) due to their ciose geographic proximity and snow covered surfaces. Differences arose 

when comparing the terrestridfast-ice results to the marine environment sampled by the 

ice-breaker. 

The fast-ice preferred Kici,  scheme was Shine (1984) that contained no solar 

zenith angle (2) bias, unlike the scheme of Bennett (1 982). However, the Shine scheme 

contained a positive seasonal bias where it underestimated fluxes in the cold season and 



overestirnated fluxes in the warm season. The positive bias was more dramatic in the 

marine data. Hanafin and Minnett (2001) built on these results to  improve the Shine ciear- 

sky scheme over the polynya. Likely causes and errors for the differences were offered. 

The preferred fast-ice K ( all-sky combination scheme was the Shine (1 984) clear- 

sky and Shine (1984) cloudy-sky. The Jacobs (1978) cloudy-sky scheme depleted too 

much radiation. The Shine cloudy-sky scheme depletes too much radiation in the colder 

season and not enough in the warm season, especially in the marine wam season. An 

improved implementation of the Shine scheme was made by varying the cloud optical 

depth. If cloud optical depth is allowed to vaxy seasonally from 1 to 7 in the fast-ice 

environment (late March to  early June) and 9 to 20 in the marine setting (early May to 

rnid July), the Shine cloudy-sky fluxes become closer to  observed values. These optical 

depths are within the Iimits of arctic clouds (Herman and Curry, 1984; Shine et al. 1983; 

Shine, 1984). Sea ice models should aUow for seasonal cloud optical depth variations with 

respect to incident short-wave radiation, even if they are used in a climatological sense. 

The preferred fast-ice Lick parameterization is Maykut and Church (1 973) f i e r  

adjusting (decreasing) the clear-sky emissivity to account for a less emissive atmosphere 

at colder temperatures in NOW. This correction was sufficient for the marine conditions. 

The Maykut and Church scheme did not contain a seasonal bias once this correction was 

made. 

The preferred fast-ice L( d l -  sky combination was M a y  kut and Church clear-sky 

and Maykut and Church cloudy-sky. 1 increased the cloudy-sky emissivity to account for 

under-estimations when clouds were present which aiso deviated a slight seasonal bias. 



The Maykut and Church exponential dependence of cloud fiaction (equation (4.9)) was 

also found to be important. 

DifTerent L i  all-sky results were found for the marine environment. Overall, the 

ice-breaker consistently had more negative mean errors compared to the fast-ice site. This 

was not due to warmer ambient marine temperatures. The all-sky short-wave flux results 

suggested the marine environment had greater cloud optical depths compared to the fast- 

ice and terrestrial sites and is consistent with the long-wave results where a higher cloud 

ernissivity may be required; although cloud base height differences could also be a factor. 

The Jacobs cloudy-sky scheme is more consistent over a seasonal basis and has the 

smallest mean errors. The Maykut-Church cloudy-sky scheme was further improved b y 

Hanafin and Minnett (2001) for the marine setting. 

4.4.2 Question 2 

1 recommend using 1) the modified Maykut-Church LJ clear and cloudy sky 

schernes for a polynya fast-ice and terrestrial environment, 2) the modified 

EfirnovdJacobs or Maykut-ChurcWJacobs schemes for the Arctic marine environment 

and 3) the modified EfimovdJacobs scheme for application to al1 three environrnents 

simultaneously since it was the most consistent for this purpose. The modified Maykut- 

Church and Efimova L& ,,, formulations are, respective1 y: 

L J,,, = 0.729 a T: 



L i,~, = CJ (0.7 + 0.0066 ea) T: (4- 1 1) 

The modified Maykut-Church and Jacobs Li all-sky formulations are, respectivelyi 

2-75 L LI = LLI, (1 + 0.32 c ) (4.12) 

L & , I I  = L&,I, (1 + 0.275 C) (4- 13) 

4.5 Summary 

In summary, the incident short-wave and long-wave parameterizations 

investigated here estimate these fluxes reasonably well in some cases and not so we l  in 

others for a polynya environment. Seasonal biases were found to be the major problem as 

well as environmental conditions (Le- near-shore fast-ice conditions were much di Eerent 

than the full manne environment). An attempt was made to correct these biases and 

different forms for various parameterizations were presented. An important consideration 

for the incident short-wave fluxes under cloudy skies is the surface albedo due to multiple 

reflections between the sudace and clouds. Chapter 5 explores the spatial variations in 

surface albedo during the spring melt season over FYI given the dearth of albedo 

information during this t h e  of year. This will provide insight into the important surface 

cover types and their associated albedo for better representation in sea ice mode1 albedo 

parameterization schemes . 



CHAPTER 5: Local and Regional Albedo Observations of Arctic First 
Year Sea Ice During Melt Poading 

5.1 Introduction 

in this chapter, 1 expand on the examination of surface short-wave albedo during 

the melt season that was initially looked at in Chapter 3. The surface albedo is also linked 

to Chapter 4 through the incident short-wave radiation. The surface albedo is a critical 

climatological parameter controllhg short-wave responses in the surface energy balance, 

and has been a major focus in sweral modeling and observational studies (see for example, 

Shine and Henderson-Sellers, 1985; Ebert and Curry, 1993; Robinson et al., 1986; Ross 

and Walsh, 1987; De Abreu et al., 1994; Grenfell and Maykut, 1977; Grenfell and 

Perovich, 1984). Albedo representation in sea ice models is also critical to modeled sea ice 

evolution (Shine and Henderson-Sellers, 1985) and still rquire improvement, especially 

during melt pond formation to break-up due to multiple surface types that affect albedo 

during this penod. This chapter is designed to investigate the spatial aspects of F M  

albedo and provide more insight to albedo charactenstics fiom chapter 3. 1 also examine 

the sensitivity of sea ice ablation to percent pond fiaction and the associated spatial 

variability in surface albedo using the 1-D thermodynamic sea ice mode1 discussed in 

chapter 3. 

The research questions are designed to examine the spatial aspects of fiactional 

surface cover types with surface albedo and ta determine the role melt ponds play in 



these processes over land-fast FYI in the Canadian Arctic Archipelago. Because of the 

paucity of observational data on melt pond surface albedo, particularly in the 

Archipelago, the following research questions are addressed: 

1) What are the local spatial variations (sub-km scale) of both broadband and 

spectral albedo using in situ observations? 

2) How do the surface albedo measurements in (1) scale up to semi-regional (10's 

km) and regional (100's km) albedos over FYI as related to issues of larger scale 

albedo estimation during spring melt conditions? 

3) How sensitive is sea ice ablation to percent pond fiaction and the associated 

spatial variability in surface albedo? 

The primary purpose of deriving larger scale albedo is to provide climate model-scale 

first-year sea ice albedo during the melt season to see which surface features becorne 

important at these scales. The core material in this chapter has previously been published 

in Hanesiak et al. (200 1 c). 

5.2 Methods 

5.2.1 Site Description 

Data consist of surface albedo measurements made on snow covered smooth first- 

year sea ice @?Yi), aircraft video and sateliite observations. Data were collected during the 

second intensive observation penod of C-ICE97 (Collaborative - Interdisciplinary 



Cryospheric Experiment) conducted between Year Day 175 (YD175; June 24) and 

YD193 (July 12), 1997 in Webgton Channel and Lancaster Sound, Nunawt. Standard 

meteorological observations fiom Resolute, Nunavut dong with data fiom the first 

intensive observation period of C-ICE97 are used to initialize and force the sea ice mode1 

simulations between Yi3119 (April 29) to YD212 (July 3 1). The intensive field program 

was based on the east coast of Cornwallis Island near Read Bay (7S0 3.073' N; 9 3 O  

33.193 ' W) about 65 km NE of Resolute, Nunavut (Figure 5.1). A secondary camp (ice 

camp) installation was located approximately 4 km ESE of the land camp on a trianguiar- 

shaped patch of a t hin snow wvered (1 0 cm) smooth FYI (Figure 5.1). The ice camp was 

the primary albedo sampling site with supplemental locations visited by helicopter. 



Figure 5.1: Geogmphic locafons of the Imd camp (black dot), ice camp (white dol) and 
ice conditiom wirhin Wellington Channel d Lanca~rer Smnd depcted by ERS2 Synthetic 
Aperture Ra& (SAR) on ApBl3, 1997. Nbie the arc of rafred and rubbledjirst-par ice 
m) wirh multi-yem ice (Un) en>be&led no& of the ice camp in Wellingron Channel 
(north of 75N). A ho noie t k  slightb rafred and mbble Fn ice southwest of Devon Island 
ai the southem end of Wellington C h e 1  und margtargtnaIIy rougher M as one proceeds 
from G n ~ t h  Islandtowatd the ice edge in   cas ter Sound The ice edge is aligned W- 
NE beginning at 74N, 90 W with o p  water to the emt. 

Upon our field site arriva1 (YD 175; June 24), snow conditions were in the mid- 

stages of melt with snow depths ranging fiom 5 - 20 cm and ice thickness near 1.9 m on 



the smooth FYI site; no melt ponds were present. B y the end of the experimerit (YD 193; 

July 12), poor ice conditions and Iittle terrestrial snow made access to the FYI site 

difficult with full melt pond advancement of about 75% coverage and initial stages of 

pond drainage. The top layer of the ice sunace became cmsty, thin and very porous 

adjacent to the melt ponds nom advanced snowmelt stages. . 

Ice conditions within Wellington Channel and Lancaster Sound were generally FYI 

between 1.7 - 2.0 m thick. This ice was not as smooth as the M ice sampling site 

according to visual observations and active miaowave satellite images (see Figure 5.1). 

Various pressure ridges and multi-year ice inclusions existeci near the coast of Cornwallis 

and Devon Islands (see Figure 5.1). Highly variable snow depths ranged £tom 10 - 60 cm, 

with deeper drifted snow near rougher ice (ie: near pressure ridges). Melt ponds were not 

present at these locations upon arrïval, but developed into similar pond conditions as the 

M site over the 2.5 week period of the experiment. 

5.2.2 Surjùce Measurements of Albedo 

Prior to melt pond formation, spectral and broadband aibedo measurements were 

made over various surfaces (see section 5.3) at a consistent location and other locations on 

the smooth F W  site. Snow physical property measurements (density, wetness, salinity, 

layer descriptions, and depth) were made but were discontinued beyond YD180 (June 29) 

due to either the disappearance of snow or development of layers irnpenetrable to the 

sampling equipment. Snow density and salinity were coiiected in 2 cm vertical layers with 



a density sampler 2 x 3 cm and salinities rneasured by a refracometer once the samples 

melted, accurate to within 0-5 ppt. When conditions permitted, snow wetness between 

1% - 10% water by volume (Wv) was measured in 2 cm layers with a capacitance plate 

precise to within 0.5%. Snow grain measurernents were obtained episodically due to 

melting cohditions. Once melt ponds formed, location-consistent and feature-driven 

albedo sampling was conducted. Broadband sudiace-based albedo measurements were 

made dong a 1 km long ünear transect aligned E-W at the FYI ice camp- These 

measurernents were collected to assess the spatial variability in albedo over local scales. 

Surface-based aIbedo was also measured dong the aircr& transects for surface validation 

(section 5 -3.1) over a portion (1 50 m to 300 m) of the fùll transect distance. 

Broadband aibedo were measured using a portable Middleton EPl6 pyrano- 

albedometer spanning 300-3000 nm. Measurement accuracy is factory calibrated to 

within 1.6%. The instrument was mounted on a metailic conduit 0.75 m in length and 

placed on a tripod approximately 1 m above the surface and leveled. 

Spectral albedo was measured with an Analytical Spectral Device (ASD) VIR 

Spectrometer. High-resolution (1.4 nm bandwidth) spectral measurements were made 

between 330 - 1064 nm, however, precision of the unit permitted reliable data between 

380 - 950 nm. Detector noise was removed (via dark current correction) fiom each 

measurement. The unit aiiows for real-tirne graphical display and manipulation of spectral 

albedo data. The foreoptics used included 26O field of view (FOV) and calibrated remote 

cosine receptor (RCR) with 180' FOV mounted on a tnpod 1 m abow the surface and 

leveled. Foreoptics are independent FOV instrumentation that are connected to the ASD 



unit. The 26' foreoptic provides directional hemispheric refiectance to focus the sensor 

over a particular smaller surface as opposed to the RCR which covers a much broader area 

of measurement over ail hemispheric angles. Down-welling irradiance was measured 

directly with the RCR which was then inverted to measure up-weiiing irradiance to 

measure spectral albedo. A standard white reference barium-sulphate panel was used to 

convert the 26" foreoptic radiance measurements to  albedo. The 26" foreoptic was 

directed at each surface type in order to sample the most homogeneous parts to ensure no 

other surface types were part of the measurements. Al1 rdectance measurements are 

accurate to 1-2% and made under overcast sky conditions. Clear sky sarnpling led to 

specular reflection errors, especially using the 26" foreoptic, that could not be correaed 

since the angular distribution of up-welling radiance was not measured. The unit and 

white reflector were properly caiibrated by the manufacturer (ASD) before the field 

season. 

5.2.3 Airborne-Derived Albedo 

Direct broadband albedo rneasurements were made using a helicopter (BeU 

Jetranger 206B) on YD185 by mounting the EP-16 dbedometer to the pontoon (Figure 

5.2) and manually logging the data. Two horizontal flights were made at 152 m and 244 m 

(500 fi and 800 ft  above ground level (AGL)) within 10 minutes of each other under 

complete overcast conditions (300 m celling) near the ice camp. The albedometa was 

very stable during the flights and the down-welling short-wave componmt was denved 



from suiface measurements since this component may have been biased by the helicopter. 

The albedometer was mounted low enough so the helicopter fhme was not hindering the 

up-welling short-wave radiance. Errors associated with these measurements are unknown, 

however, instrument stability, variability in measurements (25%) and a stable solar 

illumination suggest that measurements were made under the best possible conditions. 

Indirect albedo measurements were made using aircraft aeriai survey (Figure 5.3) 

video that were digitized and classified into albedo categories according to surface 

rneasurements. A Hi-8 video camera was mounted in the belly of a Twin Otter aircraft 

looking 'near-to-vertical' flying 61 0 m (2000 fi) AGL at a speed of 100 knots. The aerial 

surveys (linear transects) began at 74" 15' N, 95' 20' W (start of transect #1) and 

proceeded eastward to 74" 15' N, 95' 0' W (end of Transect #1) near the ice edge in 

Lancaster Sound (bottom nght corner in Figure 5.3). Positional information was annotated 

directly fiom an onboard Global Positioning System (GPS) where GPS (= 100 m) readings 

were taken at the beginning and end points and notable features dong each line. Transects 

were flown at 5' latitude increments north through Wellington Channel with the last line 

over dense rubble and multi-year ice regions (transect #17) dong 75" 35' N. The first 5 

transects had the same length (fkorn 9S0 20' W to the ice edge) and the remahder began on 

Cornwallis Island, ending on Devon Island (Figure 5.3). The first 6 lines were flown on 

YD18 1 and the following 1 1 lines on YD184. Poor weather prevented fùrther surveys. 



Figure 5.2: In-cabin helicopter photo of the albedometer mounted to the pontoon The 
height above ground was upproximatet'y 330 rn and total pondfiactions were near 35%. 



Figure 5.3: Geopqhic locations of fhe aircru3 video strrveys (lineîw transects) within 
hncaster Sound and Wellington C h e l  (SAR image ciale is A@ 5, 1997)- The arrows 
idcute the direction f low by the a i r c r i  for each trarisecf line. me first 6 6ims were 
flown on YDl8i (June 30) and the followïng Ii lines on YD184 (YU& 3). the firsf 10 
trmect lines were used to derive surface albedofiom the video. 



Vide0 data were digitized using an automated routine that separated the 

continuous analog flight record into adjacent fiames of %bit grey-scale images. Frame 

spacing was dependent on aircraft speed. Each & m e  represented an area average of 1.06 

km wide x 1.2 km long with a spatial resolution of 16.56 m2 on the ground and was 

standardked by the overall mean nom the entue am-al survey. An unsupervised cluster 

analysis was pedormed on a ftll cross-section of cover types. This type of analysis is 

common for a d a l  video and a detailed description of the image analysis scheme can be 

found in Barber and Yackel (1999). Cluster analysis results consistently identified four 

classes, corresponding to the four cover types identified in the field; 1) wet snow, 2) a 

blend of watedsnow mixture or highly granulateci, wet surface and highnow density 

bubbled ice surface beneath a very shallow pond perimeter, 3) light colored ponds, and 4) 

dark ponds. Al1 images were then reciassified into one of four cover types using standard 

digital image classification techniques. 

The fiactional cover type mean and standard deviation of percent cover was 

calculated for each transect for spatial comparisons. Each cover type was assigned an 

albedo according to surface observations (see section 5.3.2) to assess the spatial variation 

of surface albedo and make inter comparisons dong each transect. Albedos were only 

derived fiom transects 1-10 since there were no surface albedo measurements made over 

rougher ice and multi-year tloes. Image data moa likely contained shadow contamination 

due to iow arctic Sun angles, however, the surveys were conducted during peak daylight 

hours with an SZA near 52" and removing any shadow effects is difficult. The majority of 

the data were collectd over smooths first-year sea ice where minimal shadow effects 



took place. The most significant errors include: 1) misidentification of surfaces under 

marginal transition conditions, 2) unstable aircraft flight (roll, altitude and latitudinal drift) 

and GPS error resulting in area and lineanty fluctuations of the transects, and 3) 

assignment of cover type albedo (using ground measurements) with a single albedo value, 

especially the mixed cover type. Quanteing these errors is difficult, however, albedo 

magnitudes are expected to be accurate within 25% based on helicopter validation. 

Aircraft video-derived albedos were then compared to the Advanced Very High 

Resolution Radiometer (AVHRR) albedo to corroborate aircraft results and to further 

upscale albedo measurernents to regional estimates (see section 5.3.2). 

5.2- 4 A WRR-Derzved Albedo 

Surface aibedos were estimated using the Advanced Very High Resolution 

Radiometer (AVHRR) onboard the National Oceanic and Atmosphenc Administration 

(NOAA) 1 1 and 12 satellites. AVHRR narrow band VIS and NIR radiances [channel 1 

(0.58-0.68 pm) & channef 2 (0.73-1.1 pm)] are typically used to estimate top of the 

atmosphere (TOA) albedos. After cloud-saeening the AVHRR data, only one NOAA 14 

AVHRR scene, on YD180 (June 29 at 04:09:00 CDT), was considered clear enough to 

accommodate cornparison with airborne albedo measurements. The AVHRR albedo are 

therefore vdid under clear-sky conditions. TO compare su* broadband albdo 

measurements with AVHRR values, the up-welling signal recorded by the satellite at the 



TOA must be adjusted to account for: 1) sun-sensor view geometry, 2) calibration drift, 

3) atmosphenc attenuation, 4) anisotropic reflectance, and 5) the limited spectral 

response of the narrow band sensor. A multistep procedure was developed and is 

discussed in detail in De Abreu (1996). A bnef description of the procedure is given here 

pertainhg to the YD180NOAA 14 scene. 

The pre-launch calibration must be adjusted due to sensor degradation molben et 

al., 1990)- Updated calibration coefficients for the YD180 data, provided by 

NOAA/NESDIS, were used to convert the raw data to up-weUing TOA radiances 

(KïdweU (1991). NOAA 12 data were not considered here due to the lack of appropriate 

calibration update infomtion. TOA radiances (Lsad were then converted to surface 

narrowband AVHRR albedos (a,) by the foiiowing: 

- L~ x - a  case 
a l  , sat - toa z 

bZjEiw cos û z 

where L,  is the satellite measured up-welling radiance, f i s  the anisotropic reflectance 

factor (ARF) of Taylor and Stowe (1984) taken Erom the ARF sea ice dataset developed 

by Lindsay and Rothrock (1994), fioA is the inband irradiance at the top of the 

atmosphere, 9' is the solar zenith angle and i denotes AVHRR charnel 1 or 2. The 

coefficients a, b describe the atmospheric attenuation of the radiances and are provided 

for AVHRR 1 and 2 in Koepke (1987). For AVHRR 1, these coefficients are dependent 

on the solar zenith angle, the atmosphenc aerosol optical depth and columnar ozone 

amount. Coefficients for AVHRR 2 are dependent on the solar zenith angle, aerosol 



optical depth and atmosphenc water vapour amount expressed as a precipitable water 

arnount. In the absence of appropriate in siru data, 1 used the foIlowi*ng climatological 

estimates of these variables to select the appropriate coefficients: aerosol optical depth 

0.05 (@ 0.55 pm), precipitable water content 2 cm, ozone amount 0.36 NTP (Normal 

Temperature and Pressure)- The surface narrowband dbedos were converted to 

broadband albedo (0.154.0 pm) via the following mode1 taken from Li and Leighton 

(1 992): 

a, = 0.0453+038%: +0.452: (5-2) 

This method was found to estimate broadband surface albedo in this geographic region 

with an accuracy of t 5%: 1 suspect the accuracy to be degraded somewhat due to: 1) the 

lack of in situ measurements, especially for aerosol optical depth, and 2) the large average 

solar zenith angle of 78" of the study scene including specular reflection that can arnount 

to errors within a0.1 albedo units. 

5.2.5 Sea Ice Model Simulations 

The one-dimensional therrnodynamic sea ice mode1 (Flato and Brown, 1996; 

Hanesiak et d., 1999), described in chapter 3, was used to show how changes in pond 

fhctions and their associated albedo uui alter sea ice thennodynamics and thereby its 

mechanical strength. The melting ice albedo parameterization in the mode1 is based on 

Arctic lake ice observations of Heron and Woo (1994) that uses ice thickness as a proxy 



for time which atternpts to capture melt pond evolution- The model's albedo 

parameterization may produce a quicker temporal decline in surface albedo than 

observations indicate (shown in chapter 3). DSerences in forcing data between the C- 

XE97 location and Resolute can cause ice evolution differences, however, surface albedo 

is of primary importance during late spring ice decay acwrding to field observations. 

The ice model was forced with hourly air temperature (Ta), relative humidity 

(RH), wind speed (u), cloud fiaction (c), and snowfall (sfall) fiom standard meteorological 

observations at Resolute, Nunavut between the first intensive observation penod of C- 

ICE97 (YD119; April 29) to complete modeled ice melt (YDZOO; July 19). 

Unfortunately, no continuous set of forcing data were available fbm the C-ICE97 

experiment so Resolute forcing was required. The model was initialized with snow and ice 

data fiom C-ICE97 on YD119 were the snow depth = 14 cm, ice thickness = 1.75 m, Ta = 

-lS°C, RH = 77%, u = 4.7 m S-', c = 0.9, and sfall = O m.&. The objective of this 

modeling exercise is to illustrate the model's effectiveness in recreating observed C-ICE97 

snow and ice thickness evolution as well as the seasonal changes in albedo for this 

particular field year. 

The next set of modeiing experiments intends to assess how the thermodynamic 

state and mechanical strength of sea ice is afFected by variations in fiactional pond cover 

since themodynaMcs detemine the ice's susceptibility to break-up (Barber et al., 1998). 

The sea ice volume reaches a themodynamic state to a point where the brine volumes in 

the ice are sufficiently large that sui ice breakup cm occur with either oceanic or 

atmospheric forcing (Wakatsuchi and Kawamura, 1987; Cox and Weeks, 1988). This 



point is referenced as 'breakup potential' as it relates to the susceptibility of the sea ice 

to break-up. To show how discreet changes in pond fiaction (PF) affects ice 

thermodynamics, a set of expenments were conducted using the FB sea ice model and 

consistent changes in PF. A week-long model simulation beginning on YD164 (start of 

continuous snow melt) and ending YD170 was perfonned using a constant PF (and 

albedo) over the week beginning with a 10T0 PF and ending with an 80% PF in steps of 

10%. A week-long simulation was used instead of a longer tirne penod since it is more 

realistic to have similar pond fiactions over a one week penod but still run the model long 

enough to produce noticeable changes in the ice volume. PF's of 10,20, 30,40, 50'60, 70, 

and 80% corresponded to albedos of 0.66, 0.62, 0.58, 0.54, 0.50, 0.46, 0.42, and 0.38 

respectively. The albedos were estimated using the formula, 

atotal = fnnow*asnow + P F * a p o n d  P3) 

where a,,, is the resulting albedo, f,,,, is the snow fiaction (wet snow and mixed cover 

type), amow is the snow albedo (combination of wet snow and rnixed cover type) = 0.7, 

PF is the pond fiaction (light and dark ponds), and a,, is the pond albedo (combination 

of light and dark ponds) = 0.3. The snow (pond) albedo was computed as an average of 

the wet snow and mixed cover type @ght and dark ponds) weighted more t o w a .  the wet 

snow (light pond) since these cover types are dominant over their counterparts in eariy 

ablation stages. 

The efEects of pond âaction on ice themmdynarnics is gauged upon how much the 

vertical ice temperature gradient changes (ITGC) (warmed) between the bottom of the ice 



and the 25 cm depth (fkom the snow/ice interf'ace) from the initial condition to the end of 

the week-longsimulation. This interval of depth was used since it is felt to represent the 

average ice temperature profile between the ice surface and ice bottom and also to exclude 

any near-ice-surface temperature waves that can diurnally bias the profile. The 

simulations were forced using the same data as the simulations above between YD164- 

YD170 and conducted with an initial snow depth = O since ponds are assumed to be 

present. 

5.3 Results 

5.3.1 S u ~ a c e  Measurements of Aibedo 

Spectral albedo and snow physical property measurements were made at the ice 

camp over different surfaces fkom melt onset to full melt pond advancement described in 

section 5.2.1. Sampled sudaces (Table 5.1) ranged fiom a 22 cm deep snow cover to 20 

cm deep melt ponds. The snow pack underwent several freeze-thaw cycles prior to and 

during the sampling period. Hence, al1 of the snow albedo sampling was done with some 

liquid water in the snow pack. Most or al1 of the brine within the snow pack drained to 

the bonom iayer prior to YD175. Ail measurements were made under complete overcast 

skies (unless othenMse stated) to minimize specular reflection and since no bi-directional 

reflectance data were obtained. 



Table 5.1: Surface sasrples of qecaol and broodbmd aibedo conritrcted &ring C- 
ICE97 beîween ID175 (hm 24) and D i 9 3  (Yu& 12), 1997. The "S" and '3 " refers to 
either spectral or broadband meusurernents taken, respective&. A11 surfaces that were 
spectrally measured were done so using the 26" and 180" foreoptics- Mosr measuremenîs 
were done under clm@ skies unless ohenvise s ~ e d  in the text. - l2amhms -- 
Snow 3-22cm S and B 
Dense Snow (&ter rainfall) 0.5 - 2 cm S and B 
Saturateci Snow 0.5 - 2 cm S and B 
Snow/Water M x  O - 0.5 cm S and B 
High Density Bubble Pond Petïmeter 1 -3cm S 
Low Density Bubble Pond Penmeter 4-6cm S 
Light Melt Pond 2-8cm S and B 
Dark Melt Pond 10 - 22 cm S and B 
ShalIow Pond w/ Ice Skin 4 - 7 cm (Pond); 0.5 mm (Ice Skin) S 

1 Shallow Pond w/ No Ice Skin 4 -7cm S 1 

Rapid snow albedo changes were observed over 3 days (Figure 5.4) during 

extended warm penods (daily average Ta near 2°C between ml77 and YD179) using the 

RCR foreoptic. The spectral albedo decreases not only in the NIR due to grain size 

changes and increased liquid water (by increasing the effective grain size and absorption) 

(Wiscombe and Warren, 1981) but also in the VIS. VIS changes were caused by the snow 

surface becoming visibly porous with greater air inclusions as the snow melted dong with 

increased snow grain sires and likely greater airborne dust contamination fiom strong 

winds off nearby land, although this was not directly measured. At the top of the snow 

layer (top 4 cm), snow densities increased fiom 380 kg rnJ to 405 kg and wetness 

values increased fi-om 5%Wv to over 10%Wv over the 3 day period. Spectral curves in 

Figure 5.4 are similar to measurements made by Grenfell and Maykut (1977), GrenfieIl 

and Perovich (1 984), De Abreu et al. (1995) and Radionov et al. (1 997)- 



Figure 5.5 shows the varïability in diiectional hemisphenc spectral aibedo using 

the 26" foreoptic typical of melting M sunaces (Table 5.1) in the spnng. The spectral 

curves represent a typical progression if one walked fiom snow patches to the deeper 

part of a melt pond. The 26O foreoptic data are show to highlight spectral albedo 

dserences between various pond depths. The albedo difference between a deeper (22 cm) 

moist snow and shallow (3 an) moist snow is roughiy O. 1 across the optical spectrum 

(Figure 5.5). Différences are due to increased liquid water (5% Wv to >10%Wv at the 

surface), grain sizes (0.75-1 mm to 1-25 mm at the surface) and the underlying ice surfiace 

in the shailow snow case. Once the snow becomes very shallow and saturated, the ice 

surface that is blue in color becomes more visible (relative albedo maximum at blue 

wavelenghts 450-480 nm) and üquid water plays a greater role in the making an 

albedo difference of 0.25 acrou the spectrum compared to shallow moist snow (Figure 

5 -5).  The albedo of melt ponds are dictated b y scattering of the underlying ice below 500 

nm, a sharp decrease between 500-725 nrn caused by increasing liquid water absorption 

with increasing wavelength and very arong absorption by liquid water beyond 725 nm 

(Figure 5.5)- Similar FYI full-hemispheric (1 80") spectral measurements are found in De 

Abreu et al. (1995) and a few measurements made in other Arctic regions (Grenfell and 

Maykut, 1 977; Grenfetl and Perovich, 1984). 

In early to mid melt pond stages, pond penmeters have high and low density 

bubbled ice surfaces. The higher density bubble regions had shallower water depths (O - 4 

cm) and lower density bubbles were beneath 4 - 7 cm of pond water. Inspection of many 

ponds (>3S) revealed that the bubbled regions were non-existent where pond depths were 



37 cm. This is likely due to radiative processes and mechanical erosion of wave action on 

the  pond "shore" releasing the bubbles. Typical spectral dbedo differences are 0.1-0.13 

albedo units over the optical spectrum between the high bubble density and low bubble 

density pond sunaces and have 0.05-0.2 higher albedo magnitudes compared to deeper 

parts of the ponds. The extent or fiactional cover of the bubbled regions with respect to 

the overall pond area varieci between 25% - 75% for young ponds 1-4 days old and 5% - 

20% for more developed ponds 5 4  days old. By the late stages of ponding (21 week), 

the "shoreline" of the ponds no longer contained bubbled regions where radiative 

processes and waves made the pond perheter slope fairly steep with a >7 cm drop fiom 

the snow-pond edge to the first few cm in the pond. 



Waveiength (nm) 

Figure 5.4: Temporal spectml albedo (using the RCR foreoptic) evoIution of a 22 cm 
moist snaw pack undergohg rq id  melt beîween YD177 (top ctlrve), YD179 (miaie 
line), and YD180 (botiom line). Mee~urements were d e  zcnder overcest skies near 
solar noon. 

Wavelength (nm) 

Figure 5.5: Directional hemispheric spectral albedo of various surfaces over FYI (26O 
foreoptic) on YD185 under overcast skies at a solm zenill, angle near 549 Surfaces 
include: meîting smnv (22 and 3 cm deep). saîurated snow (0.5 cm akep), high demity 
bubble pondprimeter (2 cm water depth), low dem-îy bubble pondperimeter (6 cm 
water depthj. shIlow lighr pond ( . O  cm water depth), &eper darkpopd (20 cm water 
depth/. 167 



Ovemight coolhg can create a thin ice layer on the pond. The RCR spectral albedo 

of melt ponds 4 and 7 cm deep with a thin ice layer 0.5 mm thick can be very different 

fiom ponds with no ice layer (Figure 5.6). The increase in the VIS (0.06-0.07 albedo units 

for 4 cm pond depth; 0.03-0.04 albedo units for 7 cm pond depth) when ice is present is 

mainly due to backscatter fkom tiny air bubbles trapped within the ice layer. A p a t e r  

density of bubbles in the shallower pond ice layer creates the greater change in the VIS 

compared to the deeper pond. There is less of a change in the NIR wavelengths (0.02-0.03 

albedo units) when a thin layer of ice is present. These results are similar to partially 

reffozen ponds of Grenfell and Maykut (1977). however, they do not show relative 

changes in spectral albedo over precisely the sarne ponds. The ponds sampled here also 

comained a bubbled underlying ice sufiace which may account for the higher spectral 

albedos for ponds with no ice layer compared to that of Grenfell and Maykut (1977) and 

De Abreu et al. (1995). 

Broadband albedo (300 - 3000 nm) sampled surfaces during clear skies with an 

SZA near 53O (Figure 5.7) range nom deeper rnoist snow (22 cm depth) to dark melt 

ponds (23 cm water depth). Figure 5 -7 shows the m a n  albedo for each surface from ten 

to fifteen samples of each with only slight deviations of t 0.02 albedo units. A steady 

decrease in albedo occurs as a function of surf'ace type between deeper moist snow (near 

0.75) to dark ponds (0.2 1-0.2 5) between the range of surfaces that were sampled. The 

albedo of dark ponds 5 to 23 cm in water depth range slightly between 0.25 to 0.21, 

similar to other observations (Cirerifel1 and Perovich, 1984). Deeper moist snow here 

(albedo = 0.73) is similar to the melting snow surface (0.75) of Perovich (1996). The 



shaliow and saturated snow surfaces (albedos 0.52 - 0.65) in Figure 5.7 are sirnilar to the 

melting white ice surface (0.56 - 0.68) of Perovich (1996). The melting (blue) ice albedo 

(0.33) and M ponds (0.21) of Perovich (1996) are similar to the Figure 5.7 Iight pond 

albedo (0.35) and dark pond albedos (0.21 - 0.25), respectively. 
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Figure 5.6: Spectral albedo of a 4 cm deep emly season pond and 7 cm deep emly 
season pond wirh andwithmt a thin (0.5 cm) ice Iqyer. Measuremenîs were macle 
under overcasf skies using the RCR$oreoptic near 1030 CDT. 

Figure 5.7: Brwdband albedo of various surjaces over FYI. Surjiaces incfude: 1) d e e p  
moist snow (4-6 cm), 2) dense snow (ref ozen Mer a rainfaII; 1-2 cm). 3) shaZ10w 
wet snow (2-3 cm), 4) saturated snow (0.5 - 2 cm), 5) water.mow mixture (0.5 - I cm), 
6) lighr colored pond (3-6 cm water Ctepth), and 7) dark ponds (8, 1 1, 1 7, 23 cm water 
depth). 170 



The spatial variation in surface broadband aibedo from ground Iinear transect 

measurements shows the changing nature in the distributions of snow patches and melt 

ponds (Figure 5.8) with albedos ranghg between 0.28 over young ponds and 0.75 over 

moist snow patches with an overail mean of 0.53. Figure 5.8 depicts measurements taken 

along the 1 km transect at the ice camp on YD183- 

Ground linear transect measurements of broadband albedo along aircrafl transects 

9 - 7 made on m l 8 4  showed dightly different ice conditions compared to the ice camp 

region (not shown). Melt ponds over the aircraft transects were not as advanced as the ice 

camp. Albedos ranged between 0.7 for snow and 0.43 for very young bubbled ice surface 

ponds, with a mean of 0.55 over transect 9,0.75 to 0.35 with a mean of 0.55 over transect 

8, and 0.75 to 0.35 with a mean of 0.6 over transect 7. ~ e l t  pond advancement south of 

the ice camp was delayed by at least 2 days compared to the ice camp. The 2-day lag 

inference was based on a visual inspection of greater fiactional pond cover over the ice 

camp compared to the other aircraft transect sites and is manifested in the aircraft vide0 

analysis (see next section). The greater pond wver at the ice camp was due to less snow 

accumulation where the very smooth ice (less surface roughness) inhibited snow 

accumulation. 
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Figure 5.8: Grmnd-bmed brdband albedo dong  the I km t r a e c t  ut the ice c m p  
on YD183. 
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Figure 5.9: Helicopter horzzontalflzght albedo ut 152 m (bonom line) end 244 m (top 
lzne) AGL almg the 1 kn tramect at ice camp on YD185. 



5.3.2 Upscalzng Sur/ce ARIbedo to Sub-Regional and Regional Scales 

Helicopter measurements of broadband aibedo were made during a horizontal 

flight described in section 5.2.2 and were conducted to compare to and scale-up fiom 

surface-based observations (section 5.3.1). Al1 measurements were made on YD185 under 

overcast conditions (ceihg near 300 m AGL). Broadband albedo dong the 1 km ice camp 

transect showed fairly consistent magnitudes at 152 m AGL and 244 m AGL (Figure 5.9). 

The average albedo at 152 m was 0.51 t 0.015, and 0.54 I 0.016 at 244 m. The higher 

albedo at 244 m is the result of more distant, whiter surfaces k i n g  rneasured within the 

albedometer FOV, including more of the cloudy sky. For example, the albedo at and 

below 152 m were sirnilar but increased by 0.01 points per 30.8 m between 152 m and 

300 m. The helicopter albedos were sirnilar to  the ground-based average albedo that was 

rneasured two days earlier (0.53). The albedo did not change much over these days due to 

extended cloud cover and sub-zero air temperatures in contrast to previous days (YD177- 

179). The albedometer field of view (FOV) was much greater in the helicopter 

measurements compared to ground measurements averaging out ail small scale sunace 

variations, making Figure 5.9 much smoother than Figure 5.8. 

Next, aircraft video-derived broadband albedo were estimated over the transects 

discussed in section 5.2.2. Given the four cover types that were identified in section 5.2.2 

(wet snow, a blend of water/snow mixture and highnow density bubbled ice surface 

beneath a very shallow pond perimeter, light ponds, and dark ponds), each cover type  

was assigneci an albedo based on surface measurements. For wnvenience, the blmd of a 



watedsnow mixture and h i m o w  density bubbled ice surface beneath a very shdlow 

pond perirneter cover type will be refèrred to as mixed wver type. Wet snow cover types 

were assigned an albedo of 0.7, 0.4 for the mixed cover type (average of watedsnow mk 

(0.45) and light ponds (0.3 5) from ground measurements), 0.3 5 for Iight colored ponds 

and 0.23 for dark ponds (average dark pond albedo from ground measurements). 

The percent cover mean and standard deviation for each cover type and transect 

line are shown in Figure 5.10 with the mean and standard deviation of albedos dong each 

aircraft transect line (Table 5.2 and Figure 5.11). Over FYI, snow patch fiactions stayed 

relatively constant between transects (534% r 5%) with light and dark pond fiactional 

covers increasing from transect 7 - 10 at the expense of the mixed cowr type surface 

(Figure 5.10). This increase in pond cover may be the result of transects 7 - 10 bemg 

flown 3 days later than transects 1 - 6 with fùrther melt progressing over that time. The 

mixed cover type fiactional cover varied between 30.38% 2 10Y0 berneen transects 1 - 6 

and decreased to near 20% I 5% by transect 10. Light pond fiactional cover stayed near 

10% 2 6% between transects 1 - 6 and increased to near 20% = 5% by transect 10. Dark 

pond fiactional cover also remained fairly constant near 1% t 2% between transects 1 - 6, 

increasing to about 5.5% 2 3% by transect 10. 
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Figure 5.10: The mean and stan&rd deviorion (error bms)fiactiomI coverage of each 
cover type over each aircrap amsect line. A22 land contamination hm been omitted 
_Fom the &ta. 

Figure 5- 11: Example of aircr@ vi&Olderzved b r d d  albedo along h.ansects #IO. 
Note thaf the $ara is di.p@.vd in the direction of the flight (rhat is, data at the lefi side 
of the figure represents the begnning of the tramecr). 



Table 5.2: Cornparison between aircrafi and AWRR4rived mean b r d d  albeàb 
and standard deviations along each of the akcraji transectr 1-10. 

I Aircraft AVHRR I 

Over rougher and multi-year ice (transects 1 1-17), as expected, the snow fiactional 

cover is higher than over FM about 62% compared to 5243%. Melt pond fiactions 

decrease fiom nearly 10Y0 to 5% with an increase of multi-year and rougher ice as one 

proceeds north. The increase in fractional cover of the mixed cover type with increasing 

multi-year and rough ice concentration is most likely due to the brighter color of very 

shailow ponds and a greater occurrence of shallow waterhnow mixtures in these ice 

regions according to visual observations. 

The resulting albedos dong each transect line indicate an overall mean value near 

0.55, ranging between 0.548 and 0.555 with standard deviations between 0.012 and 0.018 

(Table 5.2; Figure 5.1 1). This appears that the dbedo did not change appreciably across 

individual transects. However, the maximum and minimum range of albedo derived fiom 



video were 0.60 to 0.47 depending on the transect. As expected, relatively higher albedos 

correspond to rougher ice conditions since melt pond cova was less prominent there. The 

video-derived albedo within the ice camp region (between 0.52-0.55; 1" quarter of figure 

5.1 1) is equivalent to the helicopter albedo ( O S  1 -0.54) and the ground-based transect 

mean (0.53 on YD 183). Once again, video-derived albedo shows greater spatial variability 

than helicopter measurements since the helicopter measurements are highly auto- 

correlated. Video-derived albedos were purposely less auto-correlated by not overlapping 

sequential images in the processing (see Section 5 -2 -2). 

Video-denved rnean albedo along transects 7 - 9 (Table 5.2) are also very s i d a  

to the in siru ground-based measurements along the same transects (recall they were 0.60 

for #7; 0.55 for #8 and #9). Ground-based albedo averages along transect 8 and 9 are 

nearl y identical to the video-derived mean albedo ( O S  5). The ground-based mean albedo 

(0.6) measured at transect 7 is slightly higher than the video-derived dbedo mean (near 

0.55), however, the ground measurements were taken near the vicinity of higher local 

video-derived albedos (not shown). 



Broadband Albcdo 

Figure 5.12: NOAA-N AWRRdrived albedo on ml80 (June 29) ai 0909 CITC (0409 
CDIJ in Lancaster Sound ond Wellington C h m I ,  one &y prior to the fast 6 aircrafr 
vide0 survey trmects. C h d  contamimtiian was present southest of G n i t h  Islmd but 
d d  not contatniimzte the s îu4  region at this time. Note rhe tce edge in the bottom righr 
corner of the figure. m e  teegend incirmtes grey-shading corresponding to broadband 
surface aibedo. 



Regional albedo derived nom AVHRR imagery shows similar overaii ice 

conditions as Figure 5.1 with generaîly higher albedo in rafted and rubble ice regions 

(Figure 5.12). In fact, the defined rubble zone (arc of rougher ice) in Wellington charnel, 

nonh of transect #IO, is typified b y an arc of higher AVHRR-derïved albedos within and 

north of the same region as the SAR imagery (Figure 5.1). The rougher FYI zone depicted 

by SAR imagery south-west of Devon Island at the southern end of Weilington Channel 

is also apparent with higher AVHRR-derived albedo (Figure 5.12). Slightly higher 

AVl3R.R-derived aibedo occun in Lancaster Sound as one proceeds fiom the ice edge 

toward Griffith Island, similar to video-derived albedo dong transects #1-4 (not shown). 

Two features may contribute to this spatial abedo pattern; 1) slightly rougha M in east 

Lancaster Sound contained greater arnounts of snow compared to the smoother FYI in 

West Lancaster Sound, leadiig to more extensive ponding and deeper ponds in east 

Lancaster Sound, 2) warm air advection from the open wnter near the ice edge would 

promote greater surface melt near the ice edge. 

Surface albedos were extracted fkom the AVHRR image nearly geographically 

coincident to the first 10 aircraft video transects. The geographic location of the transects 

were subjectively derived d e r  geo-correcting the AMIRR image to correspond as close 

as possible to the aircraft transect GPS data. The error associated with displacements 

between actual aircraft transects and AVHRR transects are estimated to  be approximately 

1-3 km. However, this is expected to be a rninor problem due to the relatively 

homogeneous ice surface over most of the region. Biases may arise under rougher ice 



conditions such as the south-west corner of Devon Island where it is difficult to estimate 

these errors. 

The mean values of the AVHRR-derived albedo transects are similar to the aircrafi 

transects in the southem halfof the region (transects 1-5) but are slightly greater than the 

aircraft data by 5% in the northem part (transects 6-10) (Table 5.2). The vanability in the 

AVHRR data is also greater than the video albedo by roughly 0.06 (Table 5.2) making the 

AVHRR albedo slightly higher in Wellington Channel compared to Lancaster Sound. The 

variations in cloud cover between albedo measurement platforms would cause some 

differences between 0.03 to 0.06 albedo units based on our measurements. Howevw, i t  is 

possible that Wellington Channel's melt progression was slower than Lancaster Sound 

primady due to open water warrn air advection in Lancaster Sound. 1 suspect that if the  

aerial surveys were conducted al1 in me day (YD18 1; June 30), the video data may have 

shown the spatial albedo differences between Lancaster Sound and Weilington Channel 

similar to the AVHRR data. The most significant errors in the AVHRR albedos arise tiom 

a high SZA and lack of in situ aerosol and ozone data at the tirne of the image. The high 

SZA induces specular reflection and artificially increases albedos in higher pond fiaction 

regions and increased shadows (lower albedo) on the west Coast of the islands, 

particularly Devon Island. Locaiized low level undetected moniing fog may have also 

increased albedos, especially in extreme southern Lancaster Sound. Incorrect aerosol and 

ozone amounts would also affect albedo estimates depending on whether there were more 

or less of each constituent compared to what was assumed. 



5.3.3. Effect of Pond Fractions on Ice Thennodynamics 

In this section 1 examine how the thermodynamic state (and mechanical strength) 

of the ses ice is affiected by variations in fiactional pond cover (my third question in this 

chapter). In effect 1 am asking the question: "How important is it that the magnitude and 

spatial pattern of surface albedo (as examined via in siru and aerial survey approaches) is 

correctly panimeterized within the annual cycle of sea ice ablation?First, if we assume 

the evolution of surface albedo is unknown, the modeled albedo would have to be used to 

simulate. it. A mode1 simulation (standard an) was produced using the model's existing - 

albedo parameterization with the exception of cbanging its dry snow aibedo &om 0.75 to 

0.83 and the melting snow albedo fiom 0.65 to 0.73 based on measurements cited here and 

previous studies. In this case, the standard run produced complete ice me1t by YD200 

(July 19), 16 days earlier than the observed break-up date (YD217; August 5, indicated 

by the Canadian Ice Service charts) where ice still existed but was mechanicaliy weak 

enough to break-up. 

I define "mechanically weak ice" to be a near-isotherrnal vertical ice temperature 

profile near -1 -8°C based on previous work (Barber et al., 1998). This also corresponds 

to a bulk brine volume of about 5% where the brine drainage charnels interconnect 

(Wakatsuchi and Kawamura, 1987) thereby severely reducing the mechanical strength of 

the sea ice (Cox and Weeks, 1988). In addition, the mode1 produced albdeos near 0.28 on 

the same dates (YD 1 8 1 - 1 85) where field measurements showed values between 0.53-0.5 5 



(Figure 5.13) (also see section 5 -3 -2). This suggests the mode1 over estimates the temporal 

decline in albedo and ice thickness over the melt penod in this case. 

The time between initial continuous snow melt to the final stages of ice ablation 

and mechanically weak ice ranges between 3-12 weeks in the Wellington 

C hannellLancaster Sound fast-ice region based on 9 years of fieldwork and recorded 

break-up dates. On average then, it takes about 7 weeks from continuous snowmeIt to 

rnechanically weak ice that easily breaks up. The 1997 field season was a "typical" sea ice 

year based on ice and atmospheric climatology. An albedo progression over this 7 week 

penod is shown in Figure 5.13 ("typical" cunre) based on typical fraaional cover type 

changes over this period (Table 5.3) and assurning the las  week (in Figure 5.13) includes a 

thinner ice albedo progression to open. 

Table 5.3: The "tpical" or climatological fiactiomZ cover types and resuliing total 
albedo over a 7 week period (used in Figure 5.13) produced fiom several yems of field 
experiments over firsi-year sea içe. 

6 O 50 48 2 50 0.37 

7 Decay to Open Water (0.15) Or constant at 0.37 



Julian Day 

Figure 5-13: Dai& average aibedo beîween YD119 and YD212, 1997 using the model 
albedo parameterization (statlcjCTrci), a "îypical" aibedo progression over a 7 week 
period. and a "pond s u r f a  e" (pond Sic) albedo progression (same as "typicaf " nrrw 
excepr using a constant albedo (0.37) for the 7th week) - See text. nte "t)l>icalM and 
pond Sfc uZbedo curves were derived by lineariy interpoIating between values in 
Table 5.3 over 7 week (Iabeled 1-7). The observed albedo between YDIBI-185 buring 
C-ICE 9 7 is afso Indicated 

~----I----.---------'-------.-*-.-.*------..*..---.-.--.^---------------------*.-----~~.-~-~.--~~---~-~~--~-~.~~-~, 
ITGC = -1 -041 1 9E-06'(PF)2 + 1 -84054E-04'(PF) + 0.059074 i 

R2 = 0-9995 i + 

ITGC = -1.12163~-06(~~)' + 1-81 7lî*(PF) + 0.057692 

Pond Fraction (%) 

Figure 5.14: Ice temperature gradient change (ITGC) versus pondfiaction (PF) Meer 4 
e s  (bottom curve) and 7 dbys (iop cunte) of nodel simdation begïnnîng on D164. 
The qua&utic equatiom und iheir R describing the ITGC andpond,+action 
relationsîhip for each m e  me ako shown. 183 



Week 6 (m Figure 5.13) showed a siight increase in albedo to simulate typical 

pond drainage effects. If we use this "typical" albedo curve in the standard mode1 

simulation instead of using the modelys albedo parametenzation, the ice does not 

completely disappear by the end of the seventh week (YD2 12) but reaches a thickness 

near 0.7 m with a near-isotherrnal vertical ice temperature profile at -1.8"C. Since the ice 

is still thick by YD212, it is better to assume a stable albedo over week 7 instead of 

deciining the albedo cume to open water values (0.15) (pond surface curve in Figure 5.13). 

Using this curve fûrther increases the final ice thickness to 0.8 m with an ice vertical 

temperature profile close to becoming near-isothermal by YD2 12. These ice conditions 

are closer to the aaual break-up date conditions compared to the standard simulation 

since ice still existed during actual break-up. Although this experiment is somewhat 

arbitrary (since we decouple the surface albedo corn snow and ice surface changes), the 

point is to diagnostically illustrate how the knowledge of changes in pond fiaction can 

affect the thermodynamic state of sea ice during its ablation stage. 

The next set of modehg expenments assesses how the thermodynamic state and 

mechanical strength of sea ice is afEected b y variations in fiactionai pond cover (outlined 

in section 5.2.4) since thermodynarnics determine the ice's susceptibility to break-up 

(Barber et al., 1998). The results of the sensitivity tests show that the ITGC (warming) 

can be predicted using a quadratic equation with respect to pond fiaction Figure 5.14). 

The quadratic relationship appears due to the physical quadratic dependence of sea ice 

heat capacity on temperature. The difference between the two curves in Figure 5.14 

shows how the quadratic relationship changes (and the ITGC increases) between the 



middle (4 days) and end (7 days) of the weelc-long simulation. As PF increases, the ITGC 

increases, moving the ice toward an isothermal vertical profile quicker (Figure 5-14). 

The greatest acceleration in the ITGC toward an isothermal profile (greatest 

change in ITGC) is when ponds first form (10% s PF s 40%) and is explained by the 

foilowing. As the ice approaches an isothermal profile, there is less opportunity for a 

temperature increase to occur in the ice (iimited to near-melting temperatures), causïng the 

ITGC to flatten out as PF increases. The quadratic relationship will change according to 

extemal forcing such as available short-wave energy (time of year and cloud cover), tirne 

the surface energy balance has to act on the ice, and to a lesser degree other atmosphenc 

forcing variables. Pond fiaction can have significant effects on the timing of near- 

isothermal ice profiles (Figure 5.15; using data fiom Figure 5.14). In this case, over a 4- 

day model simulation, an 80% PF can produce a near-isothemal ice profile whereas any 

PF s 70% will not. Over a 1 week simulation, PF's a 50% produced near-isothemial ice 

profiles and PF's s 40% did not (Figure 5.15). At these rates of warming, the difference 

in timing to reach an isothermal ice profile (and mechanically weak ice) is >3 weeks 

between a surface with 10% PF compared to 80% PF. This shows the sensitivity of sea 

ice temperatures and its susceptibility to break-up according to variations in pond 

fiaction. 

These model experiments strongly suggest that it is preferable to either better 

paramet erize or remotel y measure (b y satellite) pond fiactions and t heir associateci albedo 

for use in annual operational or diagnostic model simulations. Due to the dynamics of 

how the seasonal evolution combines with snow distribution and sea ice topographie 



snow catchent, I consider the remote estimation of pond fiactions a prefemd approach 

for mode1 input under operational or diagnostic settings. 
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Figure 5-15: Ice de@ (cm) versus tentperature (Y"' between the ice-ocean inte~uce and 
25 cmfrom the top ice sirrface- Dushed (soiid) lines are the final ice ternperutwe projies 
afrr 4 +s (7 &ys) of mode2 simhtim using IO% and 80% pondjkactiom. 

5.4 Conclusions 

The main theme of this chapter has been to examine the spatial aspects of 

fiactional surface cover types and surface albedo and to determine the role melt ponds 

play in thermodynamic evolution of land-fast FYI in the Canadian Arctic Archipelago. 1 

outlined three basic questions toward this theme: 1) what an the surface albedos over FYI 

and how do they Vary over local scales?, 2) how do the surface measurements scale up to 



regional scales for larger =ale albedo mapping?, and 3) how sensitive is sea ice ablation to 

percent pond fiaction and the associated spatial variability in surface albedo? 

5.1. I Question I 

Results show large variations in broadband and spectral albedos associated with 

various surface features that one would encounter during the FM melt season. Albedo 

varied between 0.75 and 0.21 for a deeper moist snow cover to dark older ponds, 

respectively . Intemediate surtaces include dense wet snow (0.67), shallow wet and 

saturated snow (0.52-0.65). Light dored  melt ponds with 3-6 cm water depths had 

albedos which range between 0.32-0.36. Our observations were similar to Grenfell and 

Perovich (1 984) and Perovich (1 W6), over comparable sunaces. 

5.4-2 Question 2 

The second set of results used the surface albedo rneasurements, applying them to 

aircraft video-denved surface cover type identification over a large region to obtain 

regional scale (1 00's km) aibedo to compare them to satellite-denved AVHRR albedo. 

Four basic cover types and their statistics (% cover) were identified. Snow patch 

fractions ranged between 53-58%, mixed cover type fraaions 20038%~ light pond 

fractions 6-18%, and dark pond fiactions 1-5%. Over rougher and multi-year sea ice 



(MYI), snow fiactions were higher than over the smooth FYI (62-65% compared to 53- 

58%) and MY1 melt pond fiactions were half those over FYI. These fiactional cover 

types were then convened to overall albedo revealïng similar regional albedos over 

smoother FYI ranging between 0.54 - 0.56 with standard deviations of 0.01 - 0.02- These 

were similar to helicopter-measured albedos (0.52-0.55), ground-based measurements and 

the overall AVHRR-derived mean albedo (0.57) over the same region. Relatively higher 

albedos corresponded to rafted/rubbled ice conditions since melt pond cover was less 

prominent there. 

5.4.3 Question 3 

For the final question, I used a one-dimensional therrnodynamic sea ice mode1 to 

show how the various fiactionai cover types can affect the thermodynamic state and 

hence the ice's susceptibility to break-up. Mechanically weak ice can be defined by a 

near-isothermal vertical temperature profile near -1.8'C (Barber et al., 1998). This 

experiment also revealed the imponance of being able to monitor melt pond fiactions and 

surface albedo through the course of the melt season to indicate when the ice is most 

likely to break up. This is of particular importance to climate change research for 

improved understanding of sea ice processes, Arctic shipping, and indigenous people's 

safety who use the ice for traveling and hunting. First, if we do not b o w  the albedo or 

pond fiaction throughout the modei simulation, the use of an albedo parameterization is 

required. Using the model's aibedo parameterization resulted in a 16-day earlier break-up 



than observed with complete ice ablation taking place. Cornplde ablation did not take 

place in actuality since the ice broke up before this could happen. The model produced a 

more rapid decrease in albedo and ice thickness over time than was observed. 1 then 

assurned a climatological temporal albedo progression produced by several years of 

fieldwork in the region under study. This resulted in more realistic ice conditions 

(physically and thermodynamically) when break-up actually occurred. The experhent is 

somewhat arbitrary since we decoupled the albedo nom modded snow and ice changes, 

however, the point was to diagnostically show how the albedo affects these kinds of 

simulations. 

The simulations above set the stage for another set of experiments designed to 

explicitly show how changes in melt pond fraction can alter the ice's themodynarnic state 

and thus susceptibility to break-up. It was found that the vertical ice temperature gradient 

change (ITGC) increased as a quadratic with respect to linear increases in pond fiaction 

(PF) in this case. Using the ITGC, an ice surface with 80% pond fiaction can produce a 

near-isothemal ice profile more than 3 weeks earlier than an ice surface with 10% pond 

fraction. Factors that alter the ITGC relationship with PF are extemal forcing such as 

available short-wave energy (time of year and cloud cover), time the surface energy 

balance has to act on the ice, and to a lesser degree other atmospheric forcing variables. 

The modeling exercise shows the sensitivity of sea ice temperatures and its susceptibility 

to break-up according to variations in pond fiactions. The mode1 expenments also show 

that we require either better parameterizations or remotely measured (by satellite) pond 

fiactions and their associated albedo for use in model simulations. 



5.5 Summary 

In summary, 1 have added to the number of albedo measurements made over FYI 

during the critical melt pond penod and scaled up these surface measurements to regional 

scales. This was done by understanding which surface cover types become the most 

important features for modeling large scale albedo in FYX sea ice models. The results will 

ensure the SEB short-wave responses are appropriately handled in FYï models d u ~ g  the 

melt pond penod (thereby addressing the second issue of my dissertation). 1 have also 

linked the changes in short-wave response by means of pond fiaction to the 

therrnodynamic state of FYI. That is, if the pond fraction is known, one may detemiine 

how long it will take for FYI to become mechanically weak given certain atmospheric 

forcing, assuming the atmosphenc conditions and pond fiaction do not change 

appreciably. This information is usefil for climate change research for improved 

understanding of sea ice processes, arctic shipping (operational ice forecasting), and 

indigenous people's safety who use the ice for traveling and hunting. 

This chapter (Chapter 5) primady focused on the melt pond period when snow 

has vinually entirely melted. The following chapter looks at the period of time prior to 

melt pond formation by outlining the importance of the snow layer in annual FYI cycles 

from a modeling perspective. However, several albedo measurements of melting sno w 

fiom Chapter 5 can be applied to results in Chapter 6 in the fùture. Chapter 6 focuses on 

improving the handling of  the snow layer within thennodynamic models of sea ice. If the 

mode!s do not realistically recreate the snow layer evolution, the simulated melt pond 



period may m u r  too soon or too late in the year, ultimately leading to unrealistic M 

evolution. The next chapter compares snow and ice simulations fiom a FYI mode1 that 

treats the snow layer as a single bulk homogeneous slab (as in Chapter 3) and a coupled 

snow sea-ice model that treats the snow layer in a much more rigorous and realistic 

fashion. Results will suggest whether ushg a more sophisticated model is warranted for 

annual cycles of FYI. The coupled model is also a necessasr step for linking 

thermodynamic modeling to microwave rernote sensing in Chapter 7. 



CHAPTER 6: Coupid 1-D Thermodynamic Snow Ses-Ice Model: 
Climate Processes 

6.1 Introduction 

This chapter is devoted to illustrating the importance of the snow layer and its 

processes on FYI over annual cycles using numencai modeling techniques. This is done 

by advancing the modified 1 -D sea ice model of Flato and Brown (1 996) used in Chapter 

3 by coupling it to a 1-D mass and energy balance snow model called SNTHERM (see 

Jordan, 199 1; Jordan et al., 1999). The purpose is to illustrate snow and ice evolutionary 

differences between the simpler 1-D sea ice model (in Chapter 3) and the more 

sophisticated coupled snow sea-ice model and compare them to in situ obsewations. This 

will suggea whether there is an advantage of using a more sophisticated model for annual 

snow-covered FM. The other purpose for developing and testing a coupied snow sea-ice 

model is for microwave remote sensing applications (Chapter 7). 

SNTHERM was adapted to simulate snow thermal and mass balance processes 

over sea ice by Jordan et ai. (1999) but lacks other physical processes (such as an ocean 

mixed layer) to be used exclusively over FYI that ablates every summer and reforms in 

the fall. The coupling of SNTHERM to the Flato and Brown ice model allows the 

coupled model to simulate h l 1  FYI annual cycles with more sophisticated layered snow 

processes instead of a single bulk homogeneous snow slab. 

The snow layer portion of the coupled model (SNTHERM) is designed to 

numerically simulate within-snow temperatures, bulk density, snow grain diameter, liquid 

water content, and other mass and energy exchanges for each snow iayer (or node) over 

time. It does this by accounting for many of the physical processes outlined in Chapter 2 



including the surface energy balance (SEB), snow metamorphisrn, compaction, melt 

effects, seali ng from age and overburden, liqui d water filtration, blowing surface snow 

and wind packing, and newly fallen snow evolution to name a few. Al1 of these processes 

are important for determining the optical, thermal and mass balance properties in the 

snow. Some of the mode1 limitations have been described in section 2.3-3. 

Salinity in snow is also an important feature that is typical of snow over Fm. 

Sali nity pl ays a large role in snow thermodynarnics (Papakyriakou, 1999) and microwave 

dielectric properties (see for example Barber et al., 1994; Barber and Nghiem, 1999). 

Thermal conductivity and specific heat parameterizations have been implemented in the 

coupled model to account for salinity affects on snow thermal properties (see section 6.2) 

since SNTHERM did not account for salinity in this manner. Note however the physical 

presence of salt in snow is not parameterized with regards to its affects on partiai 

fractions of ice, air and liquid @rine) which can further affect the thermal snow state. The 

result of this simplification will be seen throughout Chapters 6 and 7. A description of 

how salinity was parametenzed, the model coupling process, and model forcing is given 

in the following section- 

In surnmary, the main objective of this chapter is to demonstrate the basic 

differences between a coupled 1-D snow sea-ice model and a similar model that uses only 

a single bu1 k property snow layer. In situ observations from SIMMS'92-93 (LeDrew and 

Barber, 1994) are used to quanti@ mode1 performance. 1 also explore coupled model 

sensitivity to salinity in the snow layer through its effects on thermal conductivity and 

specific heat using parameterizations outlined in Papalqriakou (1 999). Crocker (1984) 

demonstrated that salinity in snow and its effect on thermal conductivity improved a 



simple fast-ice growth model, although his study did not include a full annual cycle for 

comparisons. Other studies suggest the importance of snow thermal conductivity on sea 

ice in a global climate context (see for example: Fichefet et al., 2000) but do not account 

for salinity effects directly. The specific research questions include: 

1) Are there model differences in seasonal snow and ict  thickness evolution and 

how do they compare to observations? 

2) What are the modei thermodynamic differences and how do they compare to  

observations? 

6.2 Observational Data and Numericd Models 

6.2.1 Observational Data 

The field observations used here are the same as those in Chapter 3 that were 

collected in the spring/summer penods during the SIMMS (Seasonal Ice Monitoring and 

Modeling Site) expenments between 1992-1993 near Resolute, Nunavut. The 1992-93 

sea ice cycle was selected to perform the numerical model simulations since the non- 

coupled mode1 simulations dunng this penod were previously conducted in Chapter 3 

appearing in Hanesiak et al. (1999). These two spnng penods aiso offered distinctly 

different sea ice and meteorological conditions (see Chapter 3). 

The field observations included incident and reflected short-wave radiation (K J , 

Kt), net short-wave (K* = Ki - K t )  downwelling and upwelling long-wave radiation 

(LJ, Lf), net long-wave (L* = LA - Lt) and net radiation (Q*= K* + L*). The 

observations also include vertical temperature profiles within the snow/ice volumes and 



snow and ice thickness. Instantaneous on-the-hw data were used since this corresponds 

to the temporal forcing used in the model simulations. Errors in snow and ice temperature 

measurements are roughly 0.2 - 0S0C but may be higher in snow during the melt period. 

Snow and ice thickness were measured periodically throughout each field season ~ Ï t h  

typical errors near 1 cm and 8 cm for snow and ice, respectively. 

Other surface observations include hourly standard meteorological observations 

taken at Resolute, Nunawt between YD107, 1992 to YD 170, 1993 by the Meteorological 

Service of Canada (MSC). The pertinent data include air temperature (T,), relative 

humi dity O, wind speed (u), precipitation (sfall), and 3 cloud layer fiactions (c). 

The snow layer salinity profiles used in the model simulations were derived fiom 

measurements in Barber et al. (1995b). A third-order polynomial was fit dong the data to 

produce an average (AVG) profile and conservative upper limit (UPR) profile (Figure 

6.1) given by 

S (AVG) = 17.3882 - 172.212 z + 571.259 d - 634.732 z3 (6.1) 

S (UPR) = 25.5346 - 249.507 z + 821 -958 z2 - 913.287 z3 (6.2) 

where z is the increasing snow depth above the ice sunace (in meters) and S is salinity 

(ppt). Note that snow depths >30 cm will produce unredistic negative salinities. A 

provision in the model was insettecl to ensure negative salinities did not occur. The use of 

more accurate (but more computationally expensive) cubic spline fits did not offer 

advantages over the third-order pol ynomials and were not used. The salinity profiles were 

held constant in time for simplicity and is considered a valid assumption until significant 

liquid water filtration occurs within the snow (Le. brine flushing; see Barber et al. 1994). 
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Figure 6.1: me snow safinity (pp1) wrsus @th above ihe 
ice s~face (m) t h i r  ' o r n i a s  along average 
(A VG) and uppr  fimit (WR)  observations made by 
Barber et al. (199.54 for a 60 cm snow @th. 

6.2.2 Numerical Models 

The modified FM model of Flato and Brown (1996) (in Chapter 3 and Hanesiak 

et al., 1999) is coupled to SNTHERM (Jordan et al., 1999); a type of coupled model that 

has previously been unavailable. The non-coupled model is the modified FM model of 

Flato and Brown (1996) in Chapter 3. The ice and snow models are coupled at the top ice 

layer with similar thermal properties (temperature, density, thermal conductivity and heat 

capacity). This was done to preserve the snow model handling of mass balance at the 

snow-ice interface, i.e. excess liquid water that is not re-frosen at the base of the snow 

pack is artificially drained to simplify mass exchanges (Jordan et al., 1999). Heat fluxes 

from the snow model are passed into the ice model that cornputes the new ice 

temperatures that are in Nm passed back into the snow model at each time step. The time 

step is variable to a minimum of 5 s during water flow within the snow. The SEB is 



controlled by the snow portion of the model when snow is present and by the ice model if 

snow is absent- This was done since the turbulent exchange parameterization in the snow 

component of the model is more sophisticated than the ice model. When snow is not 

present during the melt pond season, the surface properties such as albedo are better 

(although very simply) handled in the sea ice model. 

The coupled and non-coupled models are forced with basic hourly meteorological 

data; air temperature, relative humidity, wind speed, incident short-wave and long-wave 

radiation dong  with measured surface albedo. If incident radiation and albedo are not 

measured, they can be parametenzed with additional cloud cover input data. The coupled 

model is initialized with snow and ice physical protiles (densities, grain sizes, layer 

thickness) and temperature profiles. The nonsoupled model is similarl y initialized but 

without the intemal snow physical properties. Fifty ice layers are used here in both 

models that remain constant in number over time. A variable number of snow layers exi st 

in the coupied model depending on snow layer characteristics (see Jordan et al. 1999). 

Specific information about the snow and ice components of both models can be found 

elsewhere (Flato and Brown, 1996; Jordan et al ., 1999; Hanesiak et al., 1999). 

The snow thermal conductivity (k,) and specific heat (Cs) parametenzations are 

discussed next since they are used for the inclusion of salinity within the snow. Note that 

the physical presence of salt in snow is not parametenzed with regards to its affects on 

partial fractions of ice, air and liquid (bine) which can fùrther affect the thermal snow 

state. The result of this simplification will be discussed later. Salinity inclusions 

significantly reduces the snow thermal conductivity and increases the snow specific heat 

(when excluding salinity fkom the mass balance) depending on salt content and 



temperature (Papakyriakou, 1999). The snow effective thermal conductivity (k,) without 

inclusion of salinity is estimated from density (p,) by Jordan et al- (1999) as 

k, =ka + (7.75 10-~  P, + 1.105 x lod pS) (ki -ka) (6-3) 

where ka and ki are the thermal conductivities of air (0.023 W ma' K I )  and ice where ki 

varies with temperature as 

ki=(780 /T)-0.615 

where ki is in W m-' K-', p, in kg m" and T is in Kelvin. 

The effective t h e d  conductivity for saline snow (ks) is estimated from the 

modified Pitman and Zuckerman (1967) mode1 by Crocker (1984) and further by 

Papalqriakou (1999). Conservative limits of this model are between snow salinities (S) 

of O to 40 ppt, p, between 100 to 450 kg m", and liquid water contents up to about 8% 

Wv (water by volume). The k, scheme was used in place of the original k, 

parameterization even for non-saline snow layers. A lower limit to k, was arbitrarily set 

to 0.001 W m-l K1 in snow to prevent unrealistically low values at or near melting 

temperatures and preserve model stability during these events. 

The apparent specific heat (Cs) (sensible and latent heating) for non-saline snow 

is parameterized as in Jordan et al. (1999) by 

Cs = Ct + Lii (yw pt) (afi / at) (6.5) 

where Ct i s the combined specific heat in terms of mass fractions (ice and water) = (l/pt)( 

Yi Ci + y1 Cl), pt is the combined density, Yi is the bulk ice density, y1 is the bulk liquid 

density, yw is the combined bulk density, Ci is the specific heat of ice (= -13.3 + 7.8 T), 



Ci is the specific heat of water (4217.7 J kg-' K I ) ,  Lii is the latent heat of fusion for ice 

(3 -33 5 x 10' J kg-'), and @fi / at) is the time rate of change for mass liquid-water fraction 

(fi = y, / yd. Mass-liquid water fraction ( f i )  takes an ernpirical form from Guqranov 

(1985) and is outlined in detail in Jordan (1991). Al1 units are in standard SI. 

The apparent specific heat for saline snow (C,) was empirically derived from 

experimental measurement via Ono (1966) given by 

C ,  = 2.1 14 + 0.0075 T + 18052.0 S / T~ - 3.35 S + 0.84 S T (6-6) 

where C, is in units of kJ kg-' OC-', T is in O C  and S in kg kg-' @pt/1000). The C, 

scheme replaced the original Cs parameterization, similar to the thermal conductivity. An 

upper limit to C, was arbitrarily set to  5 x 1 0 ~  J kge1 C" in snow to prevent extreme high 

values at or near melting temperatures and preserve model stability. A cornparison 

between k,, k,, Cs, and Cs for the non-saline and saline cases is discussed in chapter 7 

where a more detailed investigation of the coupled model is performed. 

6.3 Methods 

To examine the first question, the non-coupled WC), coupled mode1 without 

salinity (C), and coupled model with salinity (üPR; using the UPR salinity cuwe in 

equation 6.2) were forced with Resolute meteorological data between YD107, 1992 to 

YDlîO 1993. The models were initialized and forced with exactly the same snow/ice, 

radiative and meteorological data. Further to question 1, sensitivity runs were conducted 

to examine detailed differences in snow and ice evolution and ice growth between the 



models in a fa11 fieeze-up scenaxïo. This involved similar model runs as above except 

they were initialized with an ice thickness equal to 1 cm and 8 cm snow layer on YD195. 

Because of significant snow thickness differences between the coupled and non-coupled 

models (see section 6.4), the NC was forced to use precisely the same snow thickness 

evolution as C for the freeze-up case. This allowed a very detailed look at snow and ice 

evolution differences between C, NC, and UPR- 

To examine the second question, NC, C and UPR were forced with SIMMS'92 in 

silu radiative and meteorological data between YD107 to YD177, 1992. The models were 

initialized with YD107 SIMMS'92 snow and ice data. Snow and ice thickness evolution 

variations were examined 

mean bias error (MBE), 

thermodynamic variables 

as above. In addition, the coefficient of determination (RZ), 

and root-mean-squared error (RMSE)) were computed for 

including the snow surface temperature (Tsfc), ice surface 

temperature (Tisfc), and net surface heat flux (Q,,,). Qnet is defined here to include the net 

radiation and turbulent heat fiuxes and was included since it directly impacts the 

thermodynarnics. This allowed a detailed look at model differences given similar forcing 

and high temporal resolution in situ data to gauge model performance. 

6.4. Results 

6.4.1 Seasonal Snow and Ice Evolution 

The C snow and ice thickness evolution is closer to observations compared to NC 

for both years that were simulated (Figure 6.2). This is partially due to the blowing snow 

parametenzation in C; NC does not panimetenze blowing snow. The fiactional stress 



gradient in the blowing snow scheme of C was altered to provide a more realistic snow 

evolution according to the wind conditions at the SIMMS site (see Chapter 2 and Jordan 

et al., 1999). If C produced a deeper snow cover, its simulated snow decay would be 

closer to observations (see section 6.4.2). In general, differences between actual and 

pararneterized incident radiation as well as meteorological conditions between Resolute 

and the SIMMS site can create discrepancies between modeled and observed snowlice 

evolution; this can be seen in section 6.4.2 and has been noted previously (Hanesiak et 

al., 1999). It is interesting to note the 1992 break-up (BU) and freeze-up (FU) dates of C 

(BU = YD 198; FU = M 2 9 3 )  lie between the hourly simulation and the daily simulation 

from Chapter 3, within the BU and FU periods indicated by the Canadian Ice Service 

(CIS) charts (see Figure 3.2). Also note the NC simulation is not the same as the hourly 

simulation from Chapter 3 due to differences in forcing (Le. NC was forced with incident 

radiation derived fiom C). 

The differences between C and UPR were fairly small so only UPR is s h o w  in 

the figures. For instance, salinity delayed complete snow ablation by 1 day and only 2 

days for the ice cover in 1992. This resulted in a 1 day sooner fieeze-up date for UPR 

cornpared to C, and the final ice thickness for üPR was only 4 cm thicker than C by the 

end of S I M M S Y 9 3 .  However, if snow would have fallen during the final 2 days of ice 

rnelt in UPR, this would have, 1) prolonged the ice cover existence, 2) induced earlier 

freeze-up and, 3) increased the final ice thickness by the end of SIMMS'93. It should be 

noted the results may have been slightly different if salinity were treated in the UPR m a s  

balance since liquid water (bine) would be generated sooner in the spring p e n d  Future 

work wil 1 investigate this. 
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Figure 6.2a. b: Obserwd (obs). UPR and NC snow und ice thickness evolution Rom a) 
the beginning of SYMMS '92 to break-up, a d  b) fieeze-up zo the end of SMMS '93 using 
Resolute meteorological forcing fiom YD107, 1992 to M)170, 1993. Note that C and 
W R  were very simiImJ hence only W R  is shown. 

To illustrate a more detailed look at mode1 differences on ice growth and seasonal 

snow and ice evolution, a freeze-up sensitivity scenano was conducted (discussed in 

section 6.3). In this case, maximum ice thicknesses were 1.4 m and 2.05 m for C and NC, 

respectively; a difference of 65 cm (Figure 6.3). Once again, snow thickness evolution 



between C and NC was also signif'cant due to blowing snow (Figure 6.3). If NC is forced 

to have the same snow thickness evolution as C, the maximum ice thickness of NC is 

reduced to 1.95 m (FS curve in Figure 6.3), making the difference between C and FS 55 

cm. Adding salinity to the snow did not alter the freeze-up simulations appreciably, hence 

only the UPR curve is s h o w  (Figure 6.3). Ice growth with salinity was slightly reduced 

@y a few cm) in the cold p e n d  but ice ablation in the spnng p e n d  was also reduced 

effective1 y nullifiing k, and Cs salinity effects on the ice seasonal evolution differences. 

The maximum ice thickness difference between C and UPR was only 3 cm. 

1-5 
Depth 

Ice (UPR) ~ n o w  (UPR) - Ice (NC) - Snow (NC) 
- - - - - -  Ice (fS) Snow (FS) 

295 316 337 358 14 35 56 77 98 119 140 161 

Year Day 

Figure 6.3: UPR and NC snaw and ice thickness evolution for the freeze-up sensitivity 
siudy betweell YD195, 1992 20 the end of SïMMS'93. me "ice 0" curve is the ice 
ihichess evolutio~~ for NC when ii is forced to have the "snw (UPR) " curve. The "snm 
0" and 'SNOW (UPR) " are overlqppng in the jigure. Note that C and W R  are 
virh~aiiy the same for smnv d ice. 

The above results clearly show the coupled snow sea-ice mode1 produces thinner 

ice and more realistic snow and ice conditions using this data set. As expected, salinity 



effects on k, and Cs act to slightiy reduce both ice growth rates in the cold season and 

ablation rates in the spnng melt period. Once again, the results may have been slightly 

different if salinity were accounted for in the UPR mass balance. Predicting these effects 

over an entire annual ice cycle is difficult due to the liquid water (brine) influence on 

snow density and thermal properties. Further work is required in this regard. 

6.4.2 ïhermodynamic Evolution 

To examine the second question, NC, C and UPR were forced with in sihr data 

over the S I M M S Y 9 2  duration (discussed in section 6.3). The snow thickness evolution of 

C (and UPR) follows the observed progression fairly well (Figure 6.4) for reasons 

discussed in section 6.4.1. The result of using in situ radiative and meteorological forcing 

instead of pararneterized radiation and Resolute data is revealed when comparing Figures 

6.2a and 6.4 and the ice conditions; Le- snow and ice ablation are delayed and slower than 

those in section 6.4.1. Ice thickness changed from 1.4 m (initial value) to 1-53 m for C 

and 1.4 m to 1.58 m for NC over the 70 day simulation; observed values at the end of the 

experiment were 1.5 * 0.08 m. There was no difference between C and UPR so only UPR 

is shown (Figure 6.4). 
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Figure 6.4: The observed (obs). NC d W R  snow thickness evoiution beîween YD107 
and YD177, 1992 using SIMMS'92 in situ &ta as model forcing. ïhe W R  snow 
evolution is dgerereni than "snow W R "  in Figure 6.2~ due to greater wind speeds on the 
zce compared to Resolu~e. 

Table 6.1 Non-coupZed 0 mode4 coupled model without salinzty (C). and coupled 
model with salinity @PR) RI mean bim error WE) and root-mean-squared enor 
( U S E )  compared to observations of Q., (W m-2). Tir, (OC). and T,/, (OC). NC rnodef 
data are udapredfiotn Hanesiak et al. (1999). N d e  there was no dzflerence beîween C 
and W R  for Qnet and Tge Observed mean values are shawn for reference. 

In addition, the statistica1 cornparison between Tsfc and Qnet for C and NC 

indicates that C reproduces Qnet more accurately but little difference is apparent in Tdc 

(Table 6.1). It can be expected that differences in Tsfc would be small between C and NC 
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due to thermal balancing between the snow surface and atmosphere. However, since C 

(and U R )  use very different turbulent exchange parametenzations than NC, one may 

expect to see larger differences in their respective Qnet. The C Tsfc is very close to the 

observed Tss evolution, even during the cntical melt penod (Figure 6.5). There was no 

difference in Tsfc evolution between C and UPR- 

Temp 
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Figure 6.5: The C smnv surface temperature (T$J versus observations (oh-) between 
YD107 and YD177, 1992 using SL4&.4S992 in situ &ta as model forcing The l? is a h  
shown. Note ihere was no difference between C and I%PR 

The simulated ice surCace temperatures (Tisfc) in C are slightly too warm and NC 

are slightly too cold for the middle period of SIMMSY92 (Figure 6.6a and Table 6.1). The 

addition of salinity to ks and Cs acts to increase Tisfc in the colder season and decrease 

Tisfc in the melt season, with more drarnatic effects in the melt season (Le. the decrease in 

snow thermal conductivity and increase the snow specific heat are more pronounced 

during melt). The warming effect of salinity in the colder season may or may not be 

counteracted if salt were parameterized in the UPR mass balance since the complicated 



effects of liquid water @rine) and latent heat due to phase changes would be generated 

sooner in the spring period. The NC Tisfc is closer to observations in the cold season 

compared to C. It will be shown (Chapter 7) that snow density during the cold season 

may be under estimated in C and UPR at several layers. This would artificially decrease 

snow thermal conductivity and effectively cause C and UPR Tkrc to be too warm as 

shown here. Enècts of salinity in the mass balance would also complicate the process, as 

explained above. 

An interesting observation is the diurnal cycling (waves) of temperatures within 

UPR are better reproduced compared to C and NC (Figure 6.6b). Cross-comlation 

analysis suggests NC Tkfc diumal waves are about 5-6 hours out of phase with 

observations, whereas C was 2-3 hours out of phase during the colder season; the 

inclusion of salinity in the snow k, and Cs further decreased this phase difference 

between 0-1 hour. This suggests NC does not darnp out air temperature changes 

sufficiently; this is evident beyond YD124 where air temperatures significantly declined 

along with NC Tisfc, whereas the observations, C and UPR do not (see Figure 6.6b). The 

complex problem of snow thermal conductivity, specific heat, thermal difisivity and 

salinity effects on rnass balance are still largely under debate and very detailed. 1 will 

on1 y state that more work is required in these areas- 
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Figirre 6.6a,b: The NC, C, and UPR simulafed ice surjiuce temperature (TqJ versuî 
observations (obs) between, a) YD1 O 7  to YDI 77 and b) YNO7 to YD128. Observed data 
beîween YD135 - YD138 are missing. 



6.5. Conclusions 

The goal of this chapter is to examine whether there are advantages of using a 

more sophisticated treatment of the snow layer for modeling the annual cycles of snow- 

covered FYi. This was accomplished by comparing model simulations of a 1-D coupled 

snow sea-ice model (C) and another 1-D sea ice model that uses a single bulk property 

snow layer (NC). The C model was developed in light of previous chapters outlining the 

importance of the snow layer and the sunace energy balance on F n  annual cycles. The 

coupled model not only treats the snow layer in a much more ngorous fashion in terms of 

mass and thermal balance, but also includes a better handling of blowing snow processes, 

turbulent exchanges, and albedo when snow is present 1 also illustrated the effects of 

salinity on the snow and ice physical and thermal evolution by including snow thermal 

conductivity (k,) and specific heat (Ca parameterirations that account for salinity in 

snow (given in Papakyriakou, 1999). Saline snow, which is common over FYT, can 

influence snow and sea ice thermal evolution and microwave remote sensing properties 

(seen in Chapter 7). Two specific research questions were designed to address the goal of 

this chapter. 

6.5.1 Question 1- 

In the first question, I investîgated differences between NC and C in tems of the 

seasonal evolution of snow and ice thickness. The C snow and ice thickness evolution is 

better simulated compared to observations partiaily due to the coupled model's blowing 



snow pararneterization. Maximum ice thickness differences between C and NC can be 

between 55 - 65 cm from freeze-up to the early summer melt penod, which is significant 

for annual FYI simulations. It is unknown whether these differences can be accounted for 

in NC since C and NC are very different in terms of snow layer treatment, blowing snow, 

ti;:buIent exchange, albedo and incident radiation. It can be concluded that using the 

coupled model is advantageous for seasonal snow-covered sea ice, however, it is more 

computationally expensive and has a longer run tirne than NC- For example, it  takes 

nearly one minute for NC to produce a simulation between YD107, 1992 and YD170, 

1993, whereas C takes an order of magnitude longer (-10 minutes). It takes between 13- 

16 minutes for UPR. The addition of salinity in the snow k, and Cs reduces ice growth 

rates in the cold season and ablation rates in the spring melt season- These thermal 

variations do not appear to be significant in terms of overall annual snow cover and FYI 

evolution. Results may be different if salinity were included in the snow mass balance. 

6.5. I Question 2 

In the second question, the thermodynamic cornparisons between NC and C 

showed there is very little difference in simulated surface temperatures, however, C 

reproduces the net surface flux better due to its more sophisticated turbulent exchange 

parameterization. It will been show the coupled model also does a reasonable job 

simulating other snow layer temperatures (see Chapter 7). Differences also anse at the ice 

surface where C temperatures are consistently slightly tm warm and NC slightly too cold 

in the transitional season compared to observations presented here. This may be due to 



several factors, some of which include errors in snow density, snow thermal properties 

and the neglect of salinity in the mass balance- The addition of salinity in the snow k; and 

Cs for C fiirther makes the ice surface temperatures too warm in the cold season but 

improves them dunng the melt season. This is due to the overall salinity efKect that 

sIightly warms the ice in winter and cools it during the melt period; the cooling effect is 

more significant dunng melt due to larger departures between snow thennal conductivity 

and specific heat when comparing snow with and without sahity. The net warming 

effect of sait in snow k, and Cs may or may not be counteracted if salts were accounted 

for in the modeled mass balance. 

In summary, the snow layer is very important for FYI evolution and thus 

modeling its processes effectively are dso critical. The coupled model developed in this 

chapter simulates many of the cri tical aspects of a seasonally evolving snow-covered FYI 

volume. This type of model with its sophistication and application to FYI has previously 

been unavailable and one that will provide a better means to address future arctic sea ice 

climate process studies. In addition, the sophistication of the coupled mode1 is required 

for application to microwave remote sensing in Chapter 7. The focus of Chapter 7 is to 

use the coupled snow sea-ice model to predict the snow and ice physical and thermal 

characteri stics that give ri se to their respective microwave dielectri c properties. 



CHAPTER 7: Electro-Tbermophysical Mode1 of the Saow Sea-Ice 

System (ETSSIS) for Microwave Remote Seasing 

7.1 Introduction 

One-dimensional (2-D) thermodynamic models of snow and sea ice are valuable 

tools for examining polar climate processes over a variety of ice types and temporal 

scales (see for example, Ebert and Curry, 1993; Flato and Brown, 1996; Hanesiak et al., 

1999; Jordan et al., 1999). In addition, satellite microwave remote sensing is also useful 

for infemng snow and sea ice physical and themal properties (besides ice type and 

concentration) over a wide range of seasonal spatial and temporal scales (see for 

example, Livingstone and Dnnkwater, 1991; Shuchrnan et al., 1996; Jefferies et al., 1997; 

Barber and Nghiem, 1999; Barber and Yackel, 1999). Microwave forward and inverse 

scattenng models have also advanced to a state as supplementary tools for understanding 

the remote observations (see reviews by Golden et al., 1998a,b). 

In this chapter 1 argue for the integration of a thermodynamic model and time 

series microwave remote sensing data in the development of an 'electro-themiophysical' 

relationship of snow covered sea ice. In this framework the intent is to develop a model 

which couples knowledge of the scattering physics of the surface with a 1-D 

thermodynamic model of the sea icdsnow system. The advantage of this approach is that 

the geophysical and elecaical propeities of the surface give nse to scattenng and 

emission in the microwave portion of the spectmm; changes in the geophysical and or 

electncal state of the volume are dnven by the themodynamics across the interface. A 

model of these relationships would allow researchers to measure both the geophysical 



state of sea ice at any particular time (tl) and also evaluate the temporal evolution of this 

scattering over a period coinciding with the seasonal evolution of the surface (b). Since 

the surface energy balance (SEB) also evolves directly from the thermodynamic and 

physical state of the system, it is expected to be able to determine proxy measures of 

certain SEB state variables such as sunace temperature, albedo, long-wave flux, etc. This 

information can also be usefil in determining the timing of accretion and ablation and 

producing estimates of the mechanical strength of sea ice andor timing of fast ice break- 

"P- 

Chapter l and 2 outiined issues that need to be addressed before firlly exploiting 

thermodynarnic modeling toward microwave scattering. First, typical 1-D sea ice models 

treat the snow layer as a bulk homogeneous slab with very few intemal processes which 

limits their usefulness for microwave remote sensing applications. This is because the 

variables that contribute to microwave scattering are not simulated in the models such as 

ice surface roughness, snow liquid water content, basal snow grain sizes, and brine 

volumes in the bottom snow and top ice layers (Barber and Nghiem, 1999; Nghiem et al ., 

1998; Barber et al., 1995b)). Second, most detailed snow models do not consider salinity 

in snow which is a common occurrence in snow over FYI marber et ai- 1995a). This 

limits their applicability to microwave remote sensing since salinity plays a large role in 

snow themodynamics (Papakyriakou, 1999) and dielectric properiies (see for example 

Barber et al., 1995b; Barber and Nghiem, 1999). The coupled snow sea-ice mode1 in 

C hapter 6 was specificall y developed for application to microwave remote sensing, 

although it has its use for arctic sea ice climate processes shown in Chapter 6. 



The intent of this chapter is to begin the initial steps of linking thermodynamic 

modeling with microwave remote sensing in a fonvard sense, that is, detemine 

mi crowave dielectrics and scatteri ng a v e n  modeled estimates of the themophysical 

variables that control dielectrics through the electro-themophysica1 relationship. I 

develop and test a working numerical model that enables one to interpret satellite 

rnicrowave remote sensing (active or passive) in a more physical sense. This will lead to 

better ways of monitoring the themophysical properties of the snow/sea ice system 

within the context of climate variability and sea ice related processes. 

Output from the coupled snow sea-ice model in Chapter 6 provides the necessary 

input to a microwave dielectric model of the Debye fonn (Barber et al., 1995b); the 

amalgamation of the models represents an Electro-Thermophysical model of the Snow 

Sea-Ice System that 1 will refer to as ETSSIS. The research questions to be addressed in 

this chapter are designed to utilize in situ observations to validate the model' s ability to 

simulate the critical variables that control microwave scattering and emission. 

1) Is ETSSIS capable of reproducing snow and ice thermodynamic characteristics of a 

seasonaliy variable FYI snowlsea ice system (both with and without salinity in the 

snow)? 

2) 1s ETSSIS capable of reproducing the physical characteristics of a seasonally variable 

FY snowkea ice system? 

3) Can ETSSIS be used toward the interpretation of the microwave time senes scatîering 

over a FYI snow/sea ice system? 



It is not the intent to fiilly validate the snow sea-ice model since this has been 

done by others in the non-coupled forrns (see Jordan et al., 1999; Flato and Brown, 1996; 

Hanesiak et al., 1999). However, it is  necessary to illustrate the model's ability to 

simulate the primary variables that control microwave scattenng and emission using in 

siru data utilized here, 

7.2Field Data and Numerical Mode1 

7-2.1 Observational Data 

Field observations illustrated in previous chapters from SIMMS'92 are utilized 

here as well. SIMMS792 had a variable snow depth up to a maximum near 50 cm and 

operated between Year Day (YD) 107 (Apnl 18) to ml77 (June 27). 

Measurements include SEB parameters for incident and reflected short-wave 

radiation (K 4 ,  Kt), incident and emitted long-wave radiation (Li, L 7 ), and net surface 

heat flux (QnCt), vertical temperature profiles within the snow/ice volumes, snow and ice 

thickness, and physical sampling of the snow and ice (snow density, salinity, wetness, 

grain diameter). Qnet is defined here to include the net radiation and turbulent fluxes at 

the surface. Instantaneous hourly data were used for model forcing and snow physical 

sampling were measured periodically . 

Some noteworthy errors associated with the measurements include the following. 

First, snow density measurement accuracy is between 30-60 kg mS (Barber et al., 1995b). 

Second, snow wetness (Le water volume fractions) may not represent real conditions due 

to instrument limitations when snow salinity is roughly >3 ppt @arts per thousand); 



rneasurement accuracy is roughly 0.1% water by volume. Third, snow salinity is 

considered to be both precise and accurate to within = O S  ppt (Barber et al., 1995b). 

7.2.2 Coupled 1 -D Snow Sea-lce Model 

ETSSIS was forced with SIMMS'92 air temperature, relative humidity, wind 

speed, incident short-wave and long-wave radiation dong with measured surface albedo 

between YD107 (April 18) to YD177 (June 27)- Initialization was done using measured 

snow and ice physical profiles (densities, grain sizes, layer thickness) and temperature 

profiles. Model runs were conducted using the non-saline version of ETSSIS (C), the 

average salinity profile (AVG) from chapter 6, and the upper salinity profile (UPR) in 

chapter 6 .  

7.2.3 Snow and Sea Ice Dielectric Modeling 

Methods of modeling the rnicrowave dielectric constants and penetration depths 

of snow and sea ice have been discussed in various studies (see for example, Barber, 

1993; Drinkwater, 1989; Drinkwater and Crocker, 1988; Barber et al., 1995b), hence only 

a bnef discussion is given here. 

To mode1 the dielectric constant of the snow and or sea ice one mua separate the 

material into its host and inclusion components. In the lower portion of the snow pack 

there is a considerable amount of salinity in the fonn of brine. This bnne is treated as an 

'inclusion dielectric' within a dry snow 'host dielectric', following the approach of 



Matzler et al. 1984b and Drinkwater and Crocker, 1988. The mixture model is expressed 

as (7.1). 

Where EL and E,' are expressed in complex terms and represent the dielecûic constants 

of dry snow and brine, X ,  A,,, and V, are: a coupling factor representing the fraction of 

bnne accounted for by 4; the dominant depolarization factor, and the volume of brine 

contained within the saline snow layer; x is set at 0.66667, a value appropriate for 

modeling the brine inclusions as isotropically oriented oblate spheroids (Drinkwater and 

Crocker, 1988). The depolarization factor is set at 0.053, following Denoth, 1980, and 

the brine volume is computed as in Barber (1 993). 

In (7.1 ) the host dielectric is considered as a dry snow matrix, consisting of ice 

grains and air. The parameter E: is computed using an empiaical model amibutable to 

Hailikainen et al. (1986). The permitthity of dry snow was computed as (7.2) and the 

loss as (7.3). 



Where p,, q", and V,, are the density of dry snow, the dielectric loss, and the volume 

fraction of freshwater ice in the snow matrix, 

In (7.1) the inclusion dielectric is considered to consist of bnne pockets held 

within the interstices of the snow grains. The parameter E; is defined as the compfex 

dielectric constant of brine computed fiom (7.4 and 7.5) based on models of the Debye 

fom, following Ulaby et al. (1 986). 

EL - C,, + r %O - &, 1 
11 + ( W q , l 2  ] 

Where E ~ , ;  E,,; 1; tb ; O,; E, are: the high frequency limit of the dielecaic constant of 

pure water; the stati c die1 ectric constant of pure water; the frequency of electmmagnetic 

energy (Hz); the relaxation time of the brine; the ionic conductivity of the brine solution 

(s-ma'); and the pemittivi ty of free space (Fm-'). These parameten are estimated using 

a series of polynomial models which will not be reproduced here (see Stogiyn, 1971; 

Ulaby et al. 1986; and HaIlikainen and Winebrenner, 1992). 

When free water becomes available within the snow pack the dielecüic properties 

change considerably. The relationships between E' and E" for wet and dry snow have been 

determined empirically . Models for computation of E' and E" of wet snow relative to the 

values for dry snow, have been developed by Tiuri et al., (1984) and are presnted in (7.6 

to 7.8). 



Where: E' ,, is the pennittivity of dry snow from (7.2); Wv is the volumetric Iiquid water 

content measured in situ; and EL and E; are the pemittivity and loss of wet snow. n i e  

complex dielectric constant of water ( E L  and E: ) are computed using the Debye mode1 

for liquid water (7.9) and (7.1 0). 

Where the parameten are the sarne as in (7.4) and (7.5) but for liquid water rather than 

brine. 

Through use of these dielectnc mixture models it is possible to compute the 

penetration depth (8p) of various frequencies of electromagnetic energy into a seasonaily 

dynamic snow covered sea ice volume (7.1 l), following Dnnkwater (1989). 



Where h is the SAR wavelength in meters, E' and a" are the dielectric pennittivity and 

loss given a particular water volume within the snow pack. 1 have computed the 

maximum penetration depths for selected snow and ice layers for a 5.3 GHz frequency 

(typical of active microwave sensors) for illustrative purposes. A similar analysis can be 

perfomed for other microwave Frequencies such as passive sensors (for example 19 

GHz). 

7.3 Analysis Methods 

To quanti@ ETSSIS s abil ity to simulate the thennodynarnic, physical and 

electrical properties of the snow and ice volumes, the coefficient of determination (R2), 

mean bias error (MBE), and root-mean-squared error (RMSE)) were computed from 

modeled and observed values. The statistics were calculated for the non-saline model 

case (C), average saline case (AVG) and upper limit saline case (UPR). Therrnodynamic 

variables included temperatures at various levels in the snow and ice surface, including 

the snow surface (Tsfc) and ice surface (l',fi), net surface heat flux (Q,& and snow and 

ice thickness. Qnet and snow and ice thickness are includeà since they impact, or are the 

direct result of the thermodynamics. Physical variables included snow density (p3, grain 

diameter (d), liquid water fiaction (Wv), salinity (S), and bnne volume (Vb). Although 

salinity is held constant in the model, it is usefiil to illustrate differences between 



model ed and observed values for error anal y sis. The mi crowave die1 ectrk variables 

included permitivity (E'), loss (E") and penetration depth (6p) at various levels in the 

snow and ice. The E' and E" were estimated by the dielectric mixture model in section 

7.2.3 using snow and ice T, p, Wv, and S as input- "Observed E' and E" are defined as 

values computed by the dielectric model using observed therrnodynarnic and physical 

variables as input. Microwave maximum penetration depths were computed from E' and 

E" at 5.3 GHz to define which snow layers become important for microwave remote 

sensing interpretation over the various seasonal stages of snow-covered FYT. In 

particular, we are interested in the dry snow (cold season) scenario, when water in liquid 

phase appears in snow (the pendular regime with Wv between 1-7% water by volume), 

and full snow melt (fùnicular regime with Wv between 8-1 5% water by volume). These 

seasons were defined according to observed snow Wv measurements (see section 7.5). 

The R~ was only computed for model and obsenred data in continuous hourly 

time increments since they were more consistent in time (Le. Qnet9 TTC, and Ti&). The 

MBE and RMSE were computed for other variables with periodic daily samples. The 

thermodynamic and physical variables used in the analysis were selected based on their 

importance to microwave dielectrics. 



This section gives an overview of how well ETSSIS models the important 

thermodynamic variables for mi crowave remote sensing (question 1). A more detailed 

look at which model erron may or may not be important will be discussed in section 7.5. 

The modeled temporal evolution of the snow thermal conductivity and specific 

heat over SIMMS'92 for various snow layers shows a progressive spread between the 

non-saline model run (C) and saline model runs (AVG and UPR) (Figure 7.1). This is 

mainly due to the increase in snow temperature over time in conjunction with salinity 

effects. The maximum difference in thermal conductivity is between 0.1 - 0.1 5 W m-' K-' 

(1 W S % )  and an order of magnitude 1.2 x 104 J kg" c") for specific heat before the 

onset of significant snow melt @rior to YD17O). Beyond YD170, significant separation 

between saline and non-saline values occurs because of the extreme nature of k, and Cs, 

during melt. 

The model's snow and ice thickness evolution are fairly well simulated compared 

to observations (see Figure 6.4); the snow thickness evolution is mainly due to ETSSIS's 

blowing snow parameterization. The improved snow thickness distri bution should allow 

for more realistic snow and ice thermodynamic evolution. Ice thickness changed from 1.4 

m (initial value) to 1.53 m for the C simulation and 1.4 m to 1.5 1 m for the UPR 

simulation over the 70 day period; observed values at the end of the experiment were 1.5 

t 0.07 m. Quaiitatively, the model simulates the snow and top ice layer temperatures 



faid y well (Figure 7.2). Statistically, the coinparisons between observed and modeled Tdc 

and Qnet indicates the mode1 reproduces these parameters very well (Table 7.1)- 
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Figure 7. la: Non-saline (C - heavy &shed line) and saline (A VG - solid; UPR - h h e d  
line) Eï3SIS t h e d  couducrivity (W m" ~ 9 f o r  vmiacs s>ow and top ice layers. 
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Figure 7. I b: Non-saline (C - heavy h h e d  line) and saline (A VG - solid,- CTPR - &shed 
line) E35S.S specijîc heat (Jkg'' c')for various s ~ w  md top ice i.yers. 
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Figure 7.2: Mdeled and obserwd temperature (OC) evolution between mi07 and 
YD177 of vmious mow loyers for C fieavy cllashed line), AVG (solid line), UPR (hot 
noticeable beneath solid line), and observed &a (triangles). Obserwd values represent 
instantaneous morning temperatures correpnding to @s where snow sampling tmk 
place. 



A detailed look at the modeled Tsfc shows a close resemblance to the observed 

Tsw evolution, even during the critical melt period (see Figure 6.5). The melt period is 

important to simulate well not only for microwave dielectncs and penetration depths but 

for climate process studies- There was no change in the Tsfc and Qnet resuits when 

cornparhg the C, AVG and UPR simulations due to very little or no saiinity in the top of 

the snow pack. 

Table 7-11 ETSSIS wifhovt salinity (C), average mliniîy (A VG) and upper limit ~~Zinzty 
( W R '  mean bias error (MBE) and mot-mean-squared error compared to 
observations of Q,, (W m-t), Tir, (OC) ond Tijjc (OC). Positive M E  imples the model 
overesîimaîes observations- Observed mean vaiues are also inchdeci for refence- 

The simulated top ice iayer temperatures (Tisfo) are slightly too warm @y a 

maximum of 2°C) in al1 mode1 mns but improve dunng the warm season when salinity is 

included (see Figure 6.6a). The over prediction in the cold and mid-spnng seasons may 

be the result of middle snow layer densities being under estimated and/or the neglect of 

brine drainage (see section 7.4.2). That is, higher snow densities and liquid water increase 

the thermal conductivi ty to promote cooling. Overall thermal effeas of including salinity 

in snow ks and Cs are to raise temperatures in the colder season (up to YD130) and 

reduce them during the warmer season (beyond YD130) (Figure 7.3). This effect would 

be complicated if the physical presence of salt was pararnetenzed with regard to snow 
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m a s  balance since liquid water (brine) would be generated much sooner in the spring 

season (see section 7-4.2). 



Y ear Day 

5- - I I 1 - 
1 

- 1  - 
3.- - 1 1 I = 

Figure 7.3: Temperaure d~fference (OC) between non-saline (C) and saline (WR) 
ETSSIS simulations for vmious smnv b e r s  and top ice l q e r  between YD107 to Kûl77. 
Posiîive values indicate wanner UPR siniulaled temperatures. 

Top Ice 
Layer 

120 1 4 0  160 



An interesting thermal feature is that diumal cycling (waves) of Tisfc within the 

model are better reproduced when the effect of salt is considered in the snow k, and Cs 

(see Figure 6.6b). Diumal temperature cycling can be important for cold season 

microwave dielehcs that affect the appearance of time-senes diumd SAR image pairs 

and their physicai interpretation (Barber and Nghiem, 1999; Nghiem et al. 1998). Cross- 

correlation analysis suggests the C simulation 'fkr, diumal waves are at least 3 hours out 

of phase with obsewed values dunng the colder season but are reduced tc as little as O 

hours in UPR. This suggests the C simulation snow thermal diasivity may be t w  large 

by not damping out air temperature changes sufficiently or other factors related to k, and 

Cs. The complex problem of snow k., Cs, and thermal difisivity are still largely under 

debate and too detailed to be included here, hence 1 will only state that more work is 

required in this regard. 

Given these results and various small thennodynamic errors in the model and 

observations, results in section 7.5 will show whether these errors significantly impact 

microwave dielectrics. 

7.4.2 Physical Evolution 

This section gives an ovewiew of how well ETSSIS models the important 

physical variables for microwave remote sensing (question 2). A more detailed look at 

which model errors may or may not be important is presented in section 7.5. 



The difference between C, AVG and UPR are very small (CS%) in ternis of bulk 

density and grain sizes until water in liquid phase appears Pigures 7.4 to 7.6). The 

differences in density and grain sizes amongst the model simulations becomes 30-75% 

due to the different timing of the fint appearance of water in liquid phase. The initial 

appearance of water in liquid phase is delayed with higher snow salinities which c d s  

overall snow temperatures in the warm season; C snow liquid water appears 3 days 

earlier than AVG p l 7 0  compared to YD173) and 4 days earlier than UPR (YD170 

compared to YD174). These differences would be greater if salt were explicitly 

parameterized in the mass balance. 

Time series modelei versus observed p,, d and Wv indicates that p, is simulated 

fairly well but slightly under estimated at 2 1 cm and the snow surface where larger 

discrepancies sri se from fresh snow falls (see Figure 7.4 and Table 7.2). Modeled p, pnor 

to YD120 at 9 and 12 cm is also under estimated. This may contribute to the warmer ice 

surface temperatures in the cold season by artificially reducing the snow thermal 

conductivity. Also note that field sampling of p. may introduce errors between modeled 

and observed values. Grain sizes are generally simulated reasonably well over most of the 

period except near the bottom part of the snow pack during the melt season where 

observed liquid water contents increase (see Figures 7.5 and 7.6 and Table 7.2). Grain 

growth can accelerate rapidly with available liquid water. The non-existence of simulated 

liquid water pnor to YD170 inhibits modeled grain growth and increases discrepancies 

between modeled and observed values. Note that snow grains do not affect microwave 

di electn CS but become physicall y important for the total volume scattering contri butions. 



Grain sizes are particularly important in development of algorithms for estimating snow 

water equivaient (SWE) on sea ice (Markus and Cavalieri, 1998). 
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Figure 7.4: Modeled and observed density fig rn-3 evolution between YD107 and YDI 77 
of various smnv layers for C (heuvy &shed line). AVG (sold line). W R  (&shed l i w ,  
and observed abta (triangles). Obserwd values represent averages as in Barber et aL 
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The modeling of Wv clearly needs irnprovement in most snow layers (Figure 7.6 

and Table 7.2) which impacts the dieiectric properties (shown iater). This is due to not 

explicitiy including the presence of salt in the snow mass balance of the m d e l ;  fUture 

work will address this issue. Salinities are also not simulated very well since the mode1 

does not account for snow pack desalination over time as liquid water drains freely 

toward the ice surface in the late season (Figure 7.7). The mode1 holds salinity constant 

over time since a physical pararneterization for snow desalinization is currently not 

available. Note here that errors in sampling, especially p, and W v  can have an impact on 

the analysis presented. 

Table 7.2: ETSSIS withmt saiinig (C) mean bias error (UBE) and roof-mean-squared 
error (RMSE) snow densiîy, grain sizes, water volume_ji-action for various snow depzhs 
compared to observations. Thejirst (second) value in the miinity column represents the 
AVG (UPR) sintulation. Positive MBE implies the m& overestimales observations 
Observed values (in brackets) represent averages as in Barber et al. (1995b) 
corresponding to days where geophysicd snmv smpling t d  place. ~mfantanems 
rnorning m d e l  Hala were used for comprison to observatiom. Water volume jiactlort 
observarions rnay not represent real conditions when salirtities are >3 pp?. 

Density (kg m-3) Grain Size (mm) Water Vol. Frac. Salinity @pt) 
MBE RMSE MBE RMSE MBE RMSE MBE RMSE 

Surface -14 1 07 CO. 1 03 +0.01 0.02 -0.0~-0.0 I 0.02/0.01 
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Brine volumes were estimated as in Barber et al. (199%) using observed and 

modeled time senes snow temperatures, densities, salinity and wetness. The overall 

rnodeled brine volume evolution for C, AVG and UPR (Figure 7.8) for various snow 

layers is somewhat different than those estimated using the observed input data. 

Desalination in the mid and lower snow layers over tirne is the main cause of the larger 

discrepancies between modeled and observed estimates of Vb, especially in the wanner 

season. The major sources of error include inadequatel y modeled liquid water evolution 

and related feedbacks dong with measurement error in snow temperature (up to t l 0 C  in 

the warmest part of the season), p,, S and Wv. A sensitivity analysis of snow Vb given 

the relative errors in input parameters discussed in section 7.2 suggests that Vb is 

vimially insensitive to a 1% error in Wv measurement and O.S0C error in temperature. Vb 

changes by only 1 % for a 60 kg mS3 error in density and 0.5 ppt error in salinity . With al1 

of these errors combined, Vb changes by about 2% - 4% with the largest effects seen near 

the base of the snow pack- 

Given these results and various errors in the mode1 and observations, section 7.5 

will show whether these errors significantl y impact microwave dielectrics. 



83 
a s 0  
0-85 Snow 
0.10 
0.05 Surface 
0.00 

1 20 160 

Figure 7.8: Brine volume evolution for vmious loyers ofsnow (positive depths) and ice 
(mgutive depths) between YDlO7 to YD177 for C (;heavy ltashed line), A VG (solid line). 
UPR (dashed fine) mid "'obsented" estimates (trangles). On& snow laye~s showing 
significmt dlgerences between theni are depicted and C d UPR are shawn for ice. 
Observed values represent estimates derivedfiom input variable awrages as in Barber et 
al. (1995b) corresponding to & Y S  wkre snuw sampling tmkplace. 



7.5 Microwave Dielectrics 

In this final section 1 investigate differences in the snow and ice layers microwave 

dielectri c properties and penetration depth given ETSSIS simulations without sa1 inity (C) 

and with sa1 i ni ty (AVG and UPR) compared to estimations from available observations. 

The purpose is to show ETSSIS7s direct application to microwave remote sensing 

(question 3). Due to the lack of physical observational data in the ice layers, only 

modeIed results are presented. I present results according to the various observed snow 

evolutionaty semons (i .e. cold dry snow; pendular regime; funicular regime). A 

sensitivity analysis of snow dielectncs to observational measurernent errors is also 

conducted to illustrate their effects on results- 

7.5.1 Cold Dry Snow 

The temporal evolution of dieiectric permitivity (E') and loss (E") estimated from 

C ,  AVG, WPR and those from observations for various snow depths reveal that both are 

estimated well by ETSSIS at al1 snow depths in the colder, dry snow season (YD107 to 

about YD 13 5). This is due to ETSSIS's ability to simulate snow temperature and density 

(which are most important for E') dunng the cold season. Inclusion of salinity in snow 

irnproves E' and E" (as well as bp) at the snow pack base (Figures 7.9 to 7.1 1 and Table 

7.3). The results suggest ETSSIS is capable of reproducing low snow dielectric properties 

in the coid season which in tum makes the ice volume the dominant microwave scatterer 

and emitter according to penetration depths (Figure 7.1 1). The snow volume is virtually 



transparent (at 5 -3 G&) in this season since the penetration depths at each snow layer are 

much larger than the thickness of the snow at each layer (Figure 7.11). Penetration depths 

within the ice are roughly 15 to 20 cm which means active microwave sensors would 

pnmarily "see" ice characteristics originating at these depths within the ice; this is why 

ice data d o m  to 20 cm is presented in Figures 7.9 - 7.1 1. Modeled penetration depth 

errors would be caused by inaccurate ice temperatures, salinities and density. ETSSIS ice 

temperatures below 4 cm were within t 1 OC at al1 levels (not shown), whereas salinity 

and density in the mode1 are typical of FY? (see Figures 7.4 and 7.7; top ice layer). 

Therefore, errors in ice penetration depths are expected to be minimal. 
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Table 5.3~-c: ETSSZS C, AVG and CTPR meun bias error (MBE) and roor-mem-spmed 
error W S E )  permitivity (E 3, Ioss (E'> md penetration depth (6pl c o m p d  ro 
observational estimates for various snow depths. Positive M E  implzes the mode1 
overestirnates observariom. Observed values mean Obs) represent estimates derived 
Pom inpur variable averages us in Barber et al. (199Sb) correspondmg to days where 
geophysical snow smpZing took place. 

Loss (E") 
Mcui Obs MBE (C) MBE (AVG) MBE (UPR) 1 RUSE (C) RMSE (AVG) RMSE (UPR) 

Surface 0.08 -0.12 -0.12 -0.12 0.07 0.07 0.07 
21 cm O. 17 -0.20 -0-19 -0-18 O. 13 O, 12 O. 12 

Swface 

21 cm 

12 cm 

6 cm 

Penetration Depth (m) 
Mean Obs MBE (C) MBE (AVG) M3E (UPR) RMSE (C) RMSE (AVG) RMSE (UPR) 

Surface 2.9 +O. 15 M.12 4-0, 10 O. 18 O. 15 O. 13 
21 cm 0.35 M.90 M.60 M.45 0.42 0.35 0.30 

12 cm 0.2 M.95 M.27 4 . 1  1 0.24 O. 13 0.09 

6 cm 0.09 4-0.97 +O. 10 H.04 0.30 O. 10 0.05 

Mean 041s 

1.5 

2.0 

1.9 

2.0 

MBE (Cl MBE (AVG) MBE (UPR) 1 RMSE (C) RMSE (AVG) RMSE (üPR) 

-0.2 -0.2 -0.2 

-0-8 -0-8 -0.7 

-0.8 -0.4 -0.1 

-0-9 -0.3 +O. 1 

0.6 0.6 0-6 

0.5 0.5 0-4 

0.6 0-4 0.3 

0.6 0.3 0.2 



7.5.2 Pendular Snow Regime 

The temporal evdution of dielectric permitivity (E') estimated from C, AVG, 

UPR and those from observations for various snow depths reveal that E' is estimated well 

by ETSSIS at most snow depths in the pendular regime (l'Dl35 to YDISS). This is 

mainiy due to ETSSIS's ability to simulate snow temperature and density (which are 

most important for E') during this season- Inclusion of salinity in snow dramaticaily 

improves E' and 6p at the snow pack base (Figures 7.9 and 7.1 1 and Table 7.3). Because 

ETSSIS has dificulty reproducing liquid water in the observed pendular regime, it does 

not reproduce E" very well (Figure 7.9) and will continue to make the ice volume the 

dominant microwave scatterer and emitter since penetration depths within the snow 

remai n higher than observed values (Figure 7- 1 1). Observations suggest the snow cover 

would contribute between 75-90% of the total microwave scattenng and emission dunng 

the pendular regime in which case snow grain size would become an important variable 

to simulate for volume scattering considerations (for active sensors). 

7.5.3 Funictdar Snow Regime 

The temporal evolution of dielectric permitivity (r') estimated from C, AVG, 

UPR and those from observations for various snow depths reveal that E' is estimated well 

by ETSSIS at most snow depths in the funicular regime (YI3155 to YD 177). Once again 

this is due to ETSSIS's ability to simulate snow temperature and density during this 

season. Inclusion of salinity in snow improves E' and 8p at the base and middle portions 



of the snowpack Viguns 7.9 and 7.1 1 and Table 7.3). Once ETSSIS generates water in 

liquid phase (near YD170), the simulated E" becomes close to expected values (Figure 

7.9) and will begin to make the snow volume more of a dominant microwave scatterer 

(active) or emitter (passive), illustrated by the penetration depths at 5.3 GHz (Figure 

7.1 1). Obsewations up to YD169 suggest the top 5 - 10 cm of the snow cover will 

contribute 100% of the total microwave scattering during the funicular regime and 

ETSSIS suggests similar rnagni-tudes once it generates liquid water beyond YD170. 

7.5.4 Dielecîric Sensit ivi~ to Measurem ent Errors 

Finally, errors in input parameters made from observations that control E' and E" 

(similar to Vb) were investigated to examine their effects on the results. The 

measurement errors for snow temperature, density, liquid water content, and salinity are 

applied to the observed time senes data shown in Figures 7.2, 7.4, 7.6 and 7.7. It shou!d 

be noted that conducting an error analysis using the differentials of the various 

parameters may lead to larger errors than those cited here. 

There is virtually no change in E' with a 0S0C error in temperature or a 0.5 ppt 

ermr in salinity; E' changes by 0.1 units for a 1% Wv error and 60 kg mJ error in density. 

With al1 errors included simultaneously, E' changes by roughly 0.25 units. There is 

virtually no change in d7 with similar errors above in temperature, salinity and density, 

however, E" changes by 0.05 units with a 1% error in Wv. With al1 ermrs induced 

simultaneously, E" of course also changes by 0.05 units. Thus, the microwave mode1 

sensitivity analyses of E' and ~"suggests the in situ measurement errors in p, and Wv can 



contribute to small errors in the dielectric snow properties and the discrepanaes between 

modeled and "obsewed 8' and E". The combined errors in E' and E" result in snow layer 

penetration depth uncenainties up to 30 cm in the cold season and only a few cm in the 

pendular and funicuiar regimes. With very high snow penetration depths in the cold 

season, the 30 cm error does not significantly affect the results nor does a few cm in the 

pendular and funicular regimes. Thus, errors in E' and E" resulting fiom observational 

sampling errors in Wv, p,, salinity and temperature do not significantiy affect microwave 

penetration depth estimates here. 

The intent of this chapter is to begin the initial steps of linking thermodynamic 

modeling with microwave remote sensing in a forward sense, that is, determine 

mi crowave scattering given the variables that convoi scatteri ng through an electro- 

thermophysicai relationship. The overall goal was to develop a working numencal mode1 

(ETSSIS) that enables us to interpret satellite microwave remote sensing signatures 

(active or passive) in a more physically meaningful way leading to better ways of  

monitoring the arctic climate and interpreting araic climate change via microwave 

satellite remote sensing. Three specific questions were designed to utilize in situ field 

observations from SIMMS'92 to val idate ETSSIS 's abiiity to simulate the critical 

variables that control microwave scattering. 



7-62 Question I 

The first question was to examine ETSSIS's ability to simulate the snow sea-ice 

thermodynamic charactenstics that are related to microwave remote sensing. Results 

suggest the snow and upper ice layer thermal evolution are sirnulated fairly well (but 

slightly too warm in winter) even with the new salinity parameterization in k, and Cs. 

Bottom snow and top ice layer temperatures are drarnatically improved, relative to 

observations, dunng the melt season when salinity is included in kss and Cs. The overall 

effect of the addition of salinity in the snow is to increase temperatures in the cold season 

and decrease temperatures in the warm season by its relative effects on snow k, and C,. 

If salt were explicitiy treated in the snow mass balance of ETSSIS, salinity effects on the 

thermal evolution would be firther complicated due to liquid water (bnne) and latent heat 

release due to phase changes in this period. This would result in different thermodynamic 

effects within the snow pack in terms of vertical temperature structure. 

The second question was to examine the model's ability to simulate the snow's 

physical charactenstics which are important for the interpretation of both active and 

passive mi crowave remote sensing . ETSSIS handles the relevant phy sical characteristics 

fair1 y well in most cases. However, since salinity efFeas on ETSSIS' s mass balance are 

not parameterized, ETSSIS das not generate free liquid water (bnne) within the snow 

soon enough in the spring season. This in turn affects modeled snow bnne drainage 



@rine volumes) and grain growth in the late season. Despite this, the modeled snow 

density (p,) is simulated fairly well at al1 levels but may under estimate density in the 

colder season at mid levels- Snow grain size (d) trends are also realistic, however, d is 

underestimated near the base of the snow pack in the late season since Iiquid water is not 

generated soon enough. 

7.6.3 Question 3 

The finai question was designed to illustrate the use of ETSSIS for direct 

application to microwave remote sensing through the first two questions and the electro- 

thennophysical relationship over the course of various snow stages (cold dry snow; 

pendular regime; funicular regime). This was done by examining "observed and 

model ed microwave dielectrï c pennitivity (c' ), loss (E") and microwave penetration depth 

(6p) for various snow and ice layers. In the cold, dry snow season, ETSSIS reproduces 

the low snow E' and E))  well, making the ice volume the dominant microwave scatterer 

and emitter with large penetration depths into the ice (Le. the snow is virtually transparent 

in this season). This makes ETSSIS a valuable tool for interpreting microwave satellite 

signatures d u h g  the cold season that have potential for denving snow depth estimations 

over thick smooth FYI (e.g., Barber and Nghiem, 1999; Markus and Cavalieri, 1998). 

During the pendular snow regime, E' is again simulated well by ETSSIS, 

however, since ETSSIS does not generate free liquid water (bine) soon enough in this 

regime, it continues to maintain a low snow E" during this p e n d  and too high 6p. Liquid 

water in snow makes the snow a more lossy material to microwaves and hence a larger c7' 



and smaller 8p would occur during the pendular regime. This implies ETSSIS would noi 

produce enough of a snow layer contribution toward the total microwave scattering and 

emission. Once ETSSIS7s mass balance considen the physical presence of salt in snow 

during the warmer spring season (snow temperatures a -7'C), it will improve liquid water 

@rine) generation in this period and modeled E" and 8p. 

Once liquid water is generated within the snow layer in ETSSIS, it produces E' 

and E" magnitudes that would be expected in the fûnicular snow regime. This also 

improves 6p magnitudes within the snow and would allow a much greater proportion of 

the total scattering and emission to originate from snow. 

7.7 Summary 

In summary, this chapter has developed a 1-D electro-thennophysical model of 

the snow sea-ice system (ETSSIS) that attempts to predict snow-covered sea ice dielectric 

properties from late winter to advanced snow melt in late spnng. This is a valuable tool 

for interpretation of microwave remote sensing signatures over this type of surface. It will 

allow researchers to better understand the climate processes occumng within the surface 

that cause the signatures viewed in microwave satellite remote sensing imagery aven a 

certain environmental forcing. In a perfect scenario, the need for in silu observation 

(besides environmental forcing for the model) is alleviated and many aspects of arctic sea 

i ce cl i mate moni tonng can be conducted througb microwave satellite remote sensing 

alone. ETSSIS is a step toward this goal. ETSSIS reproduces many of the critical 

physical and thermodynarnic variables that alter the dielectric properties of the snow and 



sea ice volumes. However, like every model, it has limitations and needs fùrther 

improvements, particularly in part of the spring season. Previous chapters have not only 

provided insight into some of the processes necessary for ETSSIS to be used for 

microwave remote sensing, but have also eluded to processes that require further 

attention. The following chapter summarizes the goals and results of rny dissertation and 

outtines future work geared toward improving some of the processes within ETSSIS. 



CHAPTER 8: Conclusions and Future Research 

8.1 Conclusions 

The Canadian Arctic is experiencing changes in its atmosphere and cryosphere 

which can ultimately lead to widespread biosphere changes- Evidence of arctic climate 

change has not only been scientifically indicated, but has also been voiced by the Inuit 

who rely on their environment as a way of life. Arctic climate change is expected to be 

significantly enhanced over the next hundred years due to various feedbacks in its climate 

system. World leaders have become aware of these climate change issues that affect the 

polar regions and the entire global climate system. However, in light of the most drastic 

changes projected in the polar regions, world authorities are now beginning to focus more 

attention on the polar regions. 

Polar researchers have commonly used satellite remote sensing, numerical 

modeling and in situ observation to better understand polar climate processes and monitor 

any changes occumng in the polar climate. Recent research has shown there is an electro- 

thermophysical relationship between the electrical properties of snow-covered FYI that 

control microwave remote sensing signatures and the thermophysical evolution of snow- 

covered sea ice. The dielectric (or electrical) properties of the snow and sea ice are 

dictated by their thermophysical evolution which is driven by the surface energy balance 

(SEB). Numencal models of snow-covered sea ice can simulate the SEB and the associated 



thermophysical wolution of the snow and ice. Dielectric models can simulate snow and 

sea ice electncal propenies that in tum suggest the scattering signais we see in microwave 

satellite data. A model that couples the thermophysical evolution of snow-covered FM 

with its electrical properties can simultaneously predict al1 of these characteristics over 

the various seasons. 

The overail goal of m y  dissertation is to begin the process of linking 

thermodynamic snow sea-ice modeling to microwave remote sensing in a forward sense. 

This entails the development of a coupled one-dimensional themnodynarnic snow sea-ice 

model where its output provides the necessary input to a snow and sea ice microwave 

dielectrïc model; the amalgamation of the models produces a new approach to modeling 

which 1 cal1 the Electro-Thermophysical model of the Snow Sea Ice System (ETSSIS). 

The utility of this model allows one to predict the microwave scattering and emission 

within snow-covered first-year sea ice. The scientific application of such a model is to 

essentially by-pass in situ observation by utilizing ETSSIS over various FYI locations 

throughout the arctic to predict the thermophysical evolution and mechanical state of the 

ice. This in conjunction with actual microwave satellite data at sirnilar locations will guide 

validation of the accuracy of the rnodel wittiin real conditions. If not, sensitivity analyses 

of various model runs may suggest other thermophysical reasons for the scattering that is 

taking place. In addition, with the advent of new miaowave satellites (passive and active) 

with ever increasing spatial resolutions, ETSSIS can be a valuable tool for interpretation 

of these data sets over FYI. 



The practical application of ETSSIS is to use its thermophysical information to 

predict locations where the ice is thermally and mechanically weak (or high break-up 

potential). This is not only useful for m a ~ e  navigation but for the Inuit people and 

others who use the ice for travel, hunting and scientific investigations. 

In a global climate conte*, the applications above spanning several years can lead 

to a better understanding of the FYI thermophysical changes that may take place in a 

global climate warmïng scenarïo. That is, relationships between arctic climate change, the 

surface energy balance and thermophysical changes within FYI can be made over several 

years of investigation. Furthemore, the detailed thennophysical processes of ETSSlS (Le. 

climatic processes) can be used to  conduct sensitivity studies that can suggest ways of 

scaling up the important processes to GCMs. This would improve current GCMs by  

ensuring they properly handle the critical climate processes that pertain to the polar 

regions. 

As the development of this model progressed, several issues needed to be 

addressed and dong with them, newer findings and improved understanding of snow- 

covered sea ice climate processes followed. These issues included: 1) ensuring the existing 

one-dimensional sea ice models treat the SEB and snowhce thermodynamics in the 

appropriate time scales we see occurring in field experiments, 2) ensuring the snow and 

ice therrnodynamics are not comprornised by differences in environmental and spatial 

representation within components of the SEB, 3) ensuring that the snow layer is properly 

handled in the modehg environment, and 4) how satellite microwave remote sensing data 

can be used within the model environment. 



In chapter 3, the first two issues were addressed by three research questions 

conceming, 1) the differences between diumal time scales as opposed to daily averages in 

rnodeling seasonal snow covered fast-ice, 2) the representation of shorter time scale 

processes in the model's parameterizations, and 3) the differences between using actual 

"on ice" meteorological data as forcing as opposed to using "land-based" data as forcing 

within the model. 1 showed there were significant variations in snow and ice evolution 

using diurnal time =ales when compared to daily averages, a fact that previously has 

never been addressed. Reasons for the differences are due to non-linear responses of the 

SEB within the snow cover with 1) the diumal distribution of short-wave energy exchanp 

within the snow cover accounting for 33% of the difference, 2) turbulent flux exchanges 

between the snow surface and atmosphere accounting for 17% of the difference, and 3) 

the positive albedo feedback mechanism of enhanced short-wave absorption during melt 

events accounting for 50% of the dserence. This result highlighted the importance of 

accounting for diumal processes within sea ice models which have also been cited as being 

predorninant in time-series microwave satellite signatures (see for example, Barber and 

Nghiem, 1999; Barber et al., 1999). 

The simple incident radiation parameterizations are capable of representing these 

energy fluxes over diumal time scales in most cases. The radiation parameterizations 

require somewhat accurate knowledge of cloud cover and cloud optical depth with 

tropospheric aerosols and solar zenith angle dependencies king secondary factors. The 

current albedo pararneterization of the FB sea ice model requires further attention, 

especially durhg the late snow melt and melt pond penods. The albedo scheme decreases 



magnitudes too quickly during these periods causing the snow and fast-ice to decay too 

rapidly. I found that the biases between meteorologid conditions on land and sea ice are 

significant enough to cause differences in fast-ice mode1 simulations (Le. spatial variations 

become important). Typically, land-based meteorological measurements are used to drive 

model simulations, however, 1 found that this can cause an abnormaily quick decay of 

seasonal snow-covered sea ice. This is pnmarily due to variations in incident radiation, 

larger wind speeds over the ice surface (icreased turbulent exchange), and dserences 

between modeled and observed sunace albedo. The results suggest that improvements in 

surface albedo parametenuitions during the melt season and t hat atmospheric information 

over the sea ice sunace are required to improve sea ice model simulations. This would also 

provide better feedback for deciphering m*crowave satellite signals that are dictated by 

SEB and surface changes. 

In chapter 4, 1 expanded on addressing the first two issues and Chapter 3 results 

by addressing two research questions that fùrther concentrated on incident radiation 

parameterizations, in light of their critical importance to the SEB. In particular, 1 critically 

assessed selected K& and Li parameterizations against in siru field measurements to 

identify any seasonal or environmental/spatia biases and offered improved 

representations of these parameterizations. Many of the parameterizations were 

developed from arctic coastal stations in the northwest arctic and Canadian Archipelago 

and were never validated over other important arctic locations such as polynyas or near 

large open water regions. Unique data collected within and around an arctic polynya 

suggests the K( clear-sky schemes produce a positive seasonal bias where they 



underestimated fiuxes in the çold season and overestimated fluxes in the wann season, 

The positive bias is more dramatic in the full marine environrnent. The Ki cloudy-sky 

schemes deplete too much radiation in the colder season and not enough in the warm 

season, especially in the mari-ne warm season. An improved implementation of the 

schemes was made by  varying the cloud optical depth. The LA clear-s)ry fluxes were 

improved after adjusting (decreasing) the clear-sky emissivit y to account for a less 

emissive atmosphere at colder temperatures. This correction was sufficient for the marine 

conditions and corrected any seasonal bias. The Li cloudy-sky emissivity also needed to 

be increased for the near-shore fast-ice regïme to account for under-estimations when 

clouds were present. This also alleviated a slight seasonal bias. An exponential 

dependence of cloud fraction was found to be important for the Li all-sky fluxes. 

DifKerent L& all-sky results were found for the manne environrnent. Overall, the marine 

region consistently had more negative mean errors compared to  the fast-ice site. This was 

not due to warmer arnbient marine ternperatures. The all-sky short-wave flux results 

suggested the marine environment had greater cloud optical depths compared to the fast- 

ice and terrestrial sites and is consistent with the long-wave results where a higher cloud 

emissivity may be required; although cloud base height differenca could also be a factor. 1 

concluded by offering newer forms of the Li clear-sky and all-sky parameterizations. 

In Chapter 4 1 highlighted the effects of various arctic environments on the 

simulation of incident short-wave and long-wave radiation. Improvements to  the 

parameteriution schemes WU help d u c e  errors in these fluxes and improve sea ice 



simulations for these environments. This wiU enhance out ability to better correlate 

microwave satellite signatures wit h sea ice model simulations. 

In Chapter 5 1 continued with a focus on the first two issues and built upon 

results £iom Chapters 3 and 4 b y examùùng another important SEB variable; the surface 

albedo. The albedo is M e d  to Chapter 4 since it implicitly affects incident short-wave 

fluxes when clouds are present. Very few albedo observations and its spatial 

characteristics exist over FYI, especialiy during the melt season. Three research questions 

were designed to examine the spatial aspects of fiactional surface cover types and surface 

albedo and to determine the role melt ponds play in these aspects over land-fast FYI- The 

results offered unique information on surface albedo d u ~ g  the melt pond season over 

FYI. In response to the first question, 1 included surface-based broadband and spectral 

albedo measurements over various cover types (deeper snow to deep melt ponds) during 

the melt pond season. The second question considered scaling up the surface 

measurements to regional scales by applying them to aircraft video data. These regional 

albedo estimates were corroborated by independent helicopter measurements. The last 

question involved a modeling expea-iment using the one-dimensionai sea ice model (non- 

coupled) t hat s ho wed that it s albedo pararneterization during the pond season progressed 

too quickly according to observations made in the first two questions. If a cümatological 

albedo progression over a seven week period is used, simulated ice evolution improved. 

Further model experiments explicitly showed how changes in melt pond fiaction cm alter 

the ice thermodynamic state and thus its susceptibility to break-up. It was found that the 

vertical ice temperature gradient change (ITGC) increased as a quadratic with respect to 



Linear increases in pond fiaction. Using the ITGC, an ice surface with 80% pond fkaction 

c m  produce a near-isothemial ice profile more than 3 weeks earlier than an ice surface 

with 10% pond fiaction. 

Results fkom Chapter 5 contribute to the growing knowledge of albedo 

measurements over FYI for implementation into process models and GCMs. The four 

prirnary cover types identified during the melt season highüght their importance when 

attempting to rnodel albedo over FM and should be included in process models and 

GCMs. Al1 of the rnodeling exercises showed the importance of improved melt pond 

representation in model albedo parameterizations and included a more redistic aîbedo 

progression over FYI in a climatological sense. These results will ultimately improve our 

ability to simulate the polar climate and interpreting microwave satellite observations. 

Chapter 6 specifically focussed on the third issue of improving the sea ice model's 

representation ofthe snow layer. This chapter is implicitly linked to Chapters 3 to 5 by 

ensuring the snow layer is appropriately treated in FTI models. That is, errors in modeled 

snow layer characteristics will lead to errors in SEB parameters (e-g. albedo and hence 

incident short-wave radiation), ice growth and ablation. The model Ünprovement involved 

coupling a detailed one-dimensional energy and mass balance rnodel of snow to a one- 

dimensional thermodynamic first-year sea ice model. This type of coupled model has 

previously not been available. In addition, salinity effects in snow were parameterized 

with respect to snow thermal conductivity and heat capacity but were not parameterized 

within the snow mass balance. Sdinity in snow is a common and important feature over 



Wi due to its thermodynamic and rnicrowave remote sensing implications. Untii now, 

snow salinity has been ignored in sea ice models. 

Two research questions investigated differences in modeled snow/ice evolution 

(question 1) and thermodynamic behavior (question 2) between the coupled model with 

and without salinity (coupled rnodel without salinity - C; coupled model with salinity - 

UPR) and the non-coupled model with a single bulk property snow layer (non-coupled 

model - NC). Results suggest there can be significant differences in snow and ice evolution 

between C and NC. This is due to C treating the snow in a more ngorous and realistic 

fashion and its more sophisticated turbulent exchange, incident radiation, and snow albedo 

parameterizations. It was concluded that C was superior in modeling the snow and ice 

evolution and is advantageous to use over simpler models. The drawback of C is, of 

course, computational expense (mn t h e ) .  

Accounting for salinity in snow thermal conduaivity and specific heat acts t o  

d u c e  ice growth rates in the cold season and ablation rates in the spnng melt season but 

does not appear to be a significant factor for annual sea ice cycles in most cases. 

However, results may be slightly different if salt were treated in the modeled mass 

balance since liquid water @rine) would be generated sooner in the spfing period. 

Thennod ynami cal1 y, there is no difference in simulated snow surfkce temperatures 

between NC and C but ice surface temperatures are slightly too warm in C; salinity 

amplifies this error in the cold season but significantly reduces the error during the melt 

season. However, it was not apparent that these inaccuracies affkcted M annual cycle 

simulations. It is unknown what efTect the addition of salinity in the snow mass balance 



would have on the thermodynamic results over the course of annual simulations due to 

complex feedbacks that would take place. 

In Chapter 6 1 highlight the importance of the snow layer when sirnulating FYI 

evolution and offer a new type of model for conducting polar climate processes. This will 

uitimately lead to future improvements in accounting for critical processes within GCMs 

as well as directly linking microwave remote sensing to the snow and ice models. 

In the final chapter 1 examined the last issue b y investigating the coupled snow 

sea-ice model and its use for passive and active microwave remote sensing applications. 

The coupled model was developed because current sea ice models do not provide enough 

physical information within the snow layer to be usefiil in the interpretation of 

microwave scattering. The coupled model provides the necessary output to be used as 

input to a microwave dielectnc model of the Debye fonn; the arnalgarnation of the models 

produces an Electro-Thermophysical mode1 of the Snow Sea Ice System (ETSSIS). This 

type of sophisticated forward modeling approach has previously never been conducted 

for microwave remote sensing of sea ice. The first two research questions looked at how 

well ETSSIS simulated the critical thermodynamic (question 1) and physical (question 2) 

variables required for input to the dielectric model by comparhg the simulated variablao 

to time-series observations. The last question illustrates how weU ETSSIS predicts 

microwave dielectnc properties and penetration depths. 

Results suggest ETSSIS simulates the themodynamic and physical properties 

reasonably weii in most cases (with exception to salinity) but does not generate fiee üquid 

water within the snow pack early enough in the spring period. This is due to salinity not 



being parameterized in the snow mass balance of the rnodel. Sait embedded within and 

around the snow crystals causes intemal melt at temperatures well below zero (near - 
8°C). Liquid water fiactions during this melt typically range between 1 - 7% water b y  

volume (Le. pendular snow regime). The lack of modeled liquid water in this regime causes 

ETSSIS to under predict dielectric loss and over predict penetration depths (at 5.3 GHz), 

the result being that the snow layer would not contribute enough of the total microwave 

scattering and emission. Despite this drawback, ETSSIS is still very useful for 

applications in deciphering microwave remote sensing imagery of snow-covered sea ice in 

the winter and full mek seasons. In winter dry snow, ETSSIS produces snow and ice 

dielectric properties and penetration depths at expected magnitudes, making the ice 

volume the dominant microwave scatterer and emitter; snow is virtually transparent in 

this regime. In the full snow melt (funicular) regmie, ETSSIS produces enough free liquid 

water in the snow pack (7 - 1 1% water by volume) to increase (decrease) the dielectric 

loss (penetration depths) to expected values making the snow pack the dominant scatterer 

and emitter. 

Results fiom Chapter 7 provides an exciting new tool for linking the 

thermophysical characteristics and microwave remote sensing of snow wvered FM. The 

mode1 can be applied to various locations throughout the polar regions to infer 

thermophysical changes fiom rnicrowave satellite observations given certain 

environmental forcing. This wiii ultimatel y lead to better understanding the relationshi ps 

between polar climate change and the associated electro-thermophysical changes that will 

accompany those changes. 



8.2 Summary 

Typicall y, Mcrowave remote sensing and t h e r m ~ d y n a ~ c  modehg of snow- 

covered FM are used independently for studying and monitoring the arctic sea ice climate- 

The overall theme of my dissertation is to link thermodynamic modeling and microwave 

sensing of snow-covered FYI. Issues that neded to be addressed before this was possible 

have been discussed in various chapters. Results fiom these issues have added to the 

knowledge base of current sea ice climate processes as well as providing a new modeling 

tool for understanding these processes and interpretation of microwave remote sensing. 

Continuation of mode1 improvements and exploithg other remote sensing/modeling 

techniques to fùrther understand and monitor the arctic climate should be conducted in the 

fùture. This is based on the fact that many processes and feedbacks in the arctic climate 

system are stiu largely unexplored and unknown (e-g. cloud-precipitation-albedo 

feedbacks, and interdisciplinary feedbacks such as physical sea ice regimes and biological 

coupling). With the advancement of new microwave remote sensing satellites and 

improved modeling, further implementations of linking the two will provide us with 

better tools to understand these processes and feedbacks. In üght of this, the last section 

provides some insight for ftrther improving thermodynamic modeling efforts toward 

microwave remote sensing and sea ice climate processes. 



8.3 Future Research 

In light of the results contained in my dissertation, several areas for model 

improvement anse. Future arctic field work w.11 address some of these modeling and 

remote sensing issues. 

1) Incorporaîe ncwa incident radiation pmameten*-*on schemes fi c. radiative 

transfer nw&IS) thut can k more uccurate fw shoHet h'me scalps 

Total column atmospheric radiative transfer (RT) models have becorne 

computationally efficient enough to use within various scales of sea ice models for 

estimating incident short-wave and long-wave radiation. Implementation of these radiation 

schemes in the coupled snow sea-ice model would be relatively simple provided the 

appropriate input is available. Current RT schemes can reproduce incident radiative fluxes 

to within 3 -9% for short-wave and 1-5% for long-wave (see for exarnple, Li and Leighton, 

1993; Allan, 2000) which are better than the simpler schemes in Chapter 4. Vertical 

profiles of pressure and humidity, ozone and aerosol optical depth, cloud amounts and 

optical depth, cloud top heights, and broadband surface albedo are typically required as 

input to  RT schemes. The main problem is obtaining these data in arctic locations, unless 

one is fortunate enough to have upper air observations available. If the input parameters 

are not accurate, the RT estirnates will aiso be inaccunite and potentially can be worse 

than those of the simpler schemes. The use of numerical weather predidion models or 



satellite-derived parameters may provide moa of the input required for arctic 

applications of RT models ifupper air soundings are not available. 

2) Improve the tenporal mpmsentation of me& ponds in  c u m ~  albedo 

parumeterizations or ingest miclo)(rlave satellite-derived albedo into the model f a  

operational ice fowcadng. 

A current limitation of ail sea ice models is the temporal representation of the melt 

season (icluding melt ponds) in their albedo parameterizations. The fiactional area of the 

critical cover types, and hence total surface albedo, Cui Chapter 5 )  change dramatically in 

time and space over the course of the melt season. Currently, there are no physical 

models to temporally represent these surface cover and albedo changes. Future field work 

will be taiiored toward temporal measurements of fractional cover type changes and the 

associated parameters that control these changes (the SEB and snowhce melt input, 

precipitation, melt pond drainage mechanisms, mechanical wave forcing (by wind), and 

wadcold air advection) in an attempt to develop new melt pond albedo 

parameterizations over FM. Another approach is to use satellite microwave remote 

sensing-derïved melt pond fiaction that can be ingested by the sea ice model. Yackel and 

Barber (1999) have shown that melt pond fiaction (and albedo) rnay be inverted f?om 

active microwave satellite imagery in windy conditions. This information can be input 

directly into the mode1 without the use of (or supplement) albedo parameterizations. 



3) Include a more physiroly-based snmv p a i n  g m ~ h  pammeten-min t u  incïudes 

wet snow g r m h  processes ( v q w  growtk and liquid water seavenginsr). 

Snow grain growth processes in many snow models include a combination of 

physical and empiricd relationships. A major deficiency particularly exias during the 

pendular regïme (Iiquid water fractions between 1-8%) when grain growth can rapidly 

accelerate by liquid water "ravenging" (iilustrated in Chapter 7). Free Iiquid water in sub- 

freezing temperatures dong with a vertical temperature gradient causes existing large 

grains to increase in sire. Although this growth is very cornplex and difficult to measire, 

future field work andfor firther theoretical studies will attempt to improve our physical 

understanding of these processes for implementation into the model. 

4) Include salinity in the mus balance of the m d e l  to aceount for salts @n'ne), ice and 

air volume fmctiom to impme the s n m  layer's thermal behuvior b e n  O°C and - 
8 O C  A physical parameten'zation of h m  salini@ beconres inbuàkeed into l e  various 

snow layers mer time is also required 

A limitation of ETSSIS is its simplification of saline snow where sahs (brine) c m  

p hysicall y omip y space within the snow layer besides air, ice and liquid (if melting). In 

tenns of mass balance, salt ( b ~ e )  inclusions affect the overaU snow mass, density, and 

physical make up of snow structure (grains and bonding). This ultimately affects the 

snow's thermal charactenstics. The local fieezing temperature of the snow pack is 

reduced depending on salt (brine) content and fiactional volumes of air, ice and iiquid. 

These factors are accounted for in the thermal conductivity and specific heat of the 



current version of ETSSIS and the routine that does this can be applied to the mass 

balance of the model. That is, a routine to include salt (brine) ui the mass balance of 

ETSSIS already exists, however, the parameters within the routine must replace existing 

mass balance parameters; this procedure is fairly involved and one that could not be 

implemented before the completion of this work. Future work will address this. 

Currently, little is known about how salt gets introduced into the various snow 

layers. Initially, when young ice grows, salts are forced upward toward the atmosphere 

(Ono and Kasai, 1985) and can "contaminate" the snow layer near its surface- The 

physical mechanism of how salinity appears in the middle snow layers is uncertain. 

Future field work will explore this phenornena in an attempt to  develop a physical 

relationship for implementation into ETSSIS. This would alleviate the need for specieing 

a snow salinity profile as is done in the current version of ETSSIS. 

5) Include the desalination process. mat is, liguid ~r~terflhztes toward the ice su$ace 

during nteH and flushes s d t  (bine) io the base of the snow pock where dilution &O 

iakes place. 

Once Iiquid water is generated in the snow pack, gravitational forces cause liquid 

water to drain to the bottom of the snow pack; the rate of drainage is dependent on the 

vanous amounts of Iiquid available from each snow layer. This process is accounted for 

within ETSSIS. If the snow is saline, bine is also flushed out of the middle snow layers 

and gets diluted by liquid water in lower layers. In effect, the middle snow layers entirely 

desalinate and the lower layers becorne less concentrated with salt (brine) over t h e  until 



the entire snow pack becornes desaiinated. This is not accounted for in ETSSIS and is 

shown in Chapter 7. This is not only important for the snow's thermal evolution but for 

microwave dielectncs (see Chapter 7). Desalination processes could be tied to current 

liquid water filtration processes within ETSSIS. Future field work will attempt to monitor 

snow desaünation processes by directly measunng snow salinity over short tirne scales 

(minutes to hours). These measurements would act as a proxy for monitoring liquid water 

filtration since direct measurement of liquid water movement is discult, especially when 

sno w i s saline (due to instrument limitations). However, consistent in si-tu measurement 

of salinity both spatially and temporally is also difficult. Hopefully, new techniques for 

measuring snow salinity or liquid water will become available (either directly or 

remotely). 

6) hclude a pkysicai mechanism for brine4iqnid ~er f i l t ra t iom across the snowice 

inte#àce (this is also poinrrd out by Jordan et aL, 1999). 

Once liquid water (or brine) reaches the ice surface fiom snow melt, it either 

refieezes or filtrates into the ice surface where it can refieeze within the ice or filtrate 

through the ice itself ETSSIS reeeezes and/or drains this liquid water once it reaches the 

ice surface. This simplification results in neglected latent and sensible heating associated 

with phase changes (and brine effects) at the ice surface and within the ice (if liquid 

(brine) flows through the ice volume). The process of liquid water allowing to pass 

through the snow-ice interfice will be implemented in b r e  versions of SNTHERM (R- 

Jordan, pers. Corn., 2000) as well as ETSSIS. Attempting to vaiidate and messure this 



process in the field is difficult due to instrumentation limitations and knowing whether 

the liquid water at the ice surface is due to snow melt or ice surface melt. 

7) Include a physical mpresentation of blowing snmv to account fm 

accumulation/erosion &e to wind 

If snow models were capable of recreating the physical characteristics of sufiace 

snow accurately (ie. roughness characteristics and impact of airbome snow), natural 

accumulation or erosion according to wind speed would take place. The need for "tuningf7 

the fiactional stress gradiemt in ETSSIS would no longer be requüed to reproduce snow 

depths. Al1 of the required snow charactenstics are difficult to  recreate in a 1-D model, 

such as downstream roughness and topography. Researchers involved in blowing snow 

processes are actively engaging in improving these types of processes in 2-D and 1-D 

modeling of snow (J. Pomeroy, pers. Corn., 2000). Future field work is necessary toward 

this goal. 

8) Focus on incotporating remote senring in20 snow sea-ice r m M s  sucb as ingesting 

real satellite data to guide rnoàèï parametenntrrtionr Anotrker apprwk would be to 

expand B e  snow sea-ice model coupling to a fonumd or hueme full mïcrowave 

scattering/emission mode4 

Inversion of rnicrowave satellite rernote sensing can provide several snow and sea 

ice parameters that can be potentially ingested b y ETS SIS (such as albedo). This data can 

eit her sup plement or replace model parameterkations to ensure the model ap pro priately 



represents these processes or parameters. This would ultimately dlow for more accurate 

simulations of snow-covered sea ice. One difficulty anses with this approach since the 

remote sensing parameter that is ingested by the model is inherently decoupied fiom the 

model's physics (e-g. the satellite-denved albedo may represent a different surface than 

the model is creating). Another option is to couple a numerical microwave inverse or 

forward scattering mode1 to ETSSIS. This approach is more physically attractive since we 

can explicitly model total microwave scattering and ernission given the snow-sea ice 

thermodynamic and physid evolution and compare this to actual ranote observations- 

This would elude to a) why we are seeing certain signatures in satellite imagery over a full 

annual sea ice cycle, and b) possibly suggest areas for fùture model improvernent if we 

c m  not explain what we are seeing in the satellite imagery. Regardless of the approach, 

using microwave remote sensing and rnodeling of snow-covered sea ice in tandem can lead 

to feedbacks between the two. That is, limitations in one approach can be counteraaed or 

built upon by the strengths of the other. 
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